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Abstract

The geochemical behaviour of rare earth elements (REE) was investigated by

studying both natural and experimental samples of carbonatites. The Cummins

Range Carbonatite Complex (CRCC) lies on the southern margin of the Kimberley

Craton in northern Western Australia. It comprises a sub-vertical stock, ~2 km

in diameter, with a central calcite-dolomite carbonatite plug mantled by variably

metasomatised pyroxenite. Geochemical characterisation of the complex suggests

a petrogenetic model in which a carbonated silicate magma, highly enriched in

incompatible trace elements, was emplaced at <1100 ◦Cat relatively shallow depth.

Crystallisation of the pyroxenite leads to HFSE and REE fractionation resulting in

the formation of the accessory phases zirconolite and perovskite. The carbonatite

segregated from the evolving carbonated silicate magma crystallising REE-rich

pyrochlore and primary carbonates. Both the pyroxenite and carbonatite show

similar LREE-enrichments despite their contrasting mineralogy.

Apatite, a common phase in the CRCC, is major host of the REE (ΣREE =

4950-6080 ppm) and is characterised by strongly LREE-enriched patterns in both

the pyroxenite and carbonatite units. Trace-element doped synthetic (F- and Cl-)

apatites were crystallised in equilibrium with carbonatite melt as function of tem-

perature (1150-1350 ◦C), pressure (10-30 kbar), and melt composition. Partition

coefficients of trivalent cations (REE and Y) were fit to lattice strain models and a

general equation derived relating partitioning to pressure and temperature. DREE

increase with 1) increasing temperature, 2) decreasing pressure and are greater

in F-apatite compared to Cl-apatite. Importantly, despite the addition of charge

compensating species, in all experiments the REE apatite/carbonate partition coeffi-

cients remained ~1, demonstrating that the fractional crystallisation of apatite will

not enrich a carbonate melt in REE.
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The REE distribution in the CRCC is strongly influenced by crystallisation of

the accessory phases zirconolite and perovskite in the pyroxenite, and pyrochlore

in the carbonatite. These phases contain up to ~5-10 wt.% REE. Despite their

petrogenetic importance partitioning studies involving these accessory phases are

limited, often because of experimental difficulties. Magnetite is a common accessory

mineral for which the REE partition coefficients have not been determined. It is

also experimentally difficult to produce crystals of sufficient size for the analysis of

low concentrations of REE. Adopting a new experimental technique of equilibrating

a single crystal of magnetite with a silicate melt reservoir, concentration profiles

radiating from the magnetite-melt interface can be measured using an orientated

laser spot (slit) and scanning LA-ICP-MS. Modelling these profiles, using the diffusion

equation, enables diffusion coefficients and for the first time partition coefficients

for all the REE and Y between magnetite and silicate melt to be determined. DREE

are all <0.01 and show little dependance with changing ƒO2 however diffusion rates

vary from 10-14.4 to 10-11.96 m/s2. Comparing measured diffusion rates to the point

defect model confirms that point defects govern the diffusion of REE in magnetite.

Diffusion pathways result from Fe2+/ Fe3+ reordering in the crystal lattice in response

to changes in ƒO2. This is the first demonstration of the point defect model in

magnetite using trace elements.
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Chapter 1

Introduction

1.1 Background

1.1.1 Carbonatites

Carbonatites are allochthonous igneous rocks containing >50 vol.% primary igneous

carbonate minerals derived from carbonate magmas (Woolley, 1982; Le Maitre,

2002). From experimental studies (Wyllie, 1966; Wallace and Green, 1988; Yaxley

and Brey, 2004) and stable (C and O) (Bell and Simonetti, 2010), noble gas (Ne,

Xe, Kr, He and Ar) (Fischer et al., 2009) and radiogenic (Nd, Sr and Rb) (Bell and

Blenkinsop, 1987; Ray, 2009) isotope data carbonatite melts clearly originate from

Earth’s upper mantle. However, despite identifying ~527 occurrences of carbonatites

worldwide (Woolley and Kjarsgaard, 2008) the processes involved in their inception

and evolution remain elusive. Nonetheless, three principal domains of carbonatite

generation have been identified:

1. Ca- and Mg-rich carbonatite melts generated from the direct melting of CO2-

rich lherzolite mantle within the dolomite stability field (Dawson, 1962; Eggler,

1978; Wallace and Green, 1988; Bailey, 1989; Falloon and Green, 1990; Dalton

and Wood, 1993; Dalton and Presnall, 1998).

2. Ca-, Mg- or alkali-rich (Na, K) carbonatites segregated from CO2-saturated

silicate melts through either protracted melt differentiation or liquid immiscibility

of a parental melt (Brooker and Hamilton, 1990; Brooker, 1998; Brooker and

Kjarsgaard, 2011; Church and Jones, 1995; Freestone and Hamilton, 1980;

1



Kjarsgaard, 1998; Kjarsgaard and Hamilton, 1989; Koster van Groos and

Wyllie, 1966; Le Bas, 1981; Lee and Wyllie, 1997, 1996; Martin et al., 2013;

Mitchell and Dawson, 2012; Veksler et al., 2012; Veksler and Keppler, 2000;

Veksler et al., 1998b; Von Eckermann, 1961; Wendlandt and Harrison, 1979;

Wyllie and Lee, 1998).

3. Calcic carbonatite melts formed from melting of a carbonate-rich eclogite in

subducted oceanic crust (Hammouda, 2003; Yaxley and Brey, 2004; Dasgupta

et al., 2005, 2006).

Despite identifying these broad domains of cabonatite generation more specifically

many questions surrounding the composition, petrogenesis and ultimate origin of

carbonatite remain largely unresolved (see later sections). Whilst only constituting

a minor proportion of Earth’s crust, carbonatites continue to receive considerable

attention because they are uniquely enriched (relative to crustal abundances) in

incompatible trace elements, in particular REE, but also niobium, uranium, tantalum

and to a lesser extent, iron, copper, phosphorous, fluorite, barite, platinum group

elements (PGE), silver and gold (Hornig-Kjarsgaard, 1998; Jones et al., 2013).

Economic levels of REE-mineralisation associated with carbonatites most commonly

occurs in oxidised zones whereby REE are concentrated through supergene and/or

hydrothermal processes (Figure. 1.1.1) (Jaireth et al., 2014). Only one example of

primary REE mineralisation is known, Mountain Pass, USA Castor (2008b).

1.1.2 Industrial uses of REE

REE are essential components of countless modern everyday electronic devices

including computers, smartphones and plasma screens. The elements yttrium,

europium, terbium, gadolinium and/or praseodymium are the phosphors responsible

for producing colours within the screens of such devices. The REE are also used

in catalysts (catalytic converters), magnets (wind turbines, hybrid cars, medical

equipment), lasers (manufacturing, medical, scientific research), medical science

(magnetic resonance imagery (MRI) contrast agents, cancer treatment applications),

metallurgical alloys (inter-metallics for hydrogen storage), energy efficient lighting

(LEDs), glasses (sunglasses, camera lenses, anti-reflection coatings), functional
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Figure 1.1.1: Percentage of global REE resources grouped by deposit type. From: Weng
et al. (2015)
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Figure 1.1.2: Global production of rare earth elements, 1950 to 2010. From: Jaireth et al.

(2014).

ceramics (dielectrics and piezoelectrics), fuel cells (solid oxides), water treatment

(adsorbents), mobile devices (phones, tablets, game consoles) and a growing

number of other high-tech applications. Further, they are considered ’green metals’

as they form important components of magnets used by wind turbines, hybrid electric

vehicles, e-bikes and maglev-trains, as well as catalytic converters, which minimise

toxic emissions into the atmosphere. An estimated 1 kg of REE can be found inside

a typical hybrid automobile (Bailey et al., 2017). The REE have become a critical

resource of the modern world.

Accordingly, the demand for, value, and production of these elements has in-

creased significantly (Figure. 1.1.2). However, supply of REE to western economies

is not secure due to the near-monopoly China currently holds on global REE pro-

duction. In 2010 China drastically cut its export quota of REE creating significant

technological and political concern. In recognition of this problem, REE were as-

signed ‘critical’ status indicating they are economically important resources subject to

high supply risk. Consequently, the rest of the world is scrambling to find alternative

and secure supplies

1.1.3 REE and carbonatites

Understanding the cause of REE enrichment within carbonatites is both of scientific

and economic interest. Something intrinsic to carbonatites facilitates the sequest-
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ration of incompatible trace elements. Approximately 75% of carbonatites have an

associated conjugate alkaline-silicate rock, which has promoted liquid immiscibility

as the principal mechanism of carbonatite genesis (Woolley, 2003). Credence to

this hypothesis was given, at least in part, through the discovery of a miscibility

gap between carbonate and silicate melts (Brooker and Kjarsgaard, 2011) as well

as unmixed silicate melt inclusions in nepheline from Oldoinyo Lengai (Tanzania)

(Mitchell, 2009), Earth’s only currently active carbonatite. All ancient carbonatites

are calcite and dolomite rich whereas the only modern example, Oldoinyo Lengai, is

a natrocarbonatite; an alkali-rich carbonatite containing up to 40 wt.% (Na2O + K2O)

(Jones et al., 2013). This raises the question of why most plutonic, older carbonatites

do not have this composition. Firstly, carbonate glasses are unknown in nature,

making the primary composition of the resulting quenched melt it produces difficult

to determine (Genge et al., 1995). Secondly, whether the extreme solubility and

reactivity of alkalis means most ’ancient’ carbonatites represent ‘true’ parental melts

or melts that lost their original alkalis content through late-stage or postmagmatic

process(es) is unknown. Evidence in support of alkali loss comes from the presence

of fenite aureoles (metasomatism by Na- or K-rich fluids) in plutonic carbonatite

complexes (Le Bas, 2008), but these features are not ubiquitous.

It had been assumed that the REE must partition strongly into a carbonate

melt coexisting with a silicate melt and that a relatively small amount of carbonate

would sequester all of the REE from a much larger volume of silicate. However,

experimental studies investigating the effects of temperature, pressure and composi-

tion on partitioning of REE between carbonate-silicate melts, conclude that within

geologically appropriate systems REE have a partition coefficient of ~1 showing little

preference for carbonate over silicate melts (Wendlandt and Harrison, 1979; Jones

et al., 1995; Martin et al., 2012, 2013). Consequently, current studies are unable to

explain why carbonatites exhibit REE enrichment to the levels frequently observed

in nature.

1.1.4 Aims

In order to understand the geochemical behaviour of REEs in carbonatites it is

important to discern how they partition between coexisting phases. Trace elements
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are typically classified as elements in geochemical systems at concentrations <0.1

wt.%. Low concentrations mean trace elements do not commonly form individual

phases and have a passive influence on geochemical processes. Instead they

are accommodated as minor components in the resulting mineral, melt and fluid

phases. The preference of an element for any given phase is quantified by its

partition coefficient (Di). REEs display a strong affinity for carbonatites and their

associated phases. Consequently, understanding the fundamental controls behind

this enrichment is of particular importance.

Phosphate and oxide minerals form many of the accessory minerals in carbon-

atites that sequester significant levels of REE. The extent to which REE-behaviour

varies as a function of temperature, pressure, ƒO2, crystal and melt composition,

chemical activities and water content in these minerals is essential to understanding

their enrichment. Advances in microbeam trace element analysis, namely Laser-

Ablation ICP-MS, has resulted in an abundance of both experimentally and naturally

determined REE partition (or distribution) coefficients. However, most of these relate

to silicate systems because they quench to glasses, which are easy to study, and

phases in which REE are compatible to avoid issues of insufficient analytical sensit-

ivity. Consequently, there is a need for systematic investigations of REE behaviour

between crystals and carbonate melt as well as incompatible mineral phases. If this

can be corroborated with paragenetic and petrology studies of natural carbonatite

systems, then a comprehensive and detailed understanding of REE behaviour in

carbonatite systems may be achieved.

1.1.5 Thesis outline

This thesis comprises a detailed introduction and three results chapters in which

the geochemical behaviour of REE in carbonatite related systems was investigated.

Each results chapter is a discrete piece of work that is intended to be read as a

stand-alone study. The first chapter concerns the characterisation of the Cummins

Range Carbonatite Complex in northern Western Australia. Major and trace ele-

ment analyses of individual phases enabled the distinction of four major lithological

units; clinopyroxenite, phlogopite ± amphibole clinopyroxenite, calc-amphibolite and

carbonatite. REE profiles of all individual phases were determined to constrain the
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REE-mineralisation as well as the evolution and petrogenetic association of the

silicate and carbonatite rock units. Phase relations and mineral geochemistry were

used to constrain a petrogenetic model.

The second chapter investigates the partitioning of REE between Cl- and F-

apatite and CaCO3 melt. Apatite is a ubiquitous phase within most carbonatites and

known natural reservoir of REE. However, previous studies have shown REE partition

coefficients between apatite and carbonate melt are ~1. Piston cylinder apparatus

were used to systematically investigate the effect of temperature, pressure, water,

composition and addition of charge compensating species on the partitioning of REE.

The individual effect of each variable is quantitatively described using lattice strain

modelling. A general expression describing the pressure-temperature dependance

of REE partitioning between Cl and F-apatite and CaCO3 at 1150-1350 ◦C and 5-20

kbar is derived.

The third chapter concerns the partitioning and diffusion behaviour of REE

between magnetite and silicate melt. REE are incompatible in magnetite to an extent

that has previously precluded the determination of partition coefficients. Using a

novel experimental and analytical technique the determination of partition coefficients

for all REE and Y, as a function of oxygen fugacity (ƒO2), were determined for the first

time. Thermodynamic evaluation of the variable melt composition, an inescapable

consequence of changing the ƒO2, was performed to isolate the effect on REE

partitioning behaviour. Diffusion coefficients of REE, as a function of ƒO2 and the

mechanisms proposed to control the diffusion of REE are demonstrated.

The final two chapters will discuss the implications of the REE behaviour de-

termined in study and relate this to features of carbonatite systems, whilst also

suggesting a practical outlook for future work. The remainder of this introductory

chapter is a detailed literature survey comprising four topics pertinent to this thesis

whilst outlining the current understanding of carbonatites:

1. Trace element partitioning between carbonatite and silicate melts.

2. The origin of carbonatites.

3. Carbonatite compositions.

4. REE mineralisation and association with carbonatite deposits.
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1.2 Trace element partitioning between carbonatite and

silicate melts

1.2.1 Introduction

The association of conjugate alkaline-silicate and carbonatite rock types within

a single magmatic complex e.g. Oldoinyo Lengai, Tanzania (Kjarsgaard et al.,

1995), San Venanzo in the Intra-Apennine Magmatic Province, Italy (Martin et al.,

2012), Spitskop Igneous Complex, South Africa (Harmer, 1999), has promoted

liquid immiscibility as a petrogenetic explanation for their occurrence. Trace element

partitioning is therefore a useful tool to validate this hypothesis. Through the syn-

thesis of conjugate carbonatite-silicate melts, trace element partition coefficients (Di

= concentration in carbonate

concentration in silicate
) can be determined experimentally and compared to natural

samples. Indeed, such investigations have been conducted for carbonatite-silicate

melts at Oldoinyo Lengai (Veksler et al., 2012) and carbonatite-kamafugite melts

from Central Italy (Martin et al., 2013).

Using static piston cylinder experiments partition coefficients between conjugate

carbonatite and silicate melts have been determined (Wendlandt and Harrison, 1979;

Hamilton et al., 1989; Jones et al., 1995). However, insufficient physical separation of

the two melts meant analysis was problematic. Physically separating the immiscible

melts through centrifugation removed any issues of cross-contamination (Veksler

et al., 2012; Martin et al., 2013). Consequently, experimental difficulties have resulted

in only a limited set of Di values to be determined. The aim of this review is to

collate and present the information that currently exists on trace element partitioning

between carbonatite and silicate melts.

1.2.2 Parameters controlling the partitioning of trace elements

The limited number of experimental investigations of carbonatite and silicate immis-

cibility undertaken over the last 30 years has produced a rather fragmented dataset.

Variations in bulk compositions, experimental procedures and analytical technique

makes isolating the effect of individual parameters troublesome as temperature,

pressure, volatile saturation and bulk composition contrast significantly between
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studies. Despite this, some inferences can be made about some of the variables

that govern trace element partitioning between carbonate and silicate melts.

1.2.2.1 Temperature

The majority of experiments cover temperature ranges of ~1100−1300°C and primar-

ily focus on inducing liquid immiscibility as opposed to the parameters controlling it.

The effect of temperature on Di values of seven REEs between two silicate/carbonate

mixtures, a natural phonolite/Na-rich carbonate and nephelinite/Ca-rich carbonate,

has been investigated at 3 kbar and 1050−1250°C (Figure.1.2.1). Each mix con-

tained 0.8-2.0 wt.% structurally bound H2O and temperature was increased in 100 ◦C

increments (Hamilton et al., 1989).

At each temperature Di values became smaller with increasing atomic number

and for each individual REE the Di value decreased with increasing temperature.

At 1250 ◦C all Di values are <1 indicating that REE partition preferentially into the

silicate melt. At lower temperatures, DHREE <1 and DLREE >1, so only the LREE

concentrate into the carbonatite. Overall, it appears that as T increases Di values of

REE begin to converge (Hamilton et al., 1989).

Similar partitioning behaviour was observed in experiments conducted at tem-

peratures of 1250−1450°C and pressures of 7-20 kbar (Jones et al., 1995). Using a

doped mixture of CaCO3:Na2CO3, with additional MgCO3 and synthetic MORB, the

carbonate-silicate partitioning of a diverse group of trace elements as a function of

both pressure and temperature was explored. The dependence of Di on temperature

was found to be analogous to partitioning along a solvus. As temperature increased,

the Di values for both compatible and incompatible elements approached unity as

the width of the solvus decreased (Figure 1.2.2). This is interpreted as a reflec-

tion of the two immiscible liquid compositions moving up the solvus and becoming

chemically less distinct. Indeed, they predicted that the critical temperature of the

carbonate-silicate solvus at 10 kbar was ~1425 ◦C, which was consistent with a

single experiment conducted at 1450°C that displayed no immiscibility (Jones et al.,

1995).

It is worth noting that Hamilton et al. (1989) reported complex temperature

dependent behaviours for elements such as Cr, Zr and Ba. It is possible these
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complexities are low pressures features that become absent at >5 kbar or are an

artefact of the experimental approach as they are not reproduced in any subsequent

studies (Jones et al., 1995). It is evident that temperature is a crucial factor in

determining when liquid immiscibility can occur and which phase is the preferred

host of trace elements. It appears that lower temperatures increase trace element

partitioning into the carbonatite phase (Hamilton et al., 1989; Jones et al., 1995).

1.2.2.2 Pressure

Early static experiments suggested that the dependence of partition coefficients

on pressure in the 7-20 kbar range was relatively weak, with little to no effect on

Di values (Jones et al., 1995). Of all the trace elements studied only Ce, Pb and

Th showed any pronounced dependence on pressure with Di values doubling over

the pressure series indicating an increasing solubility of elements in carbonate with

pressure.

Subsequent experiments conducted in a small internally heated pressure ves-
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sel and mounted onto a centrifuge were run at temperatures of 650-1100°C and

pressures of <1 kbar (Veksler et al. 1998b; 2012). Such conditions are suitable for

simulating liquid immiscibility in sub-volcanic shallow magmatic systems such as

that seen at Oldoinyo Lengai. Two compositions were used, primarily a halpogranitic

glass made with reagent-grade fluorides, chlorides, phosphates, carbonates and

sulphates and secondly, an anhydrous Oldoinyo Lengai analogue designed to model

the liquid immiscibility between natural peralkaline nephelinite and natrocarbonatite

(Kjarsgaard et al., 1995). Both compositions were spiked with 42 trace elements

and had H2O contents of 0-11 wt.%.

Di liquid values indicate that very few trace elements, particularly ore-forming

elements such as HFSE and REE, concentrate in the carbonate melt resulting

in enriched conjugate silicate melt (Figure. 1.2.3). However, in immiscible salt

melts (fluoride, chloride and phosphate) partition coefficients of REE reach almost

uniform values of Di = ~100, promoting almost complete partitioning into the carbon-

atite. In both the sulphate-salt and hydrous carbonate-silicate systems, LREE show

an increased propensity to concentrate into the carbonate melt compared to dry

carbonate-silicate, typically display Di values around one magnitude for anhydrous

silicate-carbonate melt, whilst still maintaining a fractionated trend and Di values of

<10 (sulphate salt melt) and ≲1 (hydrous carbonate-silicate melt).

Whilst pressures of ≤ 1kbar are suitable for simulating liquid immiscibility in sub-

volcanic shallow magmatic systems such as that seen at Oldoinyo Lengai, several

carbonatites contain xenolithic mantle material and are directly associated with a

primitive contemporaneous silicate magma, which alludes to a deeper, perhaps

mantle origin (Stoppa and Cundari, 1998; Rosatelli et al., 2007, 2010). The effect

of 0.8-6 kbar pressure at a constant T of 1150°C found that Di values increased

with increasing pressures causing an enrichment of REE in the carbonatite melt.

Consequently, Hamilton et al. (1989) concluded that any carbonatite showing a high

REE enrichment must have come from depths corresponding to >6 kbar.

However, the Di values obtained for anhydrous systems at 10-17 kbar in more

recent studies suggest that pressure itself has little direct effect on element par-

titioning (Veksler et al., 2012; Martin et al., 2012). Nevertheless, it may play an

indirect role as with increasing pressure the solubility of volatiles increases in silicate
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melts (Brooker et al., 2001; Papale et al., 2006), which should affect the width of the

carbonatite/silicate melt immiscibility gap (Brooker et al., 2001).

1.2.2.3 Composition

The effect of composition on trace element partitioning between carbonatite and

silicate immiscible melts is difficult to determine, primarily because of the high degree

of compositional variation that exists within the literature. Due to the difficulty of ob-

taining liquid immiscibility, mixes are often developed to promote immiscibility rather

than investigate any genetic control. Nevertheless, some first order observations

and interpretations can be made.

Three anhydrous, silica-undersaturated systems; sodic, potassic and alkalic

(equal molar amounts of Na and K) were prepared by generating liquid immiscibility

between the silicate and carbonatite melts of a bulk system in a static piston cylinder

at 10-30 kbar and 1150-1260°C (Martin et al., 2013). Once achieved, analysis

of the respective melt compositions enabled an initial composition representative

of a mixture of the two melts to be synthesised and doped with a trace element

mix. These immiscible melts separated insufficiently so were placed into a single

stage piston cylinder mounted into a centrifuge with an acceleration of 712 g to

gravitationally segregate them (Schmidt et al., 2006).

The results display a correlation between the partitioning of different element

groups within the bulk systems investigated. Alkali- and alkali-earth elements show

Di ≥1, giving carbonatites alkali contents similar to or higher than the conjugate

silicate melts. For both sodic and alkalic systems (Figure. 1.2.4) partitioning of

alkalis and alkali-earth decrease with increasing bond strength to near unity for Ca.

In contrast, Di increase in the potassic system with increasing ionic potential from

near unity to ~2.5 for Ca. REE within the sodic and alkalic systems form linear

trends and do not appear to favour the carbonatite melt, typically displaying modest

partition coefficients of DREE <1. Within the potassic system, whilst still modest,

the partition values are slightly higher with some of the DLREE > 1 and DHREE < 1,

resulting in slight REE fractionation between melts. HFSEs partition strongly (Di <

1) in all systems, apart from Mo and P.

Experiments investigating partitioning between carbonatite-kamafugite (potassic)
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melts provided insights into the magmatic origin of the carbonatites found within the

Intra-Apennine Magmatic Province (Martin et al., 2012). A composition prepared

from equal proportions of synthetic kamafugite and carbonatite with a fixed bulk

CO2 content of ~24 wt.% was spiked with 37 trace element and equilibrated at 17

kbar and 1180-1250°C. In some cases, experiments were subjected to centrifugal

acceleration of 712 g, at identical PT, r to fully separate the immiscible carbonatite-

and silicate melts after initial static equilibrium (Martin et al., 2012).

Results showed that for 26 of the 37 elements investigated the Di values deviated

by less than a factor of two from unity and all elements lie with a factor of five (Figure.

1.2.5). Physical separation of the immiscible melt in one of the static experiments

was sufficient for LA-ICPMS analysis (LM108). Di values of this experiment compare

well to those of the centrifuge runs apart from those for Ba, Sr, Ca and REE, which

are ~0.8 higher, probably due to the lack of graphite powder added to buffer oxygen

fugacity. In the absence of a redox partner the reaction FeO= Fe0
capsule + Fe2O3

proceeds; meaning Fe is lost to the capsule walls. As Fe3+/Fetot is calculated from

the deficit of Fe in the bulk composition if all Fe is present as Fe2+ the bulk Fe3+/Fetot

fraction will be higher. HFSE preferentially partitioned into the silicate melt with the

exception of Mo and P, which are the only elements to partition into the carbonatite

by more than a factor of 3. With DLREE > 1 and DHREE often < 1, the REE are slightly

fractionated between melts. Amphoteric elements (Be, Pb, Al, Ga and Si) show a

strong partitioning into the silicate melt with the latter four network formers showing

Di values of 0.11-0.25. Finally, the alkali- and alkali-earth elements have Di ≥ 1,

indicating that carbonatite melts in equilibrium with alkaline silicate melts should be

equally alkali-rich (Martin et al., 2012).

Partition coefficients are higher in potassic systems compared to sodic and

increased alkali concentrations appear to increase partitioning of alkali- and alkaline-

earth elements. Whilst composition exerts some effect on partitioning its appears to

be minor in comparison to P and T (Martin et al., 2013).

1.2.2.4 H2O content

The addition of water greatly affects the partitioning of trace elements as well as en-

couraging strong physical separation of immiscible melts, allowing static experiments
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to be analysed by LA-ICPMS (Veksler et al., 2012; Martin et al., 2013). H2O-bearing

systems display a fractionated REE profile, similar to anhydrous systems, although

Di values are up to one magnitude higher, shifting partitioning in favour of the car-

bonatite melt (Figure. 1.2.5). REE display the largest change in Di compared to

anhydrous systems (Figure. 1.2.6), showing an increase by a factor of ~2 with the

addition of 2 wt.% H2O and by a factor of ~3-7 with the addition of 4 wt.% H2O

(Martin et al., 2013). Adding greater quantities of water appears to have a strong

effect on partitioning, with 11 wt.% H2O causing an order of magnitude effect on

Zr, Hf, Al and Si but not on REE (Veksler et al., 2012). It is possible the confining

pressure of 1 kbar used in some experiments was too low to dissolve large amounts

of the water, saturating the melt in volatiles thus narrowing the miscibility gap and

mitigating REE partitioning. It has been speculated that the addition of H2O leads

to the formation of hydroxide species, increases the basicity of the H2O-bearing

carbonatite melt through hydrolysis reactions, and increases the solubility of REE

(Veksler et al., 2012).
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1.2.2.5 Silicate melt polymerisation

Intimately linked to both the H2O content and melt composition is silicate polymerisa-

tion and consequently, melt structure (Hamilton et al., 1989). In silicate/silicate melt

immiscibility exponents increasing polymerisation of one limb of the immiscibility gap

renders trace elements more incompatible and encourages partitioning into the op-

posing depolymerised melt limb (Schmidt et al., 2006). The degree of polymerisation

of a melt can be calculated from a ratio of the number of non-bridging oxygens (NBO)

to the number of tetrahedral sites (T) per formula unit. Within carbonatite/silicate

immiscibility the NBO/T values of the silicate melt increases (depolymerises) in sodic

and potassic anhydrous systems and further increases with the addition of H2O

(Hamilton et al., 1989; Martin et al., 2013). As a result, with increasing silicate melt

polymerisation, trace elements become increasingly incompatible and partition into

the carbonatite melt.

1.2.3 Can partitioning explain REE enrichment?

Carbonatites are well known for their high concentrations of unusual elements,

with trace elements able to reach significant concentrations. Steep LREE-enriched

signatures are typical (Figure. 1.2.7) and result in modal REE-minerals that are

attractive for economic mining. Any hypothesis of carbonatite genesis should be able

to explain the mechanisms of this enrichment and the current prevailing view is that

natrocarbonatites form by carbonate-silicate liquid immiscibility (Hamilton et al., 1989;
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Figure 1.2.7: Typical chondrite-normalised REE concentrations of carbonatites from Goudini,
Limpopo; Kaiserstuhl, Germany; Nachendazwaya, Tanzania, Mudtank and Mt. Weld,
Australia; Jacupiranga, Brazil. From: Jones et al. (2013).

Kjarsgaard et al., 1995; Klaudius and Keller, 2006). The existence of carbonate-

silicate immiscibility, at least at the small scale, has been demonstrated at Oldoinyo

Lengai through the discovery of unmixed melt inclusions in nepheline (Mitchell,

2009). However, the trace element compositions of the inclusions have not been

determined and some discrepancies exist between the major element composition

of the inclusions and the lava. Furthermore, although the coexistence of immiscible

liquids has been demonstrated experimentally at ~800-1300°C, natrocarbonatite

erupts at 491-585°C (Dawson et al., 1995). The P-T conditions of formation and

composition are not directly comparable with experiments. Critically, if carbonatites

are to have formed from liquid immiscibility the Di values of natural samples should

be consistent with experimentally determined two-liquid Di values. Currently, the

levels of enrichment determined experimentally are significantly lower than those

seen in nature.

Veksler et al. (2012)compared their average experimental Di values for a syn-

thetic Oldoinyo Lengai composition to bulk rock element ratios calculated from

average major and trace element concentrations taken from published analysis of
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Figure 1.2.8: Comparison of experimentally determined carbonate-silicate two-liquid par-
tition coefficients from synthetic Oldoinyo Lengai composition (Veksler et al., 2012) with
natural natrocarbonatite-nephelenite enrichment ratios determined from bulk rock analyses.
After : Veksler et al. (2012).

natrocarbonatite (Church and Jones, 1995; Dawson et al., 1995; Keller and Spettel,

1995; Simonetti et al., 1997) (Figure. 1.2.8).

A mismatch between the Di values and natural concentration ratios is only sig-

nificant if the error bars do not overlap. The differences observed were sufficient

to question whether a simple liquid-immiscibility model can explain the melts at

Oldoinyo Lengai (Veksler et al., 2012). Indeed, some recent work suggests natro-

carbonatites may be the fractionation products (residual liquids) of sövite magma

(Weidendorfer et al., 2017), meaning comparison of immiscibility experiments directly

with the products of Oldoinyo Lengai may be futile.

As has been outlined in this review, temperature and pressure appear to have a

minor, indirect influence on trace element partitioning and, in anhydrous systems,

compositional differences have little influence on partition coefficients (Martin et al.,

2013). The addition of H2O increases the immiscibility gap width, which results in

partition coefficients up to a magnitude larger than in anhydrous systems. Increased

polymerisation of the silicate melt leads to trace elements becoming more incom-

patible with this melt phase and results in a shift of the trace element signature

towards the carbonatite melt. Therefore, SiO2 + Al2O3 + H2O-rich systems will

exhibit an order of magnitude stronger partitioning in favour of carbonatite melts
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than dry silica-undersaturated ones.

The high Di values of REE in H2O-bearing highly polymerised systems suggest

that H2O-rich carbonatites from more evolved alkali-complexes are more prone to

forming REE rich deposits than anhydrous systems. A recent study of Oldoinyo

Lengai suggest that carbonate liquids, precursors to the natrocarbonatite lavas

exsolved from the silicate melt, would contain up to 20 wt.% H2O, much higher

than investigated in any experimental studies (de Moor et al., 2012). Furthermore,

carbonatites in nature are likely to contain substantial amounts of other anionic

components, especially F and S, which may lower the liquidus temperature and

make higher Di values more favourable (Veksler et al., 2012).

1.2.4 Conclusion

It is evident that the model of liquid immiscibility for the genesis of carbonatites

remains largely unresolved. Experimental studies have not been able to reproduce

the levels of trace element enrichment frequently observed in nature. It is apparent

that H2O content and silicate polymerisation have a significant effect on the parti-

tioning of trace elements into the carbonatite melt, although these parameters alone

cannot explain the levels of enrichment observed. The evidence available suggests

that those carbonatites highly enriched in incompatible elements probably owe their

origin to a multi-stage process involving an initial moderate concentration due to

immiscibility, followed by a secondary remobilisation and concentration of REE per-

haps through expulsion of magmatic H2O bearing fluids upon final crystallisation

or interaction with meteoric water. Moreover, the role of fractional crystallisation

may also need to be considered. Nevertheless, it is evident that further systematic

studies of carbonatite-silicate melt trace element partitioning in increasingly complex

systems are needed.

1.3 The origin of carbonatites

1.3.1 Background

The origin of carbonatites has long been debated (Mitchell, 2005). In 1921 Brøgger

conducted investigations of carbonate-bearing rocks within the alkaline complex
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at Fen, Norway and postulated that they were of magmatic origin (Tilley, 1921).

This proposal was highly controversial and remained so throughout the early to

mid 20th century with many petrologists adamant “igneous limestones” were simply

mega xenoliths of sedimentary material (Johannsen, 1938). It was not until the

experimental work of Wyllie and Tuttle (1960), which demonstrated the crystallisation

of calcite as a liquidus phase at P-T conditions of ~650 °C and 0.1 GPa that opinion

changed. The discovery of erupting natrocarbonatite lavas at Oldoinyo Lengai,

Tanzania (Dawson, 1962), provided unequivocal evidence that carbonatites are the

result of magmatic carbonate liquids.

Over the last 50 years many new localities of carbonatites have been discovered,

with a recent compilation by Woolley and Kjarsgaard (2008) detailing 527 occur-

rences. As a consequence, the mineralogical, chemical and experimental knowledge

of carbonatites has advanced significantly. However, this has only served to create

further controversy surrounding their origin. Experimental studies of synthetic car-

bonated upper mantle source-rocks has led to insights into the genesis of primary

carbonatitic magmas and promoted carbonate-silicate liquid immiscibility as a pos-

sible genetic process (Brooker and Kjarsgaard, 2011; Kjarsgaard, 1998; Kjarsgaard

and Hamilton, 1989; Lee and Wyllie, 1998a). Studies within Nd, Sr and Pb isotope

systems have confirmed that asthenospheric or lithospheric (or both) mantle sources

are involved in carbonatite genesis and demonstrated that carbonatites could have

come from the same sources as some of the associated silicate rocks, but equally,

not all silicate rocks could have the same origin as carbonatites (Bell et al., 1998;

Gittins and Harmer, 2003; Ray, 2009). Consequently, numerous genetic models

have been promoted but little consensus exists regarding carbonatite petrogenesis.

The aim of this review is to outline the existing models and compile the current

perspectives surrounding the genesis of carbonatites.

1.3.2 Genesis of carbonatites

1.3.2.1 Outline of models

Currently three main theories exist to explain the origin of carbonatites:

1. Primary mantle melts generated through partial melting of CO2-bearing mantle
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peridotite (Wallace and Green, 1988; Harmer and Gittins, 1997; Ying et al.,

2004).

2. Residual melts of fractionated CO2-rich mantle derived silicate magmas (i.e.

nephelinite or melilite) (Watkinson and Wyllie, 1971; Gittins and Jago, 1998).

3. Immiscible melt fractions of CO2-saturated silicate melts (Koster van Groos

and Wyllie, 1966; Van Groos and Wyllie, 1968; van Groos and Wyllie, 1973;

Kjarsgaard and Hamilton, 1989; Church and Jones, 1995; Kjarsgaard, 1998;

Lee et al., 2000; Brooker and Kjarsgaard, 2011).

There are also a number of proponents for a combination of the above genetic

models (Bailey and Kearns, 2012; Yaxley et al., 1998). The above models for

carbonatite and associated silicate magma generation assume the partial melting

of a carbonated lherzolite source rock located within the asthenospheric upper

mantle however, there are some advocates that consider the lithosphere to be the

source region and these will be considered later. Firstly, it is important to outline the

consanguineous source region of the above models.

1.3.2.2 Model 1: Partial melting of CO2- bearing peridotite

Experimental studies have demonstrated that carbonatite liquids can be produced

by the direct melting of carbonated mantle lherzolite (Wyllie and Huang, 1976a,b;

Eggler, 1978; Wallace and Green, 1988; Dalton and Wood, 1993; Sweeney, 1994).

At pressures ≳ 25 kbar, free CO2 reacts with silicates, through a series of carbonation

reactions, to give the carbonate minerals dolomite and, at higher pressure, magnesite

(Wyllie and Huang, 1976a,b). Within the system CaO-MgO-SiO2-CO2 (CMS.CO2)

the following reactions were defined for P-T conditions of >22 kbar and 1000-1500°C

(Dalton and Wood, 1993):

CaMgSi2O6
diopside

+ 2Mg2SiO4
forsterite

+ 2CO2
fluid

= CaMg(CO3)2
dolomite

+ 4MgSiO3
enstatite

(1.3.1)

At higher pressures the assemblage dolomite lherzolite is unstable so reacts to

form magnesite lherzolite through the vapor-absent reaction:
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CaMg(CO3)2
dolomite

+ 2MgSiO3
enstatite

= CaMgSi2O6
diopside

+ 2MgCO3
magnesite

(1.3.2)

These reactions give rise to the phase diagram for model lherzolite with CO2

(CMS ⋅CO2) (Figure. 1.3.1).

With increasing pressure dolomite becomes stable, which generates a pro-

nounced backbend in the model lherzolite solidus. A large ‘shelf’ forms where the

solidus temperature drops sharply with little change in pressure (1-2 kbar) and

marks the change from low-pressure silicate liquids with low CO2 solubility, to liquids

with very high carbonate or CO2 contents. The intersection of reaction (1) with the

model lherzolite solidus curve, point A, marks the change from a solidus for CO2

bearing lherzolite to a solidus for dolomitic lherzolite (Falloon and Green, 1989).

Melt compositions at the solidus are magnesian-rich carbonate liquids, essentially

dolomitic, with SiO2 ~5-10 %, Ca/Mg < 1, and a total alkali content (typically 5-7 %)

governed by the bulk composition of the system. Essentially, at pressures greater

than (A) near-solidus melts are carbonatitic, and silica-rich at pressures less that

(A). Furthermore, as the degree of melt fraction increases, at pressures greater than

(A), melts evolve from carbonatitic (<0.5% melting) to more silica-rich melts such

as kimberlitic or melilititic (<1% melting). Thus, (A) is a petrogenetically important

point, as it defines the pressure above which CO2 plays a key role in generating

primary carbonatitic to low-silica alkalic magmas and the pressure below which the

reaction of carbonatitic melt with wall-rocks, and the coincident release of CO2-rich

fluid, induces metasomatism of the mantle (Falloon and Green, 1990). Furthermore,

Dalton and Wood (1993) demonstrated that this dolomitic magma would shift in com-

position towards a calciocarbonatite through a decarbonation reaction with lherzolite

and harzburgite at decreasing pressures on ascent through the mantle:

3MgCO3
magnesite

+ CaMgSi2O6
diopside

= CaCO3
calcite

+ 2Mg2SiO4
forsterite

+ 2CO2
fluid

(1.3.3)

Experiments show that the initial melts from a CO2-bearing peridotite are car-

bonatitic in nature and in equilibrium with mantle peridotites of various compositions.

They are typically Ca-Mg carbonatites with a substantial alkali component. Much of

the early work focuses on CO2, which was considered the essential essential volatile
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species in carbonatitic liquids (Wyllie and Huang, 1976b,a). However, the majority of

partial melting of peridotite occurs in the presence of H2O. The proportions of H2O

and CO2 are so variable that a wide range of liquid compositions can be generated.

However, when relatively small amounts of volatiles are present in the mantle a

vapour phase is restricted in composition by zones of invariant vapour composition.

Therefore, liquids produced by very small degrees of partial melt will be restricted

in composition. If sufficient volatiles are present that a vapour phase persists to

hypersolidus temperatures, particularly if the volatiles are CO2-rich, the next few

percent of partial melt can vary in composition to a carbonatite. Thus, carbonatites

can be generated from very low degrees of partial melting (Eggler, 1978).

Therefore, there is little doubt that primary carbonatite magmas can be generated

within the mantle, which is largely accepted as their original source. However, with

regards to the subsequent evolution of these magmas two major questions remain:

I. How this primary magma escapes the mantle, i.e. how does it cross reaction

(1) (equation 1.3.1), without reacting with orthopyroxene-bearing lithosphere

and decarbonating;

II. How does it evolve in the crust and what are the potential crystallisation

products.

The subsequent models seek to explain, at least in part, these questions.

1.3.2.3 Model 2: Fractional melting

Assuming that carbonatites and associated silicate rocks represent a primary partial-

melt of the mantle, with or without the reaction of mantle material, then as partial

melting increases the activity of silica within the melt would increase and the primary

carbonate-rich melt would become enriched in silica (Mitchell, 2005). As a result,

successive melt extraction during fractional melting, would see a carbonatite liquid

proceeding a silica-undersaturated liquid such as a melilitite or nephelinite (Harmer

and Gittins, 1997). Furthermore, depending on the proportion of carbonate within the

latterly produced silicate liquid, subsequent differentiation by fractional crystallisation

or carbonate-silicate liquid immiscibility could generate a immiscible carbonatite

melt. Thus, two varieties of carbonatite melt can be formed, one primary and the
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other residual. Consequently, the intrusion of a carbonatite could be followed by

intrusion of silica-undersaturated rocks and the subsequent emplacement of a late

stage residual carbonatite e.g. Chilwa, Tundulu and Kangankude in Malawi (Woolley,

2001).

1.3.2.4 Model 3: Liquid immiscibility

Liquid immiscibility is a particularly attractive petrogenetic model given the frequently

observed intimate association of coeval carbonatite and alkali-rich silicate rocks

within a single magmatic complex. As a result, it is the currently favoured model for

numerous localities including Oldoinyo Lengai (Church and Jones, 1995; Kjarsgaard

and Hamilton, 1988, 1989; Veksler et al., 2012). Numerous experimental studies

have been conducted to model the conditions required for silicate-carbonate liquid

immiscibility, the vast majority of which use the SiO2-Na2O2-Al2O3-CaO (SNAC) +

CO2 system (Brooker and Hamilton, 1990; Kjarsgaard and Hamilton, 1989; Lee and

Wyllie, 1998a). The advantage of using this synthetic composition over a natural sys-

tem is predominantly the simplicity that results from a limited number of components.

The absence of Fe reduces the need to control ƒO2 and removes the problem of Fe

loss to capsule material, whereas the absence of MgO limits the number of phases

and thus reduces complex textural relationships. Conversely, disadvantages include

the unrealistically high liquidus temperatures and the precipitation of superfluous

minerals such as scapolite and plagioclase (Brooker and Kjarsgaard, 2011).

Early studies by Van Groos and Wyllie (1966) of carbonatite melts with mod-

erate to high alkali contents established the silicate-carbonate two-liquid field in

the SNAC + CO2 (±H2O) system, but considered immiscibility to be restricted to

compositions with very high-alkali contents that were unrepresentative of natural car-

bonatites. However, ensuing experimental studies in more complex multi-component

systems revealed that a two-liquid field exists at much lower alkali compositions

over a P-T range of 0.7-7.6 kbar and 900-1250°C (Freestone and Hamilton, 1980).

Investigations in the SNAC + CO2 system revealed an even larger two-liquid field,

extending to alkali-free compositions at 1-15 kbar (Kjarsgaard and Hamilton, 1989),

and subsequent studies at 15 kbar revealed three immiscible liquids: silicate, Ca-

Na carbonate and almost pure CaCO3 (Brooker and Hamilton, 1990). However,
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subsequent experiments have produced similarly rounded crystals within silicate

melt but are solid phases (Lee and Wyllie, 1998b). High pressure experiments at

30-50 kbar and ~900-1450°C have been conducted and reported carbonate-silicate

immiscibility at low (<1 wt.%) alkali concentrations (Figure. 1.3.2) (Dasgupta et al.,

2006; Thomsen and Schmidt, 2008).

Therefore, it has been shown that low-aluminosilicate, high-alkali natrocarbon-

atite compositions such as those of Oldoinyo Lengai can be produced from the

immiscible separation of a carbonate-peralkaline silicate parent. It appears that at

least 15 wt.% alkalis in an exsolved carbonate liquid occurs if the aluminosilicate

content is below 3 wt.% and low-alkali carbonatite melts (<5 wt.%) can be generated

as long as a significant aluminosilicate content (≳10 wt.%) exists (Dasgupta et al.,

2006; Kjarsgaard, 1998; Lee et al., 2000). Given that whole-rock analyses within

the literature typically show carbonatites have an aluminosilicate content of ≲5 wt.%,

liquid immiscibility is clearly an attractive model for carbonatite genesis (Woolley and

Kempe, 1989).

1.3.3 Discussion

Liquid immiscibility is currently the favoured petrogenetic model for carbonatite

genesis particularly as it provides an elegant explanation for the frequent apparent

coeval distribution of alkaline-silicate and carbonatite rock types within the same

complex. However, around 25% of all carbonatites have no associated silicate rocks

(Woolley and Kjarsgaard, 2008) and consequently it is difficult to invoke exsolution

from a silicate magma as a viable process for their existence. Furthermore, while

immiscibility is clearly possible at crustal pressures provided the alkali content is ~5

wt.% and the partial pressure of CO2 is high, it is unlikely to be a common process

within the mantle, where common silicate magma compositions, such as a tholeiitic

basalt (2-3 wt.% alkalis and low CO2) cannot be parental to immiscible carbonatite

melts Brooker and Kjarsgaard (2011).

The two alternative models, primary partial melts of a CO2-bearing peridotite

or extensive fractionation of a silicate magma, similarly have their own pitfalls.

Predominantly, how the low-degree partial melts are extracted from the mantle

and migrate through the thermal barrier, and the extensive fractionation required
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Figure 1.3.2: Immiscibility gap between alkali silicate volcanic and hypabyssal rocks from
natural carbonatite complexes, compared with experimental CO2 saturated two-liquid solvi
in the SNAC system. SNAC solvus positions are shown at 1.5 GPa, 1225°C and 0.2 GPa,
1250°C. Two natural compositions plotted with tie-lines; Oldoinyo Lengai phonolites, which
coincide with SNAC at 0.2 GPa, 1250°C and Shombole, a natural nephelinite (Kjarsgaard,
1998). Dashed line denotes the estimated ‘mantle’ solvus for 2.0 – 3.0 GPa. From: Brooker
and Kjarsgaard (2011).
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to produce carbonate precipitating melts would result in high crystal fractions and

limited mobility(Harmer and Gittins, 1997).

1.3.3.1 Escape from the mantle

The movement of melt fractions, within the mantle, is controlled by viscosity plus

the three-dimensional connectivity within the mantle matrix (McKenzie, 1985). Ex-

periments established that for a carbonatite melt in an olivine dominated matrix at

mantle pressures the carbonatite will separate from the matrix and move at very low

melt volumes of the order 0.01% and above (Brenan and Watson, 1991; Hunter and

McKenzie, 1989). As a result, carbonatite melts are unlikely to be able to accumulate

into significant volumes to rise adiabatically but instead ascend along melt channels,

which enable rapid extraction and reduce the rate of reaction with the matrix. During

ascent the melt will reach equilibrium with mantle lherzolite and be consumed by the

metasomatic reaction which replaces peridotite orthopyroxene with clinopyroxene

and olivine accompanied by the release of CO2 fluid (reaction 1.3.1) (Harmer and

Gittins, 1997). As a consequence, these melts have been considered ephemeral

and have greater consequences for mantle metasomatism (Wallace and Green,

1988), spinel peridotite xenoliths recording this process have been described (Yaxley

et al., 1991).

1.3.3.2 Equilibrium ascent

As a result of reaction 1.3.1, during the ascent of carbonatite melt through the

mantle, a portion of the metasomatised lherzolite will transform to wehrlite. Providing

suitable conditions exist at depth, a continual stream of melt will ascend towards this

zone. Enstatite will be completely consumed and the resulting carbonate melt will

be in contact with wehrlite rather than lherzolite (Harmer and Gittins, 1997). In order

to achieve equilibrium the carbonatite will change composition to be dominated by

calcite according to the reaction (Wyllie and Huang, 1976b):

3CaMg(CO3)2
magnesian melt

+ CaMgSi2O6
wehrlite cpx

= 2Mg2SiO4
metasomatic Fo

+ 4CaCO3
calcic melt

+ 2CO2
fluid

(1.3.4)

This sequence of events demonstrates a mechanism whereby a primary magne-

30



sian carbonatite melt can change composition to become suitable as the origin of

some surface carbonatites. Furthermore, it is predicted that xenocrysts would be

diopside, pargasite and phlogopite in composition, which is commonly observed in

natural samples e.g. Kerimasi volcano, Tanzania (Woolley, 2001).

1.3.3.3 Lithospheric focusing

Primary melts concentrate in and focus along lesions within the lithosphere (Bailey,

1980). If deep-seated fractures or conduits existed in the upper mantle they could

facilitate the rapid rise of these highly reactive melts so they do not achieve equi-

librium with their surroundings and persist as magmas to crustal levels (Woolley

et al., 2012). Alternatively, if the supply is sufficient to produce a conduit lined

with reaction products, similar to channelisation in mantle xenoliths and obducted

orogenic peridotites, the magma may escape with minimal modification. This may

explain, in part, the apparent association with rifting environments and may suggest

why numerous alkali-silicate rocks are seen within the same tectonic setting, as they

exploit the same fractures.

1.3.3.4 Mantle plumes?

Perhaps one of the most controversial aspects of models proposed for carbonatite

genesis is the relative roles played by the lithosphere and asthenosphere. For

example, (Nelson et al., 1988) argue, on the basis of Sr, Nd, Pb, O and C isotopic

data, carbonatite melts originate in the asthenosphere. Critically, they propose the

presence of a mantle plume and in recent years plumes have become an increasingly

popular suggestion for carbonatite genesis (Bell, 2001). The model suggests that

carbonated magmas result from melting of both entrained and source material within

the upper parts of plumes that lie below thickened lithosphere. However, this theory

is disputed based on the repetition of carbonatite activity in the same areas over

extensive periods of geological time (Woolley et al., 2012). Multiple impingements

of plume activity over millions of years on the same segment of continental crust is

extremely unlikely given plumes are a point source. Instead they argue the plate

experiences failure and/or flexure that enables the release of fluids and melts through

the cratonic lithosphere. Thus, the coincidence of magmatic activity with plate-wide
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processes can be a result in percolation of fluids and melts through the cratonic

lithosphere, independently of plume activity (Woolley et al., 2012).

1.3.4 Summary

The source region of carbonatites remains contentious, however it is generally accep-

ted that one of the most significant sources of carbonatite generation is the partial

melting of CO2-bearing mantle lherzolite. The subsequent evolution and emplace-

ment of this melt is subject to both the structural features and lithological composition

of the overlying lithosphere and the frequent occurrence of carbonatites with a coeval

alkaline-silicate suggests the unmixing of a parental magma is a common genetic

process that occurs for a diverse suite of predominantly asthenospheric-derived

mantle magmas i.e. melilitite, nephelenite, aillikite and kimberlites. Significant em-

phasis is placed on the association with a coeval silicate magma, however, other

processes must operate in order to account the variety of compositions observed. An

important factor when determining which processes generates carbonatites, is char-

acterising the parental unit from which they are derived and the pristine composition

of the carbonatites prior to their eruption. Unfortunately, this is often a controversial

matter as carbonatites, like silicate melts, are subject to significant evolution during

migration through the lithosphere, crystal fractionation on emplacement and loss

of elements due to fenitisation / metasomatism. Furthermore, extensive study of

Oldoinyo Lengai, the only site on the surface of Earth actively producing carbonatite,

may be introducing a bias into the literature. Being the only known natrocarbonatite

(Na2CO3-rich) in Earth’s history means it may not be a truly representative analogue

for the genesis of carbonatites generally.

Many genetically distinct types of carbonatite exist and all of the currently pro-

posed models fail to satisfactorily explain the reasons behind the variation observed.

It is the author’s opinion that an integrated model with a combination of crustal

processes is the most likely explanation of carbonatite genesis. It is suggested

that perhaps a shift towards primarily considering the mineralogical and textural

compositions and linking these to the genetic processes would be preferable in

elucidating their true origin and evolution.
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1.4 Carbonatite compositions

1.4.1 Introduction

Carbonatites are allochthonous igneous rocks containing >50 vol.% primary igneous

carbonate materials derived from carbonate magma Le Maitre (2002). Found as

instructive, extrusive, hydrothermal and replacement bodies they are classified

on a process-related basis (Mitchell, 2005). Consequently, they form two groups;

primary carbonatites and carbothermal residua. Carbothermal residua form from

low temperature fluids derived from fractionated magma bodies dominated by CO2

and rich in H2O and F. Primary carbonatites are often distinguished by their genetic

association with mantle derived silicate magmas, such as nepelinite, melilitite and

kimberlite, which form at different depths and represent varying degrees of partial

melting. Primary carbonatites are subdivided on the basis of their dominant modal

carbonate mineral and corresponding major element geochemistry (Table. 1.4.1)

Table 1.4.1: Classification of carbonatites on the basis of the major element geochemistry.
Definitions taken from: Le Bas (1987); Woolley and Kempe (1989); Jones et al. (2013).

Class-carbonatite Subdivision Geochemistry

Calcio-
Sövite → coarse grained

CaO/(CaO + FeO + MgO) >0.80
Alvikite → medium- to fine-grained

Dolomite- Beforsite (Ca, Mg)-rich
Ferro- Primarily ferroan to ankeritic calcite (FeOtotal+ MnO) > MgO
Magnesio- MgO primary constituent MgO > (FeO + MnO)
Natro- Alkaline → composed of sodium-potassium-calcium

carbonate i.e. Oldoinyo Lengai
(Na2O + K2O) > (CaO + MgO + FeO)

Rare earth- Modal REE minerals Total REE oxides >1 wt.%

Calcite and dolomite carbonatites are found far in excess of any other (Harmer

and Gittins, 1997). Sideritic carbonatites are rare and only one known alkali (sodic

or natrocarbonatite) carbonatite exists, Oldoinyo Lengai in Tanzania (Harmer and

Gittins, 1997). No global database of the compositions of carbonatites exists,

however, the average major and trace element concentrations for some 400 bulk rock-

carbonatite samples have been collated. A histogram of CaO reveals that a strong

bi-modality exists in the distribution of common carbonatite compositions. With

peaks at ~52 wt.% and ~31 wt.% CaO (Figure. 1.4.1) it appears that carbonatites

are either calcite (end-member calcite contains 55.99 wt.% CaO) or dolomite (end-

member dolomite contains 30.41 wt.% CaO) dominated with mixed calcite-dolomite

varieties rare (Woolley and Kempe, 1989).

33



5 201510 25 30 454035 50 55

wt.% CaO

No. of 

Observations

40

10

30

20

end-member

dolomite

end-member

calcite

Figure 1.4.1: Histogram of wt.% CaO from over 400 chemical analyses of carbonatites.
Note the bi-modal distribution with peaks at 31 & 52 wt.% CaO representing dolomite and
calcite-dominated carbonatites respectively. From: (Woolley and Kempe, 1989).

Magmatic carbonate melts are ordinarily either calcitic or dolomitic in composition

and hence a mineralogical bimodality arises. Observations of CaO concentrations

from various carbonatites led to claims of a compositional bimodality with few

intermediate compositions existing due to the limited solid solution of Mg in calcite

and Ca in dolomite at crustal PT’s (Figure. 1.4.1) (Woolley and Kempe, 1989). One

major issue with this study was that only analyses containing <10 wt.% SiO2 were

considered. Therefore, over emphasis was placed on analysis of the carbonate

minerals within carbonatites, which inevitably results in a compositional divide

of calcitic and dolomitic types. The contribution of Mg and Fe-Mg silicates was

underestimated, as they contain much of the Mg in carbonatites, obscuring the

compositional reality (Gittins et al., 2005). Magmas of compositions intermediate

between calcite and dolomite are probably not uncommon and so carbonatites

should be thought of as a compositional continuum.

Reviewing the whole range of compositional range exhibited by carbonatites is

beyond the scope of this review, however, the petrogenetic relationship between

calcic, dolomitic and sodic carbonatites, their association with silicate rocks and

extensive metasomatism (fenitization) will be covered.

1.4.2 Experimental work

Chemical analysis of carbonatites does not reveal the composition of the primary

liquids from which they were derived. For instance, most intrusive carbonatites dis-
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play fenite aureoles, indicative of a loss of alkalis and most probably other elements,

and large bodies exhibit textures resulting from extensive re-crystallisation (Barker,

1989). The fact many carbonatites have undergone some degree of alteration is

what makes them of interest as it promotes development of REE rich minerals.

Carbonate glasses are unknown in nature making it difficult to determine primary

compositions from quenched melt products, although some dykes may possibly be

close to a primary composition (Woolley and Church, 2005). Consequently, much

understanding can be gleaned from experimental studies; understanding paths

of crystallisation and phase equilibria, and comparing observations with natural

carbonatites.

Early work focussed on understanding how ‘igneous carbonates’ could exist.

Studies within the CaO-CO2 system determined a melting temperature for calcite of

1339°C at 1 kbar (Smyth and Adams, 1923). However, natural carbonatites showed

little evidence of thermal metamorphism and often contained xenoliths, features that

would not prevail at such high temperatures. Technological advances demonstrated

the powerful fluxing effect of H2O which reduced the melting point of calcite to

~900-1000°C at 50 bar (Paterson, 1958) before a comprehensive investigation of

temperature-pressure effects within the ternary system CaO-CO2-H2O revealed

carbonate melts could persist to ~600°C and still precipitate calcite (Wyllie and Tuttle,

1960).

Whilst these early studies showed reasonable agreement with temperatures

of emplacement inferred for natural carbonatites, neither they nor field and petro-

graphic observations could provide estimates of magma composition at the time

of emplacement. Thus, three experimental approaches were adopted in order to

investigate the processes and phase relationships in systems more complex than

CaO-CO2-H2O:

1. The addition of a single component to create a quaternary system. The

simplest systems added SiO2 enabling the relationships between simple silic-

ate minerals and carbonatites of the ternary system to be determined. This

established an important basis for the interpretation of more complex silicate-

carbonate systems. Differentiation processes were also investigated through

the addition of P2O5 and MgO respectively.
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2. The addition of a silicate mineral to the ternary system e.g. feldspar, nepheline,

pyroxene and olivine. This created multi-component systems, which even

under isobaric conditions, made it impossible to determine paths of crystallisa-

tion. However, three types of information could be obtained from phase fields

intersected by compositional joins:

(a) The solubility of the ‘silicate component’ in carbonatite magma

(b) The depression of the liquidus and solidus temperature caused by the

solution of the silicate

(c) The nature of the primary crystalline phases occurring on the liquidus

rising from the minimum temperature on the solidus

3. The addition of excess alkalis to silicate ‘mineral components’ in the form of

carbonates. This enabled a more direct study of exchange reactions than in

approach (2) whilst providing more information on the relationships between a

silicate and alkali-carbonate magma.

The experimental approaches outlined provided the foundations for the fundamental

models and melting relationships established for carbonatite outlined below.

1.4.2.1 The system CaO – MgO – CO2 – H2O

The stability of dolomitic (magneiso-) carbonatites was investigated through the

addition of MgO to the CaO-CO2-H2O system (Wyllie, 1966). Mixing periclase

(MgO), brucite (Mg(OH)2), magnesite (MgCO3) and dolomite (CaMg(CO3)2) to

portlandite (Ca(OH)2) and calcite (CaCO3) enabled melting relationships and phase

equilibria as a function of temperature and pressure to be determined (Figure. 1.4.2).

Melting relationships for the system CaO-CO2-H2O are represented by the two

solid black curves involving a liquid phase. The curve, labelled E1 (Figure. 1.4.2),

corresponds to the ternary eutectic and denotes the minimum liquidus temperature

of the system. At 1 kbar ~5 wt.% MgO is soluble in the ternary liquid causing

a depression the minimum liquidus temperature by ~25 °C to 620°C; this offset

persists across a wide pressure range (Wyllie, 1966). The red dashed curve, E2,

is an estimate for the position of this eutectic. The liquids generated within these

reactions coexist with crystalline phases and a vapour. The vapour composition is
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essentially the H2O-CO2 join and so as the liquid composition changes from the

carbonate to hydrate side, and the vapour composition changes from CO2 to H2O

dominated. Highlighted by the grey dissociation reactions, the vapour phases in

equilibrium with the eutectic liquids E1 and E2 are very rich in H2O and poor in CO2.

Consequently, neither magnesite or dolomite appear on the liquidus at low pressures

despite the eutectic reaction curve E2 lying well within the stability fields for these

minerals (Wyllie, 1989).
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Figure 1.4.2: Univariate melting reactions within the quaternary system
CaO – MgO – CO2 – H2O. Abbreviations: CC – calcite; CH – portlandite; P – peri-
clase; MH – brucite; MC – magnesite; V – vapour; L – liquid. E1 & E2 denote eutectic
reactions of CaO-CO2-H2O and CaO-MgO-CO2-H2O systems respectively. Black lines
denote melting relationships in the system CaO-CO2-H2O, dashed red line for the system
CaO-MgO-CO2-H2O. Grey lines indicate dissociation reactions of brucite, magnesite and
dolomite. After : (Walter et al., 1962; Wyllie, 1965).
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(Wyllie, 1965).

The inherent complexity of a quaternary system necessitates simplification in

order to determine vapour compositions. Through isobaric consideration of reactions

and assemblages only involving vapour phases the composition of resulting vapours

can be determined as a function of temperature (Figure. 1.4.3) (Wyllie, 1966).

In pure CO2 at 5 kbar calcite melts at ~1240 °C diluting the vapour composition

with H2O lowers the melting temperature. At >80 wt.% H2O the melting temperature

decreases markedly with small increments in H2O. E1 (Figure. 1.4.3) denotes the

ternary eutectic between the liquidus reactions of calcite and portlandite at 645 °C

where the vapour composition is rich in H2O. The addition of MgO (periclase) lowers

the eutectic by approximately 25 °C to E2. The blue line extending below this point is

the curve for the sub-solidus assemblage calcite + portlandite + periclase + vapour.

S3 marks the meeting of the sub-solidus ternary reaction curves from the system
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MgO-CO2-H2O (Walter et al., 1962). This involves the dissociation of magnesite

in the presence of dolomite (Do+MC+P+V), the dissociation of brucite and the

conversion of magnesite to brucite at ~600 °CṪhe fourth curve MC+MH+P+V ex-

tending from S3 represents the conversion of brucite to magnesite in the presence

of periclase (Wyllie and Huang, 1976b). The reaction for the dissociation of dolomite

(CC+Do+P+V) occurs around 60 °C higher than that for magnesite in the presence of

dolomite (Do+MC+P+V). The temperature gradients of reactions involving dolomite

dissociation become vey steep as the vapour-phase composition approaches pure

H2O.

Although both liquids are simultaneously stable through a limited temperature

range at 5 kbar, dolomite and magnesite cannot coexist as each phase assemblage

is in equilibrium with a vapour phase of different composition (Wyllie, 1989). With

decreasing temperature all vapour phases increase in H2O composition, however,

those in the presence of dolomite change far more than those without. Dolomite

stability is prevented at low pressures as the liquid is consumed by the eutectic

reaction E2. An aqueous vapour of a composition in equilibrium with liquids near E2

would only have dolomite, magnesite and brucite stable at temperatures lower than

620 °C (Wyllie, 1966).

1.4.2.2 Petrogenetic implications

Although a relatively simple system it is apparent that even with just four compon-

ents, interactions are convoluted and difficult to interpret. Whilst this inhibits a lot

of meaningful exposition some inferences can be made regarding paths of crys-

tallisation and the sequence of minerals precipitated. Such processes could be

triggered by changes in temperature, pressure, or composition of vapour phases

in equilibrium with the liquid and, although it is unlikely that only one would change

during crystallisation within a natural system, their effects should be considered.

At sufficiently high and constant pressures, a liquid coexisting with a vapour

initially crystallising calcite will subsequently crystallise either periclase, dolomite or

portlandite upon cooling. Fraction crystallisation of the final liquid would crystallise

calcite, dolomite and portlandite. Thus, under isobaric conditions the sequence of

crystallisation of carbonate is calcite followed by calcite+dolomite.
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Pressure variations are likely to be important in the crystallisation of carbonatites.

A liquid lying within the primary calcite field, proximal to the dolomite stability reaction

line will coexist with calcite and vapour. An increase in pressure expands the

dolomite phase field causing the boundary to cross the liquid composition. With the

liquid composition now in the primary phase field of dolomite, if equilibrium were

maintained, calcite crystals from the original liquid would be converted to dolomite.

Consequently, the same initial liquid composition could crystallise calcite at lower

pressures and dolomite at higher. However, this is complicated slightly as pressure

increase also cause a decrease in liquidus temperatures (Walter et al., 1962).

It is reasonable to suppose that the vapour phase composition of a natural

carbonatite system would not be controlled entirely by the crystallising magma, but

in part by the regional conditions. If a liquid coexisting with calcite, dolomite and

vapour was enriched in H2O under isobaric, isothermal conditions and equilibrium

maintained, calcite would dissolve and the liquid composition shift into the dolomite

field. The liquid composition would be above the dolomite liquidus causing any

dolomite to dissolve. However, should this liquid crystallise, it would precipitate

dolomite. Alternatively, if the vapour phase was enriched in CO2 the liquid would

crystallise completely, leaving an assemblage of calcite and dolomite (Wyllie, 1966).

One caveat with the final liquid produced by fractional crystallisation of synthetic

carbonatite magmas in this system, and others, is the precipitation of hydrous miner-

als such as portlandite, which are not seen in any natural carbonatite complexes. It

is possible extremely H2O-rich compositions of vapour phase in equilibrium with the

final liquidus may rarely be attained naturally due to constraints imposed by regional

conditions. If such a limit exists for the maximum H2O content of a vapour it could

cause carbonatite magmas to crystallise with after H2O has been during fenitization.

1.4.2.3 Importance of volatiles

Early experimental evidence demonstrated that carbonate melts could exist at

geologically reasonable temperatures and, depending upon the ambient conditions,

crystallise dolomite and/or calcite (Walter et al., 1962). Subsequent work showed

that fluorite reduces liquidus temperatures comparably to H2O (Gittins and Tuttle,

1964) and fluorine even more significantly (Gittins and Jago, 1998). Fluorine is a
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significant constituent of all carbonatite magmas and is commonly found in minerals

such as F- substituted phlogopites, sodic amphiboles and fluorapatites (Guzmics

et al., 2008). A high alkali content is a distinguishing feature of carbonatites and

both Na and K reduce the calcite crystallisation temperature by at least 500°C at 1

kbar in the system Na2CO3-K2CO3-CaCO3 (Cooper et al., 1975). How and where

these carbonate-rich liquids are generated, modified and differentiated as they are

transported into the crust remains to be explained.

1.4.3 Carbonatite composition

A recent compilation detailed 527 worldwide occurrences of carbonatites highlighting

the diversity of carbonatite-type systems (Woolley and Kjarsgaard, 2008). Three

principal varieties of carbonatite were identified:

1. Ca- and Mg- rich carbonate melts originating from the melting of CO2-rich

lherzolite mantle within the dolomite stability field (Dalton and Wood, 1993;

Sweeney, 1994).

2. Immiscible Ca- and Mg- or Na-rich carbonate melts segregated from CO2-

saturated silicate melts (Brooker and Kjarsgaard, 2011; Church and Jones,

1995; Kjarsgaard and Hamilton, 1989; Lee et al., 2000; Lee and Wyllie, 2000).

3. Calcic carbonatite melts formed from melting of carbonate-rich eclogite in

subducted oceanic crust (Hammouda, 2003; Yaxley and Brey, 2004).

A review of the mechanisms proposed for the generation and evolution of carbonatite

magmas can be found in section 1.3.2, but in summary:

1. Partial melting of carbonated peridotites (Eggler, 1978; Wallace and Green,

1988; Wyllie and Huang, 1976b).

2. Crystal fractionation of silicate-CO2 magmas (Lee et al., 1994; Watkinson and

Wyllie, 1971).

3. Liquid immiscibility of silicate-CO2 liquids (Freestone and Hamilton, 1980;

Kjarsgaard and Hamilton, 1989; Koster van Groos and Wyllie, 1966; Lee and

Wyllie, 1998b).
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These processes are not mutually exclusive and carbonatite genesis most probably

involves a combination. In order to evaluate the mechanisms controlling the variety

of carbonatite compositions observed it has been assumed carbonatites originate

from the melting of a CO2-rich peridotite.

1.4.3.1 Partial melting of a CO2-rich peridotite

Several experimental studies have demonstrated that carbonatite liquids can be

produced by direct melting of carbonated mantle lherzolite (Wallace and Green,

1988; Dalton and Wood, 1993; Dalton and Presnall, 1998; Sweeney, 1994). Within

all of these studies the carbonate liquid is magnesian, essentially dolomitic, with

SiO2 <5 wt.%, Ca/Mg <1 and 50-65 wt.% magnesite components (Lee et al., 2000).

All are alkali, typically with total alkalis content between 5-7 wt.% and a Na2O/K2O

ratio controlled by the parental composition. The ubiquitous presence of alkalis in

experimental liquids indicates they are a fundamental component of all carbonatite

magmas, verified by the common occurrence of alkali amphiboles and phlogopite-

biotite micas (Le Bas, 1987).

Presented in Table 1.4.2 is a collection of experimental carbonate melt composi-

tions, the PT conditions and mantle peridotite composition with which they are in

equilibrium. There is no doubt that primary carbonatite magmas can be generated

in the mantle and should be dolomitic (magnesian) in composition (Lee et al., 1994;

Sweeney, 1994; Harmer and Gittins, 1997). However, dolomite carbonatites sampled

at the surface are not necessarily derived directly from primary mantle magnesian

carbonate melts without modification. Furthermore, carbonatites with abundant cal-

cite (sövites) are commonplace. The instability of CaCO3, due its solubility with H2O

and low decarbonation temperature of 550 °C (at 1 bar), suggests that magnesian

carbonate liquids may be parental to both calcic and dolomitic carbonatites.
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Table 1.4.2: Compilation of major element compositions of experimentally produced mantle carbonatite liquids.

Study WG CM1 NaCM KCM Th CM42 CM34 CM26 CM48 KM14 KM29

P (kbar)/T (°C) 22/1000 22/1000 25/1200 32/1220 30/1100 30/1300 25/1250 22/1250 15/1150 60/1380 70/1430

Peridotite

composition

Amphibole-

lherzolite

Amphibole-

lherzolite

Phlogopite

lherzolite

Phlogopite

lherzolite

CO2

Phlogopite

lherzolite

Spinel

harzburgite

Spinel

wehrlite

Spinel

wehrlite

Spinel

wehrlite

CO2

lherzolite

CO2

lerzolite

SiO2 2.94 3.17 6.39 8.16 2.57 1.32 2.16 2.45 3.05 5.79 5.17
TiO2 0.45 0.52 1.04 0.69 0.72 0.01 - - - - -
Al2O3 1.95 2.10 1.53 1.56 0.38 0.19 0.14 0.23 0.13 0.66 0.31
Cr2O3 0.22 0.24 <0.50 0.08 0.00 0.19 0.04 0.03 - - -
FeO 4.61 4.96 5.99 4.07 4.54 2.78 2.05 1.96 1.31 - -
MgO 14.19 15.70 15.24 13.93 15.12 12.59 10.06 7.82 5.86 20.91 23.26
CaO 21.29 22.59 21.40 21.91 21.60 37.94 40.75 45.50 45.50 28.03 25.94
Na2O 4.99 5.40 5.01 2.10 4.93 0.08 0.08 0.07 0.08 - -
K2O 0.35 0.38 2.20 5.35 7.01 0.01 0.02 0.01 - - -
P2O5 0.48 0.52 0.74 - - 0.04 0.10 0.11 0.24 - -
MnO - - - - - 0.19 0.09 0.04 - - -
NiO - - - - - 0.12 0.03 0.04 - - -
CO2 - - - - - 45.39 44.28 42.67 42.92 44.61 45.32

Total 51.49 55.05 59.54 57.85 56.87 100.85 99.80 101.00 99.09 100.0 100.0

Mg# 84.6 84.9 81.9 85.9 85.58 89.0 89.7 87.7 88.9 - -
Ca# 65.8 64.8 64.3 66.8 64.7 79.4 83.8 88.9 90.9 49.8 45.7
K/Na 0.04 0.04 0.22 1.68 0.48 0.08 0.25 0.14 - - -

- = not included / determined Mg# is calculated as 100∗(molar)MgO/(MgO+FeO) and Ca# as 100∗(molar)CaO/(CaO+MgO) where FeO is total Fe, as Fe2+. WG - Wallace and Green (1988); CM1, NaCM, KCM - Sweeney (1994); Th - Thibault
et al. (1992); CM42, CM35, CM26 - Dalton and Wood (1993); KM14, KM29 - Dalton and Presnall (1998). After: Harmer and Gittins (1997).
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1.4.3.2 Dolomitic carbonatites

At mantle pressures of 30 kbar, dolomite is present as the primary liquidus phase in

the system CaCO3-MgCO3 (Irving and Wyllie, 1975). However, at crustal pressures

and below (<5 kbar) dolomite is only found as an exsolution product from primary

magnesian calcite or as a sub-solidus reaction product (Harmer and Gittins, 1997).

Essentially, at crustal pressure the formation of dolomite from carbonate liquids is

controlled by the dissociation reaction:

CaMg(CO3)2 = CaCO3 +MgO + CO2 (1.4.1)

Consequently a dolomitic liquid at crustal pressures and temperatures of ~650-

850°C would crystallise calcite, not dolomite, as the stable liquidus carbonate. This

was confirmed through investigations of carbonatite liquid evolution from melting

of a parental peridotite (composition similar to CM1 Table 1.4.2) as a function of

decreasing pressure (Sweeney, 1994). It was determined that at pressures <10

kbar liquidus carbonate contained 10-20 mol% MgCO3 (Harmer and Gittins, 1997).

For a magnesian carbonate melt to remain within the dolomite stability field at

crustal pressures and temperatures fluxing components are necessary to suppress

the liquidus and solidus temperatures enabling the direct crystallisation of dolomite.

The addition of Ca(OH)2 to the system CaCO3-MgCO3 lowers liquidus temperatures

below the crest of the calcite-dolomite solvus enabling the co-precipitation of calcite

and dolomite down to 650°C at 2 kbar (Wyllie, 1989). This behaviour was similarly

observed within the more complex systems CaO-MgO-CO2-H2O (Fanelli et al., 1986)

and CaO-MgO-SiO2-CO2-H2O (Otto and Wyllie, 1993) at 2 kbar when dolomite

crystallised with calcite from temperatures of 880-650°C

Within the system Na2O – CaO – MgO – CO2, the eutectic between Na2CO3-

CaMg(CO2)3 enables liquids capable of crystallising dolomite to persist to ~650 °C

at 1 kbar (Beckett, 1987). Normally the solid state dissolution of dolomite at 1 kbar

occurs at ~830°C (Harker and Tuttle, 1955). However, a liquid of composition with

30 wt.% Na2CO3 : 70 wt.% CaMg(CO3)2 contains 17.5 wt.% Na2O facilitating the

crystallisation of dolomite between 785-750°C (Beckett, 1987). Clearly Na2CO3 acts

as a highly efficient fluxing agent and it is supposed that F would have an entirely
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analogous effect on dolomite as it does on calcite (Harmer and Gittins, 1997).

The close correspondence in MgO and Mg# between experimentally derived

melts and natural rocks confirms that, providing a magnesian carbonate magma can

enter the crust, there is no reason it cannot crystallise in situ to produce a dolomite

carbonatite with or without calcite (Harmer and Gittins, 1997). This implies that the

majority of carbonatites begin life as magnesian melts, inherent from inception as

partial melts of CO2-rich peridotite. This supposes all carbonatites are formed from

primary mantle melts, raising the issue of how a primary magnesian melts escape

from the mantle (see section 1.3.3.1). This is unlikely to be the case (Woolley, 1982)

and so processes of evolution experienced in the crust are necessary to produce

the spectrum of compositions outlined in this review.

1.4.3.3 Calcitic carbonatite

It is evident from previous discussion that calcite (magnesian) is infact the primary

stable liquidus phase over a wide range of P-T conditions in magnesian carbonate

melts. Indeed, the direct precipitation of dolomite from such melts is petrographically

more problematic. Calcite crystals sinking within experimental charges have been

observed since the first experiments were conducted (Wyllie and Tuttle, 1960),

arousing suggestions that calcite carbonatites were largely cumulate rocks. Over

the period of an experimental run (2-12 h) once the quantity of liquid exceeds 10-20

vol.% calcite crystal setting becomes noticeable (Wyllie, 1966). At temperatures high

enough for a significant amount of liquid to form there is substantial accumulation of

calcite at the base of experimental charges. However, significant accumulation is

also observed at the top, interpreted as ‘flotation cumulates’ (Harmer and Gittins,

1997). Exceeding the solubility limit of CO2 in the melt generates gas bubbles,

which entrain and transport calcite crystals as they rise to the top of the capsule.

To ensure the crystals nucleated from the liquid and were not a consequence of

large temperature gradients that can exist across an individual charge, a run was

held at ~30 °C above the liquidus for 24 h, the temperature lowered to within the

calcite stability field and held for 14 days. A distinct adcumulus calcite layer, free of

intercumulus melt, formed at the base of the charge verifying calcite had crystallised

from the liquid before migrating to the ends of the capsule (Harmer and Gittins,
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1997).

Crystal accumulation can be used to explain some of the curious features of many

carbonatites including centimetre to metre-scale dykes of monominerallic calcite

carbonatites that show no discernible marginal fenitization (Bailey, 1993). These

are believed to arise from the re-intrusion of crystal mush lubricated by extremely

small volumes of interstitial fluid (Harmer and Gittins, 1997). The Tweerivier and

Bulhoek carbonatite complexes, South Africa contain large xenolithic blocks up to

20 m in diameter of Bushveld Complex gabbro and magnetite cumulates originating

from stratigraphic units well below their current host (Harmer and Gittins, 1997).

Being of such low viscosity it is unlikely a carbonate liquid could support or transport

such dense blocks, however a crystal mush may have sufficient yield strength.

Furthermore, small amplitude asymmetrical folds (~30 cm) exist within the magnetite-

apatite-calcite carbonatites of the Kuge Complex, Kenya. Thought to be drag folds,

generated by friction during emplacement with the solid host rock, such features are

only possible for a viscous, crystal-rich magma (Le Bas, 1987).

Experimental studies on the join Na2CO3-CaMg(CO3)2 demonstrate substantial

amounts of calcite can precipitate from a highly magnesian carbonate melt. An

experimental liquid of composition 20 wt.% Na2CO3 : 80 wt.% CaMg(CO3)2 and

17.5 % MgO has a liquidus temperature of ~860 °C with calcite being the solit-

ary crystallising phase until ~810 °C (Harmer and Gittins, 1997). Melts of higher

magnesian content remain in the calcite+liquid field over an even greater range of

temperature intervals. Evidently, dolomitic carbonatite magmas can be a plentiful

source of calcite.

Calcite precipitating from a magnesian carbonate liquid is also observed within

the system CaMg(CO3)2-CaF2 (Gittins et al., 2005). At 1 kbar calcite is the liquidus

phase to ~753 °C which is around 60 °C below the dolomite dissociation temperature

in the system Na2CO3-CaMg(CO3)2 at equivalent pressures. A similar behaviour is

observed along the Mg(OH)2-CaMg(CO3)2 join within the system CaO-MgO-CO2-

H2O where calcite remains as the primary liquids phase in dolomitic liquids down

to ~800 °C at 10 kbar (Lee and Wyllie, 2000, b). Still further evidence is provided

by the system CaO-MgO-SiO2-CO2-H2O where calcite is the first phase to appear

on the liquidus followed by the co-crystallisation of calcite and dolomite at lower
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temperatures (Wyllie et al., 1990).

Experimental data clearly reveal some of the potential petrogenetic pathways

whereby calcitic carbonatites can be produced from magnesian carbonate (dolo-

mitic) magmas such as cumulates and/or crystal mush (Harmer and Gittins, 1997).

However, caution should be taken in over emphasising the importance of crystal

accumulation as the formation process for all calcite carbonatites at the exclusion of

a calcic carbonatite liquid. Many calcic carbonatites are not monominerallic nor do

they have textures supportive of a cumulate origin. For example carbonatites of the

Argor Complex, Canada contain alkali amphiboles with a radiating acicular texture

distributed randomly throughout the rock. Zoned from Mg-rich cores to Na-Fe en-

riched rims the amphiboles indicate an abundance of Mg within the parental magma

proceeded by uninterrupted crystallisation. These occur alongside phlogopite, mag-

netite, apatite, pyrochlore and zircon all within a principally calcite host with minor

dolomite (Gittins et al., 2005). With no evidence of minerals concentrating through

settling and accumulation it suggests cotectic crystallisation from an essentially

calcic carbonate magma.

Assuming extrusive carbonatites reveal considerable petrogenetic information

about primary liquids (Woolley and Church, 2005), calcite-rich quenched juvenile

fragments such as lapilli tuffs, carbonatite bombs and welded spatter from areas such

as Fort Portal, Uganda; Kaiserstuhl, Germany and some Kenyan and Tanzanian

carbonatites (Keller, 1989), are composed of microcrystalline platy calcite and

little else. Consequently, whilst it is likely that the magma held calcite crystals in

suspension on eruption they strongly imply the existence of a highly calcic parental

magma. Primary magnesian carbonate mantle melts adjust their Mg/Ca ratio to

more calcic compositions through mantle wall rock interactions at pressures <25 kbar

(Dalton and Wood, 1993). Whilst these interactions cannot produce a pure CaCO3

melt they can clearly generate magmas capable of crystallising predominantly

calcite.

1.4.3.4 Significance of dolomitic carbonatites

Whilst a calcite carbonatite does not require a calcitic parental magma, a dolomite

carbonatite demands a composition at least dolomite-rich as is not possible for a
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magma lacking Mg to crystallise dolomite. Despite this the traditional view that

magnesiocarbonatites are differentiates of primary calcic magmas still exists (Bailey,

1993). It has been suggested that not all dolomite carbonatites are magmatic in

origin and may be metasomatised calcitic bodies (Bailey, 1993).

Many of the textural and mineralogical features evident of magmatic crystal-

lisation are absent in carbonatites. Often in dolomitic-ankeritic carbonatites this is

believed to result from the low temperature replacement of calcite or silicate minerals

implying dolomite, ankerite, magnesite and siderite are subsolidus reactions phases

as opposed to magmatic (Barker, 1993). Whilst caution should be taken assuming all

features within a carbonatite are of magmatic origin, it should also not be presumed

all dolomitic carbonatites are of secondary origin (Bailey, 1993).

Field relationships and the shear volumes of magnesian carbonate within com-

plexes are often inconsistent with a replacement origin. Multiple intrusions within a

single complex often crosscut the foliations of earlier bodies. Many dolomite com-

plexes (e.g. Spitskop and Bulhoek) show planar trachytic-like textures suggestive

of grain orientation during magmatic emplacement, possibly flow of crystal mush

(Harmer and Gittins, 1998). If formed through replacement such textures would

be overprinted. A wide range of common carbonatite minerals such as phlogopite,

sodic-amphibole, pyrochlore, apatite and magnetite within a single assemblage are

not consistent with progressive replacement of calcite by dolomite through the action

of magnesian fluids. Furthermore, carbonatites are often found within low MgO

silicate rocks such as ijolites (MgO = 1-3 %) and nepheline syenites (MgO <0.75 %)

(Le Maitre, 2002). Carbonatites are emplaced into these rocks and so, assuming

they had been subjected to Mg metasomatism, they ought to have been similarly

affected (Harmer and Gittins, 1998).

Dolomitisation is the in situ modification of calcite to dolomite through interactions

with Mg and CO2 bearing fluids. One mole of magnesite (MgCO3) must be introduced

for each mole of calcite present, presuming no original calcite is lost by dissolution.

Deciphering a source and transport mechanism for the large amount of magnesium

required is problematic and such a replacement would coincide with a volume

increase of ~74% (Harmer and Gittins, 1998).

The suggestion dolomite could be derived from the carbonation of silicate phases
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such as clinopyroxene and phlogopite has be proposed as an alternative to direct

replacement through the reactions (Barker, 1993):

Ca(Mg,Fe)Si2O6
diopside

+ 2CaCO3
fluid

= Ca(Mg,Fe)(CO3)2
dolomite

+ 2SiO2
silica

(1.4.2)

and

KMg3AlSi3O10(OH)2
phlogopite

+ 3CaCO3
calcite

+ 3CO3
fluid

= 3Ca(Mg,Fe)(CO3)2
dolomite

+ KAlSi3O8
orthoclase

+ H2O
fluid

(1.4.3)

Clearly, dolomite can be a product of silicate carbonation however no Mg is produced

in which to convert any calcite to dolomite. Consequently, at most a calcite car-

bonatite could be modified into a calcite-dolomite carbonate, not a purely dolomitic

carbonatite (Harmer and Gittins, 1997). Reaction 1.4.2 generates two moles of silica

per mole of dolomite. Presuming this remains within the system a quartz-rich silico-

carbonatite would be generated. If the silica were transported out of the carbonatite

the remaining rock would be porous, containing vugs, or show evidence of a volume

reduction, something never previously observed. Reaction 1.4.3 generates one third

of the amount of potassium feldspar compared to dolomite, as of yet no feldspathic

dolomite carbonatite has been discovered (Woolley and Kjarsgaard, 2008).

Trace elements further mitigate the idea of a replacement origin for dolomitic

carbonatites. As in Table 1.4.1 the distinction between calcic and dolomitic carbon-

atites can be made through the molecular ratio CaO/(CaO + MgO +FeO + Fe2O3

+ MnO) or CCMF. Calcite carbonatites have CCMF values of ~1.0 compared to

dolomite which approach 0.5. A variation of trace element concentrations in car-

bonatites from Southern Africa were plotted against CCMF values (Figure. 1.4.4)

(Harmer and Gittins, 1997). It appears end-member carbonatites have higher trace

element values than those with intermediate CCMF values. Concentrations of Nb

and Ba are higher in calcitic compositions, whereas Y, Th and Zn are approximately

equal in both. Co shows a decrease in concentration with an increasingly calcitic

composition.

If dolomitic carbonatites did form from the sub-solidus replacement of calcic

compositions it would be anticipated that the trace element concentrations would

be linear, indicating progressive changes away from CCMF = 100% (1.0). However,
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Figure 1.4.4: Ba, Y, Nb and Co versus CCMF ratio (100*CaO/(CaO+MgO+FeO+Fe2O3))
for southern African carbonatites from the Archean Kaapvaal and Zimbabwean cratons.
CCMF ratio of 100 equivalent to CCMF value of ~1.0 = calcite carbonatites; CCMF ratio of
50 equivalent to CCMF value of ~0.5 = dolomitic carbonatites From: Harmer and Gittins
(1997).

if dolomitic compositions are infact magmatic in origin then trace element patterns

would reflect processes such as crystal-liquid fractionation. Ba, Y and Nb would

be anticipated to partition into both calcite and dolomite, perhaps favouring calcite

(i.e. Kd(Cc) > Kd(Dol) > 1) whereas Co would partition preferentially into magnesian

carbonate (Harmer and Gittins, 1997). Limited experimental data exists on low

pressure carbonate mineral/liquid partition coefficients, but assuming the trace ele-

ment behaviour described is true the patterns observed are indicative of carbonatite

emplacement from an intermediate CCMF composition liquid enriched in cumulus

calcite or dolomite (Harmer and Gittins, 1997).

The isotopic compositions of all carbonatites < 200Ma from around the world have

been compiled (Harmer and Gittins, 1998). The range of εSr-εNd values is remarkably

limited with ~80% preserving a ‘mantle-like’ signature (Bell and Simonetti, 2010).

This widespread similarity of isotopic signatures may indicate they are generated

from sources that are widespread i.e. HIMU, EM1 and FOZO mantle components.

No convincing evidence exists to indicate that dolomitic carbonatites result can form

from the sub-solidus replacement of calcitic carbonatites. Indeed this suggestion

creates an even greater problem in reconciling a viable source for the volume of Mg
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required. Hence, it is concluded that dolomitic carbonatites, with rare exceptions,

are magmatic intrusions with compositional variations resulting from the evolutionary

pathways experienced before and after emplacement.

1.4.3.5 Natrocarbonatite

Previously, carbonatites have been discussed in terms of calcitic or dolomitic vari-

eties as they dominate the majority of compositions. However, highly alkaline

natrocarbonatite compositions have erupted periodically from Oldoinyo Lengai over

the last 50 years (Dawson, 1962, 1989; Dawson et al., 1990). By weight the rock

is nearly 60% Na2CO3, 30% CaCO3 and 10% K2CO3 (Bailey, 1993). The lava is

porphyritic containing small clear plates of nyerereite and brown-coloured grains of

gregoryite set in a fine grained matrix of nyerereite, equigranular gregoryite and an

opaque phase rich in Mn and S, alabandite (Dawson, 1989).

Nyerereite (Na, K)2Ca(CO3)2 and gregoryite (Na2, K2, Ca)CO3 are alkali carbon-

ates whose compositions lie within the system Na2CO3-K2CO3-CaCO3 and, to date,

have not been found anywhere else in the world. Bulk concentrations of total alkalis

reach ~40 wt.% with very high levels of F (~4 wt.%) and Cl (~5 wt.%) (Dawson,

1989). A virtual absence of primary hydrous minerals, common rock forming oxides

SiO2, TiO2 and Al2O3 combined with high amounts of CO2, P2O5 and SO3 ensures

this carbonatite is truly enigmatic.

The Oldoinyo Lengai natrocarbonatite provided the first indication of a genetic

link between carbonatites and alkaline silicate magmas primarily because of its oc-

currence within the crater of a nephelinitic to phonolitic volcano. Secondly, abundant

plutonic silicate xenoliths indicate the presence of a silicate-dominated subvolcanic

complex fed by primary mantle-derived melt analogous to a carbonated olivine

melilitite or melanephelinite (Dawson et al., 1995). Xenoliths from the subvolcanic

complex are dominated by clinopyroxene and nepheline and include jacupirangite,

pyroxenite, ijolite, nepheline syenite, calcite carbonatite and fenites (Dawson et al.,

1995).

It is broadly accepted that natrocarbonatite originates through immiscible separ-

ation from a highly alkaline parental silicate magma in the subvolcanic system of the

volcano (Kjarsgaard and Hamilton, 1989). This is supported by the presence of ijolitic
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composition spheroids within some natrocarbonatite flows, interpreted as crystal-

lised droplets of immiscible silicate liquid (Church and Jones, 1995). Consequently,

numerous experiments have been undertaken in an attempt to elucidate natrocar-

bonatite formation (Freestone and Hamilton, 1980; Kjarsgaard, 1998; Brooker and

Kjarsgaard, 2011).

Petrogenetic models for Oldoinyo Lengai natrocarbonatite assume the silicate-

carbonatite miscibility gap is reached by fractional crystallisation of silicate phases

from parental, CO2-rich silicate melts (Brooker and Kjarsgaard, 2011). The pro-

portion of carbonatite melt formed from liquid immiscibility is believed to be both

limited and determined by the proportion of excess CO2 in the evolving silicate

melt. CO2 is frequently lost during decompression; therefore, the CO2 content of a

solidified silicate does not necessarily represent the pre-eruption CO2 concentration

of the parental melt. The addition of CO2 to a silicate composition assumed to

correspond to the conjugate silicate liquid enables the theory of liquid immiscibility

to be investigated (Kjarsgaard and Hamilton, 1989; Brooker and Kjarsgaard, 2011).

The relationship of natrocarbonatite magmas to other carbonatites is a ques-

tion of some debate. Liquid immiscibility from a parental CO2-rich nephelinite or

phonolite is an attractive model (Le Bas, 1987; Kjarsgaard, 1998; Brooker and

Kjarsgaard, 2011). However, others contend that alkali carbonatite liquid originates

from the concentration of alkalis by a fractionating, low alkali (~8% wt. (Na2O+K2O))

olivine sövite magma derived from the immiscible separation of a carbonated olivine

nephelinite magma deep in the mantle (Twyman and Gittins, 1987; Nielsen and

Veksler, 2002). Nephelinitc melt inclusions were found to contain 2.7-8.7 wt.% CO2,

the highest concentrations ever measured in silicate glasses, and 0.7-10.1 wt.%

H2O indicating water is a significant component of the magma system (de Moor

et al., 2012) consistent with the idea Oldoinyo Lengai has a large fenitised plutonic

system, evidenced from fenite xenoliths. As the host rocks are peralkaline they

do not consume significant amounts of alkalis during reaction with the fenitising

fluid. During periods of moderate silicate magmatism existing fluids and silicate

melts equilibrate with one another but do not mix, forming a low alkali carbonatite

and peralkaline silicate (Nielsen and Veksler, 2002). On extrusion a continued

loss of H2O-CO2 vapour transforms the melt into a dry, strongly alkali enriched
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natrocarbonatite (Nielsen and Veksler, 2002).

The natrocarbonatite of Oldoinyo Lengai is the only present day example of an

erupting carbonatite. It is compositionally unique, which presents many difficulties

when relating it to other carbonatites, particularly the high Na:K ratio, alkali content,

F and Cl content. It is known to be extremely hygroscopic, changing colour from

jet black to white on contact with the atmosphere. Other carbonatite complexes

could have initially had similar alkali contents but these were lost via weathering

or fenitisation on emplacement. Provenance could be key as magmas generated

from fractionation/immiscibility at shallower depths may have higher alkali contents

than those generated from deep within the mantle. Carbonatites direct from the

mantle would experience rapid ascent to the surface, retain fluids and thus facilitate

significant fenitisation on emplacement. Those generated at shallower depths

would lose most of their volatiles in situ thus minimising fenitisation and alkali loss

on emplacement. The uniqueness of natrocarbonatite is perhaps the result of

several special conditions including the parental composition, the structure of the

subvolcanic magmatic system, the degassing process and the highly alkaline host

rock composition. Therefore, how and if natrocarbonatite relates to calcic and

dolomitic carbonatites remains unanswered.

1.4.4 Association with silicate rocks

Carbonatites are frequently spatially associated with strongly alkali-silicate rocks

such as nephelinites, ijolites, phonolites and nepheline syenites (Woolley, 2003;

Mitchell, 2005). This association has stimulated the view of a genetic link between

the two rock types and endorsed ideas such as liquid immiscibility (Lee and Wyllie,

1997; Mitchell and Dawson, 2012). The juxtaposition of carbonatites and silicate

rocks does not directly imply a genetic association, and the physical relationship

may be fortuitous (Gittins and Harmer, 2003). However, whilst recognising some

associations may be more tenuous than others, many silicate rocks accompanying

carbonatites are consanguineous. Thus, it is difficult to divorce the origin of one

from the origin of the other.

A wide range of both extrusive and intrusive igneous silicate rock compositions

are found in association with carbonatites (Woolley, 2003). A review of 477 com-
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Figure 1.4.5: Histogram of all known magmatic silicate-carbonatite rock associations sub-
divided by silicate rock composition. From: (Woolley and Kjarsgaard, 2008).

plexes enabled the division of carbonatites into 14 groups based solely upon their

silicate rock association (Figure. 1.4.5) (Woolley and Kjarsgaard, 2008). Carbonat-

ites were further divided into magmatic and carbohydrothermal carbonatite based on

mineralogical and petrological evidence. Carbohydrothermal occurrences typically

consist of calcite ± barite ± fluorite ± quartz ± sulphides ± K-feldspar ± zeolites

(Woolley and Kjarsgaard, 2008).

1.4.4.1 Associated silicate rocks

Whilst the diversity of silicate rocks associated with carbonatites is vast, several

distinct relationships can be recognised. Each association will not be reviewed

individually but instead considered on the basis of parental magma.

Carbonatite complexes devoid of silicate rocks account for ~24% of all worldwide

occurrences. Often found in diatreme-like bodies the high-energy flow regimes

associated with such geometries enables rapid transportation of dense mantle

material directly to the surface. This reduces the likelihood of processes such
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as crystal fractionation or liquid immiscibility proceeding hence, minimising the

formation of any silicate rocks (Woolley and Kjarsgaard, 2008). Experimental studies

support the existence of mantle-derived carbonatites melts showing near-solidus

melts are carbonatitic from 20-60 kbar, or 65 to 200 km depth(Wallace and Green,

1988; Dalton and Presnall, 1998; Moore and Wood, 1998). For carbonatites with a

minor (<1%) silicate association it is suggested that low degrees of partial melting

generates a carbonatitic magma which, with increased partial melting, forms small

amounts of carbonated silicate (lamprophyric) magma. This evolution satisfies the

common intrusive sequence of carbonatite followed by aillikite or alnöite ultrabasic

lamprophyre e.g. the Torngat-Abloviak swarm, Canada (Mitchell, 2005; Woolley

and Kjarsgaard, 2008). Aillikites consist of widely varying modal proportions of

olivine, phlogopite and calcite or dolomite, accessory minerals such magnesian

spinel, perovskite and minor clinopyroxene and amphibole (Mitchell, 2005).

The vast majority of carbonatites (~74%) are found with associated silicate rocks.

Of these, ~68% relate to alkali silicate rocks that could have been generated directly

in the lithosphere but most likely form from the differentiation of an associated silicate

magma at higher levels in the lithosphere or lower crust. Melilitite-clan carbonat-

ites are most commonly associated with the ultramafic plutonic rocks melilitolites.

They are principally composed of calcite, melilite, olivine, phlogopite, clinopyroxene,

perovskite and magnetite and found within the volcanic roots of complexes e.g.

Kinsingiri-Rangwa volcanics of the East African Rift (Mitchell, 2005). With decreas-

ing grain size there is a complete gradation to hypabyssal rocks (micromeliltolites)

and ultimately alnöite and aillikite. Extrusive melilitite is only found occasionally,

and occurs within nephelinites suggesting they may be differentiates of one another

(Woolley and Kjarsgaard, 2008).

Nephelinite-clan silicate rocks are most commonly associated with carbonatites

(Woolley and Kjarsgaard, 2008). Intrusive forms include the basic alkali silicate

melteigite-ijolite-urtite suite and the more evolved alkali silicates nepheline syenite

and their extrusive equivalents, phonolite and nephelinite (Mitchell, 2005). Melilite-

bearing rocks are absent in large volumes and, if present at all, are confined to

minor early melilite nephelinite lavas and tuffs (e.g. Napak, Uganda) or small volume

hypabyssal intrusions (Mitchell, 2005). It is noteworthy that ultramafic rocks such
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as dunite, peridotite and pyroxenite, interpreted as cumulates, occur predominantly

in association with plutonic nephelinite (ijolite) and melilitite (melilitolite) and some

carbonatite only complexes. Normally considered cumulates of silicate magmas, they

suggest cumulates could be associated with carbonatitic magmas. Indeed, olivine

and diopside bearing carbonatites hint at the potential for ultramafic cumulates

to result from low-viscosity carbonatitic magmas. Therefore, some carbonatite-

ultramafic rock associations my be related to a solely carbonatite paragenesis and

not carbonatite-silicate (Woolley and Kjarsgaard, 2008). Phonolite and nepheline

syenite in many cases are found with no presence, or former presence, of a pluton or

ultramafic cumulate, suggesting an independent generation of this magma lineage

(Woolley and Kjarsgaard, 2008).

Studies of kimberlites and lamprophyres associated with carbonatites, together

comprising ~6% of all magmatic localities, support high-level differentiation pro-

cesses with the formation of a carbonatitic melt by flow differentiation, filter pressing

or gravitational settling processes (Mitchell, 2005; Tappe et al., 2006; Kjarsgaard

and Mitchell, 2008). Potassic in nature and with high MgO and CO2 contents they

are believed to form from the partial melting of a carbonate-rich peridotitic source

with an essential contribution from a K-bearing phase. Indeed, some kimberlites

contain primary carbonate, which occurs as microphenocrystic prismatic crystals,

which might be termed a ‘carbonatite’ in a simple modal classification. These rocks

are probably late-stage differentiates and termed calcite kimberlites (Mitchell, 2005).

Considered primary mantle melts, these rocks show no genetic relationship to car-

bonatites associated with nephelinite- or melilitite-clan magmas despite their similar

mineralogy (Mitchell, 2005).

The trachyte-syenite association (~8% of all occurrences) is problematic. There

are many localities in which trachyte or syenite, of a potassic composition, is the only

igneous rock present within an extensive (km-scale) carbonatite body. No evidence

for the existence, or previous existence, of a plutonic parent is present. The carbon-

atites found in association with these potassic rocks are often REE-bearing and rich

in barite, bastnäsite, ankerite, fluorite and exotic silicate minerals such as charoite,

tinaksite and fedorite. These unusual carbonatites have a distinct mineralogy and

paragenesis in comparison to primary carbonatites associated with nephelinite and
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meililitite, suggesting an independent genesis. Although poorly characterised, it is

suggested that the parental magmas may be derived from ancient metasomatised

lithospheric mantle (Mitchell, 2005). Finally, whilst relatively insignificant with only

three occurrences worldwide of basanite and alkali gabbro occurring with carbon-

atite, numerous observations of basanite, tephrite or alkali gabbro (essexite and

theralite) with ultramafic rocks and syenites has led to speculation that they may

originate from depths than greater syenite but less than nephelinite-ijolite (Woolley

and Kjarsgaard, 2008).

1.4.4.2 Discussion and proposed model

The potential relationships between magmatic carbonatites and the different silicate-

rock associations is illustrated in figure 1.4.5. This diagram offers a simple graphical

representation to reconcile the carbonatite only and seven silicate-carbonatite as-

sociations mentioned above. Mineralogical relationships between magmatic series

have been considered and attempts to illustrate these have been made. Eight

lineages are displayed by solid vertical lines indicating sampling of the mantle at

various depths depending upon the evidence for their origin. It has been extensively

argued that all of these rocks formed from magmas generated in the metasomatised

lithosphere Le Bas (1981); Bailey (1993); Woolley and Kjarsgaard (2008), with the

exception of kimberlites, which crystallise from asthenosphere-derived magmas

containing a minor component of ancient subducted material (Nowell et al., 2004).

It appears a metasomatic event within the mantle is a prerequisite for the pro-

duction of carbonatite and indeed many alkaline silicate rocks. However, it should

be cautioned that many of these silicate rocks occur without any associated carbon-

atites. Whether all of these rocks can be generated simply by varying the partial

melting processes in the mantle, or whether there are necessary and distinct types of

mantle metasomatism that result in the generation of particular alkaline rock suites,

with or without associated carbonatite, are questions that remain to be answered.

However, experimental work within the CMAS-CO2 system at pressures from 30 to

80 kbar demonstrated that CO2-bearing melts in equilibrium with a CO2-rich parental

peridotite show a continuum of compositions from magnesiocarbonatites, high in

CO2 (40-45 wt.%) at low-temperatures, to kimberlitic and melilititic compositions
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eventually reaching komatiites or picritic basalts, at higher temperatures. Melili-

tite melts are only produced at pressures <40 kbar and grade into kimberlites at

higher pressures and temperatures (Gudfinnsson and Presnall, 2005). These results

suggest a genetic link may exist between all alkaline silicate melts.

Some silicate magmas show no direct evidence of a more primitive parent

and thus feasibly resulted from differentiation of a silicate parent. For example,

nephelinites could be either primary magmas or differentiates of melilitite or melilite

nephelinite. Although undisputed direct evidence of magmatic differentiation has

yet to be found, two processes viable to produce a carbonatitic melt and associated

silicate melt are liquid immiscibility and crystal fractionation (Woolley and Kjarsgaard,

2008).

In summary, magmatic carbonatites are of two principal varieties, those gener-

ated directly within the mantle and those that evolve from silicate magmas in the

upper mantle or crust (Woolley, 2003). The significant variation in parental silicate

melt composition of the latter group is magnified by carbonatite melt compositions,

which presumably undergo further differentiation before final emplacement. The vast

variation in associated alkaline silicate rock compositions prevents any direct relation-

ships with carbonatite compositions being made. However, it appears silicate rocks

are consanguineous with carbonatites ((Mitchell, 2005; Woolley and Kjarsgaard,

2008) and those with no related silicate are likely to be primary carbonatitic magmas

generated in the mantle (Gittins and Harmer, 2003).
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Figure 1.4.6: Schematic diagram illustrating the proposed variations in mantle origins for
carbonatite only and seven alkali silicate rocks frequently associated with carbonatites. A
metasomatic event within the mantle is considered a prerequisite for carbonatite generation
and probably for many silicate rocks. The relative depths of magma generation in the mantle
are displayed as well as those believed to be generated directly from the mantle (stars) and
by differentiation processes at shallower depths (open white boxes). Note how carbonatite
originating directly from the mantle can pass directly to the surface avoiding any higher-level
differentiation processes. The presence of ultramafic cumulate rocks are denoted by solid
black rectangles. Known alkali silicate differentiation series are represented by arrows
indicating the sequence from the primary magma to the differentiate. From: Woolley &
Kjarsgaard (2008).

1.4.5 Fenitisation

Metasomatism is defined as a metamorphic process by which the chemical compos-

ition of a rock, or rock portion, is altered in a pervasive manner. This can involve

the introduction and/or removal of particular chemical components through the in-

teraction of the rock with fluids. During metasomatism the rock remains in a solid

state. Fenitisation is a particular form of metasomatism specifically related to the

intrusion of alkaline igneous units such as nepheline syenites, carbonatites or ijolites

(Zharikov et al., 2007).

The use of the term fluid is often ambiguous within the literature; some authors

use it to describe volatiles in the system C-O-H-S-N (Navon et al., 1988) whilst

others includes non-solid phases such as dissolved oxides (Pearson et al., 2003).

Within the context of carbonatites the term fluid refers to a volatile-rich liquid that

contains some dissolved solutes such as oxides, sulphates, carbonates, nitrates

and halides. It is important to recognise that these fluids need not be aqueous

(H2O-based) but may be carbonatitic (CO2-based).
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There are a number of geological areas that epitomise the fenitisation process,

including that of the carbonatite Fen complex, Norway, from which fenitisation derived

its name (Andersen, 1989; Kresten and Morogan, 1986), however, it is the early

work on Alnö Island, Sweden, which provided the first recognition of the influence of

carbonatite intrusions on the surrounding country rock (Von Eckermann, 1961). It

was observed that the composite berforsite-melilitite dykes of Alnö resulted in the

generation of a red-coloured finite unit within the country granitic gneiss, adjacent

to both the carbonatite and the silicate portion of the dyke. This suggested the

fenitisation process was not purely linked to the intrusion of the melilitite but also the

beforsite magma (Le Bas, 1987).

Fenitisation results in the alteration of the original country rocks to metasomatic

units that are primarily composed of K-Na feldspars, nepheline, alkaline pyroxenes

and alkaline amphiboles (Zharikov et al., 2007; Le Bas, 2008). The exact modal

assemblage is governed by the composition of the intruding magma as well as

the composition of the country rocks (Le Bas, 2008). The process itself generates

replacement aureoles of differing grades of metasomatism reflected by the corres-

ponding mineral assemblages. The outermost zones show the lowest degrees of

fenitisation often characterised by the presence of relict minerals, whilst the min-

eralogy of the inner zones can be completely replaced tending towards a more

monominerallic composition. The products of fenitisation are thought to be controlled

by several important variables including temperature, pressure, CO2 content and

the K/Na ratio of the fluid (Rubie and Gunter, 1983). Importantly, the fenite aure-

oles of carbonatites are recognisably different from those of ijolitic rocks, usually

with extensive phlogopitisation, felpathisation and amphibolisation associated with

carbonatites (Le Bas, 2008).

Two end members of fenitisation have been determined; potassic and sodic. A

spectrum of compositions exists between these two extremes creating a vast range

of variability. Potassic fenites develop mainly around sövitic carbonatites and fine-

grained calcite carbonatites (Le Bas, 2008). Intensive potassic fenitisation ultimately

produces a coarse grained orthoclasite (predominately orthoclase feldspar although

occasionally microcline) no matter what the original chemical composition of the

protolith may have been. Sodic fenites are characterised by Na-rich amphibole and
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alkali feldspar or albite, with minor K-feldspar and Na-rich pyroxene (Le Bas, 2008).

Both calciocarbonatites and magnesiocarbonatites can each induce either potassic

or sodic fenitisation at their margins and cannot be distinguished unless any calcite

or dolomite remains.

It was hypothesised that the K and Na in carbonatites was scavenged during

passage through the continental crust (Le Bas, 1987). However, Na and K fenit-

isation associated with carbonatites in the Cape Verde and Canary Islands, which

presumably passed through oceanic crust and so were unable to receive significant

Na and K contamination, is no different to fenites from continental areas (Le Bas,

2008). Therefore, the likely source of the alkalis must be the mantle. An amphibole-

bearing mantle produces significant amounts of Na (Wallace and Green, 1988). A

phlogopite-bearing mantle might similarly be the source for K and the K:Na ratio of

the resulting carbonatite would reflect the sources sampled during its evolution and

passage through the mantle to the crust (Le Bas, 2008).

1.4.6 Summary

The wide variety of carbonatite compositions reflects the numerous processes a car-

bonate melt can experience during its inception and migration from a heterogeneous

mantle. Sufficient experimental and petrographic evidence exists to establish that

magnesian to calcic-magnesian carbonate liquids can and do form in the mantle by

the partial melting of carbonated peridotite. These melts may stall, react with and

metasomatise the ambient mantle, changing composition accordingly, or escape with

minimum modification. Once in the crust, magnesian carbonatite melts precipitate

calcite at high temperatures or dolomite if the melt persists to temperatures low

enough for it to become stable. Protracted crystallisation of calcite can generate a

mush or cumulate of calcite crystals that are later intruded as sövite.

Natrocarbonatite is the only present day example of a sodic carbonatite. Compos-

itionally unique it presents difficulties relating it to other carbonatites. The discovery

of silicate melt inclusions suggested liquid immiscibility might be an important pro-

cess in carbonatite evolution. Such a model can be used to explain the commonly

observed a consanguineous relationship between carbonatites and alkali-silicate

rocks. From silicate-rock associations alone, carbonatites fall into two groups; those
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generated directly within the mantle that show no silicate rock association, and those

evolved from silicate magmas in the upper mantle or crust. The shear variety of

alkali-silicate rocks associated with carbonatites makes attempts to explain all the

phenomena through a single hypothesis futile. The array of possible origins is diverse

and probably involves varying degrees of partial melting, fractional crystallisation

and liquid immiscibility.

Finally, determining the parental composition of a carbonatite from the bulk

composition is limited by the fact they are pervasively altered by the loss of alkalis

and volatiles through the process of fenitisation. Primary mantle-derived carbonatite

melts carry appreciable amounts of Na and K in widely varying proportions that

probably originate directly from the mantle source. A whole spectrum of fenite

compositions exists governed in part by the composition of the carbonatite and host

rock.

1.5 REE mineralisation and association with carbonatite

deposits

1.5.1 Introduction

Despite constituting a minute proportion of the crust a distinctive aspect of carbon-

atites is they contain higher levels of REE than almost any other rock type (Wall

and Mariano, 1996). Forming a significant number of the Earth’s large ore deposits,

every newly discovered carbonatite has a ~7% chance of yielding a giant ore deposit

(Laznicka, 1999). Primarily this is for REE but also niobium, uranium and tantalum,

and to a lesser extent, iron, copper, phosphorous, fluorite, barite, PGE, silver and

gold (Hornig-Kjarsgaard, 1998). Understanding this REE enrichment is therefore of

both economic and academic importance.

Typically, carbonatites are named according to their dominant modal carbonate

mineral (e.g. calcite-, dolomite-, ankerite carbonatite) and subdivided on the basis of

chemical composition into calico-, magnesio- and ferrocarbonatite. Average REE

contents for these principal varieties are estimated to be 0.37 wt.%, 0.42 wt.% and 1

wt.% respectively, showing a progressive enrichment of REE (Woolley and Kempe,

1989). A ‘REE rich-carbonatite’ has no strict definition but rocks suitable for such a
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term would contain levels of REE in excess of ~1.5 wt.% and contain REE minerals

((Wall and Mariano, 1996, b). REE mineralisation in carbonatites can be divided into

three categories (Mariano, 1989):

1. Primary magmatic crystallisation - Mountain Pass, USA is the only known

example with bastnäsite and parisite are the primary ore minerals (Castor,

2008b).

2. Hydrothermal mineralisation - Ancylite, monazite, or bastnäsite-type minerals

form replacement veins in carbonatite and related rocks, usually accompanied

by barite, fluorite, quartz and strontianite (Giere, 1996; Mungall, 2014).

3. Supergene mineralisation - Produced by weathering of carbonatite bodies; the

source is from chemical breakdown of calcite, dolomite and apatite, not from

primary REE minerals (Wall and Mariano, 1996).

1.5.2 REE in carbonatites

Carbonatites typically exhibit steep LREE-enriched REE patterns, with chondrite-

normalised values for La at least two orders of magnitude higher than Lu (Figure.

1.5.1) (Jones et al., 2013). Natrocarbonatite contains high concentrations of LREEs

with La/Yb and U/Th ratios being amongst the highest known of all terrestrial lavas

(Dawson, 2008).

This LREE enriched signature is a reflection of the predominance of LREE

minerals associated with carbonatites. Most commonly these include; the three

flurocarbonate minerals bastnäsite, synchysite, and parisiste; the hydrated carbon-

ate, ancylite; and the phosphate, monazite. Heavy REE minerals are rare but two

examples are mckelvyite reported in late zeolite veins from the Khibina carbonatite,

Kola Peninsula and microcrystalline aggregates of xenotime in fluorite from the

Hicks Dome carbonatite complex, USA and Mt. Weld, Western Australia (Wall and

Mariano, 1996). This restriction of REE minerals associated with carbonatites is

likely to be a reflection of the low silica activity in carbonatites.
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Figure 1.5.1: Typical LREE enriched chondrite-normalised REE concentrations of carbonat-
ites from Goudini, Limpopo; Kaiserstuhl, Germany; Nachendazwaya, Tanzania; Mudtank
and Mt. Weld, Australia, Jacuprianga, Brazil. From: (Jones et al., 2013).

1.5.3 REE minerals

The TREO (Total Rare Earth Oxide) grade obtained from analytical assays defines

whether a REE deposit contains LREE or HREE. LREE include all elements from La

through to Eu and HREE include all elements from Gd through to Lu (Hoatson et al.,

2011). REE minerals typically contain several different REEs within their chemical

composition which, in combination with enrichments or depletions of certain REEs

within individual phases, creates variations in the TREO analysis (Jaireth et al.,

2014).

Discrete REE minerals invariably occur as minor or accessory components typic-

ally sporadically disseminated as micron sized crystals or as radial accumulations

of acicular crystals. In addition to discreet mineral forms REEs may also occur as

ionic substitutions within the crystal lattice of a variety of rock forming minerals, a

consequence of similarities between ionic radii and oxidations states with other ions,

most commonly Ca (Krishnamurthy and Gupta, 2004).

Whilst there are numerous minerals that contain REEs in their composition,

almost all production of REEs comes from less than ten minerals, and in particular

bastnäsite, monazite and xenotime (Table. 1.5.1 ) (Wall and Mariano, 1996). Bast-
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Table 1.5.1: Common REE and Y minerals where REE are major cations and are known to,
or have the potential to, occur in ore quantities. From: (Mariano, 1989).

Mineral Formula Theoretical content (wt.%)

Bastnäsite (REE)(CO3)F 74.81
Monazite (REE)PO4 69.73
Xenotime YPO4 61.40
Parisite Ca(REE)2(CO3)3F2 60.89
Synchysite Ca(REE)(CO3)2F 52.64
Ancylite Sr(REE)(CO3)2(OH) ⋅H2O 47.98
Florencite (REE)Al3(PO4)2(OH)6 31.99
Rhapdophane (REE)PO4 ⋅H2O 64.83
Britholite (REE, Ca)5(SiO4;PO4)3(OH, F) ~60
Kainosite Ca2(Y, REE)2(Si4O12)CO3 ⋅H2O ~38
Allanite (REE, Ca, Y)2(Al, Fe3+)3(SiO4)4(OH) ~17

näsite is considered the most economic REE mineral as it contains approximately

70 wt.% REO in its structure. It is the major REE minerals found at Mountain Pass,

USA; Bayan Obo, China and Brockman, Australia (Krishnamurthy and Gupta, 2004).

The phosphate mineral monazite contains 4-12 wt.% ThO2, 20-30 wt.% Ce2O3 and

10-40 wt.% La2O3 in its structure. Xenotime is dominated by HREEs namely Y, Dy,

Er and Ho. Apatite (Ca5(PO4)3(F, Cl, OH) is a calcium fluorophosphate associated

with carbonatite deposits and despite not being a REE mineral commonly sequesters

REEs as they substitute for the similarly sized Ca ions within the crystal lattice (Mari-

ano, 1989). Perovskite (CaTiO3), zircon ZrSiO4, and pyrochlore (Na,Ca)2Nb2O6(OH,

F) are rock forming minerals that commonly incorporate REE as substitutions into

their crystal structure.

1.5.4 Controls on REE mineralisation

Crystal structure exerts a major control on REE distribution. Minerals with high

coordination numbers (CN) of the site occupied by the REE are LREE selective

(e.g. bastnäsite-CN of 11, monazite-9), whereas minerals with a low CN are HREE

selective (e.g. xenotime-CN of 8, kainosite-8) (Mariano, 1989). Minerals that accept

REE in several sites with different coordination numbers often show complex REE

distribution. Bastnäsite preferentially uptakes LREE independent of whether it is in a

LREE or HREE dominated system (Ni et al., 1993). Alternatively, monazite (CN = 9)

closely reflects the geochemistry of the environment, thus monazite from a LREE

dominated carbonatite system would show LREE enrichment and monazite from
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granitic pegmatites enriched in HREE have a stronger HREE preference (Mariano,

1989).

The variability of the REE distribution in minerals is also dependant on both P-T -

X conditions and crystal chemical properties of the REE-bearing minerals involved.

For example, the oxidation state of Eu dominates over ionic radius in controlling its

partitioning. Negative Eu anomalies are common features of apatite and attributed

to the concentration of Eu2+ into plagioclase (Mariano and King, 1975). However,

positive Eu anomalies have been reported and studies have demonstrated that

synthetic anorthite can accept Eu3+ trapped in structural defects occupying Ca2+

sites at high oxygen fugacities (Puchelt and Emmermann, 1976). Consequently,

some Eu in plagioclase may occur in the trivalent state (Mariano, 1989).

Some of the most pronounced changes in REE distribution from LREE to HREE

dominance are observed in minerals of hydrothermal or supergene enrichment

origin. In strongly oxidising conditions Ce3+ is oxidised to Ce4+ where it forms the

mineral cerianite (CeO2) that is not stable when redox conditions are such that Ce3+

is dominant (Mariano, 1989). In such cases, those minerals that accept Ce3+ over

Ce4+ exhibit a strong Ce-depletion (Ni et al., 1993).

The tendency for REE minerals to form in the final stages of carbonatite emplace-

ment leads to problems in the interpretation of their mode of formation. The presence

of particular rare earth minerals is rarely a reliable indicator of the way in which

a deposit has developed because most precipitate under a variety of conditions,

many of which are poorly understood. Therefore, REE mineralisation associated

with carbonatites is best considered by looking at major natural deposits.

1.5.5 Primary magmatic crystallisation - Mountain Pass, USA

Mountain Pass deposit sits near the eastern edge of the Mohave Desert, California.

It is commonly recognised as the largest REE resource in the United States with

current reserves estimated to be greater than 20 million metric tons at an average

grade of 8.9 wt.% REO (Castor, 2008a; Long et al., 2010). A massive carbonatite

called the Sulphide Queen body forms the core of the Mountain Pass igneous

complex and hosts the bulk of the REE mineral resources in the district (Castor,

2008b). It is a porphyritic medium-grained sövite consisting of a calcite groundmass
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Figure 1.5.2: Photomicrograph of dolomitic carbonatite from the Sulphide Queen orebody,
Mountain Pass, USA. Sample is high grade ore with >12 % TREO. Labels: bar = barite
phenocrysts; b+cc = fine-grained bastnäsite mixed with calcite; yellow/brown mineral is
dolomite. From: (Long et al., 2010).

surrounding centimetre-sized barite phenocrysts (Figure. 1.5.2). Typical ore contains

about 10-15 wt.% bastnäsite, 65 wt.% calcite or dolomite (or both), and 20-25 wt.%

barite, plus other minor accessory minerals such as strontianite, thorite, zircon,

galena, magnetite (Castor, 2008b).

Mt. Pass is the only carbonatite occurrence where REE minerals are of primary

igneous crystallisation, indicated by textural features that demonstrate bastnäsite

and parisite are co-crystallised predominantly with calcite, barite and dolomite

(Mariano, 1989). Fine-grained interstitial minerals including quartz and talc are a late

overprint of hydrothermal origin (Long et al., 2010). Despite great endeavour, data is

currently unable to explain an origin for the Mountain Pass carbonatite. Experimental

studies investigated the behaviour of lanthanum (i.e. light REEs) in carbonate-rich

melts and the conditions for co-precipitation of calcite and hydroxylbastnäsite from

melts (Wyllie, 1989; Wyllie et al., 1996). Lanthanum is highly soluble (~20-40 wt.%)

in synthetic carbonates which contrasts strongly with silicate components (olivine,

quartz, feldspars, feldspathoids), which are <5 wt.% (Wyllie et al., 1962; Watkinson

and Wyllie, 1971; Wall and Mariano, 1996). They determined that the stabilities of

REE minerals, such as bastnäsite, are strongly dependant on the CO2/H2O ratio.

The low solidus temperature of the synthetic Mountain Pass system implied the

addition of water was all that was required for the parental magma to be molten at

approximately 543 °C and 1 kbar (Wyllie et al., 1996). This is 30-100 °C below the
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stability limit of bastnäsite (depending on ƒO2) (Tareen and Kutty, 1980; Hsu, 1992)

and so it is likely, given suitable CO2/H2O, that bastnäsite is indeed a primary phase

at Mountain Pass. The extraordinary levels of LREE and Ba at Mountain Pass could

result from both, or either, a very highly enriched mantle source, or concentration of

these elements through prolonged crystal fractionation (Mariano, 1989). In terms

of an enriched mantle source, no larger body of precursor carbonatite, with lower

LREE and Ba from which the Sulphide Queen could have differentiated is known.

Secondly, several of the deposit’s distinctive geochemical characteristics are shared

by a proximally located mantle derived primary micro-shonkinite (Castor, 2008b).

This geochemical affinity between two unusual magmas perhaps suggests melting

within a similarly highly anomalous upper mantle (Wyllie et al., 1996).

Based on the high levels of REE solubility in carbonates (Jones and Wyllie, 1983;

Wyllie, 1989) natural REE-carbonatites should be an expected product of fractional

crystallisation in carbonatites, yet they are unusually rare. One suggestion is that

in natural carbonatites the REE partition strongly into an early crystallising phase

(Wall and Mariano, 1996). Phosphate minerals such as apatite and monazite are

locally abundant in carbonatites and can carry considerable REE. Combined with

the low solubility of phosphate in carbonates (~6.8 wt.%) (Baker and Wyllie, 1992),

extraction of the REE via early crystallisation of apatite, for example, provides at

least one reasonable mechanism for preventing sizeable volumes of late-stage REE

carbonatites. The Mountain Pass carbonatite is relatively poor in phosphate minerals

evidenced by the paucity of monazite and apatite relative to other carbonatites.

Consequently, a lack of P2O5 antecedents enabled LREE to concentrate in the melt

during crystal fractionation eventually crystallising as REE minerals on emplacement

(Jones and Wyllie, 1983).

1.5.6 Hydrothermal mineralisation

Historically the most important economic occurrences of REE minerals are of ig-

neous or sedimentary origin. Therefore, attention has often been drawn away from

hydrothermal processes, which under certain conditions, can lead to the formation

of equally important REE deposits (e.g. Bayan Obo, China). A second reason for

neglecting the study of REEs in hydrothermal systems lies in the fact that for a long
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time the REE were regarded as generally immobile elements (Giere, 1996).

A hydrothermal system is considered to be any system in which heated aqueous

solutions interact with rocks or melts. According to this general definition, hydro-

thermal fluids are not restricted to direct or indirect involvement of igneous rocks

or melts. Hydrothermal REE minerals can be found in a wide variety of geological

setting ranging from fillings in fissures and breccias to veins, stockworks, skarns and

large-scale metasomatic replacements bodies (Giere, 1996). Apatite and fluorite are

important gangue minerals in many hydrothermal deposits, where they have played

a key role in the formation of the REE minerals (Spear and Pyle, 2002).

It is also apparent that the source of mineralising fluids is not in all cases related

to carbonatite intrusions. The Mary Kathleen U-REE skarn in Queensland, Australia,

was formed by fluids derived from a nearby granite intrusion (Maas et al., 1987). In

other cases the fluid source is less apparent: the large REE deposit at Bayan Obo

bears characteristics of mineralisation formed from carbonatite-derived fluids and,

although carbonatite dykes are known from this deposit, no carbonatite intrusion(s)

large enough to provide the volumes of fluids required have been identified. However,

available isotopic data suggests the fluids may have been derived directly from the

mantle without large involvement of crustal material (Lai and Yang, 2013).

Because of the generally low concentrations of REE in most hydrothermal fluids,

mechanisms must exist that effectively lead to an enrichment of REE in specific

geological environments (Giere, 1996). REE minerals can be precipitated from

hydrothermal solutions by a variety of mechanisms; important among these are

probably (Giere, 1996):

1. Changes in temperature or pressure of the solutions.

2. Mixing of the REE-bearing solutions with fluids of different chemical composi-

tion.

3. Interactions of the solutions with the wall rock.

4. Crystallisation of gangue minerals.

Determination of the principal causes of REE precipitation is difficult because nat-

ural hydrothermal fluids usually posses very complex chemical compositions, and

because several of these mechanisms probably act simultaneously.
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1.5.7 Bayan Obo

Bayan Obo is the world’s largest REE deposit supplying an estimated 90% of the

worlds demand for REE Kanazawa and Kamitani 2006. The genesis of the deposit

is debatable, primarily because neither the age nor the source of the mineralisation

has been established with any certainty. The primary textures, mineralogy and geo-

chemical characteristics of the mineralised carbonate rock(s) have been modified by

collision-related deformation, metamorphism, and fluid infiltration throughout the Pa-

leozoic (Campbell and Henderson, 1997). Available radiometric age determinations

for REE minerals range from the Mesoproterozoic (~1.3-1.0 Ga), broadly coeval with

the rifting and emplacement of carbonatites, to the early Paleozoic (~550-400 Ma),

correlated with subduction beneath the Sino-Korean craton and Caledonian orogeny

(Smith et al., 2000). The deposit is located within the Bayan Obo syncline, which

is predominantly comprised of meta-sandstones and slates. The single exception

is a stratiform spindle-shaped ore body (termed H8), ~18 km in length and 10s to

1000s metres wide, of dolomitic marble intercalated with porphyroblastic albite biotite

schist, biotite-rich minette and slates (Xu et al., 2010). The marble is fine- to medium-

grained, massive and banded and consists predominantly of calcite and dolomite,

with some feldspar, quartz, Na-tremolite, magnesio-arfvedsonite, phlogopite, apatite,

fluorite and barite (Xu et al., 2010). Based on textures and structures, three major

REE-Fe orebodies have been identified: (1) Disseminated carbonate-hosted ores,

3-6 wt.% REO (2) banded ores, 6-12 wt.% REO, (3) massive ores, <3 wt.% REO

(Wu et al., 1996).

The deposit has estimated reserves of 600 million ton of iron oxides and ~100

million ton of REE oxides (Jaireth et al., 2014; Xu et al., 2010). Despite significant

research, the genesis of the deposit is still a subject of debate. Isotopic evidence

indicates the involvement of both mantle and crustal sources, but their exact nature

remains problematic. A number of petrogenetic models have been proposed for the

REE mineralisation at Bayan Obo including (Campbell and Henderson, 1997; Yang

et al., 2009; Ling et al., 2013; Mungall, 2014):

1. Metasomatic post depositional reworking of Mesoproterozoic marbles by fluids

derived from a carbonatitic source, subduction zone, or an anorogenic silicate
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magma.

2. Metasomatic post depositional reworking of Mesoproterozoic marble re-equilibrated

with a Precambrian REE-enriched crustal source (e.g. allanite-bearing gneiss

or monazite-bearing slate) mobilised during the Caledonian collision.

3. Metamorphism of a large intrusion of fractionated REE-rich carbonatite.

4. A syngenetic sedimentary - exhalative or volcano-sedimentary origin.

5. Multistage evolutionary models involving the fluids from a variety of sources or

single long-lived source.

The presence of abundant sedimentary structures and fossils in the H8 unit, ubi-

quitous replacement textures, a strong crustal isotopic signature as well as age

constraints and fluid-inclusion records indicate that an epigenetic model is most

likely (Mungall, 2014). Current theories suggest the deposit formed from a protracted

(>150 Ma) period of metasomatism of the metasedimenatry host rock. Initially these

fluids would have been halide-rich and ore bearing whose chemistry, and ability to

retain specific REE, shifted in response to wall-rock fluid interactions and decreased

with temperature (~450-200 °C) and the onset of fluid immiscibility (Smith et al.,

2000). The provenance of these fluids remains to be ascertained, however, all the

major characteristics of the deposit can be explained by protracted fluxing of Fe out

of the mantle wedge proceeded by REE-Nb-Th out of a calcite carbonatite pluton by

subduction related fluids (Ling et al., 2013).

1.5.8 Supergene REE mineralisation on carbonatites

In most carbonatites the major source of REE is in calcite, dolomite and apatite.

All three minerals reflect the LREE enriched patterns and several studies have

shown apatite is enriched in REE by up to an order of magnitude with respect

to calcite (Figure. 1.5.3) (Morteani and Preinfalk, 1996) with dolomite typically a

further order of magnitude lower than calcite (Dawson and Hinton, 2003). During

lateritic weathering, these minerals are most susceptible to dissolution. The extreme

susceptibility of these minerals to dissolution ensures the major cations, Ca and

Mg, are totally removed from the system in the groundwater, while the less mobile
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Figure 1.5.3: Chondrite-normalised REE distribution patterns for calcite and coexisting
apatite from Araxá, Brazil. Apatite is enriched by approximately one order of magnitude
After : (Morteani and Preinfalk, 1996).

elements including REE, Sr, Ba and Th are incorporated in supergene phosphates,

carbonates and sulphates (Morteani and Preinfalk, 1996).

Humid tropical climates, with moderate to high rainfall conditions and complexes

where interior drainage and basin-type topography allow the entrapment of newly

formed residual minerals encourages the development of high-grade, large tonnage

(n x 107- 108 tonnes) residual deposits that are amenable to low-cost open-pit mining

(Jaques, 2008). Indeed, some 85% of the worlds current Nb production comes

from a single residual deposit, at Barreiro, Brazil (Mariano, 1989). This deposit

developed from pyrochlore-bearing dolomite carbonatites and contains 450 Mt of

laterite ore, with an average grade of ~2.5 wt.% Nb2O5 and an additional REE

resource averaging 4.4 wt.% TREO (Krishnamurthy and Gupta, 2004).

Common residual REE minerals that form and remain stable in conditions of

lateritic weathering include monazite, rhapdophanite, florencite, goreixite, goyazite,

and cerianite (Braun and Pagel, 1994). Bastnäsite-type minerals occasionally

form but are susceptible to dissolution Wall and Mariano (1996). Depending on

the degree of REE solubility, newly formed supergene minerals can show REE
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distribution patterns similar to the primary minerals (Jaques, 2008).

Deposits formed by supergene enrichment are typically fine grained, with indi-

vidual crystals <1 µm in polycrystalline aggregates ranging between 0.1-5 mm in

diameter (Braun et al., 1993). Although forming large tonnage and economically

attractive grades in several deposits few are currently being mined for REE; one

such example is the Mt. Weld carbonatite of Western Australia where exploration

has established significant resources.

1.5.9 Mount Weld, Australia

The ~2025 Ma Mount Weld carbonatite complex intrudes Archean sedimentary-

volcanic sequences in the eastern Goldfields Province of the Yilgarn craton, Western

Australia. The province is characterised by coeval low- to high-MgO alkaline ul-

tramafic rocks, kimberlites, and carbonatites emplaced into the crust during the

middle Paleoproterozoic (Fetherston and Searston, 2004; Hoatson et al., 2011).

The Mount Weld carbonatite is a steeply plunging cylindrical body 3-4 km in

diameter comprised mainly of calcitic (sövite) and dolomitic carbonatite (Figure.

1.5.4). Relict cumulus textures involving carbonate minerals are locally preserved,

with minor apatite, biotite, carbonate and magnetite forming the intercumulus phases

(Mariano, 1989). This is surrounded by a 500 m wide annulus of fenite (carbonatite

glimmerite alteration zone in Fig. 1.5.4), showing a gradation from dominantly

potassic-rich micaceous rocks (glimmerite) to mafic volcanic country rocks (Hoatson

et al., 2011). All economic resources of REE are within the interior of this zone.

Leaching and removal of carbonate by groundwater activity led to the progressive

accumulation of primary igneous apatite and minor oxides, sulphides and silicates.

This formed a mineralogically and chemically zoned lateritic profile (e.g. supergene

zone Fig. 1.5.4) (Fetherston and Searston, 2004). The base of this profile is defined

by a relatively sharp, karst-like interface with the underlying carbonatite. A residual

zone containing relict minerals such as apatite, magnetite, ilmenite, pyrochlore,

monazite and silicates lies directly above the carbonatite. In turn this is overlain

by the supergene enriched zone containing abundant REE mineralisation. This is

predominantly LREE from CeO2 (46.7 wt.%), La2O3 (25.5 wt.%), Nd2O3 (18.5 wt.%),

Pr6O11 (5.32 wt.%), Sm2O3 (2.27 wt.%), to Eu2O3 (0.443 wt.%), together with minor
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components of HREE; Dy2O3 (0.124 wt.%) and Tb4O7 (0.068 wt.%) (Lottermoser,

1990; Hoatson et al., 2011).

The very high-grade lanthanide concentrations (up to 45% combined lanthanide

oxides) are attributed to secondary monazite in polycrystalline aggregates often

pseudomorphing apatite. Other REE-bearing minerals include crandallite, rhabdo-

phane, cerianite, and churchite (Hoatson et al., 2011). Churchite contains consider-

able amounts of high-grade yttrium (up to 2.5 wt.% Y2O3) and is an important host

of the HREE (Mariano, 1989). Niobium and tantalum-bearing pyrochlore, ilmenite,

and niobian rutile in the primary carbonatite are concentrated into an apatite and

magnetite-rich horizon (Figure. 1.5.4). Grades of niobium reach up to ~6 wt.%

Nb2O5 in the supergene zone where crandallite and goethite have been partly de-

rived from the lacustrine-fluviatile sedimentary rocks (Hoatson et al., 2011). The

complex shows a divide with the upper part of the residuum dominated by LREE

minerals, whereas the HREE and Y are preferentially concentrated at depth where

xenotime and churchite occur (Fetherston and Searston, 2004).

1.5.10 Conclusion

Whilst the global demand for REE is projected steadily increase over the upcoming

years, the demand for individual REE is likely to be dynamic and subject to change.

Carbonatites are strongly LREE dominant with La, Ce and Pr constituting anywhere

from 75-88 wt.% of the total REO. This REE budget is largely controlled by a limited

number of minerals although the processes involved in their generation are poorly

understood.

The high solubility of the rock-forming minerals of carbonatites in deuteric fluids

and the ease with which they are recrystallised during metamorphism commonly

leads to confusing and contentious relationships. These reflect a complex petrogen-

esis that often straddles the divide between magmatic and hydrothermal processes

(e.g. Bayan Obo). Consequently, no petrogenetic REE deposit models have been

published. Instead, deposits have been thoroughly described with mechanisms of

REE formation ascribed on an individual basis. This lack of understanding is likely

to also reflect contentious origins of carbonatites. However, irrespective of how

they got there, the tendency for carbonate minerals to dissolve in meteoric water
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Geological Unit

Figure 1.5.4: Geological cross-section of the Mt. Weld carbonatite. Schematic laterite
weathering profile (inset A) indicates mineralogy at varying depths within the supergene
zone. After : (Hoatson et al., 2011).

provides an important mechanism for the enrichment of carbonatite ores through

the formation of residual soils or redeposited placers rich in oxide or phosphate

minerals. These supergene environments provide the best economic prospects for

REE mineralisation, however, understanding the antecedents of these minerals is of

scientific importance.
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Chapter 2

The Cummins Range

Carbonatite-Pyroxenite

2.1 Introduction

Carbonatites are allochthonous igneous rocks containing >50 vol.% primary car-

bonate minerals derived from carbonate magmas (Woolley, 1982; Le Maitre, 2002).

Despite only constituting a minor proportion of the Earth’s crust carbonatites con-

tinue to receive considerable attention because they are uniquely enriched (rel-

ative to crustal abundances) in incompatible trace elements (Jones et al., 2013).

Approximately 75% of carbonatites have a consanguineous association with an

alkaline-silicate rock (Woolley, 2003). Typically, these are alkaline ultramafic rocks

(pyroxenites, olivinites, peridotites) and mafic (melteigite, ijolite) intrusive rocks and

their extrusive equivalents, phonolite and nephelinite (Mitchell, 2005). Such asso-

ciations have stimulated the idea carbonatites can be derived from silicate parent

magmas, either through direct differentiation (Gittins and Jago, 1998) or liquid im-

miscibility (Kjarsgaard and Hamilton, 1989; Church and Jones, 1995; Lee et al.,

2000; Brooker and Kjarsgaard, 2011). The juxtaposition of carbonatites and silicate

rocks does not directly indicate any genetic association; indeed some carbonatite

complexes are devoid of any silicate rocks. Therefore, it has also been argued

some carbonatites are primary mantle melts produced through the partial melting of

CO2-bearing mantle peridotite (Wallace and Green, 1988; Harmer and Gittins, 1998;

Ying et al., 2004). Consequently, determining a petrogenetic relationship between
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a carbonatite and associated silicate rock is essential when ascribing a secondary

origin to its formation.

The Cummins Range Carbonatite Complex (CRCC) lies on the southern margin

of Kimberley Craton in northern Western Australia and comprises of a composite

carbonatite plug mantled by a variably metasomatised clinopyroxenite (Andrew,

1990). This close spatial association provides an ideal opportunity to study the

possible petrogenetic relationship between the carbonatite and silicate fractions.

2.2 Geology

2.2.1 Regional geology

The CRCC lies at the southern apex of convergence of the Kimberley Crayon in

northern Western Australia between the Halls Creek and King Leopold Orogens

(Figure: 2.2.1) (Andrew, 1990). The geological history of the Kimberley region

spans almost 2 billion years beginning with the construction of the Paleoproterozoic

supercontinent Nuna (Tyler et al., 2012). Initial rifting along the North Australian

Craton margin at 1910-1881 Ma preceded a succession of collisional events initially

accreting the Tickalara intra-oceanic arc to the Kimberley Craton 1870-1790 Ma,

before suturing the Halls Creek Orogen to the North Australian Craton during the

1835-1805 Ma Halls Creek Orogeny (Griffin et al., 2000; Cawood and Korsch, 2008;

Tyler et al., 2012).

The crystalline basement of the Halls Creek Orogen comprises the Hooper and

Lamboo provinces and are divided into three NNE-trending terranes; the Western,

Central and Eastern zones, with the Hooper province considered an extension of

the Western zone (Blake et al., 2000). The oldest rocks in the province are low- to

high-grade metasedimentary turbidites of the Maboo Formation (~1870 Ma) (Blake

et al., 2000; Tyler et al., 2012) formed marginal to the rifting of the Kimberley Craton

following the accretion of older Paleoproterozoic exotic terranes. Partial melting

of intermediate-felsic and calc-alkaline rocks within these early terranes formed

the Whitewater Volcanics felsic magmas. These were subsequently deformed,

metamorphosed and extensively intruded by potassic and I-type granitic and sub-

volcanic rocks, as well as gabbroic and layered mafic-ultramafic intrusions, during
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the 1865-1850 Ma Hooper Orogeny (Tyler et al., 2012, and references therein).

Medium- to high-grade turbiditic metasedimentary, mafic volcanic and volcani-

clastic rocks, the Tickalara Metamorphics, populate the central zone of the Lamboo

complex. They record oceanic island arc development at ~1865 Ma and the sub-

sequent deformation and intrusion by tonalitic sheets between 1865-1856 Ma and

1850-1845 Ma. The southern portion of the Central Zone contains sedimentary,

mafic and felsic volcanic rocks of the Koongie Park Formation deposited during rifting

of the arc between 1845-1840 Ma (Blake et al., 2000). Large volumes of granite and

gabbro intruded the Central zone during the Halls Creek Orogeny (1835-1805 Ma)

(Page and Hoatson, 2000; Tyler et al., 2012).

The Eastern zone comprises the Ding Dong Downs Volcanics (~1910 Ma),

a mafic and felsic volcanic basement with associated granites, unconformably

overlain by low-grade metasedimentary and metavolcanic rocks of the Halls Creek

Group. Formed at a passive continental margin along the western edge of the North

Australian Craton ~1880 Ma (Blake et al., 2000; Tyler et al., 2012), they are overlain

by the Olympio Formation, a sequence of highly deformed phyllitic slate, chlorite

schist and metagreywacke recording the transition from a passive to active margin,

punctuated by alkaline volcanism ~1857 and ~1848 Ma (Tyler et al., 2012).

The Halls Creek group was subject to deformation and metamorphism during

the 1835-1805 Ma Halls Creek Orogeny (Blake et al., 2000; Tyler et al., 2012).

Initially, deformation occurred synchronously with the intrusion of the Mabel Downs

Tonalite ~1835 Ma, before transitioning to a secondary period of refolding and gran-

itic intrusions ~1810 Ma ranging from syn-collisional crustally derived adakites to

post-collisional potassic types (Tyler et al., 2012). Deformation and metamorphism

was restricted to the core of the orogens during this period. However, this rapidly

expanded to a regional scale as folding became subordinate and brittle failure dom-

inated, primarily as horizontal dislocations along major faults trending NNE. This

progression of deformation spanned the late Paleoproterozoic and Mesoprotero-

zoic, during the breakup of Nuna and the reassembly of Proterozoic Australia to

Rodinia, and subsequently the Neoproterozoic during the dismantling of Rodinia

and assembly of Gondwana (Cawood and Korsch, 2008).

The intracratonic Yampi Orogeny between 1000-800 Ma generated large-scale
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Figure 2.2.1: Geological Map showing the location of the CRCC, Kimberley Region, Western
Australia. Scale 1:2,500,000. From: (Downes et al., 2014).

folding and thrusting in the King Leopold and Halls Creek Orogens with sinistral

strike-slip faulting utilising and reactivating old shear zones of the Hooper province

(Shaw et al., 1992; Bodorkos and Reddy, 2004). Later tectonism related to the King

Leopold Orogeny (~560 Ma) and the main phase of the Alice Springs Orogeny (~300

Ma) also produced sinistral strike-slip faulting in the Halls Creek Orogen (Blake et al.,

2000; Tyler et al., 2012).

2.2.2 Deposit features

The CRCC is a composite, multiphase, sub-vertical stock measuring approximately

1.6 x 1.8 km in plan (Figure. 2.2.2). Drill cores and magnetic surveys reveal the com-

plex comprises three broadly concentric zones enveloping a central hyperbyssal plug

of calcite-dolomite carbonatite (Richards, 1985; Andrew, 1990). Variably metaso-

matised phlogopite clinopyroxenite surrounds the central plug with the most intense
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alteration occurring proximal to the numerous steeply dipping carbonatite dykes

and veins, up to 60 m thick possibly akin to a ring dyke or cone sheet structure.

The central zone transitions outwards to an amphibolitised clinopyroxenite as the

intensity of carbonatite veining decreases finally transitioning to an outer region of

unaltered clinopyroxenite, comprising ~60 vol.% of the deposit. The only interrup-

tion to this mantle of unaltered clinopyroxenite is a 300 x 500 m satellite body of

carbonated clinopyroxenite to the east, which possibly has a small carbonatite plug

core to account for the anomalous metasomatism (Richards, 1985). The inlier of

chlorite schist in the central portion of the complex is likely an enclave of the Olympio

Formation.

Exposure of the complex is extremely poor and obscured by the variably thick

aeolian sand sheet, typical of the Great Sandy Desert. Extensive pervasive weather-

ing during the Tertiary and Quaternary leached, dissolved and silicified the carbonate-

rich rocks generating a thick regolith. Remaining outcrops are small irregular mounds

of highly silicified, jasperoidal, matrix-supported ironstone breccia interpreted as re-

sidual solution collapse breccia from karst processes (Andrew, 1990). REE-bearing

resistate minerals such as monazite, apatite, zircon, pyrochlore and magnetite are

enriched up to 10 times their original concentration by ‘supergene’ style processes

such as residual concentration and secondary chemical precipitation. However,

quantification of this enrichment is extremely limited.
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Figure 2.2.2: Map of CRCC in northern Western Australia (latitude 19°27′S, longitude 127°10′E. CDD1 and CDD2 denote positions of diamond drill cores from
which samples were obtained.
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2.2.3 Age

Recent U-Pb dating of zirconolite in clinopyroxenite by SHRIMP yielded a reliable

207Pb/206Pb age of emplacement for the CRCC of 1009 ± 16 Ma (Downes et al.,

2016). This is similar to an unconfirmed zircon U-Pb TIMS age of 1012 ± 3 Ma

reported for the carbonatite previously (Andrew et al., 1986; Pidgeon et al., 1989;

Andrew, 1990), but some 100 Ma older than the 905 ± 2 Ma Rb-Sr mineral isochron

age for an apatite-phlogopite pair (Sun et al., 1986), K-Ar ages of 854 ± 57 Ma for

pyroxene (Andrew, 1990) and 895 ± 6 Ma for phlogopite have also been established

(Downes et al., 2016). Downes et al. (2016) additionally reported U-Pb ages similar

to the zirconolite age from variably metamict and recrystallised zircons from the

carbonatite, but with a larger age range, interpreted as reflecting partial isotopic

resetting during post-emplacement deformation and alteration. Furthermore, U-

Th-Pb dates reported range from ~900-590 Ma from monazite-(Ce) in deformed

dolomite carbonatite were concluded to reflect a long history of hydrothermal altera-

tion/recrystallisation explaining the apparent resetting of the Rb-Sr and K-Ar isotopic

systems by a post-emplacement thermal event at ~900 Ma during the intracratonic

Yampi Orogeny (Downes et al., 2016).

Downes et al. (2016) suggest emplacement of the CRCC occurred during the

amalgamation of Proterozoic Australia with Rodinia over the period ~1000-950 Ma,

pre-dating emplacement of kimberlite and ultramafic lamprophyre at the Kimberley

Craton margins at ~815-800 Ma. No evidence of a link between the emplacement of

the CRCC and mafic large igneous province magmatism or mantle plume activity

was found, suggesting patterns of Proterozoic alkaline magmatism in the Kimberley

Craton have likely been controlled by changing plate motions during the Nuna-

Rodinia supercontinent cycles (~1200-800 Ma; Downes et al., 2016).

2.2.4 Economic interest

The CRCC has attracted significant economic interest since it was first discovered

by CRA Exploration Pty. Limited in 1978. Initially identified as a marked 4900 nT bull-

seye aeromagnetic anomaly, subsequent drilling programmes revealed a secondary

monazite-(Ce)-apatite-rich ore formed from the leeching and dissolution of primary
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magmatic-hydrothermal REE mineralisation in the carbonatite during deflation and

weathering (Andrew, 1990). In 1984 two diamond drill cores (CDD 1 & 2) and one

percussion water bore were completed in the central portion of the complex. Both

diamond drill cores, ~400 m in depth, had an azimuth of 180°(magnetic N) and

inclination of 60°designed to intersect both the oxidised zone and central carbonatite

plug (Andrew, 1990). In 2007 Navigator Resources Limited completed a reverse

circulation (RC) drilling programme in the central part of the complex leading to

an initial independent JORC compliant Inferred Resource of 71,700 tonnes of rare

earth oxides (REO) at 1.0% REO cut-off grade, as well as significant uranium (780

t), phosphorous (459 kt), niobium and tantalum. In 2011, Anova metals (formerly

Kimberley Rare Earths) acquired 25% of the Cummins Range Carbonatite deposit

undertaking a further 77-hole RC drilling project. However, in October 2012 this part-

nership was terminated and all assets relinquished to Navigator. The latest inferred

resources at Cummins Range are 4.9 Mt at 1.74% REO, 11.2% P2O5, 145 ppm

U2O5 and 48 ppm Th making it the third largest REE resource in Western Australia

behind Mt. Weld and the Hastings Brockman trachytic tuff (Miezitis and Hoatson,

2014). At the time of writing, no production has been undertaken at Cummins Range

as it is not considered commercially viable at current REE market prices.

2.3 Analytical Techniques

Diamond drill core was sampled at approximately one metre intervals with slightly

larger or smaller intervals collected to accomodate lithological boundaries. Samples

consisted of quartered sections (longitudinal) of the interval of core being sampled.

30 samples representative of the whole drill core were prepared as polished thin

sections. Phase identification was performed using optical microscope and scanning

electron microscope, major element compositions using electron micro-probe and

trace element abundances using LA-ICP-MS.

2.3.1 Scanning Electron Microscope (SEM)

Initial semi-quantitative phase identification and relationships were obtained by

optical microscopy and examined using energy dispersive spectrometry (EDS) and
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back-scattered electron (BSE) imaging on a JEOL JSM-6610A SEM at the Research

School of Earth Sciences, ANU. EDS operating conditions were 15 kV, 65-75 µA load

current, 1 nA beam current, 9-12 mm working distance and 60 s counting time. Semi-

quantitative compositions were determined using the embedded InTouchScope™

JEOL software normalising to 100 wt%.

2.3.2 Electron Probe Microanalysis (EPMA)

The concentration of major and selected trace elements for the mineral phases

amphibole, apatite, clinopyroxene, phlogopite, perovskite, pyrochlore, zirconolite

and numerous accessory minerals were determined by wavelength disperse spec-

trometry (WDS) using the Cameca SX100 electron microprobe at the RSES, ANU.

Typical analyses employed a single condition routine with an accelerating voltage

of 15 kV, beam current of 20 nA, beam size ≤5 µm and counting times of 10-60 s

on both peak and background. A range of natural and synthetic standards were

used for calibrations (see Table 2.3.1). Automatic data reduction used full ZAF

corrections and limits of detection were typically 200-500 ppm, with the exception of

F at around ~1820 ppm. Analysis of perovskite, zirconolite, pyrochlore and employed

a 2-condition routine in which Na, Mg, Al, Si, Fe, K, Ca, Mn, Ti, Cr and P were

determined with a beam current of 20 nA, beam size of 1 µm and counting times of

10-120 s. Sr, La, Ce, Pr, Nd, Ba, U, Th, Nd, Nb, Zr, Hf, and Ta were determined using

a beam current of 100 nA, beam size of 1 µm and counting times of 30-120 s. Limits

of detection range between ~235-675 ppm. V and Ni were included in a number of

routines but most analyses were below the respective 500 ppm and 290 ppm limits

of detection.

2.3.3 Laser Ablation ICP-MS

Trace element concentrations of minerals were determined using laser ablation

inductively coupled plasma mass spectrometry (LA ICP-MS) at the Research School

of Earth Sciences. This system comprises a pulsed 193 nm ArF Excimer laser

and ANU HelEX dual volume sample cell feeding an Agilent 7700S quadrupole

ICP-MS (RF power = 1200 W; ablation cell gas flow He = 0.3 L min-1and H2 =

0.02 L min-1; auxiliary gas flow = 1.0 L min-1 Ar). Data acquisition involved a
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Table 2.3.1: Element list and selected spectral emission lines and calibration standards for
EPMA analysis of phases within the CRCC.

Element Line Standard A
m

p
h

A
p

C
c

C
p

x

M
a
g

K
a

s
s

P
h

l

P
v

P
c
l

Z
it

e

Si Kα Quartz × × × × × × × ×

Ti Kα Rutile × × × × × × ×

Al Kα Corundum × × × × × × ×

V Kβ V metal ×

Cr Kα Chromite × × × × × × ×

Fe Kα San Carlos Olivine × × × × × × × ×

Mn Kα Rhodonite × × × × × × ×

Mg Kα San Carlos Olivine × × × × × × ×

Ni Kα Ni Metal ×

Ca Kα Apatite; Augite* × × ×∗ × × × × ×

Na Kα Amelia Albite × × × × × × × ×

Sr Lα Strontium Barium Niobate × × × × ×

Ba Lα Strontium Barium Niobate × × × × × × ×

La Lα LaP5O14 × × × × ×

Ce Lα CeP5O14 × × × ×

Pr Lβ PrP5O14 × × × ×

Nd Lβ NdP5O14 × × × ×

K Kα Sanidine × × × × × × ×

P Kα Apatite × × × ×

Zr Lα 91500 zircon × × × ×

Hf Lα Hafnon × × × ×

Nb Lα Strontium Barium Niobate × × × ×

Ta Lα Ta2O5 × × × ×

Th Mα ThO2 × × × ×

U Mβ UO2 × × × ×

F Kα F-phlogopite × ×

Cl Kα Scapolite × × ×
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15 s background measurement followed by 30-40 s of ablation using a 19-74 µm

diameter laser spot depending on the size of the mineral being analysed. At the

start of each session the instrument was tuned using NIST612 glass scanned

underneath the laser using a 47 µm spot with the ICP-MS tuned to yield ThO/Th

~0.4-0.5, low electrical noise and optimum sensitivity. All analyses were conducted

at a 5 Hz repetition rate maintained at 50-55 mJ. NIST610 was run as the primary

standard in all analyses with a combination of the NIST612, BCR-2G and GSD-1G

glasses as secondary standards according to the trace elements and mineral being

analysed. The internal isotope standard used for quantification of trace elements in

apatite, calcite, clinopyroxene, dolomite, perovskite, titanite and zirconolite was 43Ca;

amphibole and phlogopite 29Si and magnetite 57Fe. Internal standard concentrations

for each mineral were determined by either EPMA and SEM with the exception

of the carbonates where stoichiometric Ca concentrations were assumed. The

analytical protocol involved bracketing every 10 unknowns with analyses of NIST610

and secondary standard. Data reduction was performed using the Iolite software

package (Paton et al., 2011).

2.3.4 Whole rock

Samples from drill core were separated using a rock splitter and crushed to fine

powder using tungsten carbide mill. Major and trace-element compositions were

determined at Geoscience Australia, Canberra, by X-ray fluorescence (XRF) and

inductively coupled plasma (ICP)-MS. Major and minor elements (Si, Ti, Al, Fe,

Mn, Mg, Ca, Na, K, P and S) were determined by wavelength-dispersive (Bruker

S8Tiger) XRF on fused disks using methods similar to those of Norrish and Hutton

(1969). Precision for these elements is better than ±1% of the reported values.

Trace elements As, Ba, Cr, Cu, Ni, Sc, V, Zn, Zr, F and Cl were determined by XRF

of pressed pellets using methods similar to those described by Norrish and Chappell

(1977). Loss on ignition (LOI) was determined by gravimetry after combustion at

1100 ◦C. FeO abundance was determined by digestion and electrochemical titration

using a modified methodology based on Shapiro and Brannock (1962), and Fe2O3

values were calculated as the difference between total Fe, determined by XRF, and

FeO. Selected trace elements (Cs, Ga, Nb, Pb, Rb, Sb, Sn, Sr, Ta, Th, U and Y) and
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the REE were analysed by ICP-MS (Agilent 7500 with reaction cell) using methods

similar to those of Eggins et al. (1997), but on solutions obtained by dissolution of

fused glass disks (Pyke, 2000). Precision values are ±5 and ±10% at low levels (<

20 ppm). Agreement between XRF and ICP-MS is typically within 10%.

2.4 Petrography

Graphical logs of CDD1 and CDD2 are presented in Figure. 2.4.1. Sample numbers

plotted on the left hand side of each column denote the relative stratigraphic positions.

No structural or orientation data was provided with the original logs. Total REE oxide

(wt.%) estimates down each drill core were obtained from Downes et al. (2014).

Samples consisted of quartered sections (longitudinal) of core interval. 30 samples,

representative of the whole drill core length were prepared as polished thin sections.

A petrographic summary detailing the major, minor and accessory phases identified

in each thin section is presented in Table 2.4.1. The lithological unit primarily

represented within each sample is indicated for reference.
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Figure 2.4.1: Graphical log of diamond drill cores CDD1 and CDD2 and corresponding
total REE contents. Sample numbers denote stratigraphic position of thin section numbers
analysed within this study. Modified after Downes et al. (2014).
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Table 2.4.1: Petrographic summary of primary and accessory minerals in thin sections from the CRCC . Assigned lithological units for individual samples are
indicated for reference.

Primary Accessory

Sample No. Rock Type Texture A
m

p
h

A
p

C
c

C
p

x

D
o

l

Il
m

M
a
g

P
h

l

S
u

lf

T
it

P
v

P
c
l

Z
it

e

Z
ir

c

Notes

1138960 Carbonatite (recrystallised) Weakly foliated; Mg granular & Fg (cataclastic) zones × × × ⊙ • • Phl, Vugs
1138961 Beforsite Mylonite. Foliated; porphyroclastic texture with Apt bands × × × ⊙ ⊙ Chlorite-rich zones (after Phl)
1138964 Calc-amphibolite Cg banded cumulate with Apt bands × × × × ⊙ ⊙ ⊙ ⊙ • Recrystallised granular zones, commonly with Amph
1138965 Carbonatite (recrystallised) Mylonitic shear zone × × × ⊙ × × × × ⊙ • • • Poikilitic Mag, Zirc
1138966 Phl-rich ± amph Pyroxenite Mesocumulate; diopside & Mag bands × × ⊙ × ⊙ × × ⊙ ⊙ •
1138967 Phl-rich ± amph Pyroxenite Mesocumulate; recrystallised bands in Cc-rich domains ⊙ × × × ⊙ × × • • Chlorite replacing Amph; graphic Mag
1138968 Phl-mag-cpx-apt Pyroxenite Cumulate; Apt banding × × × × × •
1138969 Phl-rich ± amph Pyroxenite Cumulate; Phl banding × ⊙ ⊙ × ⊙ × ⊙ ⊙ • • Phl with chloritic margins
1138970 Phl-mag-cpx-apt Pyroxenite VCg; Pegmatitic cumulate with Apt bands × × × × × ⊙ • • •
1138973 Sövite Cg granular; minor shear banding ⊙ × × ⊙ ⊙ Chlorite-rich bands; Amph
1138975 Clinopyroxenite Cumulate ⊙ × ⊙ × ⊙ × × Cc & Apt micro-veins; minor Amph after diopside
1138976 Phl-rich ± amph Pyroxenite Cg cumulate; undulating Phl extinction × × ⊙ ⊙ × Strong Amph overprint
1138977 Clinopyroxenite Fg cumulate ⊙ × × × • Colloform chalcedony veining
1294420 Regolith Iron stone breccia; quartz ⊙ ⊙

1294421 Regolith Iron oxides ⊙

1294422 Sövite Cg granular × × ⊙ • Recrystallised patches
1294423 Calc-amphibolite Cumulate; recrystallised Amph overprint × × ⊙ × ⊙ × ⊙ • Chlorite after Phl
1294424 Calc-amphibolite Fg mylonite; heavily sheared, × × ⊙ × ⊙ Chlorite replaces Amph
1294425 Carbonatite (recrystallised) Cg cumulate; recrystallised bands × × ⊙ × •
1294426 Phl-rich ± amph Pyroxenite Cg banded cumulate; recrystallised Amph + Apt bands × × × ⊙ × • Chlorite replaces Amph
1294427 Carbonatite Cg granular ⊙ ⊙ × ⊙

1294428 Calc-amphibolite Cg adcumulate × × ⊙ × ⊙ × × •
1294429 Calc-amphibolite Mg to Cg; granular recrystallised ⊙ × ⊙ ⊙ × Single band (~3mm thick) of chlorite after Amph
1294430 Calc-amphibolite Mg to Cg; granular recrystallised ⊙ × × × × • • Chlorite and sericite
1294431 Carbonatite Cg ⊙ ⊙ × ⊙ ⊙ •
1294432 Calc-amphibolite VCg; Apt banding ⊙ × × × × × • Chlorite altered Phl
1294433 Beforsite Cg recrystallised ⊙ × ⊙ × ⊙ ⊙ ⊙ • • Vugs
1294434 Calc-amphibolite Cg granular; recrystallised matrix × × × × × × Chlorite after Amph, turgid Cc
1294435 Beforsite Cg cumulate; Apt-banding ⊙ × × ⊙ × × ⊙ Vugs; recrystallised bands
1294436 Sövite VCg, granular × × ⊙ ⊙ Vugs; turgid Cc

Symbols: × = Major component; ⊙ = minor component; ∙ = accessory phase.
Abbreviations: VCg = Very coarse grained; Cg = coarse grained; Mg = medium grained; Fg = fine grained.
Minerals: Amph = amphibole; Apt = apatite; Cc = calcite; Cpx = clinopyroxene; Dol = dolomite; Ilm = ilmentite; Mag = magnetite; Phl = phlogopite; Sulf = sulphides; Tit = titanite; Pv = perovskite; Pcl = pyrochlore; Zite = zirconolite; Zirc = zircon.
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2.4.1 Clinopyroxenite

This unit comprises medium grained granular cumulate-textured clinopyroxenite

dominated by elongate interlocking crystals of green to yellow pleochroic diopside

(~65-75 vol.%) 0.6-2.0 mm across (Fig.2.4.2a) with subordinate interstitial to ragged

plates of yellow/brown pleochroic phlogopite (~15 vol.%), up to 0.8 mm in length

(Fig.2.4.2b). Euhedral titanite (~10-15 vol.%) forms lozenge shaped crystals 0.4-1.6

mm in length (Fig.2.4.2c). These minerals align broadly parallel to their long-axes

preserving a weak cumulate texture. Anastomosing veins (≤1.5 mm in diameter) of

interstitial prismatic apatite (~10 vol.%) and carbonate (<5%), 0.4-0.8 mm in diameter,

lineate the cumulate texture (Fig.2.4.2f). Minor (<5 vol.%) blue/green amphibole

(richterite) inhabits veined domains as patchy subhedral crystals (<0.5 mm) replacing

primary diopside (uralitisation) and is commonly intergrown with fractured titanite

(Fig.2.4.2e). Magnetite (<2 vol.%) occurs as intercumulus allotriomorphic crystals

0.2-0.5 mm in diameter.
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(a) (b)

(d)(c)

(f)(e)

Figure 2.4.2: Photomicrographs of Clinopyroxenite. (a) Cumulate, green to yellow pleochroic
diopside ~0.5 mm in diameter (plane polarised light, PPL) (1138975). (b) Ragged biotite
plates (up to ~0.8 mm) within apatite carbonate-veined diopside matrix (PPL) (1138975). (c)
Euhedral lozenge of titanite (~1.5 mm) exhibiting simple twinning within diopside and carbon-
ate matrix (PPL) (1138975). (d) Subhedral blue Na-Ca amphibole intergrown with fractured
titanite commonly associated with apatite and carbonate-rich veins (PPL) (1138975(2)). (e)
Replacement of diopside crystals by amphibole (PPL) (1138975(2)). (f) Carbonate and
apatite vein ~1.5 mm wide and 15 mm in length (PPL) (1138975(2)).
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2.4.2 Phlogopite-magnetite-diopside-apatite clinopyroxenite

The modal mineralogy of this unit varies from a dominantly coarse grained granular

phlogopite-magnetite-diopside-apatite cumulate pyroxenite to a pegmatite. Peg-

matitic samples contain euhedral prismatic diopside phenocrysts (40-50 vol.%)

reaching in excess of 15 mm (Fig.2.4.3a). Carbonate, apatite and magnetite (≤1 mm)

inclusions are aligned parallel to the (001) cleavage trace. Phenocrysts of straw

yellow to brown pleochroic phlogopite (~25-35 vol.%; up to 40 mm in length) are

often sheared, kink banded and partially dismembered into strips (Fig.2.4.4b). Mag-

netite phenocrysts reach up to ~20 mm in diameter, contain inclusions of apatite and

carbonate, and commonly display exsolution of ilmenite. Apatite (up to ~20 vol. %)

forms closely packed zones of fractured, interlocking ovoid crystals (0.5-2.0 mm) that

vein pegmatitic minerals (Fig.2.4.4h) and form the primary matrix component. Gran-

ular domains contain coarse-grained subhedral hydrobiotite with variably altered

cores and chloritic margins overprinting and enclosing granular apatite (Fig.2.4.3d).

Minor carbonate (<5 vol.%) is interstitial cementing and infilling fractures.

Medium grained polycrystalline domains contain colourless to pale green pleo-

chroic diopside, 0.2-0.5 mm in diameter, concentrated in patches or veins with little

evidence of replacement by amphibole (Fig.2.4.4f, g). Magnetite is intercumulus,

forming both subhedral crystals up to 5 mm in diameter and irregular vermiform

patches enclosing apatite and carbonate (Fig.2.4.3e). Accessory zirconolite (<2

vol.%) forms clusters of discrete subhedral red-orange grains up to ~0.2 mm in

diameter. Radial cracks extend into the host mineral and occasional relict zircon

cores are preserved (Fig.2.4.3b, c). Minor (<2%) pyrite and chalcopyrite.

2.4.3 Phlogopite-rich ± amphibole clinopyroxenite

The phlogopite-magnetite-diopside-apatite clinopyroxenite grades into a variably

phlogopite-rich (~60-80 vol.%) pyroxenite comprising subhedral to euhedral peg-

matitic phlogopite, diopside and amphibole in a granular matrix of mica, diopside,

minor (~5 vol.%) equant apatite and carbonate, interstitial magnetite (~0.1-0.2 mm),

minor relict skeletal titanite (typically <0.3mm), and accessory zirconolite. Phlogo-

pite phenocrysts (up to ~15 mm) are heavily striated and altered to hydrobiotite
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(a)

(e)(d)

(c)

(b)

Figure 2.4.3: Photomicrographs of phlogopite-magnetite-diopside-apatite clinopyroxenite.
(a) Pegmatitic diopside crystals up to ~15 mm in diameter partitioned by fractured ovoids
of apatite (0.5-2.0 mm), interstitial carbonate and minor biotite (cross polarised light, XPL)
(1138968). (b) Accessory subhedral zirconolite (~0.2 mm) exhibiting radial cracks extending
into surrounding host apatite (XPL) (1138968). (c) Cluster of red-orange zirconolite mantling
perovskite cores within apatite-rich domain (PPL) (1138970↑). (d) Coarse-grained subhedral
hydrobiotite with variably altered cores and chloritic margins overprinting and enclosing
granular apatite (PPL) (1138971↑). (e) Intercumulus vermiform magnetite wrapping apatite
and carbonate (PPL) (1138968).
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(i)(h)

(g)(f)

Figure 2.4.4: Photomicrographs of phlogopite-magnetite-diopside-apatite clinopyroxenite.
(f) Cluster of pale green pleochroic diopside crystals (0.2-0.5 mm) within coarse grained
polygonal mosaic of apatite (PPL) (1138968). (g) Diopside-rich polycrystalline vein delin-
eating coarse grained granular matrix of apatite, biotite and intercumulus magnetite (XPL)
(1138968). (h) Pegmatitic poikilitic diopside and magnetite with veins of granular apatite,
diopside and interstitial carbonate (XPL) (1138968). (i) Sheared phlogopite phenocryst (~20
mm diameter) and magnetite (left) (XPL) (1138970).

(Fig.2.4.5d). Matrix mica forms equant plates ~0.4-0.6 mm displaying pale-pink

to brown pleochroism with many showing dark brown altered cores and chloritic

margins (Fig.2.4.5c). Green pleochroic amphibole (richterite) is present as both

euhedral poikilitic rhombohedra (up to ~3 mm) and subhedral prisms <1.5 mm

(Fig.2.4.5a, b). Chadacrysts include magnetite, diopside and mica (0.1-0.2 mm in

diameter) which are matrix components and evidence that amphibole is a late stage

overgrowth. Colourless to pale green pleochroic diopside (~20 vol.%) forms rounded

granular crystals 0.1-0.2 mm in diameter (Fig.2.4.5c).

Anhedral skeletal relict titanite (<0.5 mm) with embayed boundaries occurs inter-

stitially with phlogopite and diopside displaying breakdown to secondary pyrochlore

and magnetite with minor zirconolite (Fig.2.4.6h). Occasionally monomineralic pock-

ets (≤1.2 mm) of diopside are enclosed and intergrown with patches of interstitial
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Figure 2.4.5: Photomicrographs of phlogopite-clinopyroxenite. (a) Pale green pleochroic
subhedral amphibole phenocrysts (~5 mm) with chadacrysts predominantly of magnetite
but also minor phlogopite ± carbonate ± apatite. Basal sections visible to right hand side
of image (PPL) (1138969). (b) Euhedral poikilitic amphibole rhombohedra 2 mm across
with matrix inclusions of interstitial magnetite, phlogopite and carbonate. Matrix phlogopite
pleochroism varies from pale-pink to brown with numerous crystals displaying altered cores
and chloritic margins (PPL) (1138969). (c) Granular matrix dominated by phlogopite (>80
vol.%), diopside and interstitial magnetite with minor apatite and carbonate (PPL) (1138969).
(d) Coarse intergrown amphibole and phlogopite-rich cross-cutting equant carbonate and
apatite (PPL) (1138966). (e) Monomineralic pockets of diopside (≤ 1.2 mm) enclosed
and intergrown with interstitial magnetite in a phlogopite-dominated granular matrix (PPL)
(1138969). (f) Pocket of colourless to pale-green granular diopside (0.1-0.2 mm diameter)
crystals enclosed by interstitial magnetite possibly remnants of the original cumulate crystals
and intercumulus liquid. Minor perovskite ± zirconolite associated with oxides; Perovskite
visible as purple grain within opaque mineral at base of diopside pocket; both zirconolite
(orange-brown) and perovskite (purple) visible to RHS of photomicrograph (PPL) (1138969).
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(g) (h)

(i) (j)

Figure 2.4.6: Photomicrographs of phlogopite-clinopyroxenite. (g) Domain of fine-grained
(~0.02 mm) diopside and biotite with abundant interstitial magnetite and carbonate contrast-
ing coarser phologopite-rich texture (PPL) (1138967). (h) Relict skeletal titanite (~0.03 mm)
breakdown to magnetite, minor kassite and REE-titanate ± relic perovskite (PPL) (1138969).
(i) Subhedral green-pleochroic prisms of amphibole within granular domain of coarse car-
bonate (0.2-0.5 mm) and granular diopside (0.1-0.2 mm). Subhedral red-brown crystals of
zirconolite (PPL) (1138966). (j) Accessory red-brown zirconolite (~0.5 mm) associated with
carbonate-rich domains. Radial cracks extending into surrounding minerals common (PPL)
(1138966).

magnetite (Fig.2.4.5e, f). Bands of fine-grained microgranular (~0.02 mm) diopside

and biotite with interstitial carbonate and abundant allotriomorphic magnetite in 1-3

mm diameter patches contrast the coarser phologopite-rich clinopyroxenite texture

(Fig.2.4.6g). These fine-grained pockets possibly represent the original cumulate

crystals and intercumulus liquid overprinted by later stage pervasive phlogopite-rich

veining. Alternatively, these local concentration of magnetite could reuslt from crystal

settling as a result of the high density of magnetite relative to the silicate parental

melt. Minor red-brown subhedral zirconolite (up to ~0.5 mm) resides in apatite and

carbonate-rich domains (Fig.2.4.6i, j).
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2.4.4 Calc-amphibolite

The calc-amphibolite unit is a medium to coarse grained, massive to foliated cumu-

late with considerable variation in modal mineralogy. Diopside (~10-20 vol.%) ranges

from subhedral prisms (up to 2 mm) with minor alteration to anhedral skeletal crystals

variably replaced by Na-Ca amphibole (Fig.2.4.8h). Occasionally poikilitic chadac-

rysts include apatite and minor magnetite (Fig.2.4.7c). In some instances diopside

has been completely recrystallised and pseudomorphed by Na-Ca amphibole (rich-

terite to magnesio-riebekite). Amphibole (~25-50 vol.%) ranges from idiomorphic

laths (up to ~2-3 mm) to anhedral, semi-fibrous mottled masses with distinctive

green/blue/mauve pleochroism (Fig.2.4.7a, c). Poikilitic crystals contain apatite

ovoids and carbonate laths (~0.2-0.4 mm) aligned parallel to both the long axis of the

host and surrounding matrix, indicative of secondary overgrowth. Phlogopite (~20-60

vol.%) is highly variable ranging in form from dark brown pleochroic phenocrysts (up

to 5 mm) with strongly altered cores and chloritised rims, to smaller (0.2-0.8 mm)

interstitial plates partially replaced by amphibole (Fig.2.4.7b). Titanite (<2 vol.%)

is skeletal and partially replaced by phlogopite with crystals appearing embayed

and intercumulus to apatite and carbonate bands (Fig.2.4.8h). Apatite (~5-20 vol.%)

(~0.2-0.6 mm) occurs in local concentrations as both polygonal monominerallic

clusters and long prisms paralleling amphibole (Fig.2.4.7d). Apatite domains lineate

the rock unit and crystals are fractured and infilled by micro-veins of carbonate

(Fig.2.4.8k). Carbonate (~5-10 vol.%) is commonly associated with apatite (~0.04-

0.7 mm) occasionally forming inequigranular monomineralic bands veining more

silica-rich domains (Fig.2.4.8j). Magnetite (<5 vol.%) forms large crystals up to ~8

mm diameter with irregular boundaries that are heavily fractured and infilled by apat-

ite and carbonate. In heavily altered zones magnetite forms small interstitial blebs

(≤0.2 mm in diameter) (Fig.2.4.7e). Accessory zirconolite (<1 vol.%) ~0.2-0.5 mm

diameter mantling perovskite is dispersed within silica-rich domains (Fig.2.4.7f) with

carbonate-rich domains hosting accessory pyrochlore where interstitial magnetite is

notably scarce (Fig.2.4.8i).

The calc-alteration characteristic of this assemblage is first recognised as a

weak overprinting of diopside by amphibole combined with an increase in the
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proportion of interstitial carbonate. As the degree of alteration increases the density

of carbonate micro-veining and dominance of carbonate in the matrix destroys the

primary pyroxenite texture. In highly altered samples the concentration of carbonate

becomes such that the rock is classified as a carbonatite.

2.4.5 Carbonatites

Multiple phases of carbonatite dykes intruded the Cummins Range pyroxenite form-

ing the central carbonatite plug. The carbonatites tend to be calcite or dolomite

dominant but often contain both carbonate varieties. Ranging from massive to

foliated, fine to coarse grained, where carbonate comprises ≥90 vol.% of the rock

it forms interlocking polygonal crystals (up to 3 mm) with minor apatite and phlo-

gopite phenocrysts (~up to 6 mm) and interstitial magnetite (~0.3 mm). However,

more commonly the carbonatites are inequigranular seriate units of coarse and

fine grained (0.2-2.0 mm) turbid, microporous carbonate variably sheared and fo-

liated by veins (~0.2-1.0 cm). Many carbonate grains exhibit subtle elongation,

serrate grain boundaries and thick twin lamellae; these features indicate shearing

deformation. All carbonatite units contain variable amounts of apatite ± phlogopite

± magnetite ± amphibole with the proportion of these components increasing to-

wards the gradational calc-amphibolite contact. Pyrochlore and zircon are common

accessory minerals (<1 vol.%) of the carbonatite units. Pyrochlore is characteristic

of granular carbonate-rich domains present as semi-rounded, euhedral to anhedral,

dark to golden brown crystals ranging up to 0.3 mm. Zircon associated with more

silicate-rich domains exhibits a diverse range of textures ranging from large (up to 8

mm) subhedral phenocrysts, to small (<0.5 mm) disseminated clusters intergrown

with dolomite in strongly foliated carbonatites and turbid brown anhedral-subhedral

crystals intergrown with calcite-amphibole-apatite (<0.5 mm).

Downes et al. (2014) subdivided the carbonatites into five discrete units based on

the dominant carbonate species (i.e. calcite or dolomite), relative Sr abundance and

REE content. This established nomenclature was derived from extensive sampling

of the carbonatite core which was not available for this study. Consequently, the

carbonatites sampled in this work are sub-divided into three broad units encom-

passing the wide compositional and textural range the carbonatites at Cummins
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1 mm

Figure 2.4.7: Photomicrographs of Calc-Amphibolite. (a) Relict subhedral diopside pheno-
cryst surrounded by polygonal apatite and interstitial biotite. Blue-grey amphibole (magnesio-
riebeckite) overprints the original fabric (euhedral apatite crystals visible within amphibole
mass) replacing diopside (embayed boundaries) and biotite (PPL) (1294423). (b) Hydro-
biotite phenocryst, amphibole and magnetite within apatite and carbonate matrix (PPL)
(1294423). (c) Relict poikilitic diopside phenocryst with embayed crystal boundaries -
chadacrysts of apatite (XPL) (1294423). (d) Polygonal apatite (0.2-0.6 mm) with interstitial
biotite variably altered to chlorite and partially replaced by amphibole (PPL) (1294423). (e)
Crystals of apatite, carbonate, magnetite and amphibole with pervasive alteration to chlorite
after phlogopite (XPL) (1294424). (f) Cluster of red-brown zirconolites (0.2-0.5 mm) mantling
altered cores of calzirtite ± baddeleyite (PPL) (1294423).
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Figure 2.4.8: Photomicrographs of Calc-Amphibolite. (h) Skeletal diopside phenocrysts
replaced by secondary blue amphibole. Amphibole forms anhedral crystals, incorporates
small apatite crystals (<0.2 mm) and often intergrown with anhedral titanite (PPL) (1294428).
(i) Orange/brown pyrochlore ~0.3 mm in diameter within apatite ovoids. Fine (≤0.2 mm) mag-
netite blebs associated with amphibole (PPL) (1138964↓). (j) Granular apatite-rich domain
of weakly oriented apatite ovoids (~0.5 mm length) and seriate carbonate demonstrating
transition to carbonatite (XPL) (1138964↓). (k) Whole thin section view showing extent of
amphibole overprinting and biotite with variably altered cores (dark brown colour); carbonate
and apatite vein visible through the centre (PPL) (1294428).
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Range display. To aid comparison the subdivisions of Downes et al. (2014) that

equate with the divisions of this study are indicated.

2.4.5.1 I. Calcite-carbonatite

Dominated by calcite (up to ≥90 vol.%) this unit is classified as a sövite (High-Sr

calcite of Downes et al. (2014)). Textures range from a medium to coarse (up to

2 cm) polygonal mosaic of subtly elongate clean calcite crystals (Figure.2.4.9a)

to variably recrystallised inequigranular seriate domains of larger (up to 2 mm)

carbonate grains separated by fine ‘dusty’ carbonate (0.1-0.5 mm) with a heavy

limonite impregnation (Figure.2.4.9b). Apatite (5-10 vol.%) forms ovoid crystals (up

to ~3 mm) present as both isolated phenocrysts and aggregated crystals that form

weak bands. Minor phlogopite (<5 vol.%) exists as small (<1 mm) weakly pleochroic

interstitial grains with chloritic margins. Na-Ca amphibole (≤5 vol.%) varies from

single large euhedral blades (~3 mm) with a consistent preferred orientation to

fibrous bunches in finely lineated carbonate and apatite sheared/recrystallised

zones (Figure.2.4.9f). Accessory pyrochlore is common within granular domains

(Figure.2.4.9e).

2.4.5.2 II. Dolomite-carbonatite

Petrographically similar to the sövite, the dominant carbonate in these rocks is

dolomite, defining it as a beforsite (High-Sr dolomite of Downes et al. (2014)). These

carbonatites are medium to coarse grained (0.5-1.5 mm) granular comprising large

(0.5-1.5 mm) clean dolomite crystals with castellated margins mantled by finer

grained (~0.3 mm) recrystallised polygonal dolomite with smooth crystal bound-

aries. Aligned apatite ovoids (0.5-1.0 mm) (10-15 vol.%) define a weak foliation.

Minor interstitial phlogopite (<2 vol.%), fibrous Na-amphibole and oxides commonly

associate with banding.

2.4.5.3 III. Recrystallised carbonatite

Altered units comprise a medium to coarse grained granular carbonatite variably

recrystallised to fine-grained mylonitic domains of comminuted microgranular car-

bonate and equant apatite (<0.2 mm) (Low-Sr dolomite and High-REE dolomite

of Downes et al. (2014)). Subhedral, roughly oriented phenocrysts (1-2 mm) of
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clean carbonate (10 vol.%) and fractured apatite (5 vol.%) populate a turbid ‘dusty’

granular carbonate matrix caused by abundant micro-inclusions of Fe oxides and

clay. Vugs (up to ~2 mm) are particular to this unit and are occasionally void, whilst

others are infilled with orbicular to colloform chalcedony, radiating acicular goethite

or secondary sparry calcite (Figure.2.4.9c). Apatite (10-25 vol.%) forms equant

semi-rounded crystals (up to ~0.5 mm) which increase in proportion in proximity to

shear zones. Shear zones vary from veins up to ~4 mm in diameter that cross-cut

the original coarser granular carbonatite fabric to complete recrystallisation of the

carbonatites to a mylonite with porphyroclasts of apatite and dolomite (up to 2 mm)

within a fine-grained microgranular comminuted matrix (Figure.2.4.9d). Fibrous

Na-amphibole and anhedral phlogopite with chloritic margins commonly lineate

microgranular recrystallised zones phlogopite is completely replaced by green/yellow

chlorite in intensely sheared zones. Accessory magnetite and pyrite are dissemin-

ated throughout recrystallised domains and notably absent from granular carbonatite

domains.
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(a) (b)

(c) (d)

(e) (f)

Figure 2.4.9: Photomicrographs of carbonatite units. (a) Interlocking mosaic of subtly
elongate polygonal calcite and apatite crystals (0.5-1.0 mm) from calcite carbonatite (XPL)
(1294427). (b) Seriate (0.2-2.0 mm) granular carbonate with minor apatite. Carbonate grains
display elongation, serrate boundaries and thick twin lamellae. Small interstitial misoriented
sub-grains are evidence of recrystallisation (PPL) (1138964). (c) Vugs (0.5-1.0 mm) in turbid
carbonate with occasional ‘clear’ phenocrysts from dolomitic carbonatite. Fractured apatite
phenocryst (2 mm) present at base of image (PPL) (1138960). (d) Micro-vein of fine grained
equant carbonate and apatite cross-cutting crystalline carbonate and apatite sub-parallel to
grain elongation axis (XPL) (1138960↑). (e) Accessory golden brown pyrochlore ~0.3 mm
subhedral blebs within apatite and carbonate (PPL) (1138964). (f) Blades of blue pleochroic
Na-amphibole and apatite (> 2 mm) aligned within shear/recrystallised zone of carbonatite
(PPL) (1294427).
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2.5 Mineral Compositions

2.5.1 Major element composition of clinopyroxene

Average major element compositions of clinopyroxene from selected units of the

CRCC are presented in Table 2.5.1. These are classified according to the Inter-

national Mineralogical Association (IMA) recommendations compositions and are

plotted on the Q-J diagram of Morimoto (1988) (Figure. 2.5.1). This classifies

pyroxenes by the total numbers of cations occupying both the M1 and M2 sites, cal-

culated on the basis of six oxygens per formula unit (Table. 2.5.1). All clinopyroxene

lie within the “Quad” field indicating they belong to the Ca-Fe-Mg quadrilateral

pyroxene group and therefore can be replotted on a wollastonite-enstatite-ferrosilite

diagram (Figure. 2.5.2) (Morimoto, 1988).
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Figure 2.5.1: Pyroxene compositions plotted on the Q-J diagram of Morimoto (1988). Where,
Q = Σ(Ca+Mg+Fe2+) and J = 2Na. All analyses plot within the “Quad” Ca-Fe-Mg pyroxene
quadrilateral.
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The majority of clinopyroxene analysed are of diopside composition with the

exception of sample 1294428 (calc-amphibole), which spans the augite-diopside tie

line, and clinopyroxene from the clinopyroxenite unit (1138975), which is relatively

Fe-rich (low Mg#) and plots within the augite compositional field. Clinopyroxenite

from sample 1138975 comes from drill hole ‘CR11’ and sample 1138974 from ‘CR9’,

both of which are marked on Figure. 2.2.2.
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Figure 2.5.2: Pyroxene compositions plotted on a wollastonite(Wo)-enstatite-ferrosilite
quadrilateral. The majority of clinopyroxene is of diopside composition with clinopyroxene
from the sample 1294428 (calc-amphibolite) spanning the augite-diopside tie line. Pyroxenes
from the clinopyroxenite (1138975) are of augite composition.

The CRCC clinopyroxenes show high levels of Mg + FeTotal with concentrations

of each element showing a strong negative correlation (R2= 0.99) (Figure. 2.5.3)

suggesting the proportions of Mn, Ti and Al and other cations substituting onto

the M1 site are negligible. Mn and Ti contents are <1.0 wt.% for respective oxides

and Al2O3 contents are low, typically <1.60 wt.% (highest measured value 2.62

wt.%). Typically correlated with one another, Na2O and FeOT display the greatest

variability in concentration. This is likely the influence of the aegirine (NaFeSi2O6)

end-member and is most noticeable in the clinopyroxenite unit (1138975) classifying

these pyroxenes as aegirine-augite.
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Figure 2.5.3: Mg vs Fe apfu (calculated on the basis of 6O) of clinopyroxenes from selected
units within the CRCC. Grey line denotes linear regression of plotted data.

Clinopyroxene from the core of the complex show a different compositional

evolution unrelated to the aegirine end-member component. Clinopyroxene in these

units become increasingly diopside-rich as the proportion of carbonate within the

host assemblage increases. This most easily evidenced through increases in Mg#

(Table. 2.5.1.). Clinopyroxene from the pyroxenite unit (1138974) has an average

Mg# = 0.73, phlogopite-rich amphibole clinopyroxenite Mg# = 0.80-0.85 (1138966

and 1138969) and pegmatitic phlogopite-magnetite-diopside-apatite clinopyroxenite

Mg# = 0.91 (1138968). Clinopyroxene-group minerals in carbonatites evolve to

become enriched in Na and Fe (i.e. aegirine component) during the normal course

of magma evolution (Reguir et al., 2012). However, the recorded increases in

Mg# (i.e. diopside component) suggest crystallisation from an increasingly Mg-
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rich parental liquid. Given the Na/Ca ratio of the pyroxenite unit (1138974) and

phlogopite-rich amphibole clinopyroxenites (1138966 and 1138969) is essentially

constant, increases in Mg vs Fe most likely result from co-precipitation of diopside

with magnetite. Magnetite is abundant and ubiquitous in units of the Cummins Range

so such a relationship is likely and may explain the unusual monomineralic pockets of

diopside mantled by magnetite observed petrographically (Figure. 2.4.5 e,f). Despite

a lack of data on element partitioning between diopside and magnetite in carbonate

systems, experimental partition coefficients from silicate melts demonstrate an

appreciably higher compatibility of Mg with respect to clinopyroxene compared to

associated magnetite and vice versa for Fe (Toplis and Corgne, 2002). Crystallising

magnetite preferentially sequesters Fe over diopside gradually driving the Mg# higher

as the liquid evolves. The high Mg# = 0.91 of the pegmatitic phlogopite-magnetite-

diopside-apatite clinopyroxenite (1138968) may represent the last fraction of the

parental liquid or an intrusion of undifferentiated Mg-rich melt. The lower Na/Ca ratio,

contrasting pegmatite texture, and homogeneity of composition suggests higher

H2O contents, most likely late-stage fluids interacting with parental melt.

Variations in ƒO2 could also impart similar partitioning behaviour on Mg vs

Fe. However, if this were the case its effect should be recorded by other minerals

sequestering redox variable elements and thus, the bulk rock Mg#. Comparing whole

rock Mg# with average Mg# of individual clinopyroxene of the same unit, it is apparent

the increasing Mg# of the clinopyroxene is not reflected the bulk rock Mg#. This

implies evolution of the clinopyroxene towards diopside-rich compositions possibly

results from the co-precipitation of diopside and magnetite from an increasingly Mg-

rich, carbonated parental melt. In silicate melts crystallisation of magnetite typically

occurs under relatively oxidising conditions (>FMQ). Crystallisation and fractionation

of significant proportions of magnetite can lead to a depletion of Fe in the residual

melt i.e. an initial increase in Fe in the melt by the fractional crystallisation of silicates

and minor magnetite and proceeded by a major crystallisation of magnetite and

relative depletion of Fe in the residual liquids. Unfortunately, at the CRCC both the

parental melt and crystallisation sequence is not known.
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Table 2.5.1: Average major-element composition (wt.%) of clinopyroxene from CRCC rock
units determined by EPMA.

Sample 1138975 1138974 1138966 1138968 1138969 1294428

Rock Unit Cpx Cpx Phl-Amph Phl-Amph Phl-Cpx Calc-Amph
n 15 15 15 15 10 14

SiO2 53.02 51.93 51.77 55.09 51.86 54.36
TiO2 0.45 0.78 0.79 0.49 0.89 0.18
Al2O3 1.18 1.59 1.75 0.26 1.52 0.24
FeOT 13.46 10.61 8.16 2.91 6.44 9.05
MnO 0.38 0.29 0.24 0.15 0.20 0.26
MgO 9.34 11.41 12.88 16.79 14.02 12.73
CaO 16.48 21.67 21.90 24.55 22.91 19.77
Na2O 4.23 1.49 1.23 0.30 0.82 2.73
Total 98.55 99.77 98.71 100.54 98.66 99.32

Cations per formula unit calculated on the basis of 6 O

Si 2.04 1.96 1.96 2.00 1.95 2.04
Ti 0.01 0.02 0.02 0.01 0.03 0.01
Al 0.05 0.07 0.08 0.01 0.07 0.01
Fe2+ 0.20 0.24 0.18 0.09 0.14 0.13
Fe3+ 0.24 0.10 0.08 0.00 0.06 0.15
Mn 0.01 0.01 0.01 0.01 0.01 0.01
Mg 0.54 0.64 0.73 0.91 0.79 0.71
Ca 0.68 0.88 0.89 0.95 0.92 0.79
Na 0.32 0.11 0.09 0.02 0.06 0.20
Total 4.08 4.03 4.03 4.00 4.02 4.05

Mg# 0.73 0.73 0.80 0.91 0.85 0.85
Na/Ca 0.46 0.12 0.10 0.02 0.06 0.25
CaMgSi2O6 27.11 32.56 36.87 45.94 39.74 35.63
CaFeSi2O6 22.53 17.45 13.52 4.72 10.54 14.63
NaFeSi2O6 15.96 5.52 4.57 1.06 3.03 9.95
Ca2Si2O6 34.40 44.46 45.05 48.27 46.68 39.79

n = number of analyses
FeOT = total Fe expressed as FeO
Mg# = Mg/(Mg+Fe2+)
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2.5.2 Trace element composition of clinopyroxene

Trace element concentrations of clinopyroxene were determined for several units of

the CRCC . Trace element concentrations show significant variations both within

and between individual rock units, occasionally by over two orders of magnitude. To

present an overview of these variations the mean of multiple analyses (n), along with

minimum and maximum values of clinopyroxene from individual units are reported

Table 2.5.2. The dispersion of measured values from the mean value is represented

by the parameter �. Occasional heterogeneities within mineral phases arising from

elemental fractionation, matrix effects, and most commonly inclusions, result in

concentration ‘spikes’ within individual elements that skew the data. To minimise

these effects the normalised interquartile range (NIQR) = IQR*0.7413 is used (�) as

an alternative to standard deviation as it provides more robust measurement of the

variance that is less affected by extremes.

Trace element signatures of clinopyroxene from each unit are broadly similar.

Each exhibit a strong enrichment in Zr and Hf and a relative enrichment in the high

field strength elements (HFSE) Nb and Ta (except the clinopyroxenite (1138974))

and less so Ti (Figure. 2.5.4). With the exception of Sr and Pb, the large ion

lithophile elements (LILE) vary significantly between rock units. Cs, K and Rb

are uniquely enriched in clinopyroxene from the clinopyroxenite (1138975). This

enrichment of nominally mobile elements produces a distinct trace element pattern

that distinguishes the clinopyroxenite from the other units. As this sample is located

towards the outer margin of the complex the enrichment may result from wall-rock

interactions. Furthermore, this sample is uniquely proximal to the small satellite

carbonatite body and so potentially interacted with late stage fluids exsolved from

this i.e. fenitised. Th and U are depleted within the pyroxenite (1138974) displaying

an increasing enrichment in later crystallising rock units.

Transition metals Zn, V, Mn and Co display strong positive correlations with

Na2+ (Figure. 2.5.5). Similar correlations between M2+ cations in clinopyroxene

from various carbonatites are reported by Reguir et al. (2012). Increasing Na2+

contents reflects a greater proportion of the aegirine end-member, essentially Na

and Fe. In sixfold coordination Fe2+ and Fe3+ have ionic radii of 0.61 and 0.64 Å
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respectively (Shannon, 1976). Assuming the oxidation state conditions were crustal,

and thus a few log units straddling the QFM-NNO region of log ƒO2-P-T space,

V is likely to be present as V3+ which has an ionic radius of 0.64 Å identical to Fe

(Rudnick and Gao, 2003). Similar arguments can also be made for elements like

Mn2+ and Co which, dependant on valence state and coordination, could have ionic

radii optimal for partitioning onto a site of ~0.70 Å in pyroxene (Wood et al., 1999).

Zn2+ has an ionic radius of 0.74 Å in six-fold coordination, which is very similar to

the ionic radius of Sc3+ (0.745 Å) (Shannon, 1976). Since Sc is well known to be

compatible in clinopyroxene (Gallahan and Nielsen, 1992), it is possible Zn2+ may

show a similar degree of compatibility, this is not observed. In fact, Sc becomes

increasingly enriched in clinopyroxene through the crystallisation sequence pyrox-

enite (1138974 and -75), altered-pyroxenite (1138969 and -68) to calc-amphibolite

(1294428) possibly reflecting an increased peralkalinity of the melt as the proportion

of Al decreases (Gallahan and Nielsen, 1992).

Clearly, the causes of the observed correlations are not apparent. Relative

trace element abundances also reflect the composition of the melt or fluid phase

they crystallised from. For example, low concentrations of Co, V, Ti and Zn may

be attributed to the co-crystallisation of Ti-magnetite in which they are much more

compatible (Nielsen and Beard, 2000; Toplis and Corgne, 2002).

2.5.2.1 REE patterns

All clinopyroxene REE distribution patterns are sinusoidal with a LREE-enriched peak

centred around Pr or Nd with a HREE trough similar to those reported within alkali-

syenitic and carbonatite complexes (Marks et al., 2004; Reguir et al., 2012). There

are, however, definite distinctions between individual rock units. Calcic (Na/Ca =

0.02) clinopyroxene (1138968) display steep LREE-enriched patterns with depleted,

flat HREE tail (La/YbCN= 5.82). Sodic-calcic clinopyroxene (Na/Ca = 0.06-0.12)

display similar relative LREE-enrichment with an increasingly pronounced HREE tail

(La/YbCN = 2.56-4.38) with the most sodic (aegirine) member (1138975) displaying a

pronounced HREE enrichment corresponding to a La/YbCN value of 1.18. Aegirine-

augite clinopyroxene from agpaitic syenitic rocks display similar REE patterns with

La/YbCN values of 0.1-2.9 (Marks et al., 2004).
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Figure 2.5.4: Averaged trace element concentrations of clinopyroxene from selected units
of the CRCC. Normalised values from McDonough and Sun (1992).
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Figure 2.5.6: REE distribution patterns of clinopyroxene from selected units of the CRCC.
Normalised values from McDonough and Sun (1995).

A strong correlation exists between Na2+ and the HREE, particularly Yb and

Lu. This enrichment of HREE in Na-rich (aegirine-augite) clinopyroxenes (1138975)

may reflect a general preference for trivalent REE as the incorporation of Na+

requires charge balance with a trivalent ion following the coupled substitution reaction

proposed for REE in clinopyroxene (Wood and Blundy, 1997):

Na+ + REE3+ ⇌ 2Ca2+ (2.5.1)

However, this process should also affect LREE, which are not significantly enriched

in the Na-rich end-member (1138975). Therefore, it seems more likely there is a

particular site size more prevalent within Na-rich minerals that is optimal for the

smaller ionic radii of the HREE. For calcic clinopyroxenes Ca2+ in sixfold coordination

has an ionic radius of 1.00 Å which is ideal for Pr3+ (0.99 Å) and Nd3+ (0.983 Å)

causing their strong compatibility.
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Table 2.5.2: Average trace element composition of clinopyroxene determined by LA-ICPMS from selected pyroxenite units of the CRCC.

Sample 1138975 1138974 1138968 1138969 1294428
Rock Type (n) Clinopyroxenite (14) Clinopyroxenite (25) Phl±Amph Pyroxenite (26) Phlogopite Pyroxenite (30) Calc-Amphibolite (16)

(ppm) Mean �1 Min Max Mean � Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Na 31949 8731 16082 40244 11463 661 8560 13100 2447 310 1882 5800 6518 1365 4482 8580 18808 3844 8056 28004
Mg n.a. - - - 74050 2539 69840 78350 98548 991 95700 100600 82964 2409 78360 87770 n.a. - - -
Si 241656 18888 201113 264840 243216 2595 238400 248700 235104 4856 226800 244300 232687 5875 225300 240500 242378 14264 219415 258156
Cl 136.7 10.0 117.1 156.3 459.0 15.9 432.0 484.0 366.7 243.7 118.4 555.0 270.1 208.3 119.6 444.0 131.0 8.1 112.6 142.9
K 1627 1691 5.9 5079 9.6 4.1 1.1 53.0 36.5 42.9 2.3 142.0 27.5 12.3 0.7 448.0 173.8 132.5 1.8 749.3
Sc 31.69 8.43 18.58 45.27 47.6 3.2 43.5 58.6 181 43 104 312 83.5 7.9 59.5 95.7 195 32 139 292
Ti 3055 826 2051 5456 4297 387 3138 5854 2709 356 2189 4080 4609 1191 3355 7040 1117 102 702 2177
V 457.5 103.0 308.4 614.2 245.6 23.7 184.1 279.4 43.85 7.95 31.59 76.63 123.4 33.3 81.40 180.8 340.4 103.9 118.5 587.0
Cr 29.38 17.72 9.67 45.05 14.54 2.21 9.25 28.1 0.85 0.18 0.64 1.36 47.36 28.45 4.44 97.15 1.09 0.15 0.88 1.46
Mn 2804 389 2187 3206 2300 159 1903 2586 1099 65 986 1380 1554 131 1347 1890 1894 154 1399 2141
Co 22.59 2.23 17.62 28.41 26.21 2.03 21.91 29.63 9.03 0.50 8.43 10.00 18.98 1.73 16.50 23.31 9.02 1.02 7.33 12.49
Ni 15.45 6.48 4.26 26.72 11.52 2.12 8.97 15.18 0.51 0.26 0.23 0.95 19.59 5.62 13.83 29.63 0.40 0.11 0.16 0.89
Cu 4.35 4.40 0.94 16.93 1.26 0.42 0.29 13.53 2.84 0.68 0.07 49.00 0.66 0.15 0.14 7.90 0.69 0.09 0.30 2.21
Zn 136.2 18.2 100.2 171.2 67.81 5.04 55.22 74.60 26.15 4.82 22.06 33.57 45.30 7.04 35.89 55.10 65.75 8.88 44.62 89.57
Ga 10.03 2.42 7.14 13.01 4.89 0.40 3.15 5.80 2.65 1.21 1.60 6.38 6.53 1.57 3.57 11.87 5.92 0.68 4.28 6.68
Rb 11.70 14.31 0.03 31.76 0.12 0.08 0.00 0.84 0.08 0.06 0.00 0.40 0.09 0.02 <0.01 1.34 0.43 0.42 0.02 2.10
Sr 256.3 38.3 191.7 432.0 539.3 127.7 397.7 681.4 259.8 30.1 216.4 378.0 321.7 27.4 272.9 412.1 223.2 128.1 118.2 408.7
Y 10.24 1.62 6.68 14.83 8.71 0.55 6.20 13.21 10.83 2.48 6.74 22.38 7.77 2.29 5.06 12.77 11.72 0.85 10.18 14.19
Zr 666.2 259.0 374.1 1184 857.0 191.1 557.9 1166 297.4 180.0 113.0 774.9 1083 585 365.0 1829 869.4 256.3 523.7 1143
Nb 4.10 2.62 0.17 30.1 0.58 0.12 0.13 1.03 1.29 0.48 0.22 9.50 1.08 0.43 0.21 9.40 3.09 2.43 0.18 8.43
In 0.64 0.10 0.50 0.77 0.56 0.03 0.51 0.70 0.46 0.09 0.28 0.86 0.52 0.06 0.39 0.63 1.61 0.48 1.14 2.18
Cs 0.53 0.50 0.01 2.25 0.01 0.00 0.01 0.01 0.01 0.01 0.00 0.02 0.01 0.02 0.00 0.03 0.05 0.05 0.00 0.16
Ba 18.98 23.23 0.24 47.22 0.32 0.14 0.01 2.82 13.52 7.19 0.29 128.00 3.97 2.19 0.05 32.40 6.08 6.46 0.16 24.95
La 5.82 1.47 3.83 11.68 6.34 1.49 3.74 10.83 6.76 1.40 4.67 12.90 5.56 0.95 2.72 11.13 5.62 0.99 4.10 8.48
Ce 18.90 4.23 13.22 35.68 20.44 4.20 12.49 33.90 26.31 4.56 19.40 41.70 17.19 4.03 8.54 24.67 23.54 3.26 18.16 34.57
Pr 2.95 0.66 2.05 6.30 3.33 0.62 2.10 5.40 4.86 0.92 3.46 8.41 2.72 0.89 1.44 4.08 4.33 0.58 3.21 6.28
Nd 14.03 2.89 9.56 27.89 16.04 2.58 10.45 26.15 26.12 4.64 18.65 45.80 13.29 4.42 7.17 19.99 23.55 2.78 17.53 33.63
Sm 3.38 0.75 2.29 6.44 3.79 0.34 2.66 6.00 6.63 1.38 4.50 12.31 3.45 1.11 1.86 5.21 6.48 0.71 4.91 8.77
Eu 1.03 0.18 0.70 1.85 1.17 0.08 0.83 1.81 2.00 0.41 1.31 3.68 1.12 0.34 0.66 1.64 2.00 0.27 1.60 2.61
Gd 3.00 0.42 1.95 5.74 3.29 0.28 2.32 5.17 5.53 1.20 3.59 10.89 3.12 0.96 1.88 4.27 5.26 0.58 4.30 7.01
Tb 0.42 0.06 0.28 0.78 0.43 0.03 0.30 0.66 0.68 0.16 0.45 1.35 0.41 0.12 0.25 0.58 0.71 0.08 0.61 0.89
Dy 2.45 0.34 1.53 4.06 2.26 0.13 1.64 3.51 3.38 0.75 2.31 6.66 2.19 0.59 1.40 3.37 3.81 0.44 3.18 4.70
Ho 0.44 0.06 0.30 0.67 0.36 0.03 0.26 0.55 0.49 0.11 0.30 0.99 0.34 0.08 0.22 0.55 0.58 0.04 0.48 0.67
Er 1.23 0.24 0.80 1.78 0.95 0.07 0.70 1.44 1.05 0.22 0.66 2.16 0.82 0.21 0.53 1.29 1.33 0.14 1.13 1.52
Tm 0.23 0.06 0.15 0.30 0.15 0.01 0.11 0.22 0.12 0.03 0.08 0.25 0.11 0.03 0.07 0.18 0.18 0.02 0.15 0.21
Yb 2.18 0.67 1.37 2.89 1.28 0.10 1.09 1.86 0.79 0.19 0.54 1.77 0.86 0.25 0.58 1.28 1.49 0.17 1.20 1.88
Lu 0.45 0.17 0.27 0.64 0.27 0.02 0.21 0.38 0.14 0.03 0.07 0.33 0.17 0.04 0.12 0.25 0.31 0.05 0.24 0.42
Hf 18.1 5.4 9.7 37.3 26.6 4.9 18.7 36.0 22.9 10.7 8.41 64.3 45.5 14.3 15.6 63.4 52.9 15.3 26.9 71.3
Ta 0.11 0.04 0.01 1.06 0.04 0.02 <0.01 0.11 0.06 0.03 0.01 0.55 0.07 0.06 0.01 0.21 0.07 0.03 0.01 0.23
Pb 0.50 0.12 0.38 0.64 0.18 0.02 0.14 0.31 0.26 0.11 0.11 0.65 0.47 0.05 0.11 8.80 0.61 0.19 0.32 1.03
Th 0.20 0.17 0.02 0.74 0.01 <0.01 0.01 0.02 0.11 0.03 bdl 1.40 0.02 0.01 bdl 0.09 0.25 0.29 0.01 0.74
U 0.12 0.13 0.01 0.45 <0.01 - bdl 0.02 <0.01 0.02 bdl 0.38 0.03 0.02 <0.01 0.20 0.15 0.15 <0.01 0.83

ΣREE 56.5 - 38.5 105.2 60.1 - 39.0 97.8 84.8 - 60.0 145.2 51.3 - 28.1 72.8 79.2 - 63.2 110.8
(La/Yb)CN

a 1.81 - - - 3.35 - - - 5.82 - - - 4.38 - - - 2.56 - - -
Zr/Hf 36.8 - - - 32.2 - - - 13.0 - - - 23.8 - - - 16.4 - - -
Nb/Ta 36.1 - - - 14.9 - - - 21.5 - - - 15.8 - - - 47.4 - - -

n = number of analyses
n.a. = not analysed; - = not calculated; bdl = below detection limit

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).

114



2.5.3 Amphibole

Representative compositions of amphibole from selected rock units of the Cummins

Range are presented in Table 2.5.3. Amphibole-group minerals have the general

structural formula AB2C5T8O22W2 and mineral formulae are calculated on the basis

of 24 oxygen atoms per formula unit. The amphibole structure is characterised

by [4]-, [6]-, [8]- and [12]- co-ordinated cationic sites with an additional anionic

site occupied by OH and possibly F, Cl and O. Thus, not only is it compositionally

complex, the nomenclature and terminology used to describe the variations are

involved and often ambiguous. Amphiboles in this study are classified according

to the IMA 2012 recommendations (Hawthorne et al., 2012). Formula calculations

were performed using the Excel spreadsheet of Locock (2014) assuming an anion

(W-site) occupancy of 2 apfu where, OH = 2 - (F + Cl). Occupancy of the B-site

determines to which amphibole subgroup a phase belongs (Hawthorne et al., 2012).

Amphiboles of the CRCC are primarily Na-Ca amphiboles (Figure. 2.5.7) with

some Ca-amphibole (Figure. 2.5.8) and minor Na-amphibole also present. Primary

amphiboles are euhedral to subhedral crystals that replace, penetrate or overgrow

earlier phases and are often spatially associated with clinopyroxene. Correlations

between the Mg# of both phases in the same unit reflect this. Primary Na-Ca

amphiboles from the clinopyroxenite (1138975) are relatively Fe-rich and classified

as ferri-katophorite. Similarly, 1138974 contains ferri-katophorite but additionally

Na-amphiboles, namely magnesio-reibekite and magnesio-arfvedsonite. Amphibole

of the phlogopite amphibole pyroxenite (1138969) and calc-amphibolite (1294428)

is richterite. Both the clinopyroxenite (1138975) and the calc-amphibolite (1294428)

contain secondary Ca-amphibole, actinolite, which is texturally distinct from primary

amphiboles forming large single euhedral prisms or fibrous bunches within finely

lineated carbonate and apatite domains aligned parallel to sheared and recrystallised

zones. Under the employed IMA 2012 classification system actinolite plots within

the tremolite field (Figure 2.5.8.).
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Figure 2.5.7: Major element composition of amphiboles from selected units of the CRCC
plotted on the sodium-calcium classification diagram of Hawthorne et al. (2012).
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Variations in primary amphibole composition can be monitored through A- and B-site

occupancy, most noticeably the varying proportions of Ca and (Na+K) (Figure 2.5.9a).

Amphibole compositions evolve from ferri-katophorite, a sodic-calcic amphibole,

to more sodic varieties of magnesio-arfvedsonite and magnesio-reibekite. With

increasing differentiation of the parental liquid Na+ substitutes for Ca2+, which is

charge balanced by the substitution of Si4+ for Al3+ (Figure. 2.5.9b). This coupled

substitution can be expressed through the reaction:

BCa2++ T Al3+ → BNa++ T Si4+ (2.5.2)

where, T is tetrahedral and B is B-site.

K+ could substitute for Na+ in equation (2.5.2) but given K contents of the

amphiboles does not exceed 2.0 wt.% (ca. 0.4 K apfu) (Table. 2.5.3) it most likely

plays a subsidiary role. This suppression of Ca2+ and increase in Na+ suggests the

liquid crystallising amphibole and evolved to be increasingly alkali-rich. Amphibole

with the lowest Ca and highest Na concentrations, suggestive of a more evolved

melt, is from clinopyroxenite located towards centre of the complex (1138974).

The increasing Mg apfu in amphibole from progressively carbonate-rich units, like

clinopyroxene, supports a parental melt crystallising significant magnetite. Assuming

the clinopyroxenite (1138975) crystallised initially, continued fractionation of the

parental melt progressively crystallised clinopyroxene towards the centre of the

complex followed by phlogopite amphibole pyroxenite and calc-amphibolite as both

the pH2O and pCO2
increased. Crystallising predominantly ferromagnesian phases

in early units increases the relative abundance of alkalis (Na+K) in later units. This

could account for the observed increase in alkali contents of amphiboles from

clinoipryxoenite within the centre of the complex compared to the margin. However,

this trend does not continue in amphiboles from the later phlogopite-clinopyroxenite

and calc-amphibolite units (Figure. 2.5.9c) perhaps reflecting the crystallisation

of Na+K bearing phases such as phlogopite. Nonetheless, the contrasting high

alkali (Na+K) content of the central clinopyroxenite (1138974) is curious. Given

the proximity of this unit to the central carbonatite plug the high Na contents may

record a collar of fenitization. Fenite alteration is a common feature of alkaline
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rocks generally viewed to result from alkali-rich fluids expelled during cooling and

crystallising of carbonatitic or alkaline melt (Le Bas, 2008; Elliott et al., 2017). The

clinopyroxenite is pervasively veined by carbonate in places (Figure 2.4.2f) which

could provide the pathways for Na-rich fluids.

Amphiboles from the phlogopite amphibole clinopyroxenite (1294428) and calc-

amphibolite are richterite. Richterite is essentially a Na-Fe amphibole and the

compositional change could relate to the availability of Fe within the magma. The

Fe2+/Fe3+ ratio of a magma is controlled by ƒO2 and would is recorded by amphiboles

principally through the substitution of Fe2+ for Mg2+. Changes in the the oxidation

ratio Fe3+ /(Fe3+ + Fe2+) as a function of Mg# may elucidate changes in ƒO2 .

Primary amphiboles, much like the clinopyroxenes, demonstrate increasing Mg# as

the proportion of carbonate within rocks units increases. Given amphiboles often

replace clinopyroxene this increasing Mg# is most likely inherited, however, they

also become increasingly oxidised (Figure. 2.5.9d). This could indicate changes

in ambient variations in ƒO2 between units although the compatibility of Fe3+ is

affected by overall amphibole composition. For example, the incorporation of Na at

the expense of Ca is charge-balanced by M3+ cations in the exchange vector (Siegel

et al., 2017):

Ca2++ (Mg, Fe2+) = Na++ (Al, Fe3+) (2.5.3)

If Al becomes depleted Fe3+ may become increasingly important. In the case of

magnesio-riebeckite, which is present in the clinopyroxenite (1138974), the following

substitution reaction is equally important (Mian and Le Bas, 1986):

(K, Na)A+ Fe2+
C

⇋ �A+ Fe3+
C

(2.5.4)

Amphiboles in this unit display anomalously high concentrations Na+K and

proportions of Fe3+. It appears the proportion of Na may buffer the incorporation of

Fe3+ into the amphibole (Figure. 2.5.9f). Alternatively, high concentrations of F− and

OH− in the melt allow more Fe3+ to be present at a given ƒO2 (Giehl et al., 2013).

The high proportion of Fe3+ in amphibole was likely caused by an combination of

an abundance proportion of anions, notably F− and OH− in the evolving melt and

the incorporation of Na through charge balance. Whilst there is a weak correlation
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between oxidation state and F−, most obvious the clinopyroxenite, the relationship

is not robust (Figure. 2.5.9 e). A high anionic content within the evolving melt is

consistent with the abundance of apatite in these rocks. The proportion of apatite

increases significantly in calc-amphibolite units which perhaps explains the slight

drop in F−contents of amphiboles from these later evolved units.

Secondary amphibole is of actinolite composition distinguished by high CaO

contents (>11.0 wt.%) and low Na2O contents <2.0 wt.% (ca. 0.55 Na apfu) (Figure.

2.5.9a). Secondary anhedral blue/grey amphibole is prevalent in most rock units

commonly associated with carbonate and apatite. Clinopyroxenite (1138975) and

calc-amphibolite (1294428) contain actinolite and Ca and Fe2+-rich amphibole stable

at low pressures and temperatures, which are commonly a very-late stage matric

component or even a sub-solidus phase. (Mitchell, 1990) Late-stage magmas are

typically depleted in both Ca and Fe2+ essential to form actinolite. Given the last

forming rock unit is presumably carbonatite there would be sufficient Ca within the

final magmatic fluid. However, actinolite most likely represents a late secondary

phase formed from the interaction of late hydrothermal or magmatic fluids exsolved

from a cooling and decompressing magma reacting with and overprinting preexisting

minerals. The decomposition of H2O deuteric fluids or interaction with oxidised

meteoric water could enable the formation of Fe2+ through the reaction:

1

2
H2+Fe3++O2− →OH+Fe2+ (2.5.5)

Dissolution of calcite and other mineral phases by the same fluids could liberate

sufficient Ca to precipitate actinolite as a late stage overprint.
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Figure 2.5.9: Major element compositional variations of amphibole-group minerals from
selected units of the CRCC expressed in terms of (a) Ca apfu (calculated on the basis of 24
O) vs (Na+K) (combined in both A and B sites). (b) Si vs Al apfu. (c) Alkali contents (Na+K)
vs Mg apfu (d) Magnesium number, Mg# = Mg/(Fe2++ Mg) vs oxidation state (100*Fe3+/(Fe2+

+ Fe3+). (d) Fluorine content as a function of oxidation state. (e) Correlation of Na content of
amphiboles with increasing Fe3+ from charge balance substitution. Circles denote Na-Ca
amphiboles; diamonds denote Ca-amphiboles.
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Table 2.5.3: Average major-element composition (wt.%) of amphibole from selected rock
units of the CRCC determined by EPMA.

Sample 11389751 1138975 1138974 1138969 1294428 12944281

Rock Unit Cpx Cpx Cpx Phl-Cpx Calc-Amph Calc-
Amph

n 10 16 12 3 12 4

SiO2 54.07 52.39 53.21 51.05 53.02 55.17
TiO2 0.05 0.74 0.52 0.51 0.56 0.09
Al2O3 0.60 2.84 1.43 3.84 2.96 1.49
FeOT 16.30 13.95 16.73 6.88 8.64 9.13
MnO 0.44 0.48 0.15 0.23 0.28 0.27
MgO 13.43 14.83 13.52 20.10 19.17 19.21
CaO 11.93 5.76 2.08 8.15 7.38 11.35
Na2O 0.62 4.82 7.04 5.39 5.00 1.84
K2O 0.11 1.50 1.48 0.32 0.78 0.17
P2O5 0.21 0.09 0.07 n.a. n.a. n.a.
F bdl 0.83 1.27 0.61 0.81 0.39
Cl - - - - - -
Initial Total 97.75 98.24 97.51 97.08 98.61 99.11
−O ≡ F, Cl 0.00 0.35 0.53 0.26 0.34 0.16

Total 97.75 97.89 96.98 96.82 98.27 98.95

Number of cations calculated on the basis of 24 O (Assuming anions (OH,F,Cl) = 2 apfu)

Si 7.90 7.62 7.82 7.28 7.51 7.71
Ti 0.01 0.08 0.06 0.05 0.06 0.01
Al 0.10 0.49 0.25 0.65 0.49 0.25
Fe2+ 1.95 1.40 1.38 0.35 0.74 0.82
Fe3+ 0.04 0.30 0.67 0.47 0.29 0.24
Mn 0.05 0.06 0.02 0.03 0.03 0.03
Mg 2.93 3.22 2.96 4.27 4.05 4.00
Ca 1.87 0.90 0.33 1.24 1.12 1.70
Na 0.18 1.36 2.01 1.49 1.37 0.50
P 0.03 0.01 0.01 0.00 0.00 0.00
K 0.02 0.28 0.28 0.06 0.14 0.03
OH* 2.00 1.62 1.41 1.73 1.64 1.83
F 0.00 0.38 0.59 0.27 0.36 0.17
Cl 0.00 0.00 0.00 0.00 0.00 0.00

Cations Total 15.08 15.71 15.79 15.89 15.80 15.30

IMA 2012 Classification parameters (Hawthorne et al. 2012)

ΣM2+ 0.01 0.17 0.18 0.09 0.17 0.07
BCa 1.87 0.90 0.33 1.24 1.12 1.70
BNa 0.12 0.93 1.50 0.66 0.71 0.23
BCa/B(Ca + Na) 0.94 0.49 0.18 0.65 0.61 0.88
BNa/ΣB 0.06 0.47 0.75 0.33 0.36 0.12
Mg/(Mg+Fe2+) 0.60 0.70 0.68 0.92 0.85 0.83
Subgroup Ca Na-Ca Na-Ca Na-Ca Na-Ca Ca

1 Secondary amphibole - Actinolite
n = number of analyses∑

M2+ = (Mg+Fe2++Mn2+)
B X = B cation groups
FeOT = total Fe expressed as FeO
*OH estimated on the basis of stoichiometry (OH,F,Cl) = 2.00 apfu
Structural formulae calculated using method of Locock (2014).
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2.5.4 Trace element composition of amphibole

Trace element signatures of amphibole are comparable with clinopyroxene reflecting

amphibole replaces clinopyroxene within the CRCC. Consequently amphibole ex-

hibits significant variations in trace element concentrations, a result of mixing both

inherited and intrinsic trace element profiles. The overall concentrations are dimin-

ished within amphibole compared to clinopyroxene. For example, like clinopyroxene,

amphibole exhibits a strong enrichment in Zr and Hf. However, the Zr concentrations

within amphibole are ~390 ppm in comparison with ~765 ppm in clinopyroxene.

An exception to this is Nb (and Ta) which is 30-40 ppm in amphibole compared

to 3-4 ppm in clinopyroxene within the same rock units (clinopyroxenite and calc-

amphibolite). This is consistent with mineral partitioning data from silicate systems

that consistently show a preference of pentavalent HFSE in amphibole in compar-

ison to clinopyroxene (Ionov and Hofmann, 1995; Oberti et al., 2000). Amphibole

also exhibits higher concentrations of transitions metals (Cr, Co, Mn, Ni, Cu, Zn),

Ga and Rb. The enrichment of these elements relative to clinopyroxene is most

likely because of the structural differences between the two minerals. Amphibole

is characterised by five cation sites which, depending on the site, have an average

cation-anion bond distance of 2.03 Å to 3.18 Å compared with 2.02 Å to 2.50 Å in

clinopyroxene-group minerals (Makino and Tomita, 1989; Thompson and Downs,

2008; McCarthy et al., 2008). The twelve-coordinated A-site in amphibole, which is

absent in clinopyroxene, can accommodate numerous cations with radii ranging from

ca. 1.4 to 1.7 Å, covering most of the aforementioned elements. The availability of

cations is strongly dependant on the partitioning into other minerals associated with

or crystallising earlier than amphibole. Many of the enriched elements, such as Nb,

are incompatible elements. Amphibole forms later in the crystallisation sequence

there may be an increase in the proportion of these elements within the evolving

melt.

Late-stage secondary Ca-amphiboles (actinolite) from the clinopyroxenite show

much lower trace element abundances in comparison to primary Na-Ca amphiboles.

High levels of mobile elements such as Cs, Pb and Rb suggests a hydrothermal

origin . However, it is through examination of the REE patterns that the differences
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Figure 2.5.10: Averaged trace element concentrations in Na-Ca and Ca-amphibole from
selected units of the CRCC. Normalising values from McDonough and Sun (1992).

between Ca and Na-Ca amphiboles are most apparent.

2.5.4.1 REE patterns

Normalised REE patterns of amphibole at the CRCC largely majority display a

sinuous profile broadly similar to that described for clinopyroxene (2.5.2) with total

average REE contents of amphiboles approximately one order of magnitude less;

ΣREE = 73 ppm in amphibole cf. ΣREE = 145 in clinopyroxene. Amphibole profiles

displays a relative HREE enrichment, corresponding to average La/YbCNratios of

1.32 within the pyroxenite and La/YbCN = 0.95 within phlogopite-pyroxenite. Similar to

clinopyroxene, REE enrichment in Na-amphibole may reflect a preference for trivalent

REE through the coupled substitution of Na+ (2.5.1). However, like clinopyroxene,

this mechanism does not account for the sinusoidal pattern as all REE would be

taken up equally or centred around a single optimal ionic radii.

REE in amphibole are distributed over several structural sites, a function of the

B-site composition (i.e. Ca vs Na) (Tiepolo et al., 2000), implying multiple crystal-

chemical mechanisms of REE incorporation are involved (Bottazzi et al., 1999).
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The general assumption REE3+ substitute for Ca in eight-fold coordination should

perhaps be considered as Ca-poor minerals such as zircon, pyrope garnet and

orthopyroxene all preferentially accept heavier REE.

In contrast to the sinuous pattern of the Na-Ca amphibole, secondary Ca-

amphibole (actinolite) display flat, relatively less enriched REE patterns with strongly

developed negative Eu (Eu/Eu* = 0.24 to 0.88) and Ce (Ce/Ce* = 0.25 to 0.98)

anomalies. The origin of such anomalies is complex. Texturally, actinolite appears

to be hydrothermal. If these hydrothermal fluids were late stage magmatic, a Ce

anomaly may arise if the majority Ce4+ was sequestered in Zr-minerals calzirtite or

zirconolite. The removal of Ce4+ would create a negative Ce anomaly which would

be inherited by the precipitating actinolite. The Eu2+ /Eu3+ ratio is also complex

and although a negative anomaly may suggest oxidised conditions, the equilibrium

constant for the proportion of Eu2+ /Eu3+ in some hydrothermal fluids shows a factor

of 3 dependance on pH as opposed to a factor of 0.25 with ƒO2 (Brugger et al.,

2008).
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Table 2.5.4: Average trace element composition of amphibole from selected units of the CRCC determined by LA-ICPMS .

Sample 1138975 (Na-Ca) 1138975 (Ca) 1138969 (Na-Ca) 1294428 (Na-Ca)
Rock Unit (n) Clinopyroxenite (9) Clinopyroxenite (16) Phlogopite Pyroxenite (25) Calc-Amphibolite (14)

Mean �1 Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Na 27377 7535 16560 35630 6241 1115 4410 9380 41590 1056 38450 43300 37579 34130 39700
Mg 99124 10773 89610 110600 88418 5652 80900 92720 143345 852 141100 144800 n.a. - - -
Cl 157.0 9.8 147.0 181.0 154.5 15.8 140.2 185.0 146.8 7.0 137.8 161.0 153.7 7.2 142.9 165.1
K 11290 3064 7070 14310 1950 594 854 8740 3254 502 2654 4036 8944 545 6396 9535
Ca 61657 18421 42810 99400 97939 8979 78300 185000 69550 3206 61280 114000 52486 1872 48510 57760
Sc 26.6 6.5 15.0 35.2 6.7 3.0 3.6 17.7 156.3 48.4 52.0 324 98.0 9.3 85.9 135.5
Ti 3784.3 866.2 1840.0 5470.0 227.8 75.7 98.4 687.0 3422 656 2277 4465 3616 708 1368 4394
V 208.3 40.9 175.8 257.0 219.0 126.6 100.0 481.0 152.8 39.8 109.0 197.6 183.8 30.5 155.3 254.2
Cr 32.4 14.1 11.9 91.3 4.1 1.4 1.0 18.2 74.8 14.2 28.8 110.6 1.1 0.1 1.0 1.2
Mn 3780 148 3585 3998 4010 423 3222 4850 2064 403 1676 2428 2410 76 2278 2481
Fe 74071 10425 62050 84200 82852 6990 77940 91050 38880 1201 36710 42230 n.a. - - -
Co 32.91 3.42 29.64 37.65 32.31 2.60 28.91 35.21 21.76 3.50 15.77 28.16 17.57 1.38 15.82 20.71
Ni 38.81 5.97 33.23 51.00 71.61 24.39 26.70 234.10 39.25 18.09 19.88 77.50 0.91 0.14 0.76 1.08
Cu 3.99 1.58 2.05 9.22 6.46 5.03 0.32 41.80 1.12 0.04 1.03 1.35 1.46 0.08 0.99 4.80
Zn 297.1 23.7 261.6 355.4 350.7 28.9 262.7 389.8 112.2 24.4 84.8 134.3 166.4 33.3 137.8 214.7
Ga 8.74 1.48 7.28 10.54 4.57 0.97 2.99 13.00 21.12 2.05 18.96 23.63 22.50 2.23 17.99 25.45
Rb 3.99 0.80 2.78 5.52 5.53 0.16 0.14 72.30 0.32 0.08 0.21 0.73 1.18 0.20 0.95 1.56
Sr 223 86 160 329 365 117 105 2720 175 6 103 830 100 14 63 147
Y 7.64 6.42 2.45 13.80 1.90 0.91 0.72 4.54 1.64 0.55 0.83 3.33 2.93 0.95 1.72 4.20
Zr 352 92 228 644 34.07 15.92 5.96 211 840 610 234.1 2107 612.9 125.5 228.1 760
Nb 16.55 7.34 9.10 30.80 0.58 0.45 0.13 2.73 1.50 0.46 0.85 3.41 38.01 16.69 5.19 62.40
In 0.37 0.03 0.33 0.48 0.23 0.10 0.15 0.38 2.60 0.42 1.99 3.13 1.12 0.16 0.96 1.31
Cs 0.04 0.03 0.01 0.09 0.24 0.09 0.01 1.87 0.01 0.01 0.01 0.02 0.03 0.01 0.01 0.04
Ba 12.71 2.14 10.33 16.06 14.52 5.02 1.38 92.10 20.49 10.32 8.48 36.50 25.92 9.15 18.19 36.00
La 2.86 2.51 0.80 9.30 0.53 0.80 0.02 1.91 0.98 0.24 0.70 1.76 1.87 0.51 0.85 3.07
Ce 8.69 7.32 2.38 28.90 0.54 0.57 0.08 1.65 2.90 0.79 2.05 5.42 6.17 1.43 3.23 7.87
Pr 1.20 1.01 0.35 3.85 0.12 0.15 0.02 0.37 0.45 0.13 0.30 0.84 0.99 0.23 0.56 1.23
Nd 5.22 4.48 1.60 16.10 0.54 0.56 0.19 1.44 2.23 0.64 1.46 3.94 4.94 1.14 2.86 6.21
Sm 1.25 1.24 0.37 3.58 0.18 0.05 0.10 0.37 0.58 0.15 0.35 1.00 1.24 0.24 0.74 1.65
Eu 0.37 0.36 0.12 1.02 0.04 0.01 0.02 0.09 0.18 0.05 0.12 0.30 0.38 0.07 0.25 0.50
Gd 1.23 1.49 0.42 3.05 0.28 0.11 0.16 0.52 0.54 0.12 0.29 1.03 0.98 0.22 0.62 1.32
Tb 0.19 0.24 0.06 0.47 0.05 0.02 0.03 0.09 0.06 0.02 0.04 0.13 0.13 0.03 0.08 0.19
Dy 1.25 1.45 0.40 2.81 0.37 0.16 0.14 0.65 0.37 0.08 0.20 0.85 0.76 0.19 0.42 1.11
Ho 0.28 0.25 0.09 0.59 0.07 0.04 0.03 0.16 0.06 0.01 0.03 0.13 0.14 0.05 0.08 0.22
Er 0.93 0.60 0.38 1.70 0.20 0.10 0.07 0.62 0.20 0.07 0.11 0.37 0.43 0.13 0.25 0.62
Tm 0.17 0.09 0.10 0.26 0.03 0.01 0.01 0.10 0.05 0.02 0.02 0.07 0.09 0.02 0.06 0.11
Yb 1.48 0.27 1.07 2.18 0.23 0.11 0.07 0.79 0.70 0.26 0.41 1.03 1.01 0.14 0.75 1.20
Lu 0.30 0.04 0.23 0.41 0.05 0.02 0.01 0.13 0.23 0.08 0.16 0.31 0.24 0.02 0.20 0.27
Hf 10.0 2.6 5.6 17.0 1.1 0.3 0.2 5.8 22.7 10.7 6.0 48.6 29.6 5.7 13.2 36.9
Ta 0.24 0.16 0.08 0.73 0.01 0.01 0.00 0.03 0.02 0.01 0.01 0.04 1.08 0.56 0.06 1.92
Pb 1.09 0.16 0.88 1.31 0.54 0.31 0.17 1.92 0.30 0.06 0.20 0.50 0.94 0.26 0.51 1.46
Th 0.15 0.23 0.01 0.41 0.09 0.07 0.01 0.49 0.02 0.01 0.00 0.06 0.16 0.15 0.03 0.46
U 0.12 0.18 0.01 0.40 0.05 0.04 0.01 0.10 0.01 0.02 0.00 0.07 0.08 0.12 0.01 0.26

ΣREE 25.39 - 9.99 73.47 3.23 - 1.34 7.51 9.53 - 6.35 16.19 19.38 - 10.95 24.64
(La/Yb)CN

a 1.32 - - - 1.58 - - - 0.95 - - - 1.26 - - -
Zr/Hf 35.32 - - - 31.16 - - - 36.97 - - - 20.71 - - -
Nb/Ta 67.73 - - - 72.64 - - - 66.70 - - - 35.29 - - -
(Eu/Eu*) 0.56 0.15 0.24 0.88 - - - - - - - - - - - -
(Ce/Ce*) 0.69 0.36 0.25 1.13 - - - - - - - - - - - -

n = number of analyses
n.a. = not analysed; - = not calculated; bdl = below detection limit

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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2.5.5 Phlogopite

Biotite (sensu lato) is a major constituent of many rock units within the Cummins

Range Complex predominantly occurring in silicate dominated units. However, it

is found in carbonatite units that display evidence of recrystallisation and/or hydro-

thermal alteration (Reguir et al., 2009). Average major element compositions of

biotite from selected units within the Cummins Range Complex are presented in

Table. 2.5.5. All micas are ferromagnesian trioctahedral, forming what is known as

the biotite series (Rieder et al., 1998). Variations in composition can be expressed

through the relative proportions of Al, Mg and Fe (Figure. 2.5.12). Analysed micas

are relatively restricted in composition with MgO contents of 11.5-22.3 wt.% (2.7-

4.8 apfu Mg) and mostly plot close to the Mg-rich end member phlogopite (Figure.

2.5.12). Mica from the clinopyroxenite (1138975) deviates from this composition

straddling the phlogopite-annite boundary indicating a preponderance for Fe2+ over

Mg in the octahedrally coordinated site. These intermediate composition micas are

normally referred to as biotite (Rieder et al., 1998).

Phlogopite compositions in carbonatites are chemically sensitive to the availabil-

ity of Al as well as the Mg# of the crystallising magma. The variation in Mg# between

micas of different units reflects the compositional heterogeneities observed of other

minerals in the same units. Clinopyroxenite micas (1138975) have low Mg# as Fe

is fractionated during the evolution of the initial parental magma thus precipitating

relatively Fe-rich phlogopite (Mg# = 0.48). Subsequently, crystallisation of signific-

ant amounts of magnetite progressively removes Fe to form a parental liquid that

precipitates higher Mg# phlogopite (i.e. Mg# = 0.71 and 0.83). Al2O3 values are

relatively restricted, ranging from 11.5-14.1 wt.% (ca. 2.0-2.4 apfu) with the highest

concentrations in the phlogopite-amphibole pyroxenite and calc-amphibolite. Micas

of carbonatites complexes typically evolve towards Fe3+-rich Al-poor teraferriphlo-

gopite (e.g Mount Weld (Middlemost, 1990), Sokli (Lee et al., 2003) and Uganda

(McCormick and Le Bas, 1996). Despite significant increases in Fe/(Fe+Mg) the

Al2O3 contents of phlogopite from the CRCC are relatively unchanged indicating

little Al depletion of the evolving melt.

Phlogopite from the clinopyroxenite towards the core of the complex (1138974)
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is noticeably enriched in F (>1.0 apfu) designating it fluorophlogopite. This F

enrichment is restricted to this unit and also recorded with the amphibole. An

increase of F content in phlogopite is correlated with a decrease in water activity

of the melt (Foley, 1989). F enrichment in phlogopites from the margins of the

clinopyroxenite may indicate increasing CO2 activity of the melt as the relative

proportion of carbonate increases.

Micas of the clinopyroxenite (1138975) commonly exhibit an A-site deficiency

caused by a reduction in K content (1.345 apfu). This loss of K and increase in

FeOT at constant Al is characteristic of a mixture of vermiculite and biotite formed

from hydrothermal alteration forming of hydrobiotite. Indeed many phlogopites within

the CRCC exhibit dark brown, turgid patches indicative of alteration to hydrobiotite,

commonly with chloritic margins.
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Figure 2.5.12: Major element nomenclature diagrams for trioctahedral micas from the
Cummins Range. (a) Mg# (Mg/(Mg+Fe)) vs IVAl apfu. Dashed lines denote approximate
end-member compositional fields. (b) Fe-Mg-Al ternary. Structural formulae calculated on
the basis of 22 O. Compositional boundaries were calculated assuming simple end-member
mixing between annite, phlogopite, siderophyllite and eastonite only. End-member mineral
formula taken from Rieder et al. (1998).
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Table 2.5.5: Average EPMA analyses (wt.%) of phlogopite from the CRCC.

Sample 1138975(2) 1138974 1138969 1294428
Rock Unit Cpx Cpx Phl-Cpx Calc-

Amph
n 15 15 9 15

SiO2 36.89 40.21 38.95 39.08
TiO2 1.22 1.37 1.71 1.05
Al2O3 11.91 11.54 14.11 13.20
FeOT 22.33 13.40 8.30 13.79
MnO 0.33 0.10 0.24 0.22
MgO 11.63 18.83 22.30 19.11
CaO 0.23 0.08 0.06 0.13
Na2O 0.14 0.17 0.72 0.27
BaO 0.11 0.17 0.42 0.28
K2O 6.60 9.50 8.96 9.65
F 0.53 2.36 0.33 0.57
Cl 0.07 0.00 0.04 0.04

Initial Total 91.99 97.72 96.14 97.39
−O ≡ F,Cl 0.24 1.0 0.15 0.25

Total 91.75 96.73 96.00 97.14

Structural formulae calculated on the basis of 22 O

Si 5.898 5.952 5.620 5.734
Al 2.102 2.014 2.380 2.266
ΣT-site 8.000 7.966 8.000 8.000

Al 0.142 0.000 0.020 0.016
Ti 0.147 0.153 0.186 0.116
Fe 2.986 1.659 1.001 1.692
Mn 0.044 0.012 0.030 0.028
Mg 2.772 4.154 4.798 4.178
ΣR-site 6.092 5.978 6.035 6.030

Ca 0.039 0.013 0.010 0.021
Na 0.044 0.049 0.202 0.077
Ba 0.007 0.010 0.024 0.016
K 1.345 1.794 1.649 1.807
ΣA-site 1.435 1.865 1.884 1.921

F 0.270 1.106 0.149 0.262
Cl 0.018 0.000 0.011 0.010
OH* 3.712 2.894 3.840 3.728
ΣX-site 4.000 4.000 4.000 4.000

Cations Total 15.527 15.809 15.919 15.951

Mg# 0.48 0.71 0.83 0.71
Al Total 2.244 2.014 2.400 2.282
Mn/(Mn+Fe) 1.468 0.721 2.872 1.611
Fe+Mn+Ti-Al[VI] 3.035 1.823 1.197 1.819
Al/(Al+Si) 0.28 0.25 0.30 0.29

n = number of analyses
Mg# = Mg/(Mg+Fe)
FeOT total Fe expressed as FeO
Detection limits: NiO2, Cr2O3 and P2O5 <0.03 wt.%.
*OH estimated from stoichiometry
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2.5.6 Trace element composition of phlogopite

The average and range of trace-element concentrations recorded in phlogopite

from examined units of the CRCC are displayed in Table 2.5.6. Trace element

concentrations show significant heterogeneity even within a single unit a reflection

that phlogopite is variably altered to both hydrobiotite and chlorite. Phlogopite of

the CRCC are enriched in LILE elements (Rb up to 546 ppm, Cs ≤ 28 ppm, Ba

≤ 2075 ppm and K ~7310 ppm) and also HFSE which show significant variations

depending upon which unit they originate from. Ba contents of phlogopite within

carbonatite deposits are highly variable ranging from 0 (Kovdor, Russia) to 10wt.%

(Jacupiranga, Brazil) (Reguir et al., 2009). Relatively high Ba content phlogopite

is characteristic of silica-undersaturated rock types. The clinopyroxenite and calc-

amphibolite of Cummins Range contain ≤1.8 ppm Zr, 200-300 ppm V, and 1-9 ppm

Nb contrasting with phlogopite pyroxenites that contain 10-20 ppm Zr, 50-100 ppm V,

and 20-30 ppm Nb. V and Zr contents of CRCC phlogopite compare well with other

carbonatites (4-365 ppm V; ~105 ppm Zr), the Nb content is significantly lower (cf.

1080 ppm Nb) (Reguir et al., 2009). Transition metal contents of CRCC phlogopite

are variable but noticeably lower than those observed in other carbonatite complexes

(e.g. 20.9 ppm Cr and ≤ 220 ppm Ni) (Figure. 2.5.14b.). With the exception of

phlogopite from sample 1138974, which is much higher (~100 ppm), Co is <75 ppm

in accordance with compositions measured by Reguir et al. (2009). Th and U are

relatively abundant with average U contents ~0.17 ppm and Th ~0.12 ppm.

The Na and Sc content of phlogopite from the CRCC (Figure. 2.5.14a.) reveals

a potential distinction of primary ‘unaltered’ phlogopite with Na contents >3500 ppm

and Sc >4.5 ppm in within phlogopite pyroxenite (1138969 and 68) compared with

altered phlogopite that has lost both Na and Sc within the other samples. This

Na loss potentially arose during the interaction of primary phlogopite with fluids

during conversion to hydrobiotite and breakdown chlorite. Whilst the nature of the

correlation is not apparent variation of Zn with V (Figure. 2.5.14c.) supports the

observation that phlogopite from the phlogopite-rich pyroxenite units are distinct from

those within the pyroxenite and calc-amphibolite units which themselves appear to

have experienced a similar history.
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Figure 2.5.13: Variations in trace element abundances of phlogopite from selected units of
the CRCC. Normalising values from McDonough et al. (1992).

2.5.6.1 REE patterns

REE contents of phlogopite are low and reveal a relative LREE enrichment typically

La <1.5 ppm and Lu 0.01 ppm. A positive Eu anomaly with an average (Eu/Eu*)

value of 2.4 is observed within all examined phlogopite of the CRCC. A positive Ce

anomaly is potentially recorded in phlogopite from pyroxenite (1138975 and 74),

(Ce/Ce*) values of 1.8 and 22.2 respectively. Given the concentrations of REE are

>0.7 ppm (with the exception of Ce) the analysis are highly susceptible to spikes

in concentrations. Consequently, Ce anomalies should be treated with caution,

particularly as the number of analyses is relatively low. Furthermore, the spurious

HREE enrichment (Er-Lu) observed within the pyroxenite (1138974) is likely to be

an analytical artefact.

Nonetheless, REE patterns of phlogopite from different units within in the CRCC

show distinct correlations. Phlogopite from pyroxenite units have a lower overall REE

abundance and potentially record both positive Ce and Eu anomalies. Phlogopite

from phlogopite-pyroxenite units (1138968 and 69) display steep log-linear LREE
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enrichment trends with (La/Yb)CN values of 8.4 and 58.3 respectively. Phlogopite

from calc-amphibolite show, on average, lower concentrations of La and much

higher Sm and mid-REE abundances. The most enriched ΣREE show a positive

correlation with Ca content of the phlogopite (Figure. 2.5.14d.). This pattern of less

pronounced LREE enrichment, higher middle REEs and moderate negative slope of

HREE, suggests phlogopite from the calc-amphibolite units crystallised after or with

a LREE enriched phase, particularly in La and Ce. Alternatively, LREE (La, Ce ± Pr)

may have been leached, sub-solidus, by late-stage metasomatic fluids which were

certainly prevalent at the CRCC.
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Table 2.5.6: Trace element concentration of phlogopite from selected units of the CRCC determined by LA-ICP-MS.

Sample 1138975 1138974 1138968 1138969 1294428
Rock Unit(n) Clinopyroxenite(6) Clinopyroxenite(7 ) Phl-mag-diop-apt Pyroxenite(12) Phlogopite Pyroxenite(13) Calc-amphibolite(17 )

(ppm) Mean �1 Min Max Mean � Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Si 107586 6711 102958 112892 103017 3766 96939 109427 113165 2952 110600 119200 99253 2203 96151 103138 97216 14310 83417 109608
Na 893 403 565 1515 2171 927 615 7514 4205 454 1912 4971 6181 914 4259 7720 2059 365 1634 2512
Mg n.a. - - - 109442 2354 100643 114507 n.a. - - - n.a. - - - 110517 5906 105647 118609
P n.a. - - - 39.72 10.28 33.23 57.57 n.a. - - - n.a. - - - 28.86 1.87 26.44 30.76
S n.a. - - - 994 59 909 1051 n.a. - - - n.a. - - - 992 19 960 1023
Cl 215.8 12.4 198.5 226.7 197.1 60.4 154.5 260.3 169.2 7.5 145.0 187.0 151.0 14.5 127.0 173.2 157.2 24.1 132.7 183.7
K 55836 5604 50039 60802 51487 4864 45506 63339 74518 1030 68980 76500 77008 956 75356 79371 84097 1262 81894 85896
Ca 2094 641 1358 2954 6745 2032 1886 28045 350 152 143 890 261 64 154 416 654 450 94 3765
Sc 2.41 0.30 2.13 2.59 2.45 0.26 1.97 4.28 6.84 1.86 4.26 11.23 8.69 0.61 4.65 9.68 3.17 0.50 2.43 4.03
Ti 7419 436 6868 7855 5210 2172 3312 7440 5056 1443 1348 7430 10799 1254 3878 14979 9087 3769 4238 14638
V 294 34 268 332 204 42 164 240 47.7 3.2 42.5 60.8 100.2 5.1 90.0 106.6 245 45 179 312
Cr 32.55 7.13 25.89 41.78 12.76 1.62 11.29 14.51 1.33 0.16 1.10 1.80 55.08 9.79 40.09 70.22 1.28 0.27 0.88 1.74
Mn 3891 1568 2596 8749 3581 887 2858 5704 759 191 425 1026 1944 187 999 2846 1879 165 1498 2320
Fe n.a. - - - 139543 1255 122232 155039 n.a. - - - n.a. - - - 103741 10737 92788 117066
Co 52.5 6.9 44.1 61.7 100.1 6.4 78.3 191.2 18.9 5.0 14.2 24.3 41.5 2.6 33.6 48.9 58.9 4.3 45.2 81.6
Ni 153.4 16.9 130.1 175.5 221.7 42.1 111.1 718.6 4.66 0.86 2.96 5.87 72.6 4.7 61.6 80.6 3.10 0.23 2.45 3.97
Cu 182.2 75.9 59.7 245.8 2513 202 994 10435 5.00 2.84 0.97 11.46 4.66 1.41 1.53 9.49 10.56 8.35 0.15 38.37
Zn 481.2 72.4 407.5 570.4 500.6 81.7 382.0 681.9 171.0 13.2 136.8 189.0 282.4 7.9 236.2 297.4 456.7 86.1 385.1 580.0
Ga 50.5 20.4 35.8 66.6 55.7 7.2 38.2 73.4 80.8 7.1 65.6 93.3 84.8 3.2 75.7 89.8 80.3 5.4 48.3 92.6
Rb 507.0 26.0 484.6 546.5 590.6 71.0 481.3 786.6 216.5 12.4 192.2 236.5 269.3 13.6 238.5 286.5 304.3 58.1 207.2 524.2
Sr n.a. - - - 89.9 35.5 49.0 112.9 n.a. - - - n.a. - - - 9.7 9.3 1.9 25.1
Y 0.31 0.40 0.05 1.26 0.18 0.05 0.03 0.94 0.64 0.36 0.22 1.41 0.66 0.37 0.15 2.13 1.77 1.50 0.13 8.00
Zr 5.94 5.05 1.89 13.17 7.26 5.80 1.85 19.13 12.50 11.60 2.19 32.50 12.93 6.22 3.88 20.17 4.95 4.32 0.89 10.70
Nb 11.67 1.83 9.15 16.07 6.12 9.17 0.26 16.35 31.32 8.71 16.00 48.10 21.95 1.91 10.59 26.46 85.47 43.60 25.04 167.88
In 0.04 0.01 0.03 0.05 0.03 0.02 0.02 0.05 0.09 0.01 0.08 0.12 0.19 0.04 0.11 0.24 0.14 0.04 0.08 0.29
Cs n.a. - - - 10.73 6.36 5.83 21.36 n.a. - - - n.a. - - - 7.22 3.86 4.29 15.49
Ba 1350 891 675 2107 1260 311 451 2175 1590 260 1305 1887 3054 121 2578 3273 2281 311 916 2786
La 0.555 0.797 0.018 1.468 0.669 0.154 0.017 3.884 3.001 1.595 0.799 6.040 0.681 0.401 0.191 2.451 0.294 0.201 0.053 1.337
Ce 2.632 3.382 0.024 10.113 6.286 5.350 0.313 13.864 5.171 3.619 1.105 12.500 1.518 0.764 0.500 4.940 1.649 1.026 0.156 7.839
Pr 0.141 0.218 0.005 0.337 0.148 0.046 0.006 0.836 0.504 0.281 0.093 1.800 0.151 0.082 0.045 0.399 0.392 0.317 0.016 2.125
Nd 0.570 0.725 0.022 1.082 0.523 0.214 0.012 2.826 1.731 0.836 0.323 7.200 0.567 0.331 0.145 1.417 2.431 2.238 0.096 13.527
Sm 0.109 0.110 0.017 0.203 0.104 0.147 0.018 0.378 0.297 0.100 0.055 1.300 0.117 0.073 0.025 0.328 0.802 0.720 0.036 4.557
Eu 0.057 0.038 0.026 0.084 0.039 0.021 0.019 0.098 0.161 0.041 0.078 0.610 0.161 0.044 0.101 0.301 0.431 0.306 0.051 1.942
Gd 0.118 0.107 0.053 0.198 0.096 0.153 0.024 0.299 0.217 0.089 0.044 0.770 0.145 0.065 0.047 0.413 0.694 0.683 0.046 3.909
Tb 0.013 0.016 0.002 0.024 0.010 0.013 0.003 0.036 0.030 0.012 0.008 0.093 0.023 0.011 0.006 0.073 0.101 0.089 0.005 0.545
Dy 0.138 0.059 0.099 0.178 0.067 0.095 0.017 0.185 0.164 0.096 0.035 0.440 0.146 0.100 0.022 0.507 0.554 0.498 0.049 2.952
Ho 0.022 0.012 0.014 0.030 0.014 0.023 0.003 0.035 0.024 0.013 0.006 0.055 0.024 0.016 0.003 0.076 0.080 0.071 0.007 0.407
Er 0.033 0.049 0.005 0.118 0.103 0.000 0.103 0.103 0.057 0.028 0.018 0.157 0.079 0.054 0.008 0.256 0.181 0.140 0.014 0.834
Tm 0.008 0.006 0.003 0.012 0.012 <LOD 0.012 0.012 0.006 0.004 0.003 0.017 0.012 0.009 0.003 0.038 0.025 0.020 0.004 0.084
Yb 0.035 0.043 0.011 0.069 0.091 <LOD 0.091 0.091 0.039 0.018 0.008 0.116 0.080 0.056 0.010 0.266 0.106 0.109 0.012 0.383
Lu 0.003 0.003 0.001 0.006 0.008 0.008 0.003 0.013 0.005 0.003 0.002 0.008 0.012 0.006 0.004 0.033 0.014 0.008 0.002 0.037
Hf 0.25 0.16 0.13 0.50 0.34 0.25 0.07 0.69 0.64 0.46 0.18 1.39 0.84 0.40 0.26 1.20 0.28 0.21 0.06 0.53
Ta 0.09 0.04 0.04 0.15 0.06 0.07 <0.01 0.15 1.35 0.53 0.47 2.61 0.36 0.04 0.22 0.43 2.30 1.36 0.44 6.53
Pb 3.30 2.63 1.02 5.30 1.15 0.20 0.50 1.66 4.37 2.05 0.95 8.66 2.16 1.22 0.53 3.81 1.43 0.94 0.18 4.16
Th 0.11 0.16 0.01 0.33 0.11 0.23 0.00 0.41 0.17 0.07 0.02 1.10 0.03 0.02 0.01 0.08 0.14 0.10 0.02 0.88
U 0.84 0.82 0.34 1.82 0.09 0.05 0.05 0.24 0.04 0.01 <0.01 0.31 0.05 0.04 <0.01 0.19 0.13 0.09 0.02 0.80

ΣREE 4.434 3.561 0.298 13.920 8.168 5.362 0.642 22.659 11.409 4.056 2.576 31.106 3.716 0.943 1.109 11.497 7.755 2.752 0.547 40.480
(La/Yb)CN

a 10.88 - 6.14 92.15 5.00 - - - 58.29 13.96 35.37 93.12 9.38 4.98 2.57 25.48 2.35 1.39 0.53 10.04
Zr/Hf 24.08 9.00 14.36 76.82 21.54 0.98 12.44 27.86 19.40 5.48 11.97 23.55 15.32 0.98 13.96 16.86 17.77 4.21 9.57 13.39
Nb/Ta 129.74 53.52 29.82 227.34 94.47 4.50 32.97 112.12 23.22 6.68 17.69 33.83 60.52 4.50 48.04 67.16 37.20 14.44 33.99 71.19
(Eu/Eu*) 2.22 1.54 1.18 3.26 2.14 1.62 0.89 3.62 2.26 0.65 1.51 4.85 4.96 2.85 2.43 10.06 2.83 0.79 1.23 6.55
(Ce/Ce*) 1.80 1.25 0.84 3.65 22.22 25.07 1.90 65.01 1.00 0.08 0.89 1.21 1.18 0.18 0.92 1.46 1.17 0.35 0.79 1.60

n = number of analyses
n.a. = not analysed; - = not calculated; bdl = below detection limit

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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2.5.7 Apatite

Representative major-element compositions of apatite from selected units within

the CRCC are given in Table. (2.5.7). Apatite is ubiquitous to all rock units of the

CRCC. It is the most common non-carbonate phase in both intrusive and extrusive

carbonatites (Chakhmouradian et al., 2017a). The importance of apatite as a tracer

of magma evolution in carbonatite complexes was first recognised by (Le Bas and

Handley, 1979) and further explored by Hornig-Kjarsgaard (1998); Bühn et al. (2001);

Brassinnes et al. (2005); Zaitsev et al. (2015); Chakhmouradian et al. (2017a) who

examined apatite composition from a range of localities.The idealised structural

formula of apatite can be expressed as Ca5(PO4)3(F, OH, Cl) with the prefix fluor-,

chlor- or hydroxyl added to indicate the predominant anion. Apatite is extremely

susceptible to halogen diffusion induced by an electron beam, particularly when

the channels hosting the anions, which lie parallel to the [001] axis, are oriented

parallel to the beam (Stormer et al., 1993). Hence, EPMA data obtained in random

orientations with a focused (<5 µm) beam may be subject to errors and should be

treated with caution (Stock et al., 2015). Primary igneous apatite is predominantly

F-apatite (Chakhmouradian et al., 2017b). Cl was included in the analytical routine

as it’s higher atomic number, in comparison to F, enables better detection limits.

All analyses show Cl contents below the detection limit of ~250 ppm. Precursory

standardless quantitative SEM analyses indicate fluorine contents of ~1-3 wt.%.

Downes et al. (2014) report apatite with 3.4-4.4 wt.% F from REE-rich carbonatite

lithologies of the CRCC. Consequently, apatite within the Cummins Range are likely

either Cl-poor fluorapatite or F-rich hydroxyapatite.

Pure stoichiometric fluorapatite has a CaO/P2O5 ratio of 1.318 (McClellan, 1980).

Apatite from selected units of the CRCC ranges between 1.27-1.36 (n=37). For com-

parison, primary magmatic apatite from the Catalão I alkaline carbonatitic complex in

Brazil shows CaO/P2O5 range of 1.28-1.46 (Cristina et al., 2004). Apatite displays an

extremely limited compositional range across the analysed rock units, with potential

substituting cations (Sr, LREE, Na and Si) all comprising minor components <0.33

apfu (calculated on the basis of 12 O). Rim and core analyses of individual crystals

showed no discernible compositional heterogeneity. Given apatite is ubiquitous
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within the Cummins Range Complex which is comprised of a number mineralogically

and texturally diverse rock units, a lack of major-element diversity is counterintuitive.

However, a comprehensive study of apatite from numerous carbonatite deposits by

Chakhmouradian et al. (2017b) found the major element components of igneous

apatite displayed no meaningful correlation with host-rock composition. However,

if fractionating apatite is accompanied by other minerals, the effect on the trace

element budget of the melt, in particular REE, may be quite significant. If those

minerals have a preferential capacity for REE or crystallise in voluminous proportions

the trace element composition of apatite may be a more appropriate recorder of

magmatic evolution.
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Table 2.5.7: Average major element composition (wt.%) of apatite from rock units within the CRCC determined by EPMA.

Sample 1138966 1138969 1138964 1294428 1294425 1138973

Rock Unit Phl-Amph Phl-Cpx Calc-Amph Calc-Amph Carb(Dol) Carb(Cc)
n 6 7 6 9 8 4

SiO2 0.40 0.35 0.05 0.37 0.27 0.18
FeOT 0.05 0.04 0.03 0.05 bdl bdl
CaO 56.05 54.06 56.12 55.12 54.93 55.24
Na2O 0.11 0.09 0.15 0.10 0.11 0.13
SrO 0.60 0.59 0.72 0.62 0.81 0.63
La2O3 0.15 0.15 0.09 0.14 0.11 0.12
Ce2O3 0.33 0.24 0.27 0.33 0.23 0.24
Nd2O3 0.14 0.11 0.16 0.22 0.17 0.19
P2O5 42.28 42.36 42.83 41.55 41.81 42.59
Total 100.10 98.00 100.43 98.50 98.45 99.32

Number of cations calculated on the basis of 12 O

Si 0.032 0.028 0.004 0.030 0.022 0.014
Fe 0.004 0.003 0.002 0.003 - -
Ca 4.767 4.664 4.754 4.768 4.748 4.720
Na 0.017 0.014 0.022 0.016 0.017 0.020
Sr 0.028 0.028 0.033 0.029 0.038 0.029
La 0.004 0.004 0.003 0.004 0.003 0.003
Ce 0.010 0.007 0.008 0.010 0.007 0.007
Nd 0.004 0.003 0.005 0.006 0.005 0.005
P 2.841 2.888 2.867 2.840 2.856 2.876
Total 7.706 7.639 7.699 7.707 7.695 7.675

Dol = dolomite; Cc = calcite
n = number of analyses; bdl = below detection limit; - = not calculated
FeOT = total Fe expressed as FeO
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2.5.8 Trace element composition of apatite

Apatite is a ubiquitous accessory mineral within all rock units of the CRCC and has

the capacity to incorporate significant concentrations of trace elements within its

structure as evidenced in Table 2.5.8 . The LILE elements show predominantly

display moderate enrichment with 0.05-0.37 ppm Cs, 0.5-9.0 ppm Pb, 10-350 ppm

Ba, and ≤5 ppm Rb. The RE actinides Th and U are highly enriched with typical

values ~30 ppm Th and ~3 ppm U. HFSE are close to unity with Nb ranging 0.05-2.0

ppm, Ta ≤0.4 ppm, Zr ≤15 ppm and Hf ≤1 ppm. Transition metals are all noticeably

depleted with the exception of Sc which also shows a strong depletion (<0.5 ppm) in

apatite of pyroxenite affinity but is moderately compatible in apatite from carbonatite

units, ranging from 13-97 ppm.

2.5.8.1 REE patterns

Apatite within the CRCC contains abundant concentrations of REE with a strong

LREE over HREE enrichment e.g. La = 740-1091 ppm and Yb = 5.6-17.5 ppm.

There appears to be a clear distinction between REE profiles of apatite from silicate

pyroxenite units and those from carbonatite units. In apatite from the carbonatites

(chondrite normalised), La is typically <Ce, in contrast apatite from the silicate rocks

where La > Ce. Apatite from predominately silicate units exhibits REE patterns

with a steady linear increase in enrichment from Lu to Gd with a continued but

more gradual linear increase from Gd to La, to an La enrichment of 3500 to 8000

times C1 chondrite. In contrast, apatite from carbonatite dominated units show

slightly curved REE patterns as a result of a more pronounced mid-LREE (Pr-Eu)

enrichment creating a LREE plateau at La and Ce. Little evidence exist for an Eu

anomaly as carbonatites exhibit a mean (Eu/Eu*) value of 0.98 which may be taken

for oxidising conditions. Apatite from altered pyroxenite units (1138969 and 112429)

also exhibit a small negative (Eu/Eu*) = 0.94. Pyroxenite apatite (1138975) records

the most negative (Eu/Eu*) value of 0.85, which is still minor. This increasingly

negative (Eu/Eu*) anomaly correlates with an increasing linearity of the REE pattern

which more pronounced in silica-rich rock lithologies.
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Figure 2.5.16: Chondrite-normalised REE profiles of apatite from (a) pyroxenite lithologies and (b) silicocarbonatitic and carbonatitic lithologies of the CRCC.
Normalised to values of McDonough and Sun (1995).
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Table 2.5.8: Average trace-element composition of apatite from selected pyroxenite and silicocarbonatite units of the CRCC determined by LA-ICP-MS.

Sample 1138975 1138969 1138928 1138967
Rock Unit(n) Clinopyroxenite(7 ) Phlogopite Pyroxenite(17) Calc-amphibolite(10) Phlogopite±amphibole pyroxenite(8)

(ppm) Mean �1 Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Na 550 119 389 730 4972 365 405 40728 728 54 649 812 856 75 618 1890

Mg n.a. - - - 3743 5205 24 19705 n.a. - - - 378 377 51 1130

Al n.a. - - - 1325 1265 5 9848 n.a. - - - 90.61 170.65 1.38 284.0

Si 1783 524 1482 2458 19902 14761 1524 110430 3002 601 2410 4002 3722 602 2267 6400

P 185000 1631 182800 186500 150185 3530 132922 187124 192553 1303 191312 193794 151600 5560 146200 161500

Cl 177.4 7.9 145.0 202.0 154.5 2.3 153.0 156.0 150.5 11.3 128.5 163.0 n.a. - - -

K 41.7 20.4 6.2 79.0 1221 438 3 12340 151.1 140.3 14.7 412.6 176.0 46.0 140.0 202.0

Sc 0.14 0.04 0.11 0.18 3.89 0.27 0.17 28.87 0.4 0.1 0.25 0.81 61.83 40.83 23.9 96.5

Ti 8.47 1.33 7.19 10.4 19.01 29.73 0.40 65.85 15.33 5.06 9.88 27.61 n.a. - - -

V 38.1 29.7 19.5 70.1 79.2 31.9 17.9 114.6 75.8 17.6 23.7 101.0 n.a. - - -

Cr 0.78 0.12 0.61 0.97 1.32 0.84 0.75 1.88 0.80 0.07 0.67 0.99 n.a. - - -

Mn 153.7 22.7 131.6 188.1 165.2 50.8 132.7 269.1 186.6 23.6 155.1 211.0 128.0 38.0 81.1 154.1

Fe n.a. - - - 1552 1164 295 5919 n.a. - - - 502.3 58.4 331 1020

Co 0.11 0.04 0.06 0.18 0.68 0.64 0.25 1.11 0.22 0.09 0.07 0.38 n.a. - - -

Ni 0.19 0.07 0.14 0.27 1.27 1.49 0.27 2.28 0.15 0.03 0.11 0.18 n.a. - - -

Cu 1.39 1.24 0.09 2.99 1.18 1.18 0.38 1.98 0.16 0.07 0.06 0.64 n.a. - - -

Zn 0.56 0.31 0.15 1.28 4.36 4.2 1.53 7.19 1.13 0.72 0.40 1.90 n.a. - - -

Ga 0.50 0.15 0.40 0.65 1.47 0.9 0.86 2.08 0.58 0.18 0.38 0.83 n.a. - - -

As n.a. - - - 9.40 2.07 6.98 11.84 n.a. - - - 9.11 0.47 7.93 9.65

Rb 0.24 0.07 0.06 0.52 2.95 1.38 0.04 26.85 0.56 0.60 0.05 1.55 0.72 0.25 0.56 0.90

Sr 10455 847 9756 11197 4780 311 4496 5161 4994 219 4180 5307 4341 268 3998 4600

Y 354.4 46.9 293.2 439.3 286.0 68.3 206.3 359.4 382.1 63.1 263.7 442.5 272.1 33.1 214.0 315.6

Zr 3.33 2.28 1.49 6.47 32.76 15.34 1.32 48.53 15.74 4.14 6.02 22.24 14.56 14.68 1.53 24.30

Nb 0.25 0.11 0.13 0.36 1.07 0.55 0.06 4.46 1.49 0.32 0.75 1.93 1.44 0.32 0.18 6.86

Cs 0.06 0.03 <0.01 0.12 0.07 0.05 0.04 0.11 0.10 0.07 <0.01 0.37 n.a. - - -

Ba 17.64 6.29 12.43 23.90 39.55 18.70 7.31 339.4 17.04 5.28 10.29 26.78 14.12 5.35 10.73 21.00

La 1432 308 1147 1790 1108 145 837 1272 1168 119 916 1359 1082 148 864 1221

Ce 2779 502 2349 3382 2213 210 1517 2563 3175 366 2775 3626 2698 545 2151 3107

Pr 307.9 44.0 260.3 380.3 246.3 27.0 172.9 289.1 423.3 38.7 369.7 476.3 n.a. - - -

Nd 1195 144 1015 1484 1025 73 720 1202 1873 193 1623 2048 1459 297 1140 1716

Sm 189.3 20.8 158.8 238.9 181.8 21.1 129.1 214.3 328.0 35.1 274.2 402.8 248.5 48.9 193.0 286.5

Eu 49.08 6.01 39.38 63.03 53.19 9.14 36.70 63.12 85.94 8.51 71.17 106.48 67.12 11.84 54.10 77.60

Gd 162.6 18.0 137.4 204.4 154.7 26.2 111.5 178.9 246.7 23.4 204.3 304.1 179.8 29.4 142.3 207.5

Tb 17.93 1.83 15.1 22.82 17.16 3.85 12.25 20.05 26.89 2.96 22.29 30.21 n.a. - - -

Dy 87.24 9.27 73.24 110.50 78.16 18.81 55.11 96.29 123.32 14.55 103.44 137.74 79.60 11.95 61.80 93.80

Ho 13.83 1.60 11.73 17.36 11.93 2.86 8.29 14.42 16.84 2.52 13.34 19.36 11.56 1.78 8.99 13.59

Er 29.79 3.68 24.87 37.19 23.39 5.39 16.27 29.84 33.79 5.33 22.2 39.64 21.61 3.12 16.36 25.76

Tm 2.861 0.357 2.342 3.585 2.274 0.531 1.527 2.892 3.260 0.558 1.820 3.903 n.a. - - -

Yb 12.70 1.33 10.57 16.46 11.03 2.79 7.98 13.40 14.46 2.61 7.16 17.51 9.95 1.54 7.27 12.14

Lu 1.286 0.099 1.112 1.681 1.305 0.270 0.947 1.575 1.571 0.279 0.728 1.941 1.107 0.196 0.825 1.289

Hf 0.040 0.024 0.021 0.069 0.379 0.107 0.007 0.840 0.161 0.040 0.088 0.243 0.165 0.150 0.029 0.260

Ta 0.003 0.001 0.002 0.005 0.019 0.021 0.002 0.049 0.019 0.009 0.005 0.042 0.039 0.044 0.002 0.168

Pb 7.213 1.060 4.470 13.90 2.581 0.811 1.601 6.312 7.272 2.185 3.981 13.175 2.680 1.279 1.600 4.16

Th 62.47 15.78 45.70 114.1 12.89 6.26 2.87 55.62 77.65 27.07 42.09 159.88 20.22 15.88 5.05 38.7

U 9.086 3.588 3.410 21.470 3.477 1.363 0.544 10.354 2.620 1.309 1.396 5.874 0.666 0.627 0.125 1.248

(La/Yb)CN
a 76.89 4.54 70.13 97.98 69.75 7.28 55.91 101.02 56.81 3.83 49.08 86.98 74.68 7.44 68.32 92.06

Zr/Hf 87.4 44.4 37.4 131.0 104.4 48.5 37.5 175.7 98.9 18.0 68.5 144.1 79.8 28.6 38.0 99.7

Nb/Ta 70.6 21.2 36.8 95.3 95.1 92.4 15.7 260.9 97.1 31.5 36.5 151.0 73.7 65.8 14.0 142.7

(Eu/Eu*) 0.85 0.02 0.81 0.87 0.97 0.03 0.91 1.00 0.92 0.01 0.92 0.93 0.97 0.01 0.95 1.00

n = number of analyses
n.a. = not analysed; - = not calculated; bdl = below detection limit

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite-normalised values from McDonough and Sun (1995).
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Table 2.5.8 (continued).

Sample 1138964 1294425 1294435 1138973
Rock Unit(n) Calc-amphibolite(7 ) Carbonatite (recrystallised)(6) Beforsite(4) Sövite(8)

(ppm) Mean � Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Na 1081 120 894 1394 813 96 705 949 891 104 821 976 1118 353 812 1681
Mg 456 285 222 710 1001 1088 195 2514 163 61 107 213 647 677 150 1949
Al 10.66 9.02 1.00 21.27 43.19 58.59 2.27 82.44 3.79 5.27 0.49 9.00 55.33 61.49 0.69 307.76
Si 1857 282 1459 2238 2862 1439 1794 4194 1678 492 1202 2071 2980 1392 1707 6166
P 164361 1717 162165 169852 161007 2998 158689 163738 157075 2354 155600 159300 160005 1997 157402 162894
Cl n.a. - - - n.a. - - - n.a. - - - n.a. - - -
K 11.8 2.7 10.0 13.7 58.7 66.7 9.8 127.8 13.1 12.3 2.3 18.9 142.4 161.0 6.6 605.2
Sc 13.11 2.86 9.06 16.68 48.68 19.73 35.34 73.71 31.09 19.44 9.37 42.19 36.86 20.28 11.94 52.56
Ti n.a. - - - n.a. - - - n.a. - - - n.a. - - -
V n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Cr n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Mn 203.7 18.0 181.9 235.1 185.5 44.7 145.4 266.9 121.5 7.5 115.2 128.2 163.5 15.9 149.6 178.5
Fe 528.5 105.4 419.1 591.8 751.2 293.7 504.9 1452.9 456.7 38.9 426.8 491.3 508.0 207.6 362.7 906.7
Co n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Ni n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Cu n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Zn n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Ga n.a. - - - n.a. - - - n.a. - - - n.a. - - -
As 6.51 1.24 5.37 7.80 10.62 1.26 9.71 11.66 10.38 1.47 9.18 11.73 7.41 1.66 4.84 10.00
Rb bdl n.d. n.d. n.d. n.d. 0.30 0.05 0.52 0.07 0.01 0.07 0.08 bdl n.d. n.d. n.d.
Sr 5971 403 5681 6279 6453 821 5099 7162 4927 511 4607 5371 4987 288 4531 5627
Y 221.5 23.3 196.2 251.3 278.3 11.7 253.0 289.0 226.7 19.1 207.9 237.7 205.6 24.7 168.6 265.2
Zr 0.72 0.28 0.36 1.02 6.87 4.52 4.02 14.48 3.58 4.05 0.42 6.86 3.28 2.46 0.89 5.56
Nb 1.53 1.16 0.24 5.16 0.62 0.28 0.32 0.96 0.45 0.31 0.17 0.71 0.74 0.72 0.15 1.60
Cs n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Ba 17.88 3.56 15.12 20.74 86.78 77.60 18.14 350.35 20.03 7.12 14.98 26.05 22.36 6.21 15.68 40.93
La 819 130 741 955 995 85 908 1114 1024 173 895 1168 1001 173 757 1484
Ce 2213 286 1995 2576 2659 183 2497 2855 2703 372 2476 3092 2552 413 2006 3674
Pr n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Nd 1403 146 1235 1638 1526 75 1459 1575 1529 130 1462 1692 1406 150 1181 1846
Sm 255.1 24.6 222.1 299.2 268.6 7.4 257.9 273.6 255.7 18.1 244.7 274.7 232.2 19.1 199.4 294.9
Eu 70.15 6.24 61.65 81.82 73.38 1.82 70.69 75.12 68.36 4.94 65.09 73.10 61.33 4.34 52.85 77.61
Gd 180.5 16.6 159.4 209.6 193.4 4.8 184.9 196.9 175.4 11.1 167.4 184.7 157.6 10.6 136.8 196.3
Tb n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Dy 77.80 7.03 69.71 90.56 87.90 2.79 81.71 90.27 74.68 5.23 69.62 77.90 67.02 6.43 56.99 84.24
Ho 10.77 0.97 9.61 12.44 n.a. - - - n.a. - - - 9.49 0.95 7.82 12.00
Er 18.86 1.70 17.11 21.45 23.45 1.03 21.40 24.63 18.70 1.67 16.98 19.78 16.97 2.17 14.08 21.38
Tm n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Yb 7.45 0.80 6.75 8.39 10.54 1.04 9.27 11.36 7.79 0.90 6.77 8.29 7.35 1.60 5.69 9.68
Lu 0.780 0.088 0.717 0.852 1.132 0.148 1.005 1.246 0.823 0.105 0.707 0.895 0.774 0.195 0.577 1.008
Hf 0.016 0.005 0.010 0.021 0.074 0.045 0.037 0.130 0.047 0.044 0.012 0.084 0.059 0.033 0.023 0.104
Ta 0.199 0.315 0.004 0.624 0.016 0.014 0.004 0.047 0.004 0.002 0.003 0.005 0.005 0.002 0.002 0.007
Pb 2.679 0.512 2.169 3.612 3.991 0.759 3.297 4.595 3.376 0.798 2.587 3.906 2.228 0.605 1.648 2.992
Th 9.57 4.50 5.36 16.07 30.26 11.72 21.85 40.73 19.20 8.90 11.68 27.50 13.79 9.27 5.83 23.87
U 0.245 0.055 0.110 0.440 0.749 0.335 0.507 1.377 0.469 0.339 0.230 0.771 0.474 0.174 0.311 0.651

(La/Yb)CN
a 74.66 2.35 67.26 78.05 64.27 4.93 57.22 70.50 90.04 21.86 73.34 107.77 92.17 6.67 86.02 104.15

Zr/Hf 54.0 32.5 31.9 94.6 91.0 22.3 74.7 111.5 66.9 33.0 35.5 88.4 55.4 19.3 21.5 90.3
Nb/Ta 30.7 18.0 1.9 144.0 61.4 39.1 10.8 100.4 109.2 40.3 66.0 132.1 170.9 182.0 27.2 309.0
(Eu/Eu*) 1.00 0.00 0.99 1.01 0.98 0.01 0.97 0.99 0.99 0.01 0.98 0.99 0.98 0.01 0.97 0.99

n = number of analyses
n.a. = not analysed; - = not calculated; bdl = below detection limit

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite-normalised values from McDonough and Sun (1995).
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2.5.9 Titanite

The major element compositions of titanite examined within selected units of the

CRCC are presented in Table 2.5.9. Titanite is the primary Ti phase in early

pyroxenite units of the CRCC. The simplified composition of titanite is CaTiSiO5

however, it is extremely tolerant to a wide range of atomic substitutions meaning

it can exhibit a wide range of compositions (Chakhmouradian et al., 2003). The

major compositional differences of titanite from the CRCC are in Nb and Zr which

increase from 0.23 wt.% (0.004 apfu) and 0.37 wt.% (0.006 Zr apfu ) respectively in

the clinopyroxenite to 1.19 wt.% (0.018 Nb apfu) and 1.25 wt.% (0.020 Zr apfu) in

the calc-amphibolite (1294428). This is much lower than primary titanite of Prairie

Lake that contains up to 4.1 wt.% Nb2O5 and 6.8 wt.% ZrO2 (Chakhmouradian

et al., 2003). The incorporation of Nb into titanite is facilitated by substitutions

involving Al, Fe3+ and Na; Zr can substitute directly onto the Ti, hence variation

in titanite composition is best evidenced through cation population of the Ti site.

REE substitution is minimal primary because these elements favour other minerals

phases e.g. apatite.

The presence of primary titanite in the CRCC is unusual beacuse the titanite crys-

tallisation requires high silica activities, possibly in excess of 10-1 at T >700°C, which

is inherently problematic in carbonatitic magmas (Barker, 2001). Consequently,

primary titanite is restricted to pyroxenite units where its stably coexists with di-

opside+amphibole+phlogopite±calcite. Within these early pyroxenite units titanite

forms euhedral-wedge shaped crystals but becomes increasingly anhedral as the

degree of alteration increases. At lower silica activities perovskite is the stable Ti

liquidus phase (Mitchell and Chakhmouradian, 1998). Typically titanite from car-

bonatites is a prescribed a secondary origin forming by the replacement of earlier

Ti-host minerals such as perovskite, ilmenite or Ti-magnetite (Chakhmouradian et al.,

2003). In 1138969 titanite coexists with perovskite as well as zirconolite suggesting

they evolved as part of a crystallisation sequence. As the melt composition evolved

from a pyroxenite to a carbonatite the αSiO2 dropped such that perovskite became

stable potentially allowing both phases to coexist. Exactly how carbonatitic magmas

precipitate liquidus titanite is unclear but possible reasons for the enhanced activity
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of silica include the inherently enriched levels of alkalis, assimilation of silicate wall

rock material or increasing polymerisation of SiO4 tetrahedra with decreasing tem-

perature (Chakhmouradian and Zaitsev, 2002). Indeed perhaps local increases in

αSiO2 within the magma promote the formation of titanite where it might otherwise

not be expected.

2.5.10 Trace element composition of titanite

The trace-element composition of titanite from examined units of the CRCC are

presented in Table 2.5.10. Titanite is moderately depleted in most LILE elements

(Cs, Rb, Ba, K) with the exception of Pb = 2.67 ±2.06 ppm, which correlates with

a strong enrichment in Th (24.75 ±26.67 ppm) and U (4.11 ±1.33 ppm) (Figure.

2.5.17). Titanite of the CRCC are strongly enriched in the HFSE (Nb, Ta, Zr, Hf and

Ti) becoming increasing so in more carbonatitic units. For example, titanite from

pyroxenite (1138975) contains Ta = 128-173 ppm compared with calc-amphibole

(1294428) hosted titanite, which contains 388-2441 ppm Ta. Hf contents are also

exceptionally high in calc-amphibolite (1294428) ranging from 210-816 ppm. With

the exception of Ti and V, the transition metals (Sc, Cr, Mn, Co, Ni, Cu and Zn) are

all depleted.

2.5.10.1 REE patterns

Titanite of the CRCC show elevated REE concentrations with ΣREE ranging from

2216-5387 ppm. The REE patterns are convex-upward profiles with a strong relative

LREE enrichment which correspond to average (La/Yb)CN values of 28.3 (clinopyrox-

enite), 34.7 (phlogopite-rich pyroxenite) and 20.9 (calc-amphibolite). Despite highest

abundance of ΣREE calc-amphibolite titanite have lower (La/Yb)CN values because

they display a pronounced relative La loss compared with titanite from other units.

HREE are also relatively enriched in titanite with Lu = 0.7-1.1 ppm.
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Table 2.5.9: Average major element composition of titanite from selected units of the CRCC.

Sample 1138975 1138969 1294428
Rock Units Cpx Phl-Cpx Calc-Amph
n 13 11 12

SiO2 29.83 29.79 28.78
TiO2 34.89 38.60 35.70
Al2O3 0.75 0.33 0.52
FeOT 1.54 1.09 1.42
MnO 0.03 0.03 0.03
MgO bdl bdl bdl
CaO 27.77 28.12 27.38
Na2O 0.11 0.15 0.20
SrO 0.30 0.22 0.23
BaO 0.21 0.24 0.24
La2O3 0.04 0.04 0.04
Ce2O3 0.13 0.14 0.19
Pr2O3 0.05 0.05 0.07
Nd2O3 0.09 0.09 0.16
K2O bdl 0.05 0.04
ZrO2 0.37 0.70 1.25
Nb2O5 0.23 0.11 1.19
ThO2 bdl bdl bdl
U2O3 bdl bdl bdl

Total 96.35 99.76 97.44

Cations per formula unit calculated for 5 O

Si 1.019 0.986 0.987
Ti 0.897 0.961 0.920
Al 0.030 0.013 0.021
Fe 0.044 0.030 0.041
Mn 0.000 0.000 0.000
Mg - - -
Ca 1.017 0.997 1.006
Na 0.007 0.010 0.013
Sr 0.006 0.004 0.005
Ba 0.003 0.003 0.003
La 0.001 0.000 0.000
Ce 0.002 0.002 0.002
Pr 0.000 0.001 0.001
Nd 0.001 0.001 0.002
K - 0.000 0.000
Zr 0.006 0.011 0.021
Nb 0.004 0.002 0.018
Th - - -
U - - -
Total 3.036 3.021 3.041

ΣT-Site 1.000 1.000 1.000
ΣA-site 1.000 1.003 1.008
ΣB-site 1.036 1.018 1.032

Detection limits: ThO2 <0.05 wt.%; U2O3 <0.04 wt.%;
MgO & Cr2O3 <0.06 wt.%; K2O <0.02 wt.%.
FeOT total Fe expressed as FeO
bdl = below detection limit; - = not calculated
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Figure 2.5.17: Averaged trace element concentrations in titanite from selected units of the
CRCC. Normalised to values of McDonough et al. (1992).
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the CRCC. Normalising values from McDonough and Sun (1995).
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Table 2.5.10: Average trace element composition of titanite from selected units of the CRCC
determined by LA-ICP-MS.

Sample 1138975 1138969 1294428
Rock Unit(n) Clinopyroxenite(14) Phlogopite-pyroxenite(12) Calc-amphibolite(13)

(ppm) Mean �1 Min Max Mean � Min Max Mean � Min Max

Na 907 111 725 1105 1008 242 590 1234 1255 113 956 2168
Si 135079 556 134200 135900 136892 1983 129500 139800 137446 1260 135800 139200
Cl 323 17 288 365 332 20 303 426 321 22 282 361
K 9.77 5.66 2.00 19.20 31.92 32.36 2.60 98.00 132.4 80.0 20.5 330.0
Sc 6.08 0.49 4.97 7.29 12.68 3.57 8.10 15.86 16.39 3.32 6.90 20.75
Ti 191889 2046 189840 194300 201949 2280 187500 204900 186316 5634 179900 197600
V 575.3 84.2 493.5 825.7 203.8 28.2 173.1 234.0 439.9 59.3 371.2 501.2
Cr 12.07 6.85 2.94 45.74 57.93 17.27 38.85 80.10 1.05 0.21 0.80 1.28
Mn 265.3 27.7 235.9 339.8 140.0 29.0 109.8 172.2 222.8 14.5 199.2 272.0
Co 0.06 0.02 0.04 0.09 0.07 0.03 0.04 0.11 0.15 0.11 0.04 0.43
Ni 0.10 0.02 0.07 0.14 0.12 0.05 0.06 0.20 0.11 0.04 0.07 0.17
Cu 1.05 0.17 0.80 2.14 0.87 0.09 0.70 1.13 0.85 0.08 0.70 1.09
Zn 1.80 0.20 1.49 2.60 1.77 0.22 1.51 2.08 2.21 0.72 1.57 3.26
Ga 2.05 0.12 1.76 2.28 1.44 0.40 1.11 2.01 3.41 0.92 2.18 4.65
Rb 0.08 0.02 0.05 0.21 0.08 0.04 0.03 0.34 0.33 0.36 0.04 1.18
Sr 1247 233 1022 2030 428 22 384 659 518 83 402 593
Y 303.8 33.7 267.7 366.3 202.9 16.3 170.7 242.7 333.2 46.0 278.1 383.3
Zr 4016 688 3133 6210 3901 1584 2408 7310 13532 3621 4510 18280
Nb 1819 390 1461 2472 1177 222 868 1466 8905 3254 4545 12075
In 0.217 0.022 0.194 0.262 0.354 0.127 0.225 0.565 0.743 0.063 0.510 0.945
Cs 0.012 0.005 0.003 0.025 0.006 0.001 0.006 0.007 0.051 0.042 0.022 0.132
Ba 1.27 1.23 0.15 3.10 2.07 2.82 0.03 6.70 3.76 4.67 0.07 11.28
La 532.3 76.0 454.9 705.0 439.1 101.2 292.5 577.9 449.1 31.7 391.9 497.8
Ce 1542.6 200.6 1327.7 2010.0 1324.5 285.7 821.0 1780.0 1789.0 138.7 1596.0 1961.0
Pr 221.3 26.0 191.7 282.1 189.0 36.2 120.3 252.1 296.0 24.1 267.0 320.8
Nd 1006.8 96.4 877.6 1238.0 856.1 146.8 566.0 1125.0 1472.5 141.6 1318.0 1601.0
Sm 210.2 18.6 185.9 246.5 184.1 25.2 136.5 233.5 337.2 45.5 284.7 381.1
Eu 61.98 5.80 55.09 72.32 55.55 7.07 43.90 69.46 99.91 14.92 82.65 113.75
Gd 163.6 16.6 145.4 190.3 136.6 17.6 115.0 167.4 234.1 34.6 191.9 269.8
Tb 20.69 2.14 18.28 24.25 16.57 2.24 13.90 20.04 29.66 5.10 23.02 34.87
Dy 97.95 10.19 86.32 116.50 73.84 8.12 61.57 87.87 133.10 23.72 101.46 156.80
Ho 14.66 1.62 12.88 17.65 10.36 1.10 8.67 12.40 18.29 3.27 13.86 21.75
Er 27.87 3.01 24.41 34.02 18.75 1.89 15.41 22.15 32.78 5.77 25.00 38.49
Tm 2.803 0.299 2.445 3.404 1.840 0.188 1.495 2.162 3.227 0.516 2.517 3.812
Yb 12.75 1.34 11.33 15.60 8.61 0.66 7.00 10.04 14.49 2.13 11.84 17.21
Lu 1.162 0.103 1.037 1.470 0.848 0.079 0.717 1.014 1.243 0.156 1.069 1.454
Hf 140.9 27.4 106.7 231.9 149.2 45.6 88.1 429.0 639.2 185.0 210.8 816.4
Ta 143.9 9.6 127.8 173.1 46.9 8.6 31.5 61.3 1591 1230 387 2441
Pb 1.54 0.27 1.23 1.97 1.07 0.22 0.80 1.35 5.36 2.35 2.41 8.58
Th 13.41 2.77 10.59 17.46 3.72 2.17 1.93 6.99 55.85 27.74 21.97 90.80
U 3.67 1.11 2.78 5.38 2.75 1.16 1.22 4.29 5.84 3.82 2.03 10.42

ΣREE 3917 436 3407 4957 3316 629 2216 4361 4911 491 4348 5387
(La/Yb)CN

a 28.3 1.3 25.3 30.7 34.5 4.4 23.6 39.9 21.2 1.3 18.7 24.4
Zr/Hf 28.7 1.1 26.8 31.5 27.8 2.3 17.0 32.1 21.2 1.5 17.2 24.2
Nb/Ta 12.7 2.0 10.6 17.8 25.5 2.9 18.7 38.1 6.9 3.8 3.6 12.0

n = number of analyses
1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite-normalised values from McDonough and Sun (1995).
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2.5.11 Zirconolite

Zirconolite is a relatively rare accessory mineral that occurs in a wide variety of rock

types, of which carbonatites are the most common (Williams and Gierï£¡, 1996).

The ideal composition of zirconolite is ABC2O7 where A is the 8-fold coordinated

Ca site, B is the 7-fold coordinated Zr site and C is the 5- or 6-fold coordinated Ti

site. Zirconolite can accomodate many cations into its structure, the most common

being REE and actinide elements (Th and U) for Ca; and Nb, Fe, Ta, Mg for

Ti. Representative major element compositions of zirconolite from clinopyroxenite

units of the CRCC are presented in Table 2.5.11. Zirconolites of the CRCC have

notably low LREE(ΣLa-Nd) 2.8 wt.% (ca. 0.06 apfu) and U <1.9 wt.% (<0.03

apfu). Th is more abundant than U with zirconolite from the phlogopite± amphibole

clinopyroxenite (1138968) showing higher levels than the phlogopite-magnetite-

diopside-apatite clinopyroxenite (1138967).

Discrimination diagrams based on cation substitutions into the Ca, Zr and Ti

sites are not straightforward for zirconolite. CRCC zirconolite contains relatively high

levels of FeOT. If Fe is divalent Th+U most likely results from the coupled substitution

(Kessoft et al., 1983; Gierï£¡ and Terry Williams, 1992; Hurai et al., 2017):

(Th, U)4++Fe2+ ↔Ce2++Ti4+ (2.5.6)

If pentavalent cations, particularly Nb and Ta, are available to help accomodate REE

another important coupled substitution for CRCC zirconolite would be:

REE3++Fe2++Nb5+ ↔Ca2++2Ti4+ (2.5.7)

If Fe were present as Fe3+ the charge-balanced coupled substitution:

REE3++Fe3+ ↔Ca2++Ti4 (2.5.8)

would be important. The good correlation (R2 = 0.88) between substituting cations,

Ca and Ti, and M2+ (Figure. 2.5.19a, b), suggests divalent cations, predominantly

Fe2+ facilitates most of the substitutions indicative of a mildly oxidised oxidised

parental magma.
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Figure 2.5.19: Covariance of A-and B-site cations in zirconolite from selected clinopyroxen-
ite units of the Cummins Range Complex. (a) Coupled substitution of M2+ cations (Fe, Mg +
Mn) + (Th+U) as a function of (Ca+Ti) apfu from eq. 2.5.6. (b) Possible coupled substitution
of LREE(ΣLa-Nd) + Fe2+ + Nb5+ eq. 2.5.7. Grey line denotes linear regression of the data.
R2 values indicate quality of fit.

CRCC zirconolite display minimal zoning and moderate compositional heterogen-

eities. The Nb content of CRCC zirconolite ~0.119 apfu (4.29 wt.%) is low compared

to the Nb-rich zirconolite from Kovdor, Kola and Schryburt Lake, Ontario which range

between (~9.11-21.21 wt.%) (Williams and Gierï£¡, 1996; Williams, 1996). However,

zirconolite with comparable Nb contents have been reported from Afrikanda, Kola

(2.50-4.71 wt.%) (Williams and Gierï£¡, 1996) and Araxá, Brazil (1.92-12.34 wt.%)

(Traversa et al., 2001). The low Nb content of CRCC zirconolite corresponds to high

TiO2 contents, a relationship first observed by Williams (1996).

Zirconolite is restricted to calcite-rich rock units where SiO2 contents are lower.

Zirconolite within calc-amphibolite domains frequently mantles relic perovskite indic-

ating it crystallised later. It is commonly enclosed by or associated with magnetite

and ilmenite exsolved from Ti-magnetite (e.g. 1294426) and crystallised before most

carbonate minerals and generations of pyrochlore (Williams, 1996). The presence

of zirconolite and its association with other Zr minerals, predominantly calzirtite

(Ca2Zr5Ti2O16), but also baddeleyite (ZrO2) and minor zircon, is important in estab-

lishing the paragenesis of the CRCC. Establishing the crystallisation sequence of Zr

minerals in carbonatites is difficult. Experimental investigations within the CaO-ZrO2-

TiO2 system, in relation to radioactive waste immobilisers, revealed the complex

phase equilibria of these oxides (Figueiredo and Correia Dos Santos, 1989). No
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experimental investigations in relation to any natural systems have been undertaken.

Zirconolite and calzirtite evidently precipitate from carbonatite magmas but are signi-

ficantly complicated by interactions with simultaneously forming Nb and/or Ti oxide

phases (Chakhmouradian and Williams, 2004). Within the Kola alkaline province

(e.g. Kovdor) zirconolite and calzirtite commonly mantle baddeleyite (Zaitsev et al.,

2015)). This has promoted the idea these later complex minerals form through the

reaction of an early forming Zr-oxide (Chakhmouradian and Williams, 2004):

ZrO2
baddeleyite

+ 2CaTiO3
perovskite

←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← Ca2Zr5Ti2O16
calzirtite

(2.5.9)

Te occurrence of baddeleyite is limited in the CRCC. Zirconolite is very fine grained,

intergrown with calzirtite and relict perovskite, and commonly associated with ilmen-

ite, calcite and a REE-Nb titanate. From these associations several simple reactions

have been hypothesised that could potentially account for the presence of zirconolite

within the CRCC. Within these reactions anatase (TiO2) represents a simplified Ti

oxide representative of phases such as ilmenite or REE-Nb titanite.

CaZrTi2O7
zirconolite

+ CO2
←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← CaCO3

calcite
+ 2TiO2

anatase
+ ZrO2

baddeleyite
(2.5.10)

CaZrTi2O7
zirconolite

←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← CaTiO3
perovskite

+ TiO2
anatase

+ ZrO2
baddeleyite

(2.5.11)

5CaZrTi2O7
zirconolite

←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← 3CaTiO3
perovskite

+ 5TiO2
anatase

+ Ca2Zr5Ti2O16
calzirtite

(2.5.12)

5CaZrTi2O7
zirconolite

+ 3CO2
←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← 3CaCO3

calcite
+ 8TiO2

anatase
+ Ca2Zr5Ti2O16

calzirtite
(2.5.13)

5CaZrTi2O7
zirconolite

+ 5CaCO3
calcite

←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← Ca2Zr5Ti2O16
calzirtite

+ 8CaTiO3
perovskite

+ 5CO2 (2.5.14)

CaZrTi2O7
zirconolite

+ 4ZrO2
baddeleyite

+ CaCO3
calcite

←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← Ca2Zr5Ti2O16
calzirtite

+ CO2 (2.5.15)

Equations (2.5.10, 2.5.11) assume baddeleyite is the major Zr-bearing mineral

in parental melt compositions, through reactions with TiO2 ± calcite ± perovskite

(2.5.9) it forms zirconolite (Chakhmouradian and Williams, 2004). However, as
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stated previously, the presence of baddeleyite within units of the CRCC is minimal

whereas intergrowth with calzirtite is much more prevalent. Consequently, equations

(2.5.12, 2.5.13, 2.5.14) most likely described the formation of zirconolite at the

CRCC. The liberation of CO2 in reactions (2.5.11, 2.5.14) is consistent with a model

of increasing pCO2
as the parental melt evolves towards a composition capable of

crystallising a carbonatite. Zirconolite could potentially have formed from the flushing

of CO2-rich fluids through the now calc-amphibolite host rock. In this case, calzirtite

and perovskite may have broken down to form zirconolite + calcite (equation 2.5.15)

both of which are characteristic components of this rock unit. If this were the case it

might be anticipated zirconolite would display compositional zoning which was not

observed during the undertaken analyses.

Zirconolite of the CRCC frequently mantles perovskite cores indicative that

perovskite was a primary phase and zirconolite formed during the breakdown of

perovskite. Fine grained calzirtite appears to represent the subsequent breakdown of

zirconolite. Consequently, equation 2.5.13 best described the formation of zirconolite

within the CRCC. Zirconolite crystallised after perovskite and before pyrochlore and

the carbonatite units. During the late evolutionary stage of the complex when

hydrothermal fluids, potentially exsolved from the carbonatite, introduced substantial

CO2 which reacted with Ca and Ti minerals and zirconolite which reacted to form

anatase + calzirtite and calcite.
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Table 2.5.11: Average major element compositions (wt.%) of zirconolite from selected units
within the CRCC determined by EMPA.

1138967 1138968
Sample
n 15 20

SiO2 0.38 1.88
TiO2 35.15 32.29
Al2O3 <0.03 <0.03
FeOT 4.71 5.44
MgO <0.03 <0.03
CaO 13.08 11.52
SrO 0.05 0.13
BaO 0.25 0.26
La2O3 0.13 0.14
Ce2O3 1.06 1.05
Pr2O3 0.22 0.22
Nd2O3 1.37 1.39
K2O 0.04 0.03
ZrO2 36.36 36.12
HfO2 0.62 0.59
Nb2O5 3.94 4.56
Ta2O5 <0.03 <0.45
ThO2 0.51 1.61
UO2 <0.05 <0.05

Total 98.58 98.41

Cations per 7 O

Ca2+ 0.843 0.747
REE3+ 0.060 0.061
Sr2+ 0.002 0.005
Ba2+ 0.006 0.006
Th4+ 0.007 0.022
U4+ 0.002 0.004
ΣCa site 0.920 0.846

Zr4+ 1.066 1.066
Hf4+ 0.011 0.010
ΣZr site 1.077 1.076

Ti4+ 1.590 1.471
Si4+ 0.023 0.114
Mg2+ 0.007 0.014
Fe2+ 0.237 0.275
Al3+ 0.009 0.006
Nb5+ 0.107 0.125
ΣTi site 1.982 2.020

Cations Total 3.979 3.942

FeOT = total Fe expressed as FeO
Detection limits: Cr2O3 & MnO <0.04 wt.%; V2O3 &

Ta2O5 <0.05 wt.%
P2O5 <0.19 wt.% 151



2.5.12 Trace element composition of zirconolite

Trace element compositions of zirconolite from a phlogopite-rich pyroxenite (1138967)

and pholgopite-magnetite-diopside-apatite pyroxenite (1138968) are presented in

Table 2.5.11. Owing to it’s compositional flexibility zirconolite does not produce signi-

ficant fractionation between elements of similar size/charge characteristics during its

crystallisation (Gieré et al., 1998). This is clearly evidenced by the trace element

analysis which reveals an enrichment in all element with the exception of Cr, Co,

Ni, Cu, K, and V and characteristic of zirconolite from carbonatites low Al Figure.

2.5.20. The advantage of zirconolite being so amenable to the incorporation of trace

elements is that the trace element composition reflects the general characteristics of

its geological surroundings. The Nb contents of zirconolite within the CRCC is low

(2.2-3.8 wt.%) compared to values reported for Kovdor, Kola (ca.14.0 wt.% ), Howard

Creek (ca. 4.89 wt.%) and Schryburt Lake (ca. 7.0 wt.%), Canada (Williams and

Gierï£¡, 1996). Furthermore, the average Nb and Ta content of 1138968 is much

higher (3.4 wt.% Nb; 0.38 wt.% Ta) compared to 1138967 (2.6 wt.% Nb; 0.17wt.%

Ta). Th and U display similar behaviour and are much higher in 1138968 (0.3 wt.%

U; 1.62 wt.% Th) compared to 1138967 (0.09 wt.% U; 0.3 wt.% Th).

2.5.12.1 REE patterns

The REE patterns of zirconolite are strongly enriched in all REE showing an convex-

downward asymmetric parabola centred around Nd-Sm (Figure 2.5.21). The patterns

show LREE enrichment vs HREE yielding average (La/Yb)CN values of 320 ±90.

The average ΣREE content of zirconolite from each unit are 3.08 wt.% (1138967)

and 3.36 wt.% (1138968). HREE are relatively strongly enriched in Lu (23.8 ±2.25

ppm) corresponding to an enrichment factor of 1000 times primitive mantle. Such

levels of HREE enrichment are not displayed by any other phase of the CRCC.
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Figure 2.5.20: Average trace element abundances of zirconolite from altered pyroxenites of
the CRCC. Normalised values from McDonough et al. (1992).
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Figure 2.5.21: Chondrite-normalise REE profile of zirconolite from variably altered pyroxen-
ites of the CRCC. Normalised to values of McDonough and Sun (1995).
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Table 2.5.12: Average trace-element composition of zirconolite from selected pyroxenite
units of the CRCC determined by LA-ICP-MS. Normalised values from McDonough and Sun
(1995)

Sample 1138967 1138968
Rock Unit (n) Phlogopite-pyroxenite(5) Phl-mag-diop-apt pyroxenite(22)

(ppm) Mean � 1 Min Max Mean � Min Max

Li 0.44 0.55 0.06 0.97 0.49 0.18 0.06 4.47
Na 448 115 353 580 3259 87 251 64660
Mg 1360 1487 451 3200 1948 146 1022 15640
Al 677 201 500 889 816 55 418 5951
Si 4236 2709 2360 8100 12780 731 1990 211700
P 375 665 15.5 1800 348 27.2 9.5 6430
S 324 36.2 293 374 340 53.6 267 765
K 189.5 226.8 47.1 447.0 85.7 23.2 12.6 1013
Sc 251.6 20.1 231.7 273.3 311.3 25.5 245.1 351.7
Ti 188900 9081 180000 198100 180409 4059 133400 192400
V 90.9 2.4 88.5 94.1 99.0 4.5 84.8 109.4
Cr 6.1 3.8 3.4 10.5 0.9 0.4 0.3 6.2
Mn 736.4 73.8 641 794 1207 215.3 798 2360
Fe 28246 1334 27020 29430 33292 2000 24150 38800
Co 1.45 0.21 1.25 1.76 2.40 0.22 1.90 2.84
Ni 8.18 1.30 7.00 9.30 12.49 1.33 9.40 14.80
Cu 2.76 2.87 1.16 8.50 2.22 0.65 1.18 8.70
Zn 51.9 12.9 40.6 69.0 75.5 9.1 46.1 104.8
Sr 156.5 75.1 98.5 232.0 187.7 78.4 69.8 622
Y 4320 361 3900 4592 4371 172 3260 4880
Zr 233240 15419 219800 246700 238850 11638 182000 260900
Nb 26614 2187 24270 28440 34342 2498 22430 38000
Ba 123.1 89.3 61.0 191.0 297.1 211.8 1.9 1175
La 1184 106 1103 1270 1214 151 809 1484
Ce 8912 663 8460 9620 9338 667 6220 10970
Pr 1680 175 1525 1846 1774 140 1179 2067
Nd 9856 1023 8890 10910 10788 617 7350 12140
Sm 2875 281 2610 3144 3386 177 2311 3757
Eu 941 83 855 1012 1115 55 749 1259
Gd 2311 231 2045 2463 2632 172 1872 2958
Tb 321.2 28.5 288.2 337.7 370.5 16.7 265.7 417.5
Dy 1620 134 1468 1703 1831 72 1349 2090
Ho 250.5 21.6 227.6 263.6 273.0 9.7 203.3 309.6
Er 493 43 445 522 528 18 395 595
Tm 53.7 3.9 49.4 56.4 55.3 1.4 41.7 61.0
Yb 269.5 16.2 256.1 283.2 276.8 9.1 202.3 304.7
Lu 25.0 1.8 22.8 26.7 23.7 1.2 17.7 26.5
Hf 5123 605 4610 5630 4462 251 3440 5139
Ta 1763 358 1472 2339 3859 496 2824 4759
Pb 510 142 401 622 1558 287 1090 1984
Th 4593 1080 3701 5460 13370 2739 9410 16220
U 1408 423 994 1942 2960 488 2029 4181

ΣREE 30793 2792 28245 33392 33606 1925 22974 37986
(La/Yb)CN

a 2.98 0.17 2.86 3.19 2.98 0.33 2.49 3.55
Zr/Hf 45.69 4.23 42.31 49.87 53.56 1.40 50.77 56.46
Nb/Ta 15.42 3.15 12.16 18.29 8.89 0.81 7.94 11.73

n = number of analyses
- = not calculated

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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2.5.13 Pyrochlore

Pyrochlore is a characteristic mineral in the carbonate-dominated units of the CRCC

and commonly associated with apatite-rich domains. The face-centred, cubic sym-

metry pyrochlore unit cell (space group Fd3m) contains eight units with the general

formula A2 – mB2O6X. Ideally, A ions are Na+ + Ca2+, B ions are Nb5+ + Ta5+ +

Ti4+, and X ions are F– + OH– . A-site cations are in cubic coordination and B-site

cations in octahedral coordination. Pyrochlore incorporates a wide variety of cations

into its structure enabling significant deviation from its ideal composition. The IMA

classification scheme defines five major pyrochlore subgroups based on the atomic

proportions of B-site occupancy (Hogarth, 1977; Atencio et al., 2010). Further

classification of each subgroup depends on the prevalence of cations in the A-site

other than Na or Ca (>20 at.% of total A-site) and the dominant component of the

X -site (Atencio et al., 2010). Major element analyses of pyrochlore-group minerals

from calc-amphibolite (1138964) of the Cummins Range are presented in Table.

(2.5.5). Structural formulae are calculated assuming B-site anions are immobile and

consistently sum to 2 atoms per formula unit. Nb5+ is the dominant B-site cation clas-

sifying all analyses as pyrochlore (Figure. 2.5.22a). Total occupancy of the A-site is

low, mostly <50 %, with the dominant A cation, Ca, ranging between 0.16-0.48 apfu.

The A-site deficit exists because the site is occupied either by H2O or vacancies. As

the X ion was not determined, the low analytical totals could indicate the presence of

H2O. The A-site of pyrochlore known to commonly contain vacancies, represented

by the parameter m within the general formula. It is not possible to demonstrate

analytically which scenario is correct. Regardless, the pyrochlore are classified as

zero-valent-dominant pyrochlore (Atencio et al., 2010). The A-site deficit results in

an apparent dominance of U and Ba, up to 0.250 and 0.373 apfu, which often leads

to analyses mistakenly being recorded as uran- or bario- pyrochlore.

Analyses reveals a compositional diversity with little systematic variation between

crystals. Si varies from ~3.0-5.0 wt.% (0.18-2.7 apfu) to >7.5 wt.% (ca. 0.52) and

up to 11.0 wt.% (0.612 apfu). The incorporation of Si into pyrochlore is poorly

understood. Si may form an essential part of the structure but there are crystal-

chemical limitations. Bonazzi et al. (2006) suggest 30-50% of Si occupies octahedral
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sites, whereas 50-70% occupies radiation damaged portions of the crystal. Given the

relatively high levels of U and Th this is certainly possible. However, no correlation

between Si and U+Th is observed. BSE imaging revealed no zoning within individual

pyrochlores, however, core and rim analysis were obtained from one individual

crystal (Table. 2.5.5 analysis 9C&R). This shows higher concentrations of U, Ba, Ca

and Na in the core and higher Ce, Ti, Nb and A-site vacancies at the rim. Zoning in

pyrochlore is poorly understood despite attempts to resolve some of the complexities

(Zurevinski and Mitchell, 2004; Zaitsev et al., 2013). Leaching of Na and Ca and

generation of A-site vacancies are all prevalent features of metamictization and

alteration of primary magmatic pyrochlore (Zurevinski and Mitchell, 2004). High Ce

contents have been used, at least in part, to infer oxidation through the conversion

of Ce3+ to Ce4+ (Hogarth, 1989). However, elevated Ce values in the Cummins

Range pyrochlores correlate with high concentrations of other non-redox variable

lanthanides, suggesting LREE enrichment is primary. Numerous cation substitution

mechanisms for REE into pyrochlore are known (Zurevinski and Mitchell, 2004).

To maintain charge balance the number of vacancies increases with REE content,

displacing the number of available sites causing a relative decrease in Na content.

Sr, which is considered a good chemical indicator of alteration, is typically ~0.1

apfu and below detection limit in relatively REE-rich samples, suggesting limited

alteration.

Low Ta contents (<0.11 apfu) suggests the Cummins Range pyrochlore are

primary high temperature phases (Kjarsgaard and Mitchell, 2008). However, accord-

ing to Lumpkin and Ewing (1995) A-site cation deficiency is indicative of supergene

alteration (Figure. 2.5.22b) because pyrochlore is resistant to most secondary al-

teration processes instead restricted to chemical processes such as leaching and

hydration. There is little evidence for supergene processes at Cummins Range

instead pyrochlore most likely formed from low-temperature, post-magmatic hy-

drothermal fluids that leached Na and Ca and increased A-site vacancies phases

transforming the mineral towards the end member □2Nb2O5□2H2O through the

reaction (Lumpkin and Ewing, 1995):

H+
(aq) +H2O(aq)+[NaCaNb2O6F](s) = [□2Nb2O5□2H2O](s) + Na+(aq)+HF(aq) (2.5.16)
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Cations such as Ba or Sr may be introduced though the reaction (Nasraoui and Bilal,

2000):

2H+
(aq) + 1.5H2O(aq)+0.2Ba

2+
(aq)+[NaCaNb2O6F](s) ←←←←←←←←←←←←←←←←←→

[Ba0.2Nb2O5.2 ⋅ 2H2O](s) + Na+(aq)+Ca
2+

(aq)+HF(aq)

(2.5.17)

CRCC pyrochlore Nb contents range from 30.55-46.83 wt.% which is comparable

to Kovdor, Kola (36.5-42.5 wt.%) but lower than Catalão, Brazil (50-70 wt.%), Oka,

Canada (20.08-58.12 wt.%) and Mt. Weld, Australia (53.2-70.7 wt.%). Uranium

contents of pyrochlore are extremely variable between carbonatite complexes, the

levels at the CRCC are relatively high (0.110-0.223 U apfu) like Kovdor, Kola ( <0.29

U apfu) and Aley, Canada (up to 0.338 U apfu) which are much higher than Catalão,

Brazil (<0.01 U apfu). High SiO2 contents have been reported in both primary

magmatic (up to 7.6 wt.% SiO2) and late magmatic-hydrothermal pyrochlore (up to

5.4 wt.% SiO2) at Fen, Norway and Mountain Pass, California (Lumpkin and Mariano,

1995). The high SiO2 and low Na2O contents (<1.34 wt.%) further suggests CRCC

pyrochlore were subject to hydrothermal alteration.

Pyrochlore is restricted to carbonatite-rich domains, crystallising after the major

silicate phases, Ti-magnetite (now magnetite and exsolved ilmenite), signifiant

proportions of apatite and before the carbonate minerals. Whilst pyrochlore is

the dominant Nb-bearing mineral within carbonatite domains, in silicate domains

it is perovskite. The observation combined with experimental data suggests the

formation of pyrochlore after perovskite results from an increasing activity of volatile

components, specifically F, during late stages of carbonatite evolution. Described by

the reaction (Mitchell and Chakhmouradian, 1998):

(Ca,Na)(Ti,Nb)O3
perovskite

+ F− + HO− ←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← (Ca,Na)(Nb,Ti)2O6(OH,F)
pyrochlore

(2.5.18)

Niobium, possibly carried as phosphate and fluorine complexes in the melt (Lumpkin

and Ewing, 1988), would have crystallised as perovskite in SiO2-undersaturated

rocks as the formation of apatite, amphibole and phlogopite would have kept the F

content of the melt low. However, as the melt evolved towards a carbonatitic melt or

immiscible silicate-carbonate pair the lack of amphibole and phlogopite increased the
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Figure 2.5.22: Pyrochlore ternary classification diagrams in terms of (a) B-site cation
composition (Nb-Ti-Ta). Compositional fields taken from Atencio et al. (2010) grey dashed
line denotes position of fields according to Hogarth (1977). (b) A-site cations Ca, Na
(+divalent cations) and A-site vacancies (apfu) showing secondary (supergene) enrichment
trend of Lumpkin and Ewing (1995) marked by black arrow.

158



F content which favoured the precipitation of pyrochlore. Initial moderate chemical

variations arose from interactions with primary post-magmatic, high temperature

juvenile fluids shortly after crystallisation which caused variable enrichment in incom-

patible elements such as REE, Ba and U (Lumpkin and Ewing, 1988). Subsequent

leaching from low-temperature hydrous fluids and radiation damage from U and Th

caused minor metamictization of the grains through time evidenced by low Na and

high Si (Hogarth, 2016).
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Table 2.5.13: EPMA analyses (wt.%) of pyrochlore from calc-amphibolite (1138964) within
the CRCC.

1 2 3 4 5 6 7 8 9C 9R

SiO2 2.96 11.09 6.77 3.19 7.87 8.60 8.96 3.53 10.61 4.27
TiO2 7.92 4.78 8.36 8.27 6.87 9.43 8.01 10.08 7.09 9.50
Al2O3 bdl 0.06 bdl 0.08 bdl bdl bdl bdl bdl bdl
FeOT 5.52 3.43 1.64 2.25 1.69 1.92 1.93 2.04 3.36 5.91
MnO 0.09 bdl 0.16 0.15 0.08 bdl bdl 0.18 bdl 0.06
MgO 0.06 0.26 0.10 0.09 0.08 0.09 0.09 0.09 0.15 0.09
CaO 5.89 8.04 3.69 2.94 5.20 6.57 6.78 2.53 8.26 6.00
SrO bdl 3.18 1.43 1.20 2.75 2.93 3.11 0.94 2.90 bdl
BaO 1.13 6.96 9.59 9.23 7.62 7.90 7.47 8.33 7.35 1.49
Na2O 0.06 0.50 0.12 0.11 0.60 0.72 1.34 0.07 1.45 0.17
K2O bdl bdl bdl bdl bdl bdl bdl bdl 0.16 bdl
La2O3 0.73 0.23 0.35 0.40 0.45 0.50 0.42 0.74 0.42 0.79
Ce2O3 5.27 1.42 1.53 1.78 1.74 2.04 1.72 2.90 1.89 5.97
Pr2O3 1.35 bdl bdl bdl bdl bdl bdl bdl bdl 1.53
Nd2O3 6.69 0.25 0.39 0.62 0.53 0.52 0.42 1.25 0.35 7.48
ZrO2 bdl 0.12 bdl 0.17 0.21 0.26 0.31 0.25 0.25 bdl
Nb2O5 41.95 37.60 45.04 40.46 34.79 36.26 33.78 41.07 35.36 38.81
Ta2O5 1.33 6.24 4.84 4.56 6.50 4.61 6.47 5.31 6.12 1.01
ThO2 bdl bdl 0.44 0.20 0.44 0.09 0.19 0.37 0.14 bdl
U2O3 11.34 12.96 15.66 17.31 14.73 14.25 11.99 16.20 12.65 8.48

Total 92.28 97.10 100.10 92.99 92.14 96.70 92.99 95.90 98.51 91.56

Structural formulae calculated on the basis of 6 O and ΣB Cations = 2.00 apfu

Si 0.180 0.612 0.375 0.207 0.493 0.492 0.533 0.215 0.583 0.250
Ti 0.362 0.198 0.348 0.404 0.323 0.406 0.358 0.462 0.293 0.418
Fe 0.281 0.158 0.076 0.122 0.088 0.092 0.096 0.104 0.154 0.289
Nb 1.154 0.938 1.128 1.187 0.985 0.938 0.908 1.131 0.878 1.027
Ta 0.022 0.094 0.073 0.080 0.111 0.072 0.105 0.088 0.092 0.016
ΣB Cations 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000

Al - 0.002 - 0.006 - - - - - -
Mn 0.004 - 0.007 0.008 0.004 - - 0.010 - 0.003
Mg 0.005 0.022 0.008 0.008 0.008 0.008 0.008 0.008 0.013 0.008

Ca 0.384 0.475 0.219 0.205 0.349 0.403 0.432 0.165 0.486 0.376
Na 0.008 0.054 0.013 0.014 0.073 0.080 0.154 0.009 0.154 0.019
K - - - - - - - - 0.011 -
Sr - 0.102 0.046 0.045 0.100 0.097 0.107 0.033 0.092 -
Ba 0.027 0.150 0.208 0.235 0.187 0.177 0.174 0.199 0.158 0.034

U 0.154 0.159 0.193 0.250 0.205 0.181 0.159 0.220 0.155 0.110
Th - - 0.005 0.003 0.006 0.001 0.003 0.005 0.002 -
Zr - 0.003 - 0.005 0.006 0.007 0.009 0.008 0.007 -
La 0.016 0.005 0.007 0.010 0.010 0.010 0.009 0.017 0.008 0.017
Ce 0.117 0.029 0.031 0.042 0.040 0.043 0.037 0.065 0.038 0.128
Pr 0.030 - - - - - - - - 0.033
Nd 0.145 0.005 0.008 0.014 0.012 0.011 0.009 0.027 0.007 0.156
ΣA cations 0.891 1.006 0.746 0.845 1.000 1.018 1.101 0.765 1.131 0.885

Total 2.891 3.006 2.746 2.845 3.000 3.018 3.101 2.765 3.131 2.885

Detection limits: Al2O3, MnO, MgO and ZrO2 <0.06 wt.%; Cr2O3, HfO2 and Pr2O3 <0.07 wt.%; V2O3 <0.12 wt.%
FeOT = total Fe expressed as FeO
bdl = below detection limit; - = not calculated
C = core, R = rim
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Table 2.5.13 (continued)

10 11 12 13 14 15 16 17 18 19

SiO2 9.11 7.83 3.73 7.37 2.37 9.05 4.84 5.85 1.71 8.92
TiO2 7.90 6.59 10.42 7.80 9.07 8.07 8.84 6.71 10.03 6.56
Al2O3 bdl bdl bdl bdl 0.09 bdl 0.09 0.15 bdl bdl
FeOT 2.50 2.27 2.67 1.52 2.09 2.56 1.84 1.43 2.63 2.58
MnO bdl 0.09 0.14 0.07 0.19 0.08 0.12 bdl 0.13 bdl
MgO 0.12 0.09 bdl 0.11 bdl 0.08 0.07 0.13 0.06 0.07
CaO 6.52 4.90 5.08 4.38 2.63 6.05 2.41 2.68 3.04 6.45
SrO 2.46 2.66 0.75 2.01 0.73 2.15 0.66 1.63 1.05 1.78
BaO 6.38 7.63 5.37 7.89 11.22 8.48 10.65 15.03 9.62 8.68
Na2O 0.31 0.37 0.13 0.23 0.21 0.61 0.16 0.16 0.19 0.69
K2O bdl bdl bdl bdl bdl bdl 0.05 0.10 bdl bdl
La2O3 0.36 0.40 0.33 0.57 0.28 0.41 0.51 0.47 0.12 0.55
Ce2O3 1.56 1.87 1.40 2.26 1.61 1.69 2.41 2.38 1.18 2.43
Pr2O3 bdl bdl bdl bdl bdl bdl bdl bdl bdl bdl
Nd2O3 0.23 0.55 0.50 0.94 0.39 0.41 0.94 0.95 0.41 1.01
ZrO2 0.44 0.36 0.09 0.49 0.24 0.52 0.47 0.36 0.19 bdl
Nb2O5 30.55 39.99 42.18 37.70 46.83 37.30 42.00 32.85 43.93 44.06
Ta2O5 6.15 6.78 4.09 5.68 4.43 5.78 4.69 5.12 4.74 3.85
ThO2 0.26 0.47 bdl 0.57 0.54 0.64 0.45 0.38 0.34 0.49
U2O3 15.60 11.70 19.46 16.32 14.56 15.25 16.08 14.98 17.17 14.25

Total 90.47 94.54 96.32 95.89 97.48 99.12 97.26 91.37 96.54 102.36

Structural formulae calculated on the basis of 6 O and ΣB Cations = 2.00 apfu

Si 0.559 0.402 0.443 0.517 0.205 0.570 0.261 0.577 0.494 0.436
Ti 0.364 0.296 0.403 0.338 0.396 0.326 0.406 0.319 0.368 0.275
Fe 0.128 0.113 0.115 0.073 0.102 0.115 0.094 0.076 0.107 0.120
Nb 0.847 1.079 0.982 0.983 1.228 0.905 1.161 0.940 0.968 1.110
Ta 0.102 0.110 0.057 0.089 0.070 0.084 0.078 0.088 0.063 0.058
ΣB Cations 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000 2.000

Al - - - - 0.006 - 0.007 0.011 - -
Mn - 0.004 0.006 0.004 0.009 0.004 0.006 - 0.006 -
Mg 0.011 0.008 - 0.009 - 0.007 0.006 0.013 0.005 0.005

Ca 0.428 0.314 0.280 0.271 0.163 0.348 0.158 0.182 0.159 0.385
Na 0.037 0.043 0.013 0.026 0.023 0.063 0.019 0.019 0.018 0.074
K - - - - - - 0.004 0.008 - -
Sr 0.087 0.092 0.022 0.067 0.025 0.067 0.023 0.060 0.030 0.057
Ba 0.153 0.178 0.108 0.178 0.255 0.178 0.255 0.373 0.184 0.189

U 0.213 0.155 0.223 0.209 0.188 0.182 0.219 0.211 0.186 0.177
Th 0.004 0.006 - 0.007 0.007 0.008 0.006 0.005 0.004 0.006
Zr 0.013 0.010 0.002 0.014 0.007 0.014 0.014 0.011 0.004 -
La 0.008 0.009 0.006 0.012 0.006 0.008 0.011 0.011 0.002 0.011
Ce 0.035 0.041 0.026 0.048 0.034 0.033 0.054 0.055 0.021 0.050
Pr - - - - - - - - - -
Nd 0.005 0.012 0.009 0.019 0.008 0.008 0.020 0.022 0.007 0.020
ΣA cations 0.995 0.872 0.696 0.864 0.732 0.919 0.803 0.981 0.625 0.975

Total 2.995 2.872 2.696 2.864 2.732 2.919 2.803 2.981 2.625 2.975

Detection limits: Al2O3,MnO, MgO and ZrO2 <0.06 wt.%; Cr2O3, HfO2 and Pr2O3 <0.07 wt.%; V2O3 <0.12 wt.%
FeOT = total Fe expressed as FeO
bdl = below detection limit; - = not calculated
C = core, R = rim
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2.5.14 Perovskite

Perovskite, ideally CaTiO3, is a common accessory mineral of the SiO2-undersaturated

clinopyroxenite units of the Cummins Range. Analyses of perovskites from two units,

the phlogopite-rich (1138967) and phlogopite + amphibole clinopyroxenite (1138969),

are presented in Table 2.5.14. Cummins Range perovskite (sensu stricto) approxim-

ates the CaTiO3 end-member composition (Mitchell et al., 2017). However, there are

subtle minor compositional differences between the two units. Perovskites of sample

1138967 have slightly higher Na2O, REE and TiO2 contents than sample 1138968

(Figure 2.5.23a) most likely the minor influence of the solid solution end-member

loparite (Na, REE)Ti2O6 through the substitution:

Na++ REE3+ ⇌ 2Ca2+ (2.5.19)

The enrichment of Na and REE is accompanied by minor increases in Nb content

through the charge balancing substitution:

Na++ Nb5+ ⇌ Ca2++ Ti4+ (2.5.20)

Nb content can discriminate between the two units 1138967 ~0.015 apfu and

1138968 ~0.010 apfu (Figure. 2.5.23b). Perovskite contains significant LREE

enrichment with Ce2O3 up to 3.38 wt.% and an average ΣLREE of ~4.93 wt.%

(La+Ce+Pr+Nd oxides). Sr is low (0.004 apfu) indicative that perovskite is a primary

magmatic phase.

CRCC perovskite have Nb contents (0.89-1.56 wt.%) comparable to those of the

calcite-amphibole-diospide rocks of Kovdor, Kola (1.39-2.49 wt.%) and slightly lower

ΣLREE 4.93 wt.% (cf. ~6.33 wt.%). Perovskites from Afrikanda, Kola exhibit Nb

values of ~2.21 wt.% and ΣLREE up to 11.62 wt.%. At Oka, Quebéc perovskite forms

two groups one with Nb values between 7.25-10.80 wt.% the other 1.56-4.92 wt.%

but both have moderate ΣLREE values of between 3.5-5.0 wt.%. CRCC perovskites

have lower FeO contents 0.72-1.06 wt.% (cf. 0.8-1.6 wt.%) than Kola province

phases although the TiO2 contents are higher 53.36-55.48 wt.% (cf. 51.18-53.04

wt.%).
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Figure 2.5.23: Compositional variation of perovskite from clinopyroxenite of the Cummins
Range. (a) Coupled substitution of REE + Na for 2Ca equation. (2.5.19). Grey line
represents linear regression of data. R2 = 0.93 indicates strong positive correlation. (b)
Distinct Nb concentrations of perovskite from individual clinopyroxenite units. Negative
correlation possibly demonstrates substitution of Nb for Ti.

Perovskite coexists with other Ti-phases in the CRCC frequently enclosed by

large titanite grains. Perovskite grains are mostly relic and show a patchy breakdown

to kassite ± anatase with a reaction rim of ilmenite populated by ~5 µm diameter REE-

bearing phases including aeschynite and an unidentified REE-titante. Micron-sized

REE oxides hosted within an ilmenite crust are reported from perovskites of the Iron

Mountain kimberlite field (Chakhmouradian and Mitchell, 2000). Several analyses

of kassite from the CRCC are reported in Table. (2.5.15). Kassite CaTi2O4(OH2)

and anatase are Ti oxides commonly observed within SiO2-undersaturated rocks

such as carbonatites and develop during late hydrothermal breakdown of perovskite

minerals (Chakhmouradian and Mitchell, 2000). The interaction of perovskite with

hydrothermal fluids involves the leaching of Ca from perovskite and replacement by

kassite ± anatase through the reactions:

2CaTiO3
perovskite

+ CO2 + H2O ←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← CaTi2O4(OH)2
kassite

+ CaCO3
calcite

(2.5.21)

CaTiO3
perovskite

+ CO2
←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← TiO2

anatase
+ CaCO3

calcite
(2.5.22)

CaTi2O4(OH)2
kassite

+ CO2
←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← 2 TiO2

anatase
+ CaCO3

calcite
+ H2O (2.5.23)

163



Perovskite from the CRCC is an early crystallising mineral formed as part of

the matrix of pyroxenites. The hydrothermal alteration of perovskite reflects the

instability of this mineral in a CO2-rich fluid (Chakhmouradian and Mitchell, 2000).

The coexistence of both kassite and anatase preserved within the CRCC is rare,

providing useful constraints on the fluid that formed them. Kassite is typically an

intermediate product in the conversion of perovskite to anatase equation (2.5.23)

(Nesbitt et al., 1981; Martins et al., 2014). Thermodynamic calculations indicate

for the fluid-rock system to contain all three minerals the hydrothermal fluid should

initially have high ƒ(H2O) and ƒ(CO2) should rise at either decreasing or constant

T and ƒ(H2O) (Martins et al., 2014). Furthermore, the development of the ilmenite

rim indicates an increase in aFe2+ during the final stages of perovskite alteration

possibly through the reaction:

2 TiO2
anatase

+ 2Fe2+ + 2H2O ←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← 2 FeTiO3
ilmenite

+ 4H+ (2.5.24)

Perovskite would have been the principal host of LREE in the early forming

SiO2-undersaturated pyroxenites. Hydrothermal fluids liberated REE which formed

carbonate complexes stable within neutral or alkaline conditions. The precipitation

of calcite and formation of H+ions through the formation of ilmenite (equation 2.5.24

reduced the alkalinity of the fluid which decreased the stability of the REE-carbonate

complexes and initiated the crystallisation of REE minerals (Chakhmouradian and

Mitchell, 2000). The formation of a titanite REE-mineral bearing reaction rim is

evident in Figure 2.5.32 b,c.
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Table 2.5.14: Major element compositions of perovskite (wt.%) from the CRCC.

1 2 3 4 5 6 7 8 9 10

SiO2 bdl bdl bdl n.d bdl bdl bdl bdl bdl 0.11
TiO2 53.78 53.98 53.78 53.87 55.02 55.36 54.77 55.48 55.06 55.36
Al2O3 bdl bdl 0.08 bdl 0.08 0.09 bdl bdl 0.08 bdl
V2O3 bdl bdl bdl 0.08 bdl 0.09 bdl 0.08 0.08 0.08
FeOT 0.81 0.72 0.81 0.72 0.73 0.78 0.91 0.73 0.72 1.06
CaO 33.88 34.72 34.23 34.62 36.09 36.56 35.49 36.40 35.51 36.09
Na2O 1.30 1.20 1.27 1.18 0.86 0.79 0.93 0.83 0.91 0.73
SrO 0.32 0.26 0.29 0.31 0.32 0.34 0.27 0.30 0.27 0.35
BaO 0.31 0.30 0.30 0.31 0.29 0.33 0.31 0.31 0.32 0.35
La2O3 1.21 1.03 1.10 1.09 0.89 0.84 0.97 0.88 0.92 0.84
Ce2O3 3.38 2.75 2.88 2.89 2.23 1.90 2.43 1.96 2.31 1.89
Pr2O3 0.42 0.34 0.38 0.36 0.27 0.22 0.31 0.24 0.28 0.23
Nd2O3 1.60 1.39 1.37 1.39 1.06 0.89 1.18 0.89 1.18 0.89
K2O bdl 0.03 0.03 0.03 bdl bdl n.d. bdl bdl bdl
P2O5 0.36 0.52 0.41 0.55 0.50 0.48 0.51 0.53 0.45 0.34
ZrO2 bdl bdl bdl bdl 0.11 bdl 0.09 0.09 0.08 bdl
Nb2O5 1.39 1.51 1.56 1.55 1.00 1.17 0.99 1.12 0.89 1.04
Ta2O5 0.07 0.16 0.11 0.15 bdl bdl bdl n.d. bdl bdl
ThO2 n.d bdl bdl bdl 0.06 bdl 0.08 bdl 0.08 bdl

Total 98.01 98.17 97.80 98.38 98.79 99.05 98.34 99.10 98.41 98.30

Structural formulae calculated on the basis of 3 O

Ti 0.965 0.962 0.962 0.959 0.967 0.967 0.968 0.969 0.972 0.971
Al - - 0.002 - 0.002 0.002 - - 0.002 -
V - - - 0.002 - 0.002 - 0.001 0.001 0.001
Fe 0.016 0.014 0.016 0.014 0.014 0.015 0.018 0.014 0.014 0.021
Nb 0.015 0.016 0.017 0.017 0.011 0.012 0.010 0.012 0.009 0.011
ΣB Cations 0.996 0.992 0.997 0.991 0.994 0.998 0.996 0.996 1.000 1.004

Si - - - - - - - - - 0.003
Ca 0.866 0.881 0.872 0.878 0.904 0.909 0.893 0.905 0.893 0.902
Na 0.060 0.055 0.059 0.054 0.039 0.036 0.042 0.037 0.042 0.033
Sr 0.004 0.004 0.004 0.004 0.004 0.005 0.004 0.004 0.004 0.005
Ba 0.003 0.003 0.003 0.003 0.003 0.003 0.003 0.003 0.003 0.003
La 0.011 0.009 0.010 0.009 0.008 0.007 0.008 0.008 0.008 0.007
Ce 0.029 0.024 0.025 0.025 0.019 0.016 0.021 0.017 0.020 0.016
Pr 0.004 0.003 0.003 0.003 0.002 0.002 0.003 0.002 0.002 0.002
Nd 0.014 0.012 0.012 0.012 0.009 0.007 0.010 0.007 0.010 0.007
K - 0.001 0.001 0.001 - - - - - -
P 0.007 0.010 0.008 0.011 0.010 0.009 0.010 0.010 0.009 0.007
Zr - - - - 0.001 - 0.001 0.001 0.001 -
Ta 0.000 0.001 0.001 0.001 - - - - - -
Th - - - - 0.000 - 0.000 - 0.000 -
ΣA Cations 0.998 1.002 0.997 1.001 0.999 0.994 0.995 0.994 0.991 0.984

Total 1.994 1.994 1.995 1.993 1.993 1.993 1.991 1.991 1.991 1.989

Detection limits: Cr2O3, HfO2 and U2O3 <0.06 wt.%; SiO2 <0.08 wt.%; P2O5 <0.14 wt.%.
FeOT total Fe expressed as FeO
bdl = below detection limit; n.d. = not detected; - = not calculated
Analyses: 1-4 = Phlogopite-rich clinopyroxenite with minor amphibole (1138967); 5-10 = Phlogopite + amphibole clinopyrox-

enite (1138969)
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Table 2.5.15: EPMA analyses (wt.%) of kassite from phlogopite ± amphibole pyroxenite
(1138969) from the CRCC.

1 2 3 4 5

SiO2 0.08 0.08 0.21 0.09 0.14
TiO2 63.02 63.02 61.60 62.82 63.53
Al2O3 0.11 0.09 0.14 0.10 0.08
V2O3 bdl bdl bdl 0.12 0.08
FeOT 0.46 0.59 0.43 0.66 0.99
MnO 0.13 0.38 0.07 0.27 0.28
MgO bdl bdl 0.10 bdl bdl
CaO 20.06 20.14 20.03 20.51 19.55
Na2O bdl bdl 0.22 bdl bdl
K2O bdl bdl 0.06 bdl bdl
BaO 0.36 0.33 0.37 0.35 0.36
La2O3 0.69 0.92 0.97 0.96 1.11
Ce2O3 1.78 2.12 2.18 2.16 2.72
Pr2O3 0.24 0.26 0.27 0.24 0.35
Nd2O3 0.93 1.04 1.06 1.02 1.43
P2O5 0.16 0.18 0.26 0.28 0.24
ZrO2 0.15 0.08 0.07 0.08 0.15
Nb2O5 1.13 1.27 1.05 1.26 1.26
Ta2O5 0.07 bdl bdl bdl bdl
ThO2 0.07 0.07 0.08 bdl 0.05

Total 89.44 90.55 89.15 90.95 92.32

Calculated based on Σcations = 3

Si 0.003 0.003 0.009 0.004 0.006
Ti 1.980 1.962 1.937 1.945 1.960
Al 0.005 0.005 0.007 0.005 0.004
Fe 0.016 0.020 0.015 0.023 0.034
V - - - 0.003 0.002
Mn 0.005 0.013 0.003 0.010 0.010
Mg - - 0.006 - -
Ca 0.898 0.894 0.897 0.905 0.860
Na - - 0.018 - -
K - - 0.003 - -
Ba 0.006 0.005 0.006 0.006 0.006
La 0.011 0.014 0.015 0.015 0.017
Ce 0.027 0.032 0.033 0.033 0.041
Pr 0.004 0.004 0.004 0.004 0.005
Nd 0.014 0.015 0.016 0.015 0.021
P 0.006 0.006 0.009 0.010 0.008
Zr 0.003 0.002 0.001 0.002 0.003
Nb 0.021 0.024 0.020 0.023 0.023
Ta 0.001 - - - -
Th 0.001 0.001 0.001 - -

Total 3.000 3.000 3.000 3.000 3.000

Detection limits: Cr2O3, HfO2, Ta2O5, MgO & U2O3 <0.06 wt.%;
SrO & Na2O <0.05 wt.%; V2O3 <0.09 wt.%.
FeOT total Fe expressed as FeO
bdl = below detection limit; - = not calculated
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2.5.15 Trace element composition of perovskite

Trace element compositions of perovskite hosted within phlogopite-rich ± amphibole

pyroxenite units (1138967 and -69) of the CRCC are presented in table 2.5.16.

Perovskite incorporates significant numbers of trace elements to well over 10 times

primitive mantle abundances with many elements reaching enrichment levels of

104 times. Cr, Ni, Co and Cu are notably depleted, whereas Mn (400-43350 ppm),

Sc (1.2-24.5 ppm), V (145-705 ppm) and Zn contents (4.4-163.3 ppm) vary between

minor levels enrichment or depletion. Despite this the transition metals, along with

Ba, are appreciably higher in perovskite of the CRCC compared to average values

of kimberlites (Chakhmouradian et al., 2013). For example, the average value of Ba

within perovskite of the CRCC is 136 ppm, the average value of Ba in perovskite from

kimberlites is <25 ppm (no sample reported contains > 80ppm) (Chakhmouradian

et al., 2013). U and Th highly enriched in perovskite from both units of the CRCC

with average U/Th ratios of 0.12 (1138967) and 0.64 (1138969). Differences also

exist between the Zr/Hf (12.5 cf. 22.0) and Nb/Ta (13.2 cf. 25.5) ratios which are

higher in 1138969 indicating a lower abundance of both Hf and Ta. Zr contents of

CRCC perovskites are on average ~1400 ppm (up to 2945 ppm)
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2.5.15.1 REE patterns

Perovskite examined within the CRCC are strongly LREE-enriched with abundances

of La = 21950 ±10000 (enrichment factor of 100000 times) and Lu = 7.77±3.74

(enrichment factor of 100 times) exceeding levels reported from perovskites within

kimberlites (Chakhmouradian et al., 2013). Strong LREE-enrichment is charac-

terised by La ≥ Ce > Pr > Nd with (La/Yb)CN values of 320 ±91 (2.5.26). REE

budgets of perovskite are extremely high with average ΣREE = 16.2 ±5.4 wt.%

(1138967) and 6.27 ±3.1 wt.% (1138969). Perovskite from Afrikanda, Kola contain

high amounts of REE (7.6-13.1 wt.% REE2O3). REE-enriched perovskite (1138967)

contains appreciably higher abundances of Nb and Th and much less Na. Sim-

ilar composition perovskites are observed at Kovdor, Kola although they display

increasing, as opposed to decreasing, Na contents. This enrichment of Nb, Th and

REE are interpreted to represent a transition towards more carbonatite-rich domains

(Chakhmouradian and Mitchell, 1997). The low Na of the CRCC perovskites could

result from leaching by late-stage hydrothermal fluids.

Perovskite of the CRCC shows variable degrees of alteration and breakdown to

secondary Ti-oxides, kassite and anatase. This breakdown liberates REE and forms

concentrations of REE minerals. The anomalously high Ti and Si concentrations

detected in LA-ICP-MS analyses result from the limitations in minimum spot size.

Perovskite analyses were performed using a 30 µm spot size. Evidently this was too

large to provide the spatial resolution required to analyse individual relic perovskite

grains. Analyses therefore incorporated surrounding Ti-oxides (breakdown products)

and matrix phases. Probe analysis do not show spurious major element composi-

tions. REE concentrations are likely to be representative of primary perovskite as

they were exsolved from this host into the secondary rim. Sample 1138967 is more

intensely veined by carbonatite than 1138969.

Nonetheless, the capacity of perovskite to host considerable concentrations

of REE will have considerable impact on the incompatible trace-element budget,

namely REE, of the evolving melt.
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Table 2.5.16: Average trace-element composition of perovskite from selected units of the
CRCC determined by LA-ICPMS.

Sample 1138967 1138968
Rock Unit (n) Phlogopite-pyroxenite(20) Phl-mag-diop-apt pyroxenite(22)

(ppm) Mean �1 Min Max Mean � Min Max

Li 1.35 0.89 0.38 4.57 0.60 0.45 0.06 1.85
Na 1173 405 233 8494 3285 3395 206 6509
Mg 6286 3061 545 30032 1183 987 153 4343
Al 487 137 193 1127 480 203 290 781
Si 19978 15890 2430 78141 4924 4078 1415 16262
P 27.4 7.1 15.2 50.6 18.6 4.6 13.5 26.3
S 630.2 149.6 427.6 1225 515.4 58.4 431.7 617.3
K 130.5 86.4 43.4 274.1 73.9 53.5 25.3 250.2
Sc 5.73 2.22 2.00 34.50 2.53 1.19 1.23 3.42
V 335.6 49.4 169.1 705.6 254.1 106.0 145.9 363.8
Cr 28.93 15.02 10.95 72.60 52.58 18.77 30.21 101.29
Mn 14133 11445 3246 27495 4293 4199 404 10272
Fe 17853 7475 8145 42083 19931 16280 4994 60919
Co 1.62 0.99 0.43 4.13 1.51 1.23 0.10 5.46
Ni 20.66 2.77 15.94 24.20 18.56 1.53 14.14 21.87
Cu 4.63 1.13 2.34 10.64 2.96 1.28 1.59 4.98
Zn 24.91 13.27 8.32 86.50 13.34 8.76 4.35 28.17
Sr 644 233 110 4325 1462 1457 127 2791
Y 1349 344 559 2546 1021 433 627 1670
Zr 1400 328 700 2945 1420 465 924 2130
Nb 29751 9878 11498 56273 13515 6768 8018 23442
Ba 164.45 93.00 50.54 630.77 97.54 52.72 5.59 510.54
La 27014 7044 10535 47818 13498 6578 7975 20788
Ce 76719 25991 27204 136650 32979 14911 19140 52488
Pr 9170 3174 3119 16901 3817 1644 2206 6163
Nd 34324 11944 11517 64340 14630 6408 8411 23910
Sm 4462 1423 1568 8562 2287 964 1313 3781
Eu 1062 268 390 2085 607 259 352 1005
Gd 2213 451 814 4276 1341 573 798 2186
Tb 205.4 35.7 78.5 398.5 141.5 60.2 85.3 230.9
Dy 759.6 143.6 295.3 1499.6 567.2 237.8 343.8 950.9
Ho 92.0 19.8 36.0 179.4 71.5 31.0 43.3 117.9
Er 145.6 35.7 58.1 275.0 114.6 48.7 69.3 188.6
Tm 12.08 3.68 5.11 23.14 9.32 3.84 5.73 15.53
Yb 49.7 15.2 21.8 94.8 37.1 15.0 22.3 59.6
Lu 4.19 1.31 1.83 7.77 3.01 1.17 1.87 4.76
Hf 107.9 26.1 51.2 253.7 62.1 20.0 39.6 88.7
Ta 2430 596 954 4704 648 342 315 1403
Pb 331.7 156.1 30.3 3984.8 66.5 27.0 27.2 126.1
Th 2297 1370 157 8708 1090 682 311 2187
U 141.6 66.5 33.7 219.7 381.8 213.7 207.6 593.9

ΣREE 156231 53675 55644 283111 70104 31194 41255 111681
(La/Yb)CN

a 376 55 278 604 247 21 208 269
Zr/Hf 13.2 1.4 11.2 15.5 22.9 1.5 21.1 25.5
Nb/Ta 12.5 3.1 9.1 18.9 22.0 3.7 16.7 31.9

n = number of analyses
- = not calculated

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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2.5.16 Magnetite

Magnetite is an abundant oxide phase present within virtually all lithological units

of the CRCC and typically occurs as both euhedral and partly resorbed crystals

ranging from 0.1-1.0 mm. Magnetite predominantly occurs as an intercumulus phase

associated with diopside, apatite and carbonate in pyroxenites, as well as accessory

Nb and Zr oxides and sulphides in progressively altered and carbonate-rich domains.

Occasionally magnetite forms large euhedral macrocrysts up to 5 mm in diameter

(1138968) with inclusions of apatite and minor carbonate. Extensive exsolution

with ilmenite resulted in magnetite intergrown and/or mantled by ilmenite, indicative

magnetite was originally Ti-magnetite.

2.5.17 Trace element composition of magnetite

The trace element composition of magnetite from selected units of the CRCC are

presented within Table (2.5.17). As a consequence of exsolution the Ti contents

of all analysed magnetites are low, on average <2.0 wt.%, with lower average con-

centrations observed in the pyroxenite (1.51 wt.%) and calc-amphibolite (1.07 wt.%)

compared to phlogopite-rich pyroxenite (2.07 wt.%) and phlogopite±amphibole (2.36

wt.%). Mg and Mn exhibit a similar lithological preference and are on average

1927 ppm and 4653 ppm respectively. These abundances are much lower than

the wt.% levels reported within magnetite from east african carbonatites (Bailey

and Kearns, 2002; Reguir et al., 2008). V contents range from 1380-2133 ppm

with Co (33-40 ppm) and Ni (2-87 ppm). The abundances of the aforementioned

trace elements are comparable with igneous magnetite, as opposed to hydrothermal,

reported from silicate systems (Nadoll et al., 2014). HFSE elements (excluding Ti)

are present in low concentrations within CRCC magnetite (Nb <90 ppm, Ta 2.36

ppm, Zr 81 ppm and Hf 4 ppm) consistent with the findings of Krasnova et al. (2004)

that the HFSE budget in of carbonatites is governed by other phases. The Ni/Cr

ratio can also be used to indicate the origin of magnetite as the behaviour of the two

elements is coupled within magmatic regimes, typically Ni/Cr <1.0, and decoupled

in hydrothermal environments (Ni/Cr >1.0) (Dare et al., 2012). All magnetite from

clinopyroxenite units 1138974 and 69 show Ni/Cr <1.0 suggesting they are mag-
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Figure 2.5.27: Trace element variations of (a) Mg vs Ti and (b) Cr vs Ni in magnetite from
different lithological units of the CRCC.

matic and crystallised during emplacement, compared to the altered units 1138968

and 1294428 which have a mean Ni/Cr of 1.6 and 1.8 respectively, recording the

hydrothermal alteration from the formation of the carbonatites (Figure 2.5.27).

2.5.17.1 REE patterns

REE are typically incompatible in magnetite (see Chapter (4))(Wijbrans et al., 2015)

and often neglected in trace element analyses because they rarely reach concen-

trations that exceed common detection limits of LA-ICP-MS. Magnetite occurs in

most lithologies of the CRCC and contains resolvable abundances of REE. All REE

profiles display a strong LREE-enrichment with average La-Nd concentrations in

each examined unit displaying an enrichment factor of >1.0. Magnetite from the

clinopyroxenite displays a high overall REE abundance with average La = 5.4 ppm

(up to 18.4) and Lu = 0.48 ppm (up to 1.2 ppm). Magnetite from calc-amphibolite

(1294428) is also relatively enriched in REE but displays a relative depletion in

La creating a LREE ‘hook’ where La < Ce < Pr. This feature is only observed in

the calc-amphibolite (1294428) although a weak La depletion is possibly evident in

the clinopyroxenite and phlogopite-rich pyroxenite. Consequently, the (La/Yb)CN =

7.8 for magnetite of the calc-amphibolite is appreciably lower than the pyroxenites

which range from (La/Yb)CN= 20.1 to 53.2. The flat HREE ‘tail’ of magnetite in

sample (1138968) are from are euhedral macrocrysts. Profiles from intercumulus
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magnetite display a positive (Eu/Eu*) anomaly ranging from 1.02 (1138974) to 2.35

(1294428) with the pyroxenite also displaying a positive (Ce/Ce*) anomaly, similar to

that observed in phlogopite from the same unit.

Clearly, magnetite does contain detectable concentrations of REE which re-

flect the LREE profiles of all other mineral phases within the CRCC. The higher

abundance of REE within magnetite of the pyroxenite probably reflects a LREE-

enriched parental melt crystallising a restricted number of phases, predominantly

clinopyroxene and minor apatite, with which magnetite was crystallising. With the

evolution of a parental magma, phases with a greater capacity to sequester REE

increased leading to a relative decline in the overall abundance of REE in magnetite.

The depleted LREE ‘hook’ of magnetite in the calc-amphibolite perhaps reflects a

late stage leaching of LREE or significant depletion within the melt from which they

crystallised caused by extensive earlier crystallisation of strongly LREE-enriched

phases. This LREE depleted signature is characteristic of all mineral phases at the

CRCC associated with a significant carbonatite influence.
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Table 2.5.17: Average trace-element composition of magnetite from selected units of the
CRCC determined by LA-ICP-MS.

Sample 1138974 1138968 1138969 1294428
Rock Unit(n) Pyroxenite(11) Phl-mag-diop-apt pyroxenite(13) Phlogopite-rich pyroxenite(16) Calc-amphibolite(13)

(ppm) Mean �1 Min Max Mean � Min Max Mean � Min Max Mean � Min Max

Na 160.2 103.6 22.6 380.0 225.5 243.2 3.7 980.0 84.9 26.3 9.1 690.0 47.8 32.4 8.2 189.0
Mg 1023 904 250 3320 3017 979 1597 7680 2062 971 380 12530 1336 1079 272 4900
Si 9822 14167 1301 32300 1420 1245 708 3500 3885 2668 463 20500 2884 1553 817 7610
P 23.5 2.1 17.9 37.1 20.8 4.3 17.5 26.0 23.1 4.2 17.6 33.0 21.5 5.3 18.4 25.8
S 834 59 724 920 833 95 735 1026 912 90 794 1056 906 136 773 1031
Cl 142.2 14.1 114.3 176.0 115.8 12.6 98.0 148.0 101.6 10.0 88.1 114.0 105.1 9.5 84.9 119.3
K 321.4 505.9 3.8 1460.0 15.3 7.9 4.2 32.4 544.7 113.6 5.8 6290.0 136.3 178.4 8.2 452.0
Ca 9934 17606 111 34690 2180 261 7 16600 2635 3103 15 13900 1908 2611 32 5920
Sc 0.539 0.428 0.130 1.490 2.084 1.977 0.775 5.400 1.112 0.665 0.085 4.800 0.428 0.223 0.081 1.970
Ti 15134 17413 441 39000 23622 12578 6480 97600 20667 12320 707 37200 10706 10942 299 27400
V 1919 124 1710 2184 1695 117 1483 1813 1380 137 1222 1706 2133 317 1805 2424
Cr 141.6 15.0 122.6 167.5 7.47 7.12 2.18 20.44 1170 160 937 1413 1.41 0.44 0.83 3.43
Mn 2648 1317 1169 6440 3877 1760 1650 13140 8194 4651 1581 12580 2280 1883 628 5630
Co 33.04 5.28 27.86 41.71 37.40 6.64 14.25 51.62 41.09 5.55 32.01 48.78 40.03 7.76 33.88 58.82
Ni 36.53 5.11 27.89 45.60 8.01 2.83 4.39 10.53 87.56 17.23 66.50 115.40 2.20 0.30 1.75 2.65
Cu 60.65 51.97 0.34 160.80 0.81 0.70 0.06 4.00 0.76 0.25 0.09 4.50 2.09 1.67 0.14 12.70
Zn 171.0 46.8 109.7 235.3 209.0 59.3 69.8 1410.0 109.4 28.5 61.7 165.3 89.4 17.2 60.8 118.2
Ga 7.96 1.16 6.97 9.37 8.80 1.98 3.39 13.28 7.70 2.05 5.11 12.85 12.53 2.52 10.66 14.82
Rb 4.23 4.90 0.05 20.50 0.04 0.04 0.01 0.08 1.98 0.44 0.02 21.50 0.60 0.86 0.03 1.84
Sr 27.07 32.99 2.62 68.80 52.65 2.71 0.17 436.00 6.78 6.59 1.83 25.20 13.90 9.48 0.57 103.00
Y 7.708 7.323 0.101 31.600 0.246 0.180 0.069 0.448 0.537 0.537 0.107 2.790 2.296 2.141 0.063 12.400
Zr 14.36 19.86 0.26 47.30 4.40 2.11 0.30 36.90 12.23 12.75 0.05 81.00 2.54 1.39 0.21 16.10
Nb 1.37 0.39 0.01 11.50 6.20 6.39 1.50 20.02 3.32 1.39 0.32 13.69 35.14 34.51 1.37 90.00
In 0.016 0.006 0.006 0.035 0.066 0.086 0.011 0.185 0.023 0.006 0.008 0.049 0.026 0.015 0.011 0.039
Cs 0.195 0.316 0.006 0.740 0.007 - - - 0.133 0.245 0.007 0.437 0.116 0.086 0.011 0.346
Ba 15.21 18.90 0.47 50.90 7.93 2.97 0.49 52.00 24.32 4.71 0.05 273.00 6.84 4.66 1.49 13.30
La 5.380 6.308 0.186 18.400 1.186 1.212 0.071 6.200 1.970 1.703 0.076 5.800 0.994 0.918 0.039 5.140
Ce 29.398 25.523 0.800 106.100 2.149 1.652 0.369 7.900 5.507 4.287 0.370 23.290 5.520 5.075 0.225 32.100
Pr 3.250 2.876 0.112 12.620 0.206 0.160 0.037 0.690 0.640 0.669 0.048 3.070 1.128 1.015 0.041 6.700
Nd 14.511 12.172 0.478 57.400 0.713 0.581 0.129 2.300 2.233 2.701 0.124 10.630 5.941 5.171 0.157 34.600
Sm 3.118 2.381 0.100 12.820 0.104 0.112 0.019 0.253 0.347 0.384 0.028 1.600 1.450 1.455 0.045 7.700
Eu 1.589 1.565 0.021 7.130 0.027 0.023 0.005 0.059 0.163 0.195 0.008 0.904 0.778 1.161 0.016 2.600
Gd 2.708 2.172 0.069 11.040 0.081 0.073 0.014 0.189 0.247 0.240 0.025 1.190 1.114 1.073 0.035 5.830
Tb 0.362 0.289 0.009 1.473 0.010 0.010 0.002 0.026 0.028 0.029 0.005 0.137 0.144 0.139 0.006 0.760
Dy 1.908 1.641 0.034 7.650 0.060 0.039 0.010 0.154 0.150 0.142 0.026 0.743 0.765 0.734 0.034 3.890
Ho 0.303 0.256 0.007 1.217 0.011 0.007 0.004 0.026 0.026 0.023 0.004 0.110 0.114 0.093 0.005 0.549
Er 0.696 0.654 0.015 2.750 0.032 0.021 0.007 0.059 0.059 0.046 0.013 0.261 0.216 0.157 0.015 1.210
Tm 0.081 0.083 0.002 0.320 0.005 0.002 0.001 0.017 0.008 0.006 0.002 0.030 0.032 0.022 0.002 0.135
Yb 0.402 0.451 0.017 1.580 0.029 0.014 0.010 0.079 0.040 0.033 0.009 0.155 0.117 0.101 0.010 0.533
Lu 0.041 0.049 0.002 0.154 0.004 0.002 0.002 0.010 0.006 0.002 0.002 0.018 0.013 0.009 0.004 0.043
Hf 0.483 0.693 0.009 1.211 0.628 0.561 0.028 4.150 0.531 0.604 0.012 3.550 0.141 0.099 0.011 0.960
Ta 0.003 0.002 0.002 0.006 0.256 0.123 0.011 2.040 0.019 0.009 0.003 0.110 0.739 0.889 0.010 2.390
Pb 0.847 0.592 0.203 1.932 0.447 0.236 0.169 1.350 0.601 0.166 0.236 1.615 0.314 0.141 0.102 0.573
Th 0.112 0.078 0.011 0.379 0.042 0.025 0.010 0.109 0.199 0.137 0.001 1.030 0.267 0.186 0.034 1.040
U 0.172 0.075 0.046 0.720 0.018 0.018 0.001 0.045 0.279 0.222 0.021 0.681 0.226 0.243 0.024 0.655

(La/Yb)CN
a 2.01 0.51 0.57 10.78 3.79 2.76 0.16 22.52 5.32 3.53 0.36 16.08 0.78 0.38 0.22 2.14

Zr/Hf 36.2 9.7 15.1 70.9 6.8 3.4 4.0 11.3 40.3 24.1 16.8 105.5 23.3 13.6 4.0 52.3
Nb/Ta 415.4 472.4 4.1 1949.2 100.2 67.8 9.1 456.0 245.1 169.7 28.2 742.5 88.4 97.3 13.3 201.7
Ni/Cr 0.26 0.04 0.23 0.29 1.60 1.41 0.40 3.53 0.08 0.02 0.05 0.12 1.80 0.54 0.51 2.98
(Eu/Eu*) 1.55 0.49 0.71 3.28 1.02 0.29 0.61 1.79 1.81 0.65 0.77 7.77 2.35 1.72 0.77 6.30

n = number of analyses
- = not calculated

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite-normalised values from McDonough and Sun (1995).
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2.5.18 Carbonate

Identification of calcite and dolomite in rocks of the CRCC was conducted predom-

inately through the use of standardless EDS analyses, but also using the ratio of

normalised Ca to Mg counts per second obtained from LA-ICP-MS. After each phase

had been identified, stoichiometric Ca values were used as the internal standard

for trace element analyses by LA-ICPMS. Whilst these methods provide quantified

analyses of major element compositions the lack of a matrix matched carbonate

standard increases the uncertainty of the analyses. Combined with the analyt-

ical data from Downes et al. (2014) calcite is the most abundant carbonate phase

within the CRCC with dolomite developing at the expense of primary calcite during

metasomatism, evidenced by a common association with vugs and late stage REE

fluorocarbonates and monazite veins (Downes et al., 2014). Dolomite has a smaller

capacity for Sr, Ba and REE compared to calcite which may be why these late stage

veins commonly develop (Chakhmouradian et al., 2015). Typically carbonatite units

of the CRCC contain both dolomite and calcite phases and can be either dolomite

or calcite-dominant. Subsequent EPMA analysis of both calcite and dolomite have

shown compositions close to pure CaCO3with low concentrations of Sr, and pure

MgCaCO3 with minor Fe, Mn and Sr.

Within pyroxenite units carbonate is predominantly intercumulus calcite associ-

ated with apatite, magnetite and phlogopite. Occasionally it forms in micro-veins

dominated by apatite. Carbonate within altered pyroxenites (i.e. phlogopite-rich,

phlogopite±amphibole, and calc-amphbolite) is both calcite and dolomite and dis-

plays a wide range of textures from irregular grains of variable size either interstitial

to or interlocked within a granular fabric of predominantly of diopside, apatite and

magnetite to inclusions within phlogopite and magnetite macrocrysts. This is occa-

sionally cross-cut by small aggregates of euhedral tabular crystals that eventually

grade into almost monomineralic carbonate aggregates that are variably recrys-

tallised and sheared. These paragenetic interpretations were made on the basis

of textural and morphological interpretations (see section 2.4.5). The extensive

variation of carbonate displayed at CRCC makes interpretation extremely difficult.
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2.5.19 Trace element composition of carbonate

The trace element composition of carbonate from selected units of the CRCC was

determined by LA-ICP-MS and is presented in table 2.5.18. Incorporation of trace

elements into calcite requires substitution into the Ca site. The incorporation of

non-divalent cations is difficult as it requires the coupled substitution of cations into

proximal sites to avoid under- or overbonding the available oxygens. Consequently,

large tetra- or pentavalent cations such as Zr, Nb, U, Hf, Ta are all <<1 ppm within

all analysed calcite. An exception to this is Pb which is ≤10 ppm. Pb shows a correl-

ation with Sr that enables all of the carbonate compositions from the examined units

to be distinguished (Figure 2.5.29). Sr is heavily depleted in carbonatite units, in

particularly dolomite, compared to silicate dominated lithologies. Unfortunately, avail-

able information is insufficient to determine with certainty what causes the observed

relationship, however it is most likely controlled by the minerals crystallising with

the carbonate. The crystal-chemical control of dolomite containing Mg2+ promotes

higher abundances of elements with comparable ionic radii (0.71 Å). V (0.64 Å)

and Mn (0.83 Å) (Shannon, 1976) are on average 5-8 ppm and 2800-5005 ppm

respectively in dolomite of the CRCC compared to 0.017-5.71 ppm V and 720-2802

ppm Mn in calcite. Fe is also an order of magnitude enriched within dolomite (~1.7

wt.%) compared to calcite (~0.3 wt.%).

2.5.19.1 REE patterns in calcite

The variation in REE patterns displayed by carbonate of the CRCC is considerable

and best evidenced through the significant variation in (La/Yb)CN values which range

from 0.085-54.17. A (La/Yb) ratio of <1.0 indicates the HREE are preferentially

enriched within the phase (Figure 2.5.30a.). Carbonate of the clinopyroxenite

(1138975) has a average (La/Yb)CN of 0.15 which corresponds to average La =

0.57 ppm and Lu = 0.41 ppm. Calcite is intercumulus within the clinopyroxenite and

could have a HREE-enriched signature from LREE preferentially partitioning into

coexisting phases such as apatite and clinopyroxene. Alternatively, LREE may have

been leached by late stage hydrothermal fluids. This is the only examined phase

within the entire CRCC that displays a (La/Yb)CN <1.0. Furthermore, 4 of the 15
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Figure 2.5.29: Variations in Pb and Sr contents of carbonate phases from different units of
the CRCC. Square symbols - dolomite; Circles - calcite.
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total analysis obtained for calcite show average La concentrations of 2.73 ppm which

correspond to (La/Yb)CN ratios of 0.41-0.99. The difference between these REE

signatures is demonstrated in Figure 2.5.31b.

Calcite of the phlogopite- rich clinopyroxenite (1138969) and calc-amphibolite

(1294428) display broadly flat REE signatures with (La/Yb)CN values of 0.98 and

1.07. REE profiles are weakly sinusoidal with convex upwards LREE pattern of La <

Ce < Pr < Nd. Calcite from another phlogopite-rich clinopyroxenite sample (1138967)

exhibits overall REE enrichment of 20-30 times C1 chondrite (La = 16.55 ppm and

Lu = 0.76 ppm) with weakly sinusoidal pattern that are a convex downward in LREE

where La > Ce > Pr > Nd, corresponding to a (La/Yb)CN value of 2.27. Calcite from

the phlogopite-magnetite-diopside-apatite pyroxenite displays similar steep levels

of LREE enrichment (La = 15.04 ppm) from La to Eu but a relatively flat constant

enrichment of Gd to Lu corresponding to a (La/Yb)CN value of 6.6-9.2.

Calcite from the sövite unit displays the highest overall enrichment with REE

pattern characterised by moderately steep, log-linear steadily increasing enrichment

factors from La (92.1 ppm) to Lu (0.63 ppm) corresponding to a (La/Yb)CN value

of 13.5. Analyses of calcite within the calc-amphibolite (1294428) displayed REE

signatures comparable with calcite of the sövite. Given there were only two analyses

that displayed this signature they were excluded from the average REE pattern.

They are however displayed in Figure 2.5.31a and attributed to small carbonatite

veins that crosscut the pyroxenites.

2.5.19.2 REE patterns in dolomite

Dolomite of the CRCC display a strong LREE-enrichment with a steady log-linear

increase from Er to La with a minor HREE plateau at Yb and Lu corresponding to a

(La/Yb)CN value of 25-54 (Figure 2.5.30b). Dolomite from recrystallised carbonatite

(1294425) contain overall slightly higher abundances of REE (La = 35.08) than

dolomite from calc-amphibolite (1138964) (La = 22.65). Both dolomite samples

are also the only units to consistently show small positive Eu anomalies (Eu/Eu*

range from 0.98-1.24). Whilst this anomaly is small it does indicate the observed

enrichment in Eu2+ may be a result of hydrothermal alteration, consistent with

textural observations.
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Figure 2.5.30: Chondrite-normalised REE profiles of (a) calcite and (b) dolomite from selected units of the CRCC.
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Figure 2.5.31: Variations in chondrite-normalised REE profiles from the same lithological units. (a) Calc-amphibolite (1294428) - Majority of profiles (teal green)
are moderately enriched with flat REE profiles. Two profiles (black) show strong LREE enrichment also within calcite but to a much higher level then most other
grains. The enrichment is similar the calcite within sövite (1138973) indicating there are later generations of carbonate. (b) Clinopyroxenite (1138974) - Two
populations of REE profiles; LREE depleted (red) and mid-LREE depleted (blue). Individual analyses are lightly displayed in the background with bold coloured
lines denoting the mean value for each population.
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Table 2.5.18: Average trace element composition of carbonate from selected units of the
CRCC determined by LA-ICP-MS.

Sample 1138975 (Cc) 1138968 (Cc) 1138969 (Cc) 1138967 (Cc)
Rock Unit Clinopyroxenite (11) Phl-mag-diop-apt pyroxenite(4) Phlogopite-rich pyroxenite(4) Phlogopite-rich pyroxenite(11)

(ppm) Mean �1 min max Mean � min max Mean � min max Mean � min max

Na 157.3 331.9 7.4 455.1 46.9 43.3 19.1 84.6 5.1 0.0 5.1 5.1 33.4 18.7 21.2 53.8
Mg 1076 1078 486 2230 2332 365 2064 2580 1150 220 969 1324 2528 400 2084 3005
Al n.a. - - - n.a. - - - n.a. - - - 1.7 0.8 0.5 5.9
P 29.6 6.1 24.5 34.1 22.2 2.7 19.0 23.8 20.2 3.2 17.9 23.6 21.0 2.9 17.5 29.7
K 12.4 10.0 7.6 21.0 4.6 0.0 4.6 4.6 bdl - - - 7.7 3.3 4.8 10.0
Sc 0.35 0.55 0.04 0.91 0.44 0.08 0.37 0.51 0.34 0.13 0.24 0.44 n.a. - - -
Ti 30.39 61.49 2.73 85.68 0.76 0.00 0.76 0.76 0.06 0.00 0.06 0.06 n.a. - - -
V 1.54 3.22 0.02 5.71 bdl - - - bdl - - - 0.10 0.13 0.02 0.35
Cr 1.75 0.19 1.64 1.93 1.76 0.10 1.71 1.88 1.70 0.08 1.65 1.77 n.a. - - -
Mn 2144 824 1554 2821 1036 384 720 1300 1300 244 1076 1452 2831 466 2255 3298
Co 0.177 0.165 0.098 0.391 0.067 0.023 0.048 0.087 0.084 0.036 0.060 0.120 n.a. - - -
Fe n.a. - - - n.a. - - - n.a. - - - 1635 376 1305 1988
Ni 0.269 0.307 0.087 0.626 0.124 0.037 0.098 0.149 0.140 0.086 0.074 0.208 n.a. - - -
Cu 0.347 0.535 0.059 1.015 0.081 0.082 0.033 0.173 0.035 0.020 0.019 0.048 n.a. - - -
Zn 1.26 1.77 0.44 3.61 0.31 0.04 0.27 0.34 0.25 0.06 0.20 0.30 n.a. - - -
Ga 1.73 0.61 1.18 2.21 3.45 1.85 2.18 5.19 1.87 1.46 0.90 3.19 n.a. - - -
As n.a. - - - n.a. - - - n.a. - - - 0.78 0.14 0.63 1.01
Rb 0.07 0.11 0.01 0.20 bdl - - - bdl - - - bdl - - -
Sr 10966 2513 9010 13062 6320 537 5902 6757 6672 695 5977 7087 5329 572 3975 5867
Y 17.64 9.70 12.22 28.38 15.29 4.48 12.12 19.48 14.49 6.27 9.86 20.84 49.21 21.27 24.49 117.56
Zr 0.50 0.40 0.23 0.77 bdl - - - bdl - - - 0.16 0.07 0.01 0.77
Nb 0.231 0.501 0.001 0.899 0.004 0.005 0.001 0.007 0.002 0.001 0.001 0.003 0.037 0.058 0.002 0.114
In 0.011 0.014 0.004 0.022 0.010 0.004 0.007 0.014 0.007 0.002 0.005 0.010 n.a. - - -
Cs 0.018 0.015 0.008 0.028 bdl - - - bdl - - - n.a. - - -
Ba 94.3 33.5 65.0 122.3 189.7 100.3 121.6 289.3 100.6 74.2 49.0 163.1 247.6 62.6 148.3 387.7
La 2.74 1.92 1.11 4.39 15.04 2.30 13.72 17.36 1.84 0.11 1.74 1.91 16.55 2.04 13.54 18.83
Ce 5.04 5.46 1.41 10.21 30.18 6.34 26.98 37.68 5.91 0.08 5.85 5.99 31.07 4.30 26.90 36.82
Pr 0.68 0.62 0.27 1.30 3.58 1.02 3.10 4.94 0.91 0.03 0.89 0.93 n.a. - - -
Nd 3.22 2.97 1.35 6.28 14.86 3.88 13.08 20.03 4.69 0.15 4.56 4.79 16.35 3.46 12.47 23.24
Sm 0.818 0.594 0.442 1.443 2.345 0.148 2.268 2.532 1.115 0.155 1.030 1.284 4.193 0.464 2.675 12.769
Eu 0.320 0.277 0.181 0.658 0.626 0.101 0.536 0.711 0.423 0.097 0.356 0.507 1.814 0.534 0.921 6.652
Gd 1.515 1.016 0.978 2.696 2.789 0.608 2.397 3.354 1.935 0.725 1.465 2.598 7.407 3.306 3.331 24.820
Tb 0.263 0.172 0.177 0.472 0.363 0.089 0.299 0.440 0.308 0.136 0.226 0.442 n.a. - - -
Dy 2.026 1.278 1.358 3.481 2.359 0.644 1.977 3.083 2.224 1.005 1.616 3.300 10.185 4.917 3.816 28.855
Ho 0.585 0.304 0.402 0.899 0.534 0.153 0.433 0.706 0.510 0.238 0.359 0.768 2.376 0.988 0.999 5.583
Er 2.158 0.981 1.529 3.044 1.528 0.416 1.259 1.983 1.574 0.746 1.115 2.331 6.504 2.363 3.243 12.861
Tm 0.344 0.147 0.242 0.464 0.200 0.055 0.153 0.251 0.213 0.096 0.149 0.311 n.a. - - -
Yb 2.306 0.870 1.710 3.009 1.294 0.315 1.013 1.568 1.323 0.493 1.017 1.813 5.384 1.202 3.151 8.992
Lu 0.380 0.109 0.307 0.459 0.224 0.051 0.178 0.263 0.255 0.091 0.189 0.348 0.761 0.137 0.531 1.118
Hf 0.018 0.012 0.010 0.026 bdl - - - bdl - - - 0.012 <0.001 0.011 0.012
Ta 0.002 <0.001 0.002 0.002 0.002 0.001 bdl 0.003 bdl - - - 0.008 0.008 0.001 0.041
Pb 8.06 2.60 6.47 10.91 2.58 0.18 2.41 2.70 2.20 0.35 1.97 2.50 4.36 0.31 3.80 4.81
Th 0.070 0.092 0.008 0.133 bdl - - - bdl - - - 0.004 0.002 0.003 0.005
U 0.016 0.004 0.014 0.019 bdl - - - bdl - - - 0.016 0.026 0.004 0.048

(La/Yb)CN
a 0.15 0.05 0.09 0.29 8.04 1.82 6.63 9.21 0.98 0.28 0.71 1.16 2.27 0.53 1.02 4.06

Zr/Hf n.d. - - - n.d. - - - n.d. - - - 6.4 3.1 4.4 8.5
Nb/Ta n.d. - - - 1.63 1.50 0.63 2.64 n.d. - - - 23.4 47.4 0.9 84.9
(Eu/Eu*) 0.83 0.08 0.74 0.90 0.75 0.12 0.60 0.82 0.89 0.09 0.81 0.94 0.95 0.07 0.79 1.14

n = number of analyses
bdl = below detection limit, n.a. = not analaysed, - = not calculated

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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Table 2.5.18 (continued).

Sample 1294428 (Cd) 1138964 (Dol) 1294425 (Dol) 1138973 (Cc)
Rock Unit Calc-amphibolite(12) Calc-amphibolite(11) Carbonatite (recrystallised)(6) Sövite(8)

(ppm) Mean �1 min max Mean � min max Mean � min max Mean � min max

Na 22.1 12.1 7.1 49.4 32383 46247 57 66000 21533 19997 3700 90000 123.7 14.5 92.5 259.8
Mg 1421 144 1262 1640 112889 5041 108600 118700 116248 4096 109700 124300 5220 1729 3700 6816
Al n.a. - - - 2568.3 3666.7 0.9 5200.0 1095.0 941.5 350.0 2790.0 9.6 17.7 1.5 33.2
P 23.7 3.1 21.0 27.6 48.3 36.7 15.4 82.0 71.6 49.2 27.4 281.0 19.8 2.4 17.3 22.5
K 4.2 2.9 2.2 6.1 623.5 841.2 11.3 1240.0 785.0 758.0 90.0 3880.0 28.0 38.1 6.4 106.9
Sc n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Ti bdl - - - n.a. - - - n.a. - - - n.a. - - -
V 0.03 0.03 0.02 0.06 4.04 3.99 0.75 8.00 2.98 1.93 1.50 5.60 0.06 0.03 0.04 0.09
Cr n.a. - - - n.a. - - - n.a. - - - n.a. - - -
Mn 2193 293 1743 2664 3654 385 2800 4940 3960 495 3611 5005 2387 118 2292 2497
Co 0.124 0.016 0.109 0.151 n.a. - - - n.a. - - - n.a. - - -
Fe n.a. - - - 17879 3443 8170 28600 16423 8525 10110 25810 3193 296 2963 3593
Ni 0.142 0.040 0.096 0.182 n.a. - - - n.a. - - - n.a. - - -
Cu 0.038 0.015 0.021 0.063 n.a. - - - n.a. - - - n.a. - - -
Zn 0.44 0.07 0.37 0.54 n.a. - - - n.a. - - - n.a. - - -
Ga 3.39 1.63 2.07 6.21 n.a. - - - n.a. - - - n.a. - - -
As n.a. - - - 0.91 0.29 0.44 1.27 0.81 0.22 0.66 1.06 0.89 0.12 0.77 1.00
Rb 0.01 0.01 0.01 0.02 3.46 0.33 3.10 3.90 3.04 3.06 0.32 15.19 bdl - - -
Sr 6582 221 6158 6893 3500 351 3210 3808 4622 463 4160 5940 7668 353 7249 8166
Y 20.21 5.07 15.51 26.26 6.13 1.77 4.28 7.73 8.24 1.35 7.17 10.19 69.68 4.13 57.97 75.92
Zr 0.02 0.02 <0.01 0.03 23.88 25.86 0.04 37.00 5.20 2.84 2.70 8.10 0.05 - - -
Nb 0.006 0.005 0.000 0.024 1.371 1.918 0.027 3.890 0.214 0.210 0.078 0.480 0.005 0.000 0.005 0.005
In 0.010 0.002 0.008 0.013 n.a. - - - n.a. - - - n.a. - - -
Cs bdl - - - n.a. - - - n.a. - - - n.a. - - -
Ba 188.0 91.5 113.4 340.9 54.5 25.2 29.3 73.0 63.5 30.3 42.6 123.6 583.0 34.8 548.5 631.5
La 3.43 2.07 1.12 7.30 22.65 3.72 17.71 30.60 35.08 8.71 22.60 46.80 92.10 15.08 82.00 113.32
Ce 11.07 5.76 4.54 20.17 48.00 6.97 39.20 63.10 76.77 19.94 50.50 101.10 206.35 25.68 179.10 250.04
Pr 1.86 0.69 0.97 2.97 n.a. - - - n.a. - - - n.a. - - -
Nd 10.56 2.64 6.64 14.91 21.79 2.43 17.60 27.40 35.20 9.22 24.70 45.20 103.90 14.07 93.24 117.37
Sm 2.841 0.461 2.405 3.503 3.649 0.378 3.080 4.530 5.830 1.357 4.540 7.720 21.305 1.820 18.684 24.396
Eu 0.865 0.063 0.755 1.107 1.093 0.123 0.955 1.343 1.746 0.435 1.375 2.299 6.857 0.666 5.731 8.015
Gd 3.340 0.589 2.657 4.072 2.596 0.415 1.910 3.280 4.230 0.754 3.470 5.320 20.036 2.032 16.749 22.259
Tb 0.503 0.103 0.399 0.603 n.a. - - - n.a. - - - n.a. - - -
Dy 3.380 0.776 2.598 4.358 1.524 0.259 1.158 1.959 2.363 0.389 2.070 2.910 15.261 1.274 13.248 16.233
Ho 0.766 0.206 0.577 0.989 0.207 0.049 0.162 0.249 n.a. - - - 2.742 0.236 2.340 2.944
Er 2.414 0.563 1.819 3.166 0.584 0.149 0.386 0.755 0.842 0.146 0.720 1.066 6.309 0.649 5.122 7.131
Tm 0.323 0.084 0.237 0.424 n.a. - - - n.a. - - - n.a. - - -
Yb 2.150 0.561 1.673 2.847 0.410 0.153 0.282 0.524 0.558 0.080 0.461 0.684 4.618 0.693 3.980 5.307
Lu 0.363 0.086 0.285 0.444 0.058 0.026 0.032 0.079 0.078 0.013 0.058 0.090 0.634 0.148 0.499 0.818
Hf bdl - - - 0.798 0.258 0.006 1.100 0.152 0.076 0.099 0.240 0.003 0.002 0.002 0.004
Ta 0.004 0.000 0.004 0.004 0.131 0.171 0.004 0.376 0.018 0.011 0.008 0.041 bdl - - -
Pb 7.67 0.68 7.16 8.37 4.86 4.50 1.45 8.00 2.57 0.62 2.02 3.50 4.70 0.41 3.94 5.10
Th 0.003 <0.001 0.003 0.003 0.739 0.811 0.006 1.100 0.313 0.074 0.220 0.380 0.004 <0.001 0.003 0.004
U 0.002 0.002 bdl 0.004 0.348 0.347 0.006 1.000 0.061 0.045 0.025 0.096 0.003 0.003 bdl 0.005

(La/Yb)CN
1a 1.07 0.70 0.39 1.84 38.98 8.59 25.06 54.18 42.26 4.62 33.30 46.48 13.55 1.01 11.97 14.58

Zr/Hf n.d. - - - 32.2 5.6 18.2 38.5 34.9 12.2 27.0 48.5 n.d. - - -
Nb/Ta 5.9 0.0 5.9 5.9 9.8 2.0 7.5 12.1 11.0 2.6 7.6 16.7 n.d. - - -
(Eu/Eu*) 0.86 0.06 0.80 0.94 1.09 0.12 0.98 1.24 1.07 0.04 1.03 1.10 1.01 0.03 0.97 1.05

n = number of analyses
bdl = below detection limit, n.a. = not analaysed, - = not calculated

1 � = Normalised Interquartile Range * 0.7413 (equivalent to standard deviation)
a Chondrite normalised values from McDonough and Sun (1995).
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2.5.20 Other accessory and secondary minerals

The diverse and unusual petrography of the CRCC results in numerous accessory

phases many of which were identified by standardless EDS analysis on an SEM.

The most abundant of these minerals are sulphides, predominately pyrite with

minor chalcopyrite and smaller amounts of pyrrhotite, sphalerite and galena. Pyrite

(±chalcopyrite) is typically a minor phase present as subhedral to anhedral (0.2-

2 mm diameter) single grains, small clusters, and thin veins. Chalcopyrite and

pyrrhotite occasionally form small granular masses (5-10 µm) along the perimeters

of pyrite grains. Large anhedral pyrite grains (up to 2 cm) are restricted to carbonatite

units often displaying irregular and embayed grain boundaries. Pyrite within the

carbonatites is present as both isolated grains and vein-like growths. Frequently

associated with magnetite and most prevalent within carbonatite units pyrite appears

to have formed late in the crystallisation sequence of the CRCC.

Zirconolite is the major Zr-bearing phase of the Cummins Range. However,

calzirtite (Ca5Zr5Ti2O16) as well as a Ca-Zr-Ti oxide, most likely zirkelite (Ti, Ca, Zr)2O7,

are observed along with an unidentified Ca-Zr-Nb oxide. These phases are prevalent

within calcitised and phologopitised SiO2-undersaturated units and are commonly

associated with perovskite and occasionally pyrochlore.

Secondary zircon (ZrSiO4) is found within carbonatites but also occurs in silicate

lithologies that have experienced significant interaction with carbonatite i.e. calc-

amphibolite. Zircon from calcitised silicate domain range from subhedral prisms

up to 1.5 mm in length to small anhedral-subhedral crystals (<0.5 mm diameter).

Within carbonatites zircon forms rounded, anhedral metamict grains 0.5-1.0 mm in

diameter. All CRCC zircon show very low U contents ≤138 ppm (Downes et al.,

2016).

Carbonatites are characterised by high levels of REE elements, particularly

LREE. As a consequence the formation of discrete REE minerals is common. Whilst

the modal proportions of REE minerals in the CRCC is small, they are numerous.

The breakdown of primary REE bearing minerals such as perovskite, pyrochlore

and zirconolite to minerals such as kassite CaTi2O4(OH)2, anatase and titanite

liberates REE and other cations locally to form secondary REE mineral phases.
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REE phases were commonly identified using standardless EDS analyses, which was

occasionally too imprecise to accurately determine cation ratios. The REE-phases

were commonly too small to determine accurately by EPMA. Currently identified REE-

phases include (niobo)-aeschynite, synchysite, parisite, (Ce)-monazite, chevkinite-

(Ce), fergusonite and an unidentified REE-titanate (Downes et al., 2014). Many of

these REE phases were also identified in the study of Downes et al. (2014) which

examined in detail the late-stage high grade REE mineralisation in hydrothermal

veins within carbonatites of the CRCC.
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Figure 2.5.32: BSE images of REE mineralisation of clinopyroxenite units from the CRCC.
(a) Coarse grained phlogopite±amphibole clinopyroxenite (1138968). Cpx is diopside,
ilmenite displays exsolution lamellae. REE mineralisation is located in thin veins hosted by
ilmenite exsolved from magnetite. (b) Phlogopite + amphibole clinopyroxenite (1138969) -
Relict perovskite from hydrothermal alteration and breakdown into kassite (CaTi2O4(OH)2)
with minor anatase mantled by a reaction rim of ilmenite hosting REE minerals (bright spots)
including aeschynite and REE-titanate. (c) Extensive breakdown of accessory minerals,
predominantly perovskite, forming reaction rims hosting REE phases. Pyrite associated
with magnetite. Unidentified Ca-Zr-Nb mineral. (c) Large (1.5 mm) euhedral zirconolite
hosted within grained phlogopite± amphibole clinopyroxenite (1138968). Abbreviations: Ilm -
Ilmenite; Cpx - clinopyroxene; Mag - Magnetite; Apt - Apatite; Phl - Phlogopite; Ttn - Titanite;
Ant - Anatase; Kas - Kassite; Prv - Perovskite; Py - Pyrite.
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2.6 Whole-rock composition

Whole rock geochemical data for the CRCC is presented in Table. 2.6.1 and Figure.

2.6.1. Data for the carbonatite has been supplemented with published data from

Downes et al. (2014). The carbonatites contain >30 wt.% CaO and <10 wt.% SiO2

(Figure 2.6.1a). Variably altered SiO2-undersaturated clinopyroxenites contain 13.4-

47.0 wt.% SiO2 and FeOT 10.5-18.3 wt.% (exceptionally reaching 41.2 wt.% due to

abundant magnetite) (Figure. 2.6.1b).

All lithologies display comparable MgO contents ranging from 4.1-15.2 wt.% in

silicates, where it is controlled by the high modal abundance of diopside and am-

phibole, and lies in the range 1.4-21.3 wt.% in the carbonatites (Figure 2.6.1c). High

MgO in the carbonatites reflect increasing recrystallisation whereas intermediate

compositions record the presence of dolomite. Al2O3 contents are <0.4 wt.% in

carbonatites and 1.5-6.9 wt.% in calcitised- and phlogopitised-clinopyroxenites. The

clinopyroxenite shows a significant disparity in Al2O3 contents of 8.14 wt.% in coarse

grained fractions and 1.5 wt.% in fine-grained (Figure 2.6.1d) . Sr correlates with

CaO, ranging from 0.2-1.1 wt.% in carbonatites and <0.2 wt.% in silicates. Curiously,

Sr is <700 ppm within some carbonatites (Figure 2.6.1e). The bulk ΣREE contents

of the CRCC are modest, ranging from 0.1-0.3 wt.% with little difference between

the silicate and carbonatite lithologies (Figure 2.6.1f). Phlogopite-rich clinopyrox-

enite with minor amphibole (1138967) has the highest ΣREE concentrations of 0.5

wt.% correlated with high abundances of Zr (4944 ppm) and TiO2 (8.9 wt.%). This

suggests whole rock REE budgets are strongly influenced by early crystallising

accessory phases, in this particular instance, zirconolite and perovskite.

2.6.1 Whole-rock REE patterns

Whole rock REE distribution patterns of 26 samples are presented in Figure. (2.6.2).

Analyses are grouped based on petrographic and major element compositions

into four distinct lithologies; the clinopyroxenite, phlogopite clinopyroxenite, calc-

amphibolite and carbonatite. Comparing the REE contents of each lithology enables

the petrogenetic relationship between each unit to be investigated and, in particular,

the genetic link between the carbonate and silicate component. Each lithological
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Figure 2.6.1: Whole rock compositions of selected units of the CRCC as a function of CaO
(wt.%) to illustrate major element variations in (a) SiO2 (b) FeOT (c) MgO (d) Al2O3. (e) Sr
correlates positively with CaO. (f) ΣREE contents of samples grouped by lithological unit.
Additional carbonatite analyses taken from Downes et al. 2014 (Samples: CDD1-6, 34, 22,
36; CDD2-19, 21A, 27).
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unit is plotted as a field representing the range of values individual analyses cover.

REE distribution patterns are normalised to the C1 chondrite values of McDonough

and Sun (1995). All samples display strong LREE enrichment. The gradient of this

enrichment can be described using the chondrite-normalised La/Yb ratio (La/Yb)CN.

The clinopyroxenite lies below all other units of the CRCC displaying the lowest

total REE abundance (413 ppm) and La/YbCN ratio (21). The REE distribution

patterns of the calc-amphibolite and phlogopite-clinopyroxenite have similar upwards

convex patterns that are relatively flat in the region of LREE. This LREE shelf is

typically defined by LaCN ≤ CeCN ≥ PrCN ≥ NdCN and followed by a steady decrease

from Sm to Lu. This distribution pattern results in moderate La/YbCN ratios ranging

from 42-54 for the calc-amphibolite to 33-76 for the phlogopite-clinopyroxenite.

The calc-amphibolite has the highest average ΣREE content (2605 ppm) whereas

phologopite-clinopyroxenite have an average value of 1508 ppm. Carbonatites

exhibit strong log-linear REE patterns with a steady enrichment from Lu to La,

defined by La/YbCN values of 33-208. Average ΣREE contents of carbonatites are

typically ~1800 ppm.

Despite subtle differences between individual REE distribution patterns the ΣREE

contents of all lithologies are comparable. The clinopyroxenite exhibits slightly less

enrichment but a sub-parallel relatively LREE-enriched pattern. The similarities in

whole rock REE patterns demonstrate the REE exhibit little preference for either

the silicate or carbonate components of the CRCC. This is consistent with findings

of experimental carbonate/silicate melt partitioning studies Veksler et al. (1998b);

Martin et al. (2013). The relative LREE enrichment of the phlogopite-clinopyroxenite,

calc-amphibolite and carbonatite compared to the clinopyroxenite most likely reflect

the presence of strongly-LREE enriched minerals that are absent from the pyroxenite

which is a diopside and magnetite cumulate.

Whole rock analyses provide an integrated overview of REE behaviour. In order

to understand the fundamental controls and evolution of REE within the CRCC,

concentrations of individual minerals need to be examined, particularly because

many of the rocks are cumulates.
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Figure 2.6.2: Chondrite-normalised whole rock REE distribution patterns of the four major
lithologies of the CRCC. Each lithological unit is displayed as a field denoting the range of
values of individual sample analyses.
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Table 2.6.1: Representative whole-rock geochemistry of selected pyroxenite and carbonatite units of the CRCC.

Sample 1138975 1138977 1138968 1138969 1138970 1294423 1294429 1294426 1138960 1138961 1138964 1138973 1294422

Rock Type Clinopyroxenite Clinopyroxenite
Phl-mag-cpx-
apt
Pyroxenite

Phl-rich
± amph
Pyroxenite

Phl-rich ±
amph
Pyroxenite

Calc-Amph Calc-Amph
Phl-rich
± amph
Pyroxenite

Carbonatite
(re-cryst)

Beforsite
Calc-
amphibolite

Sövite Sövite

Oxides (wt.%)
SiO2 47.01 36.97 20.73 35.49 12.93 20.06 17.46 23.63 0.30 1.08 4.33 3.48 0.86
TiO2 2.19 3.50 2.20 3.32 4.85 2.08 1.69 2.61 0.02 0.31 0.28 1.64 0.01
Al2O3 8.14 1.48 2.13 6.86 2.24 2.13 2.40 2.78 0.03 0.13 0.34 0.18 0.02
Fe2O3 9.61 11.84 19.97 18.11 45.73 16.95 18.65 20.36 3.34 7.55 5.24 18.43 4.04
FeOT 11.83 15.00 17.97 16.29 41.15 15.25 16.78 18.32 3.00 6.79 4.72 16.59 3.64
MnO 0.20 0.29 0.23 0.28 0.54 0.27 0.29 0.26 0.38 0.68 0.31 0.27 0.57
MgO 4.12 6.05 8.91 15.24 7.01 9.12 11.23 10.09 19.09 16.11 5.19 4.13 10.06
CaO 15.33 26.77 24.38 11.03 13.47 25.48 22.16 20.04 31.60 30.09 44.71 39.24 39.98
Na2O 5.33 1.70 0.88 0.73 0.29 0.65 0.83 0.73 0.02 0.03 0.23 0.31 bdl
K2O 0.44 0.25 1.72 4.45 1.45 0.80 1.58 1.54 0.01 0.07 0.30 0.31 0.01
P2O5 1.09 3.85 12.17 1.60 7.58 13.93 11.73 8.43 1.13 1.65 4.95 6.09 0.82
SO3 0.04 0.02 4.69 0.89 7.20 0.94 0.02 2.08 0.19 2.40 2.56 0.21 0.92
LOIa 6.72 7.50 2.18 2.37 1.64 5.54 10.72 5.74 44.68 40.25 30.89 26.04 41.40

Total 102.43 103.37 98.18 98.54 100.35 96.24 96.89 96.25 100.45 99.58 98.81 98.47 98.27
Trace elements (ppm)
Be 5.0 5.6 5.7 5.2 1.8 2.1 5.8 4.7 1.0 0.8 2.1 2.9 0.4
F* 1770 3286 10725 3139 4370 10056 14341 7974 1260 2314 5987 6296 1475
Sc 7.5 5.6 65.5 19.2 40.5 21.0 32.9 30.4 56.7 38.5 59.5 39.6 27.1
V * 289 381 245 255 545 245 263 376 bdl 40 21 409 bdl
Cr* 52 bdl bdl 171 bdl bdl 29 bdl 4 bdl bdl bdl 10
Ni* 40 5 5 168 32 bdl 57 bdl 2 bdl bdl bdl bdl
Cu * 78 289 798 330 463 430 631 420 50 91 156 43 82
Zn * 93 99 198 184 238 172 145 205 22 34 48 110 21
Ga 15.5 10.6 29.9 32.8 42.7 33.8 39.8 39.3 2.8 3.9 12.5 18.2 7.4
Ge 1.50 2.18 2.57 2.37 2.37 2.53 2.35 2.88 0.27 0.27 0.88 1.09 0.62
As 1.4 3.0 3.8 1.7 3.5 6.1 4.4 5.2 5.1 3.5 2.6 3.2 2.5
Rb 32.6 20.9 38.7 124.8 41.7 18.3 41.9 41.0 0.3 3.3 9.5 9.4 0.3
Sr 1161 1439 2044 450 1149 2588 1930 2098 697 5400 7274 7075 6864
Y 38.5 85.5 164.8 38.4 88.1 143.9 116.9 119.3 94.6 37.1 133.7 118.3 55.4
Zr 737 1092 2945 1019 619 2882 2123 2847 3.5 116.2 168.5 23.1 1.7
Nb 233 393 477 261 143 136 408 583 70.7 358 372.2 130.1 118.6
Mo* bdl bdl 0.3 bdl 0.4 0.4 0.5 0.3 1.2 3.0 bdl bdl bdl
Ag 1.15 1.13 1.35 0.96 1.05 1.79 1.48 1.97 0.92 0.88 0.94 0.9 0.97
Cd 0.82 1.13 1.19 0.32 0.35 1.17 0.71 1.07 0.27 0.22 0.59 0.61 0.84
Sn 8.2 11.4 5.5 6.9 13.6 7.9 4.3 11.6 0.6 3.3 2.6 12.4 1.0
Cs 1.71 1.25 0.65 2.44 0.79 0.80 1.14 2.50 0.03 0.32 0.30 0.13 bdl
Ba 627 54 360 1440 325 352 276 676 48 89 459 362 321
La 72.6 236 429 170 333 458 385 281 297 466 444 365 765
Ce 169 514 1140 486 864 1159 981 824 643 815 979 864 1171
Pr 22.0 67.2 156.4 59.9 118.1 159.8 135.3 111.2 80.1 85.6 126.5 117.1 113.9
Nd 93.4 282 696 246 493 691 583 497 317 293 521 493 371
Sm 17.8 50.0 136.1 42.7 83.6 125.4 108.0 99.9 57.1 36.0 90.5 86.9 45.0
Eu 5.2 14.3 36.4 11.5 21.2 33.8 28.6 28.6 16.0 9.3 25.3 23.7 11.3
Gd 14.1 37.7 94.7 27.0 54.9 82.8 70.0 67.0 38.8 21.0 61.2 61.1 26.0
Tb 1.87 4.73 11.22 3.12 6.12 10.42 8.94 9.19 5.28 2.44 7.90 7.21 3.32
Dy 9.50 22.21 50.08 13.27 25.35 41.79 34.82 38.12 23.27 9.77 34.19 31.60 14.48
Ho 1.49 3.31 6.88 1.72 3.45 6.24 5.28 5.96 3.72 1.43 5.07 4.50 2.34
Er 3.54 7.32 14.36 3.44 6.91 13.14 10.89 12.44 8.63 3.24 11.50 9.97 5.39
Yb 2.37 4.00 6.64 1.52 3.07 5.78 4.93 5.72 5.42 1.52 6.22 5.19 3.25
Lu 0.339 0.499 0.795 0.214 0.341 0.650 0.561 0.651 0.733 0.175 0.850 0.660 0.421
Hf 18.2 25.96 68.94 28.24 19.88 64.38 43.95 62.74 0.18 2.98 4.38 1.18 0.22
Ta 7.64 18.2 42.49 14.30 4.32 20.65 35.5 57.45 5.82 7.01 32.83 2.20 4.22
Pb 5.01 5.78 9.93 1.78 2.27 6.99 6.22 19.22 2.93 7.79 31.74 7.34 6.74
Bi 0.09 0.27 0.11 0.27 0.63 0.26 0.4 0.12 0.50 0.22 0.21 0.39 0.04
Th 2.95 10.85 90.68 21.55 22.3 65.71 60.23 213.86 1.19 6.26 8.83 4.46 2.58
U <1.00 2.04 25.01 4.39 1.37 5.45 7.06 40.98 16.44 7.45 107.3 1.06 6.55

* denotes trace element concentrations determined by XRF
a LOI = loss on ignition
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Table: 2.6.1 (continued).

Sample 1294427 1294431 1294433 1294425 1294435 1294436 1138965 1138966 1138967 1294424 1294428 1294434 1294432

Rock Type Carbonatite Carbonatite Beforsite
Carbonatite
(re-cryst)

Beforsite Sövite
Carbonatite
(re-cryst)

Phl-rich
± amph
Pyroxenite

Phl-rich
± amph
Pyroxenite

Calc-Amph
Phl-rich
± amph
Pyroxenite

Calc-Amph Calc-Amph

Oxides (wt.%)
SiO2 4.57 1.85 3.35 10.20 0.58 0.22 31.79 29.39 32.22 20.12 38.94 32.16 19.82
TiO2 0.13 0.59 0.54 0.26 0.11 0.01 2.52 4.19 8.93 3.72 2.44 3.96 2.10
Al2O3 0.05 0.23 0.26 0.43 0.02 0.04 3.66 5.80 1.95 2.97 3.03 2.52 1.54
Fe2O3 2.16 6.01 8.03 5.43 3.62 2.61 13.45 16.40 15.23 18.02 11.61 17.16 19.51
FeOT 1.95 5.41 7.23 4.88 3.26 2.35 12.10 14.75 13.70 16.21 10.45 15.44 17.55
MnO 0.28 0.22 0.55 0.36 0.27 0.26 0.27 0.22 0.33 0.33 0.22 0.26 0.29
MgO 4.26 2.96 15.51 11.89 19.04 20.03 14.16 12.61 10.92 12.95 12.71 12.68 8.63
CaO 47.86 48.26 29.96 34.11 31.28 31.47 16.92 15.42 19.97 17.48 19.04 16.42 24.45
Na2O 0.36 0.06 0.20 0.18 0.04 0.02 1.35 0.69 0.87 0.62 1.00 1.48 1.25
K2O 0.15 0.22 0.09 0.38 0.02 0.03 3.26 3.57 1.36 1.52 1.88 1.42 1.53
P2O5 3.83 3.65 3.40 15.26 1.75 0.71 2.45 7.00 2.76 3.60 3.36 4.72 12.31
SO3 0.58 1.30 1.72 1.08 0.65 0.03 0.29 2.27 0.85 3.25 3.18 0.55 3.01
LOI a 34.80 34.52 36.09 17.46 42.57 44.94 9.71 2.88 3.55 14.27 4.00 6.33 5.22

Total 98.82 99.26 98.88 96.47 99.60 100.10 98.47 98.78 97.40 97.02 100.22 97.93 97.70

Trace elements (ppm)
Be 1.8 0.8 1.8 2.4 0.4 0.5 13.4 4.2 7.7 4.0 8.3 9.9 8.2
F* 5349 4105 3758 34235 1903 1119 8549 6381 3761 5784 4989 6390 12238
Sc 54.5 20.9 83.4 37.6 bdl 10.8 108 bdl 75.4 32.9 40.3 78.8 67.9
V* 13 89 69 23 15 9 218 264 326 319 192 323 321
Cr* 19 bdl 2 5 15 23 4 bdl bdl 121 bdl bdl 28
Ni* 9 5 bdl 5 16 13 6 bdl 16 96 9 bdl 26
Cu* 46 163 343 53 85 7 54 667 316 255 286 274 549
Zn* 54 30 108 1967 32 bdl 140 168 147 88 138 181 216
Ga 7 7.1 5.4 13.8 3.1 3.7 28.3 30.8 28.4 24.2 17.4 21.8 31.7
Ge 1.16 0.43 0.39 1.37 0.45 0.37 2.98 2.25 4.00 1.33 3.07 2.2 2.48
As 2.4 1.9 2.6 3.5 1.9 2.1 1.9 2.4 3.6 2.9 2.5 2.6 4.5
As* bdl bdl 3.8 bdl 7.4 4.4 0.6 bdl 2.3 1.7 bdl bdl 1.2
Rb 1.3 5.9 2.4 12.6 0.9 0.8 88.6 98.4 31.5 40.5 47.5 40.5 30.5
Rb bdl 11.7 bdl 31.3 0.9 2.6 86.7 103.1 41.6 38.6 52 36.3 39.8
Sr 5160 5756 1692 11380 281 117.2 1698 1027 967 1193 969 992 1937
Y 91 77 69 59 77 84 56 118 158 68 58 76 137
Zr 21.3 24.6 457 919 3631 16.2 3301 3905 4944 2264 1990 15101 1652
Nb 300 136.5 193.1 207 28.5 9.4 521 513 1676 403 303 384 344
Mo* bdl bdl 2.9 5.2 bdl 0.4 bdl bdl 0.3 1.6 bdl bdl bdl
Ag 1.02 1.10 0.93 2.19 1.40 0.84 1.32 1.45 1.62 1.56 1.63 1.13 1.37
Cd 1.07 0.44 0.55 2.95 1.57 0.19 1.48 1.37 1.93 0.46 0.70 0.79 1.02
Sn bdl 1.5 1.4 1.3 2.4 1.3 5.7 13.1 15.0 5.5 11.9 12.3 9.9
Cs bdl 0.17 0.14 0.50 bdl bdl 1.96 1.93 0.52 3.45 1.41 1.30 0.64
Ba 442 457 136 240 12.2 5.2 724 1287 356 1190 501 553 223
La 435 370 141 272 33 21 643 1159 329 1149 521 459 249
Ce 277 302 250 546 294 370 179 337 707 239 134 293 382
Pr 685 714 602 1161 640 756 466 849 2109 605 373 694 1029
Nd 83.6 91.1 70.8 144.5 80.6 92.6 58.0 112.3 284.5 75.2 49.5 89.0 142.2
Sm 62.88 67.40 49.67 90.32 54.99 62.66 46.15 89.59 199.42 58.61 42.02 70.29 120.38
Eu 18.26 18.82 14.01 25.14 15.01 19.63 13.09 25.91 51.10 16.91 12.49 19.52 33.04
Gd 43.99 46.75 34.06 55.83 37.37 44.13 31.42 62.81 118.7 40.12 28.74 48.86 80.78
Tb 5.94 5.97 4.54 6.80 4.70 5.63 4.24 8.32 14.27 5.31 3.89 6.39 10.46
Dy 24.94 25.52 19.80 26.27 21.00 24.92 18.50 36.32 60.40 22.20 16.35 26.93 44.00
Ho 4.11 3.99 2.99 3.86 3.41 4.00 2.90 5.49 8.25 3.60 2.52 3.84 6.50
Er 9.19 8.80 6.67 7.58 8.28 9.02 6.52 11.72 16.77 7.58 5.28 8.00 13.43
Yb 5.07 4.90 3.56 3.29 6.07 5.21 3.51 5.37 7.87 3.86 2.71 3.66 6.17
Lu 0.68 0.64 0.49 0.36 0.84 0.71 0.48 0.68 0.86 0.42 0.37 0.50 0.74
Hf 0.87 0.68 10.91 20.50 88.88 0.39 73.60 104.27 131.26 53.13 58.32 45.6 41.41
Ta 23.52 6.06 10.01 19.13 0.48 0.38 23.49 40.10 136.75 28.61 16.68 21.81 40.13
Pb 27.07 10.37 5.41 8.23 4.06 1.56 12.18 11.73 10.08 8.47 6.47 8.98 20.45
Bi 0.31 0.68 0.08 0.12 0.56 0.17 0.42 0.10 1.01 0.18 0.59 0.18 0.49
Th 3.28 5.47 9.80 13.99 7.08 3.91 50.67 66.02 106.44 57.25 26.96 40.93 60.82
U 92.84 4.19 13.00 17.22 0.52 0.40 18.58 16.18 27.32 22.40 5.15 7.95 28.38

* denotes trace element concentrations deteremined by XRF
a LOI = loss on ignition
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2.7 Discussion

Establishing the petrography and geochemistry of rock units and individual phases

within the CRCC enables some of the petrogenesis and magmatic evolution of the

complex to be constrained:

1. The conditions of emplacement.

2. The relationship between the silicate and carbonatite magma.

Both are inherently difficult to establish primarily because of a fundamental lack of

understanding surrounding the origin and formation of carbonatite melts and their

resulting phases. Nonetheless, several approaches can be undertaken in order

place some constraints and hypothesise a basic evolutionary model for the formation

of the CRCC.

2.7.1 Conditions of emplacement

2.7.1.1 Pressure

The geological setting of the CRCC, including the modest metamorphic grade

of the country rocks and the coarse grain size, suggests emplacement at mid

to upper crustal level crustal (≤5 kbar) akin to the mid-crustal levels suggested

for the Mud Tank Carbonatite in central Australia, which intrudes granulite facies

country rocks (Currie et al., 1992). Unlike Mud Tank, where the early formed

carbonates are Mg-rich, early formed carbonates in the CRCC are Ca-rich. At P

≤6 kbar, dolomite is not stable above the solvus suggesting the CRCC carbonatite

formed at below this pressure. Further, degassing and significant fractionation of

Mg-silicates and relatively Mg-rich magnetite may have increased the Ca/Mg ratio

sufficiently to facilitate the formation of near-end member calcite (Reguir et al., 2008,

2012; Chakhmouradian et al., 2015). After emplacement the complex experienced

significant uplift and erosion to reveal its present day position.

2.7.1.2 Temperature

Using the calibration of Spencer and Lindsley (1981) for the titanomagnetite-ilmenite

thermometer, based on the temperature dependant exchange of Fe2+ + Ti4+ for
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2Fe3+, between ilmenite and magnetite of the CRCC, gives maximum temperatures

of ~540-550 ◦C (mostly lower) at ƒO2 of ~20-24, indicating extensive subsolidus

re-equilibration and possible later oxidation by hydrothermal fluids.

Downes et al. (2016) indicate the minimum crystallisation temperature of zirconolite-

bearing pyroxenite is likely to be >900 ◦C given closure temperatures for zirconolite

are ~800-900 ◦C, albeit within mafic igneous rocks (Rasmussen and Fletcher, 2004;

Wu et al., 2010). Further, the co-precipitation of both calcite and dolomite, as

evidenced within the carbonatite, has been experimentally demonstrated to occur

from 880 ◦C down to 650 ◦C at 0.2 GPa in the CMS – CO2 – H2O system (Otto and

Wyllie, 1993). Whilst temperature estimates cannot obtained directly from phase

equilibria it is suggested the original melt was likely emplaced at ≤1000 ◦C. (Downes

et al., 2014) estimate late stage hydrothermal alteration occurred at temperatures

of 250-400 ◦C on the basis of talc precipitation from Mg and Si-rich hydrothermal

fluids within shear zones (Hecht et al., 1999). Whilst not utilised as part of this

study the known stability of zircon and very slow diffusion rates of elements when

exposed to silicate melt or hot aqueous fluids >850 ◦C may imply temperatures could

be significantly greater than 850 ◦C.

2.7.1.3 Constraints on melt composition

The variation in mineralogy between the clinopyroxenite and carbonatites demon-

strates the aSiO2 varied significantly throughout the emplacement of the complex.

To initially precipitate clinopyroxene (diopside and aegirine-augite) the aSiO2 must

have been high. In the system CaO – MgO – SiO2 – CO2 – H2O at 2 kbar, Otto and

Wyllie (1993) observed clinopyroxene formed at the highest SiO2 contents. However,

relating silica content to activity is not simple.

The presence of primary titanite in the clinopyroxenite is an indication of relatively

high aSiO2 in the initial magma. and the coexistence of titanite and perovskite in

later pyroxenite enables an estimation of the log aSiO2 through the reaction:

CaTiO3 + SiO2 = CaTiSiO5 (2.7.1)

between 900-1400 K at 1 bar (Barker, 2001). Assuming a temperature between
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800-1000 ◦C for the CRCC, the log aSiO2is estimated to have been between -0.9

and -0.5. At temperatures of ~900 ◦C the CaTiO3 + SiO2 = CaTiSiO5 buffer lies

close to the baddeleyite + SiO2 = zircon

ZrO2 + SiO2 = ZrSiO4 (2.7.2)

buffer reaction (Barker, 2001). This explains the coexistence of minor baddeleyite

and zircon in several CRCC samples. The limited crystallisation range of both

perovskite and baddeleyite in the CRRC therefore suggests relatively high aSiO2

favouring titanite and zircon in the first instance and that increasing pCO2
, during

crystallisation of the CRCC, resulted in perovskite which also eventually became

unstable (Mitchell and Chakhmouradian, 1998) being replaced by kassite (and

kassite by anatase and calcite) and a Nb-REE rich mineral, possibly Nioboaeschynite

-(Ce).

The H2O content of the parental melt was initially low enough to crystallise

clinopyroxene. However, fractionation rapidly increased the H2O content enabling the

crystallisation of phlogopite and amphibole. Parental melt compositions for ultramafic-

carbonatite complexes are poorly understood as the primary characteristics liquidus

assemblages are commonly obscured by post-magmatic reactions, and volatile

components are readily lost during crystallisation along with components soluble in

fluids (Veksler et al., 1998a; Mitchell and Dawson, 2012). The limited constraints

determined in this study support the conclusions of Downes et al. (2014) who

suggest the CRCC originated from a fractionation of carbonated silicate parental

melt.

2.7.1.4 Crystallisation of Magnetite

In silicate melts crystallisation of magnetite typically occurs under relatively oxidising

conditions (>FMQ). Crystallisation and fractionation of significant proportions of

magnetite can lead to a depletion of Fe in the residual melt i.e. an initial increase

in Fe in the melt by the fractional crystallisation of silicates and minor magnetite

and proceeded by a major crystallisation of magnetite and relative depletion of

Fe in the residual liquids. Unfortunately, at the CRCC both the parental melt and
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crystallisation sequence is not known. Trace elements, such as V, that partition

strongly into magnetite (D>25) (Dare et al., 2014) can provide some evidence to

understand the influence crystallising magnetite has on other phases. The high V

concentrations in clinopyroxenite from the outermost clinopyroxenite (1138975) are

is consistent with magnetite as an intercumulus rather than cumulus phase. On the

other hand, the strong depletion of V in clinopyroxene from 1138968 and 1138969

indicates extensive prior, or co-crystallisation, of magnetite.

Extensive crystallisation of magnetite affects both the Fe2
+ and Fe3

+ in the

residual magma and can lead to a reduction in ƒO2 in closed tholeiitic systems (Jang

et al., 2001). This increases the availability of Fe2
+ and results in a decrease in the

Mg# of any crystallising phases. However, CRCC is not a tholeiitic system but an

alkaline silicate-carbonatite which is assumed to have a higher ƒO2. However, with

the limited evidence possibility of other melts and fluids ingressing to affect the Mg#

is entirely possible.

2.7.2 Relationship between the pyroxenite and carbonatite

Trace element signatures of individual rocks and minerals provide constraints on

the origin and evolution of the melts from which they derived. The partitioning of

elements depends on pressure, temperature, ƒO2 and major element composition of

the crystal and/or melt phase with which it interacts. However, these variables can be

interdependent and within natural samples these factors are commonly only loosely

constrained, which makes their interpretation difficult. The distribution patterns

of REE are particularly useful when assessing variations in partitioning behaviour

because the size of the ionic radii decreases with increasing atomic number (Z ).

Consequently, plotting Z or ionic radii as an independent variable against chondrite-

normalised REE or partition coefficients (Blundy and Wood, 1994) produces smooth

patterns (with the exception of Eu and Ce anomalies) that can be assessed and

interpreted.

2.7.2.1 REE patterns of clinopyroxene and amphibole

The sinusoidal REECN patterns observed in clinopyroxene and amphibole are not

unique to the CRCC. Similar patterns have been recognised in other carbonatite
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complexes (Reguir et al., 2012) as well as in alkali-syenitic rocks (Marks et al., 2004).

The concentrations of trace elements in minerals is a product of two factors: (1)

the composition and structure the melt/fluid that the mineral crystallised from or

interacted with, and (2) crystal-chemical effects. Conventional partitioning models

assume that REE are incorporated into the Ca2+ occupied site, through coupled

substitution with Na+ (equation. 2.5.19). When partition coefficients are plotted as a

function of ionic radius in single site minerals a single peaked parabola is defined

centred around a cation with an ionic radius (r0) that optimally partitions, strain-free

(D0), into the site (Onuma et al., 1968; Blundy and Wood, 2003). Partitioning de-

creases as ionic radii deviate from the optimal r0 value. The double-peaked REECN

patterns observed in clinopyroxene and amphibole from alkaline and carbonatite

complexes have been interpreted as a manifestation of REE partitioning onto two

crystallographic sites (Righter et al., 2006; Siegel et al., 2017). LREE (La = 1.16 Å;

Ce =1.14 Å) have ionic radii comparable to Ca (1.12 Å) and HREE (Gd-Lu) have

ionic radii from 0.86 to 0.94 Å comparable to Na (1.02 Å). LREE are preferentially

incorporated into the Ca-site whilst only the heaviest HREE are preferentially incor-

porated into the Na-site. Mid-REE are not preferentially incorporated into either site

generating the minima inflection point.

Partitioning studies of amphibole (Bottazzi et al., 1999; Tiepolo et al., 2000, 2007)

and clinopyroxene have shown mineral composition affects the partition coefficients

of REE, the most significant of which appears to be the Ca-Tschermaks component

of clinopyroxene. However, lattice strain modelling of the two sites fails to predict

either a Young’s modulus (E) or r0 to a reasonable approximation, particularly

for the M1 (Na+) site (Hill et al., 2000). Studies that use lattice strain parabolas

to model two site partitioning in order to explain the sinusoidal REECN patterns

of clinopyroxene from carbonatites do not report the determined parameters, in

particular E, presumably as the values are unrealistic (Righter et al., 2006; Siegel

et al., 2017).

Sinusoidal REECN patterns of clinopyroxene and amphibole of the CRCC are

plotted as a function of ionic radius (Figure. 2.7.1). The degree of sinuosity varies

primarily with the degree of HREE enrichment which correlates with a shift in the

position of the minima.
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Figure 2.7.1: Chondrite-normalised REE abundances as a function of ionic radius for (a)
clinopyroxene and (b) amphibole from selected units of the CRCC.

198



0 100 200 300 400 500 600

0.1

0.2

0.3

0.4

0.5

0.0

Lu / ppb

N
a

/C
a

Clinopyroxenite (1138975)

Calc-amphibolite (1294428)

Clinopyroxenite (1138974)

Phlogopite-rich clinopyroxenite (1138969)

Phlogopite + amphibole clinopyroxenite (1138968)

Figure 2.7.2: Average Na/Ca ratio of clinopyroxene from selected units of the CRCC as a
function on Lu content. Errors bars are ±1�.

Clinopyroxene of the CRCC display an increase in the the concentration of Lu with

an increase in the Na/Ca ratio (Figure. 2.7.2). This relationship potentially relates to

an increase in concentration of Na in the M2 site, which facilitates incorporation of

HREE, since Na is known to charge compensate for REE3+ when substituting for

Ca2+. However, in this mechanism REE occupy the Ca-site so it would be expected

all REE would display a steady decrease in compatibility not the HREE enriched tail

as is observed here.

Current explanations are based upon similarities in ionic radii between individual

REE and either Ca and Na. The crystal-chemical mechanisms involved in the

incorporation of REE into structural sites are complex and are not well understood

(Tiepolo et al., 2007). If crystal-chemical effects alone are responsible for the

variations in REE concentrations observed, it is curious as to why sinusoidal REECN

patterns of this kind are not observed in all clinopyroxenes. Further, the major

element composition of clinopyroxene within the CRCC (diopside and aegirine-

augite) is not unusual and those of similar composition are found in a wide range of
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petrogenetic environments, the majority of which do not display sinusoidal REECN

patterns (Lesnov, 2010). It is the association with atypical melt compositions, either

carbonatite or alkali-syenites, that is unique to clinopyroxenes and amphiboles that

exhibit sinusoidal REECN patterns.

Crystal-chemical controls have predominantly been studied within in silicate sys-

tems. The few studies undertaken in carbonate systems suggest melt composition

strongly influences the partitioning of REE between clinopyroxene and carbonatite

(Green et al., 1992; Klemme et al., 1995). Attempts to reconcile the differences

between partition coefficients from P-T matched carbonate and silicate systems

confirmed the primary control on the different partitioning of clinopyroxene in silic-

ate and carbonate melt systems is melt structure as opposed to crystal chemistry

(Blundy and Dalton, 2000).

Clearly, significant knowledge gaps surround our understanding of the controls

of REE partitioning into clinopyroxene and amphibole and no evidence exists to

discount the proposed crystal-chemical effects. However sinusoidal REECN patterns,

similar to those seen here, are also observed in garnets from peridotite xenoliths

(e.g. Stachel et al. (2004)), though a consensus explanation for their occurrence is

likewise lacking. Many of the proposed explanations invoke some variant of a model

whereby an LREE-enriched metasomatic fluid or melt overprints the original pattern

(e.g. Stachel et al. (1998)). An alternative explanation is that the pattern is a product

of sub-solidus re-distribution of REE between co-existing phases as the peridotite

re-equilibrated at cooler temperatures. In the case of the CRCC clinopyroxene,

assuming an initially LREE-enriched pattern, this would require either sub-solidus

re-equilibration with a melt or phase enriched in HREE, for which, no evidence

exists. Carbonatites are common mantle metasomatic agents, characteristically en-

riched in LREE. It is therefore suggested that the sinusoidal REE patterns observed

within clinopyroxene and amphibole of the CRCC are signatures of carbonatite

metasomatism.

2.7.2.2 Apatite as a petrogenetic indicator

Apatite and magnetite are the only two ubiquitous primary phases CRCC indicating

they crystallised throughout the emplacement of the CRCC. Given the affinity of REE
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Figure 2.7.3: Ranges of chondrite-normalised REE patterns within apatite grouped by
carbonatite and pyroxenite dominated lithologies of the CRCC. Normalised to values of
McDonough and Sun (1995).

for apatite, variations in the REE patterns between apatite of different lithologies may

provide petrogenetic information regarding the magmatic evolution of the complex.

Apatite has been used as a petrogenetic indicator of magma evolution in carbonatites

by a number of studies (Hornig-Kjarsgaard, 1998; Bühn et al., 2001; Brassinnes

et al., 2005; Broom-Fendley et al., 2016). Individual REE profiles of apatite from

individual lithological units are shown in Section (2.5.8). The range of REE profiles

displayed by apatite grouped in terms of origin from a dominantly carbonatite or

pyroxenite unit is plotted in Figure (2.7.3).

Apatite from both carbonatite and pyroxenite units display strikingly similar REE

abundances, the only discernible difference being the flat LREE plateau of the

carbonatite units and the slightly lower HREE contents (Lu = 0.70 ppm in carbonatites
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compared to 1.32 in pyroxenite). These slight differences are probably the influence

of REE enriched phases such as zirconolite and perovskite which are restricted

to pyroxenite units (see section 2.7.2.3 for further discussion). The REE profiles

of the apatite are comparable with whole rock REE abundances (Figure. 2.6.2)

confirming that apatite is the major host of REE within all units of the CRCC. The

relative proportions of minerals and the degree of alteration varies significantly

between units which makes determining the modal proportions of apatite extremely

difficult. However, from petrographic observations apatite is more abundant in

carbonatite units where it comprises between ~15-40 vol.%, compared to ~5-20

vol.% in pyroxenite units. Such similar REE profiles from modally different rock units

suggests both compositions are derived from the same parent magma. However, the

process that formed two distinct melt compositions with such similar REE profiles,

from the same genetic origin, is less clear. However, some possible processes are

discussed below.

Experimentally determined REE partition coefficients between silicate and car-

bonatite melt are ~1 (Jones et al., 1995; Veksler et al., 1998b; Martin et al., 2013).

If the parental melt was originally a homogenous mix of both the pyroxenite and

carbonatite, that separated through liquid immiscibility, then the distribution of REE

between the resulting silicate and carbonate liquids would be equal. In early crys-

tallising pyroxenite melts relatively minor proportions of apatite (~5-10 vol.%) are

the major host of REE with minor influence from titanite, before trace amounts of

perovskite and zirconolite dominate later formed melt fractions. In the carbonatite

units small amounts of accessory pyrochlore mildly influence the REE patterns of

apatite, however the high modal abundance results in the apatite being the major

host of REE so there is little difference between the whole rock REE abundances of

pyroxenite and carbonatite.

Alternatively, experimentally determined crystal/melt partition coefficients for

REE between apatite/carbonate are ~1 (see Chapter 3) (Klemme and Dalpé, 2003;

Hammouda et al., 2010) whereas apatite/silicate values range from ~5-12 depending

upon the aSiO2 (Watson and Green, 1981). Using the simple approximation that

the CRCC comprises a cylinder of carbonatite with a radius of 200-300 m located

within the centre of a pyroxenite cylinder with a radius of 1.5 km (see Figure 2.2.1
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for CRCC geometry), the carbonatite comprises between 7-16% of total volume

of the pyroxenite. Given the partition coefficients of apatite and carbonatite are

approximately a factor of 10 less than apatite/silicate partition coefficients, apatite

and whole rock REE concentrations in pyroxenite and carbonate would be very

similar, as is observed.

Finally, the similarity in the REE concentrations may reflect, at least in part,

late-stage hydrothermal overprinting by LREE-enriched fluids or sub-solidus re-

equilibration. There is significant evidence for hydrothermal activity within the CRCC

including the presence of phases such as fluorite, chlorite and talc reported in shear

zones (Andrew, 1990) as well as the formation of vugs in carbonatites. Evidence of

metasomatic fluids modifying the clinopyroxenite comes from the sinusoidal REE pat-

terns identified in clinopyroxene and amphibole (see section 2.7.2.1). Furthermore,

high solubility of apatite and other rock-forming minerals of carbonatites in hydro-

thermal or metasomatic fluids and the ease with which they are recrystallised during

metamorphism makes them extremely susceptible to hydrothermal overprinting.

REE profiles of apatite from the CCRC clearly indicate that the pyroxenite and the

carbonatite-dominated units experienced similar processes. However, whether this

was segregation from a single genetic origin or the same hydrothermal overprinting

event it is difficult to determine. Comparing the REE profiles of apatite to whole rock

abundances it is apparent apatite plays a major role in the overall REE abundances

of individual lithologies. Comparing the REE profiles of individual phases within

each lithology may reveal variations not recorded by apatite, and elucidate some of

the cryptic petrogenetic history of the CRCC.

2.7.2.3 Role of accessory REE phases

Descriptions of REE patterns for individual major phases of the CRCC are discussed

in section (2.5). This work has focussed on characterising the pyroxenite units of

the CRCC as the carbonatite units were previously characterised by Downes et al.

(2014). Average REE patterns of each of the major phases within the clinopyroxenite,

the phlogopite-pyroxenite and the calc-amphibolite are grouped by lithological unit

and presented in Figure 2.7.4.

REE profiles of all minerals generally display LREE enrichment which are parallel
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Figure 2.7.4: Chondrite-normalised REE profiles of all major phases within the (a)
Clinopyroxenite (b) Phlogopite-pyroxenite and (c) Calc-amphibolite. Normalised values
from McDonough and Sun (1995).
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to sub-parallel with whole rock REE patterns (Figure 2.6.2); this provides further

evidence that all of the studied rock units originate from the same parental melt. REE

patterns within clinopyroxene and amphibole from the Clinopyroxenite are less sinus-

oidal as a result of a relative HREE enrichment. Apatite and titanite are the two major

minerals that influence the distribution of REE within these units. Clinopyroxene is

the most abundant phase within pyroxenite units but the sinusoidal REE profile is

not observed in any other phase or the whole rock pattern, with the exception of

amphibole which is replacing primary clinopyroxene. This demonstrates that if REE

patterns are recording primary magmatic REE-enrichment, REE concentrations are

low enough in pyroxene to have only a modest influence on the bulk-rock pattern.

A significant difference between the REE patterns of each of the pyroxenite

units, is the LREE depletion shown by almost all phases of the calc-amphibolite.

LREE depletion is attributed to the crystallisation of highly LREE-enriched phases

that control the LREE abundance of minerals within the calc-amphibolite. Indeed,

zirconolite and perovskite which display extremely high levels of LREE-enrichment

are most abundant within this unit. The REE profiles of zirconolite and perovskite

are displayed in Figure 2.7.5.

Estimating the modal proportions of each of the minerals extremely difficult

as a result of the complex and variable alteration. However, perovskite contains
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~25000 ppm La and comprises approximately 0.5 vol.% (equivalent to ~0.006 wt.%,

assuming a perovskite density of 4 and a clinopyroxene density of 3.3-3.6) of the

calc amphibolite. Therefore, it can be estimated that perovskite contributes:

25000ppm × 0.006wt.% = 150ppm

to the total whole rock La budget. This equates to ~50% of the ~300 ppm La

of calc-amphibolite being contributed by perovskite. Similar approximations can

be made for the contribution of zirconolite, which is LREE enriched but contains

significant amounts of HREE. Zirconolite contains ~250 ppm Yb and comprises ≤1

vol.% (assuming a density of 4.8 for zirconolite and ~3.15 for amphibole) of the

calc-amphibolite:

250ppm × 0.015wt.% = 3.75ppm

The calc-amphibolite whole-rock Yb abundance ranges from 3-6 pm. Thus, the

crystallisation of zirconolite controls between ~60-100% of the Yb abundance within

the calc-amphibolite. Clearly, the even the crystallisation of ≤1 wt.% of the REE-rich

accessory minerals zirconolite and perovskite within pyroxenite units and pyrochlore

within carbonatite units of the CRCC has a major control on the REE abundance.

2.7.2.4 Hydrothermal REE mineralisation

The total REE contents of the pyroxenite and carbonatite are both relatively mod-

est ranging from ΣREE 890-2200 ppm. Such concentrations are too low to be

economically viable, currently mined REE deposits have REE mineralisation in

excess of 10 wt.% ΣREO (e.g. Mountain Pass (Castor, 2008b) and Bayan Obo

(Smith et al., 2000)). It is evident the rock units of the CRCC have experienced

significant hydrothermal alteration. Pyroxenite contains heavily sheared zones that

contain fluorite and talc. Phlogopite, clinopyroxene and amphibole commonly alter

to chlorite and LREE-rich accessory minerals, zirconolite, perovskite and titanite,

show significant breakdown, as a result of increased pCO2
to oxides and other REE

minerals. The carbonatites occasionally contain fluorite and exhibit signifiant re-

crystallisation and the development of vugs, which are interpreted to be formed by

dissolution of carbonate by late stage hydrothermal fluids. The highest grade of
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Figure 2.7.6: Chondrite-normalised whole rock REE patterns of pyroxenite and carbonatite
units of the CRCC studied within this work compared with the REE patterns of late-stage
hydrothermal apatite-monazite-(Ce) veins within the overlying oxidised zone studied by
Downes et al. (2014). Normalised to values of (McDonough and Sun, 1995).

REE-mineralisation reported within the CRCC is from late-stage hydrothermal veins

from the overlying oxidised zone (Downes et al., 2014). These veins comprise a

hydrothermal apatite-monazite-(Ce) rock, rich in LREE minerals such as monazite-

(Ce) REE-fluorocarbonates, parisite-(Ce) and synchysite-(Ce) (Downes et al., 2014).

Chondrite-normalised whole rock REE patterns of these hydrothermal veins are

displayed in Figure 2.7.6.

This high-grade REE-mineralisation of the CRCC resulted from late stage hy-

drothermal alteration. An increasing CO2 content of the evolving melt through the

formation of the carbonatite or the release of magmatic-hydrothermal CO2-rich fluids

likely initiated the breakdown of LREE-enriched accessory phases; perovskite to

anatase, kassite and REE-titanate, and zirconolite to calzirtite. This breakdown
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liberates LREE and enables late-stage hydrothermal fluids to scavenge REE and

re-precipitate them in the overlying apatite-monazite-(Ce) veins. Regolith hosted

REE enrichment from supergene processes leaching primary minerals is more

widespread but lower grade and the main potential target of mineral exploration.

2.8 Petrogenesis and summary

2.8.1 Paragenetic sequence

A paragenetic sequence for the CRCC was determined by combining mineralogical

and textural relationships with major and trace element chemical analyses. In order

to establish a simple crystallisation sequence the lithological units were divided

into three broad groups: The pyroxenite, the metasomatised pyroxenite (essentially

combining the variably metasomatised phlogopite ± amphibole clinopyroxenite and

calc-amphibolite into a single metasomatised pyroxenite unit) and the carbonatite.

The resulting sequence, along with some broad trends in geochemical conditions,

are illustrated in Figure 2.8.1.

Cumulate textures within parts of the clinopyroxenite and apatite-phlogopite-

magnetite rich banding suggest that crystal fraction has occurred. The transition

from titanite in early pyroxenite to perovskite in later pyroxenites is indicative of a

lower aSiO2 potentially through the removal of high proportions of silica though crys-

tallisation of significant volumes of clinopyroxene and phlogopite. Co-crystallisation

of magnetite removed most of the available Fe shifting clinopyroxene compositions

to become increasingly Mg-rich as they fractionated from the evolving melt. Crystal-

lisation of apatite was initiated early in the crystallisation sequence indicating the

parental melt must have evolved to contain >6-7 wt.% P2O5 (Watson and Green,

1981) and remained above this level for the remainder of the crystallisation se-

quence. The presence of apatite correlates with the appearance of phlogopite and

Na-Ca amphibole, suggestive of an increase in volatile components, predominantly

H2O. The crystallisation of Fe-Mg phases caused an enrichment in Ti, Ca, REE

and HFSE in the melt, initially Nb to form perovskite and slightly later Zr, to form

zirconolite. No early zircon was observed, just zirconolite however zircon is found

later in the metasomatised pyroxenite and carbonatite units. The crystallisation of
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Crystallising Phase Pyroxenite Metasomatised Pyroxenite Carbonatite

Decreasing temperature

Increasing pCO
2

Increasing pH
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O

Magmatic

Hydrothermal
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Apatite

Phlogopite

Na-Ca amphibole

Calcite

Dolomite

Pyrochlore

Zircon

Sulphides*

Monazite

REE-minerals†

Fluorite

Actinolite

Chlorite

Talc

Perovskite

Zirconolite

*Sulphides include pyrite±chalcopyrite±pyrrhotite±sphalerite±galena.

Titanite

†REE minerals include aeschynite, synchysite, parisite, (Ce)-monazite, chevkinite-(Ce), fergusonite and REE-titanate.

Diopside - aegirine augite ?

Figure 2.8.1: Paragenetic sequence of the CRCC. The sequence has been divided into the
basis of three major lithologies. Light green denotes minerals hosted within the pyroxenite
and metasomatised pyroxenite. Blue lines correspond to minerals within the carbonatite.
Green dashed line denotes mineral breakdown as a result of metasomatism. Black dashed
line denotes absence of mineral within particular interval but is present ‘later’ in the sequence.

these accessory phases significantly influences the distribution of REE, previously

dominated by apatite. The process responsible for the generation of the carbonatite

are uncertain but it is clearly genetically related to the pyroxenite. The formation

of pyrochlore, at the expense of perovskite, results from and increased activity

in volatiles, namely F and OH, within the carbonatite (Jago et al., 1993; Mitchell

and Chakhmouradian, 1998). pCO2
was sufficient to crystallise primary calcite and

dolomite. The carbonatites vary from only calcite or dolomite-bearing to a mixture,

as well as late stage apatite-free carbonatites, which suggests multiple phases of

carbonatite generation. Carbonate is LREE-enriched with sövite displaying higher

REE enrichments over dolomite carbonatite. A more detailed crystallisation se-

quence of the carbonatite is provided by Downes et al. (2014). The increased pCO2

indicated by the formation of a carbonatite initiated the breakdown of perovskite

and zirconolite within the pyroxenite. This liberated REE for mobilisation during a

widespread hydrothermal event that scavenged REE from the primary phases of

both the pyroxenite and carbonatite before re-precipitating and concentrating them
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in REE-mineralised apatite and monazite veins in an oxidised layer near the surface.

2.8.2 Origin and nature of the parental magma

Preliminary isotope work on a limited number of samples from the CRCC determined

low but variable 87Sr/86Sr ratios ranging from 0.7028-0.7031 and "Nd values from

1.6 to 2.4 (Sun et al., 1986). This relatively primitive Sr-Nd isotopic composition

suggests that the carbonatite was derived from an ocean island basalt (OIB) type

source originating from within the depleted convecting mantle (Sun et al., 1986).

Similar isotopic ratios have been observed from carbonatites worldwide (Nelson

et al., 1988). However, Bell and Simonetti (2010) caution this interpretation, instead

favouring a model of carbonatite melt generation from partial melts derived from an

asthenospheric source. The similarity of many carbonatite Sr-Nd isotopic signatures

with OIB’s is perhaps best interpreted that they both form from sources that are

widespread e.g. HIMU, EM1 and FOZO that are present within both the oceanic

and sub-continental lithospheric mantle. There are many features of the CRCC that

suggest formation by metasomatism e.g. high Ti, steep LREE-rich patterns. The

isotopic signature may result from a plume impacted mantle source which was then

acquired by the resulting melts formed during metasomatism. Pb isotopes could

support a mantle source region as crustal components are significantly enriched in

U, Th and Pb in comparison to the mantle, but were unfortunately unavailable in this

study.

Carbonate phases are known to be stable throughout most of the mantle (Dalton

and Wood, 1993; Jones et al., 2013). Dasgupta et al. (2006) argue in natural

systems carbonatite generation is limited to <4.8 GPa. Wyllie and Huang (1976b)

determined at pressures >1.9 GPa, and appropriate oxygen fugacities, the pres-

ence of carbonate depresses the mantle solidus temperature by at least 300 °C,

with any melt generated being carbonatitic in nature. These processes describe

the formation of carbonatite melt however the generation of the parental melts is

presumed to be much deeper, probably a carbonated mantle peridotite (Downes

et al., 2016). Experimentally produced clinopyroxenite melts (Fe-free) at 3 GPa

were characterised by highly elevated incompatible trace element concentrations

and steep REE patterns (Blundy and Dalton, 2000). As these carbonatite melts
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migrate through, and reacted with, carbonate-free lherzolites at shallower depth

they undergo a variety of reactions principally involving clinopyroxene (Dalton and

Wood, 1993). Clinopyroxene formed directly from this carbonate melt in the mantle

have elevated incompatible element and LREE-enriched/HREE-depleted signatures

(Wyllie et al., 1996; Blundy and Dalton, 2000; Chakhmouradian, 2006).The parental

melt of the CRCC most likely originated in this way, from the partial melting of

a CO2-bearing mantle peridotite. All subsequently forming phases consequently

inherited this initial geochemical signature.

2.8.3 Model of formation at the CRCC

Clinopyroxenite Metasomatised Clinopyroxenite

Carbonatite

Metamorphic basement

Regolith Supergene enrichment 

Apatite-monazite-REE veinsPhlogopite veins

?

EW

100 m

Figure 2.8.2: Schematic cross section trending W-E though the CRCC. Dashed lines within
pyroxenite denote cumulate layering. Grey area represents lower grade REE supergene
enriched domains. High grade apatite-monazite REE-veins shown in red. Brown veins
are phlogopite-rich veins. Question mark denotes unknown geometry relating the eastern
satellite body of carbonatite to the central plug.

From the petrogenetic information presented a simple petrogenetic model for

the formation of the CRCC can be hypothesised. A schematic cross-section from

West-East across the complex illustrates the relationships established in this study

(Figure. 2.8.2). A CO2-enriched silicate melt, high in incompatible trace elements

and generated from the partial melting of a CO2- bearing mantle peridotite, was

emplaced at relatively shallow crustal depths at a temperature of ≤1100 ◦C. With

no reliable geothermometers in the mineral assemblage, this upper temperature

limit was estimated from experimental data where carbonate melt was equilibrated

with phlogopite lherzolite at 3 GPa and 1100 ◦C (Thibault et al., 1992 ). This melt
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would lose heat on ascent to the crust and emplaced at a lower temperature where it

cooled and crystallised clinopyroxene, magnetite and apatite, followed by phlogopite

and amphibole with the increasing H2O content. Continued fractionation of incom-

patible elements, mainly HSFE and REE led to crystallisation of the REE accessory

phases zirconolite, perovskite and pyrochlore. The crystallising clinopyroxenite is

assumed to form a crystal mush with weak cumulate banding. Segregation of the

carbonatite from the pyroxenite could displace the crystal mush, cross cutting some

of the cumulate layering and a significant release of volatiles would variably metaso-

matise the pyroxenite, most extensively proximal to the carbonate core, forming an

metasomatic aureole. This metasomatism caused the breakdown of primary REE-

accessory phases liberating REE for remobilisation in late-hydrothermal fluids. REE

hosted within carbonate phases of the carbonatite were liberated by low temperature

(200-400 ◦C) hydrothermal fluids by dissolution evidenced by regions of extensive

recrystallisation, dolomitization and development of vugs. These hydrothermal fluids

migrated extensively throughout the complex scavenging REE before redepositing

them in monazite-apatite REE-mineralised veins that appear to cross-cut parts of

the carbonatite (Downes et al., 2014) within an overlying oxidised zone.

Ultimately, development of a more sophisticated petrographic model for the

CRCC is limited by a lack of 3D geological data and the inherent complexities

surrounding ultramafic-carbonatite complexes. However, it is important to consider

the limitations of the proposed model and consider possible alternatives. The

relatively high Mg and Ni numbers of the clinopyroxenite, lack of crustal contamin-

ation evidenced from the Nd/Sm isotope and overall trace element signature are

used to suggest the parental magma came directly from the mantle with little or

no intervening crustal reservoirs. Given the low temperature (≤1100 ◦C) and dens-

ity (∼2.9-3.0 g cm−3) of a CO2-bearing mantle peridotite, emplacement within the

lower crust requires the density contrast between the mantle and continental crust

(∼2.8-3.4 g cm−3) to be overcome, otherwise it faces stagnation and ‘thermal death’.

Magnetotelluric surveys of the Archean to Proterozoic North Australian Craton reveal

that this ancient crustal block is highly deformed with numerous steeply dipping,

less resistive features in the upper crust correlating with the known locations of

faults (Spratt et al., 2014). Emplacement of the CRCC may have been facilitated
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through the exploitation of these pre-existing faults, a process known as lithospheric

focussing (Bailey, 1980). Alternatively, a CO2-bearing mantle peridotite parental

melt is assumed to have a high CO2/(H2O + CO2) volatile fraction at source. If the

CO2/(H2O + CO2) ratio was initially lower, the more hydrous parental melt would be

less viscous and able to ascend rapidly through the lithosphere. Preferential loss of

H2O during ascent, emplacement and/or during early crystallisation of the magma

could increase CO2 levels sufficiently to stabilise carbonatite formation. Whilst

evidence of significant volatile loss to the surrounding country rock is not available, it

is possible the distinct geochemical signature of the the outermost clinopyroxenite,

which contains sodic aegirine-augite clinopyroxene, is a result of volatile loss, known

as fenitization. Alternatively, the distinct composition of the outermost clinopyroxene

could derive from the introduction of Na and Fe from interactions with the surrounding

gneissic wall rock.

Assuming a single fractionation sequence formed the entire complex, it might be

anticipated that any Na-fenitisation would be more pervasive and affect the entire

complex rather than be restricted to an outer clinopyroxenite halo. This raises the

possibility that the complex may have formed from multiple magmatic pulses; either

two pulses of clinopyroxenite, each of a slightly different composition, followed by a

carbonatite or, more likely, an initial clinopyroxenite which was intruded by a second

CO2 -rich silicate parental melt that fractionated to form a clinopyroxenite, metaso-

matised the existing clinopyroxenites and generated the carbonatites. However, the

parental melts first formed, fractionation is advocated as the dominant process in

the formation of the complex as the trace element signatures show enrichment in

HFSE5+ (Nb, Ta) over HFSE4+ (Zr, Hf) and LREE (La, Ce, Pr, Nd) over HREE (Er,

Tm, Yb, Lu, Y) features consistent with mantle-derived magmas that have undergone

significant element fractionation.
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Chapter 3

REE partitioning between Apatite

and CaCO3 melt

3.1 Introduction

Apatite is an accessory phase that is almost ubiquitous within carbonatite deposits,

and in some cases it occurs in such abundance that the deposits are important P

ores (Zaitsev and Bell, 1995). The capacity of apatite to sequester geochemically

important minor and trace elements, through the substitution of Ca sized ions into the

crystal lattice, makes it a potentially important reservoir of REE. Occasionally apatite

can host sufficient concentrations of the REE it is the primary REE bearing mineral

in ore deposits (e.g Nolans Bore, Australia (Schoneveld et al., 2015)). Despite its

petrogenetic importance, limited experimental data exists on trace element parti-

tioning between apatite and silicate melts and even less on apatite and carbonatite

melts (Klemme and Dalpé, 2003; Hammouda et al., 2010).

Phase relations between apatite and carbonatite melts are poorly constrained

largely due to a lack of systematic experimental studies exploring the differentiation

of phosphate-bearing carbonate melts. Early Investigations into apatite solubility at

1 kbar demonstrated that liquids containing ‘more than a few percent’ (~3-5 wt.%)

P2O5 would crystallise apatite and changing temperatures, pressure and water

content would lead to various relative concentrations of apatite and calcite (Biggar,

1966, 1969). Limited investigations into the solubility of apatite in carbonatite-

rich liquids at 30 kbar determined that the saturation of apatite is controlled by
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temperature and the concentration of CaO and CO2 in the melt (Baker and Wyllie,

1992). This study determined apatite-saturated carbonatitic melt at 30 kbar would

contain ~6.8% P2O5. A study of REE partitioning between apatite/silicate melt

found that partitioning strongly decreased with decreasing silica activity (Green

and Watson, 1982). Carbonatites inherently have a low silica activity and REE

partition coefficients between synthetic apatite/(calcic)-carbonatite, determined at

1 GPa and 1250 ◦C, revealed REE to be incompatible (Biggar, 1966; Klemme and

Dalpé, 2003). Conversely, higher pressure experiments conducted at 1200-1380 ◦C

and 4-6 GPa found that REE were compatible with the difference being attributed to

the higher silica content of the apatite as a result of using natural starting materials

(Hammouda et al., 2010). Evidently, little consensus exists over compatibility of

REE between apatite/carbonatite melt. The limited information that does exist fails

to replicate the high levels of REE enrichment commonly observed in apatite from

natural carbonatites (Chakhmouradian et al., 2017b).

Consequently, the purpose of this study was to revisit the conditions of previous

experimental studies, expand the PT conditions investigated, and systematically

vary melt composition to observe the effect on REE partitioning.

3.2 Background

Any hypothesis for carbonatite genesis requires a complete understanding of the

system; from inception of the initial melt to the interactions and relationships with

silicate melts and associated phases during magmatic evolution. Trace element

partitioning is one tool that can be used for such investigations, in particular, REE

partitioning at each individual stage of evolution. Experimentally determined values

should be comparable to those of natural samples, if the processes are analogous.

3.2.1 Partition coefficients

Partition coefficients (Di) are defined as the ratio of the concentration of a component

(i) between two phases (Beattie et al., 1993). Commonly, like in this study, the two
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phases are crystal (Ci) and melt (Cmelt):

Di =
Ci

Cmelt

(3.2.1)

Carbonate systems rarely quench to a glass, which introduces complications with

obtaining representative ‘melt’ analysis. The concentrations of some elements in

crystals and/or liquid may be affected by quenching. Trace element partition coeffi-

cients between crystals and quenched liquid are known as effective D’s; a function of

crystal structure and protosite configuration, rate of crystal growth, diffusion normal

to the growth surface, growth mechanisms and diffusive lag of the growth medium

(Blundy and Wood, 2003). Many of these processes are time dependant and con-

tinue to operate shortly after the termination of an experimental run (Spedding and

Mills, 1965). Consequently, the equilibrium state attained at the experimental con-

ditions may not be preserved. When equilibrium, such as in a meta-stable silicate

glass, is achieved trace element partition coefficients between crystals and liquids

are equilibrium D’s, which are a function of pressure, temperature, composition and

structure of the crystal and/or liquid phases and oxygen fugacity. These parameters

are easily regulated and hence it is desirable to study quenched systems preserved

in a state of equilibrium.

3.2.2 Theory of trace element partitioning

Trace elements, because of their low concentrations, do not typically form discrete

mineral phases but are instead accommodated as minor components into minerals,

melts or other fluid phases (Albarede, 1995). A crystalline or melt phase will accept

a given trace element into its structure depending on the size of the available sites

and the ability to charge balance the incorporated cation (Gaetani and Grove, 1995).

Consequently, trace elements tend to substitute for major elements of comparable

charge and/or ionic radius. This relationship is well illustrated by Onuma diagrams

where partition coefficients are plotted as a function of cation radii. The maxima of

this curve corresponds to the size of the crystal site(s) on which substitution occurs

(Blundy and Wood, 1994). The physicochemical parameters that impact on the

ability of the trace element to partition onto a site are complex.
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Experimental studies permit investigations into the effects of these individual

parameters. Pressure, temperature and starting composition are all intensive vari-

ables uniquely prescribed to individual experiments. Pressure and temperature

modify the size of the substitution site through volume changes (Blundy and Wood,

2003). Pressure also affects the coordination number of cations and therefore the

volume of the site. Numerous studies have shown the influence of composition

and structure of the crystal and liquid phase on the partitioning of minor and trace

elements in silicate systems (Watson, 1977; Irving, 1978; Ryerson and Hess, 1978;

Leeman and Lindstrom, 1978; Mysen and Virgo, 1980; Kohn and Schofield, 1994).

Oxygen fugacity (fO2) controls the charge of multivalent elements (e.g. Fe2+/3+,

Eu2+/3+ and Ce3+/4+) and hence their radius and partitioning behaviour. The effect

of silicate melt structure on trace element partitioning has been investigated using

immiscible silicate liquids (Vicenzi et al., 1994) and Soret diffusion (Lesher, 1986). It

is widely assumed that the composition and structure of carbonate melt has little

effect on the partitioning of trace elements because it is a highly depolymerised

liquid (Veksler et al., 1998b; Martin et al., 2013; Jones et al., 2013).

3.2.3 Lattice strain theory

Using the observation that mineral/melt partition coefficients for isovalent cations

show a near-parabolic dependance on cation radius (Onuma et al., 1968) it is

possible to define an equation to predict crystals-melt partition coefficients (Blundy

and Wood, 1994):

Di = D0 × exp

⎧
⎪⎨⎪⎩

−4�ENA

[
r0

2

(
ri − r0

)2
−

1

3

(
ri − r0

)3]

RT

⎫⎪⎬⎪⎭
(3.2.2)

The trace element partitioning of a given structural site (Di) is characterised

by the ionic radius of the substituent (ri, Å), the Young’s modulus of the crystal

(E, GPa) and the theoretical partition coefficient (D0) for an element with the ideal

radius (r0). NA is Avogadro’s number, R is the gas constant in m3 Pa K−1 mol−1 and

T is the temperature (K-1). The theoretical relationship between D0 , E and r0 is

shown in figure. (4.3.7). The lattice strain model enables the prediction of partition
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coefficient values for trace elements not observed at given PT conditions from a

subset that have. It allows information about the size of the site onto which elements

are substituting to be determined and provides a qualitative check of data as a

good correlation between measured and modelled partition coefficients is a strong

indication that partitioning occurred at equilibrium.

3.3 Experimental methods

3.3.1 Preparation of synthetic apatite (F- and Cl-)

Synthetic fluor- and chlor-apatite was prepared by mixing reagent-grade Ca3(PO4)2

with stoichiometric amounts of CaF2 and CaCl2 respectively, grinding under acetone

three times, before pressing into a pellet and heating at 1200 ◦C in air. Powder XRD

confirmed the phase purity of the resulting mixes (Figure. 3.3.1). Trace elements Li,

Be, Al, Sc, Ti, V, Cr, Mn, Co, Ni, Cu, Zn, As, Rb, Sr, Y, Zr, Nb, Sb, Ba, La, Ce, Pr,

Nd, Sm, Eu, Gd, Tb, Dy, Ho, Er, Tm, Yb, Lu, Hf, Ta, Pb, Th and U were added as

commercial AAS standard solutions using a micropipette so each individual element

was doped at a concentration of 200 ppm. The resulting slurry was homogenised by

grinding under acetone in an agate mortar whilst evaporating to dryness. The charge

balancing components SiO2 and Na2CO3 were added as reagent grade powders

and H2O as deionised water.

3.3.2 Experimental procedure

Trace-element doped apatite was combined with reagent grade CaCO3 (previously

dried at 300 ◦C) in a 50:50 wt.% proportion and ground under acetone three times in

an agate mortar to produce homogenous mixtures. 30 mg of sample was loaded

into a 2.7 mm diameter Pt capsule and sealed by arc welding. Capsules were

surrounded by concentric shells of MgO, a graphite heater, pyrex glass, NaCl sleeve

and Teflon foil and then inserted into a pressure vessel. Pressure vessels were

placed into an end-loaded ½-inch piston-cylinder apparatus. Run times were 48 h

with PT conditions from 5-15 kbar at 1150, 1250 and 1350 ◦C. Temperature was

measured using type B (Pt94Rh6-Pt70Rh30) thermocouples, protected by 5 mm of

high purity alumina tubing in the hottest part of the assembly and mullite in the
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Figure 3.3.1: XRD patterns of synthesised (a) Cl- and (b) F- apatite. The ticks below each
pattern denote the predicted peak positions of synthetics apatite obtained from Diffracplus
EVA software package.
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cooler. A 1 mm thick MgO disk was placed between the thermocouple end-point

and capsule to avoid any alloying. Oxygen fugacity was not buffered. The sample

was quenched by terminating the power at the end of the run.

3.3.3 Issues with carbonate melt

3.3.3.1 Quench texture

The carbonate melt in these experiments does not quench to a glass (Figure. 3.7.1c).

Instead it is characterised by a sub-micrometer, dendritic intergrowth of quenched

calcite and apatite crystals. The formation of glasses in carbonate systems is rare

because they are unpolymerised, ionic materials that are unable to form the rigid

three-dimensional network structures demonstrated by most glass forming materials

(Jones et al., 2013). Furthermore, the low density of carbonate melts and the

high mobility of their component species encourages spontaneous crystallisation

(Spedding and Mills, 1965).

3.3.3.2 Polishing

Samples were initially polished under kerosene, but were later observed ‘sweating’

absorbed moisture from the exposed sample surface. Subsequently, all samples

were polished dry. The fine-grained nature of quenched carbonate meant that

interstitial material had a tendency to be plucked during polishing. Consequently,

only p1000-1200 micro-grit sandpaper was used to remove superficial epoxy. Once

exposed, samples were polished using 8 µm, 3 µm, 1 µm and 0.25 µm grit diamond

paste sequentially on automated polishing laps. Polishing at each stage continued

until no visible scratches remained on the sample surface when viewed under a

standard petrological reflected light microscope. Samples were stored in a desiccator

to reduce exposure to atmospheric moisture.

3.3.3.3 Obtaining a representative analysis

The quench texture of carbonates poses problems when trying to obtain a repres-

entative analysis of the melt composition using LA-ICP-MS. Quenching can bring

a physical system into a metastable state that is characterised by a prolonged

lifetime (McDonald, 1974; Debenedetti, 1996). This long-term stability is principally
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controlled by the density of nucleation and growth of phases during the quench

(Shneidman, 1999). Nucleation can be classified as homogeneous if it arises entirely

though random thermal fluctuations in the liquid, or heterogeneous if the presence of

another phase in contact with the melt facilitates the process. This may be a crystal

that was stable before the quench, or the capsule wall (Dowty, 1980).

Major and trace element compositions of the liquid will reflect the quench style.

Providing no quench overgrowths form on pre-existing crystals or the capsule wall,

and the quench phases are evenly distributed throughout the liquid, analyses should

be close to the expected composition of the carbonate melt. Possible reasons for an

uneven distribution of phases include quenched crystals forming preferentially close

to pre-existing crystals even if they are not overgrowths, crystal settling, and thermal

and pressure gradients. Quench crystals commonly contain anomalously high

amounts of incompatible trace elements. These were not observed in run products,

however, occasional sub-micron interstitial nuggets, visible as bright crystals in

BSE images and exhibiting high REE contents in EDS analyses, were occasionally

present. Such phases were avoided and a large spot size was employed with

multiple analyses.

3.4 Analytical methods

3.4.1 Scanning Electron Microscope (SEM)

Run products were mounted in 1-inch epoxy mounts, sectioned longitudinally and

polished for examination using a reflected light microscope. Mounts were then loaded

into a JEOL JSM-6610A SEM at the Research School of Earth Sciences (RSES),

ANU. Operating conditions were 15 kV and 65-75 µA, with a working distance of

9-12 mm. Energy dispersive spectrometry (EDS) was used for preliminary phase

identification and back-scattered electron (BSE) images were recorded to locate sites

for LA-ICP-MS analysis and to asses for the presence of any significant bright phases

which would indicate the incomplete dissolution of REE in the run products. Back-

scattered electron (BSE) images and semi-quantitative major-element compositions

were processed using the embedded InTouchScope™ JEOL software.
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3.4.2 X-ray power diffraction (XRD)

X-ray powder diffraction patterns were recorded using a STOE Stadi-P transmission

diffractometer, equipped with a curved graphite monochromator and a scintillation

detector, using Co Kα radiation. Samples were ground in acetone, smeared on a

thin plastic film and scanned from 10-85°2� with a step width of 0.5°.

3.4.3 LA-ICP-MS

Trace element concentrations were determined using laser ablation inductively

coupled plasma mass spectrometry (LA-ICP-MS) at the Research School of Earth

Sciences. This comprises a pulsed 193 nm ArF Excimer laser and ANU HelEX

dual volume sample cell feeding an Agilent 7700S ICP-MS (RF power = 1200 W;

ablation cell gas flow He = 0.3 L min-1and H2 = 0.02 L min-1; auxiliary gas flow = 1.0

L min-1 Ar). Data acquisition involved a 10 s background measurement followed by

40 s of ablation using a 47 µm diameter laser spot (5 Hz repetition rate maintained

at 50-55 mJ ) for apatite crystals. The carbonate melt was highly heterogeneous

because of its quenched texture; therefore a spot size of 180 µm was used and

numerous measurements averaged (n >7) in order to obtain representative melt

analyses and appropriate standard deviation. The internal isotope standard was

44Ca and analytical protocol involved bracketing every 10 unknowns with analyses

of NIST 610 and BCR-2 reference glasses as primary and secondary standards,

respectively. Data reduction was performed using the Iolite software package (Paton

et al., 2011).

3.5 The structure of apatite

The apatite structure has the general formula AI
4AII

6(BO)4)6X2 where AI and AII are

distinct crystallographic sites that can accommodate divalent (i.e Ca2+), monovalent

and trivalent (e.g. REE3+) cations. The B-cation site is commonly occupied by

smaller 3+, 4+, 5+, 6+, and 7+ metals and metalloids (e.g. P5+, As5+) with the X-anion

site occupied by halide (F-, Cl-), hydroxyl or oxide ions (Hughes et al., 1990; Mercier

et al., 2005). Whilst numerous variations of the apatite structure exist, the differences

are small enough to enable the structure to be generalised as having a hexagonal
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Figure 3.5.1: Stereochemical arrangement of the two Ca sites in the apatite structure. Grey
nodes represents oxygen atoms. Numbers 1,2 and 3 indicate relative bond lengths with 1
the shortest and 3 the longest. Yellow nodes represents the anion interacting with the Ca(2)
site. From: Hughes and Rakovan (2015).

unit cell with the space group P63/m (Pan and Fleet, 2002). Of the two Ca sites

in apatite, AI is nine-coordinated comprising six neighbouring oxygen atoms plus

a further three at greater distances. AII is a CaO6 irregular polygon formed by a

hemisphere of six oxygen atoms with the other half open to interaction with the X

anion site (Figure. 3.5.1) (Hughes et al., 1991; Klemme and Dalpé, 2003; Luo et al.,

2009).

The crystal-chemical controls on REE uptake into apatite are reasonably well

studied (Fleet et al., 2000a). Within fluor- and hydroxy-apatite the REE appear to

show a preference for the AII site. In synthetic chlorapatites they appear to occupy

in the AI site (Fleet et al., 2000a). However, some studies have demonstrated that

LREE (La3+-Pr3+) favour the AII site and HREE (Sm3+- Lu3+) the AI site (Hughes

et al., 1991). Regardless of the specific site occupancy the crystal-chemical control

promotes a preferential uptake of mid-REE relative to La3+ and Lu3+ resulting in

a convex-upward REE pattern for apatite (Fleet et al., 2000a; Klemme and Dalpé,

2003; Hammouda et al., 2010). However, the external controls such as P-T -X, which

are likely to influence REE uptake through mechanisms such as coupled substitution

and multiple valence states, are yet to be thoroughly investigated and understood

(Pan and Fleet, 2002).
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3.6 Experimental rationale

Previous apatite/carbonatite partition coefficients studies of trace elements at 1250 ◦C

and 1 GPa, and 1350-1380 ◦C and 6 GPa found that the REE, as well as all other

trace elements, were incompatible in apatite (Klemme and Dalpé, 2003). However,

studies on apatite/silicate melt partitioning showed that increasing REE partition

coefficients were concomitant with a increase in silica content of the apatite(Watson

and Green, 1981). Compatible behaviour is observed in experimental studies of

Ce and Yb partitioning between apatite and carbonated peridotite melt (Ryabchikov

et al., 1993) and in natural partition coefficients for REE between apatite/carbonate

melt (Guzmics et al., 2008). In both studies the apatite has reported SiO2 contents

of 0.42-0.60 wt.% (Ryabchikov et al., 1993) (Guzmics et al., 2010).

The simplicity of an apatite + CaCO3 system (50:50 w.t%) makes it ideal for

determining the fundamental controls of pressure and temperature on partitioning

behaviour. Given the success of previous studies with this system, but at notably

different temperatures and pressures, initial studies will focus on systematically

varying temperature between 1150 and 1350 ◦C, and pressure over 5-20 kbar in

order determined the control on trace element partitioning as well as compliment

the existing work.

A subsequent study by Hammouda et al. (2010) investigated apatite/carbonatite

trace element partitioning at 1350-1380 ◦C and 6 GPa concluding that at higher

pressures the REE are incompatible in apatite. Both Klemme and Dalpé (2003)

and Hammouda et al. (2010) used pure CaCO3 as a analogue for carbonatite melt.

The simplicity of the apatite + CaCO3 system makes it ideal for determining the

fundamental controls of intrinsic variables such as pressure and temperature on

partitioning behaviour. Given the success of previous studies with this system, but at

different temperatures and pressures, initial investigations focussed on systematically

varying temperature between 1150 and 1350 ◦C, and pressure over 5-20 kbar in

order to complement the results as well as systematically determine the controls of

REE partitioning.

Within Si system the incorporation of REE onto the Ca-site was accompanied by

Si substitution for P in order to compensate for the charge excess (Pan and Fleet,
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2002). Further, REE incorporation may also be assisted by a single melt component,

such as the alkalis Na+ and K+, that charge compensates the substitution of REE3+

for Ca. Two commonly hypothesised mechanisms for REE incorporation into apatite

are therefore:

REE3+ + SiO4−
4

= Ca2+PO3
4

(3.6.1)

REE3+ + Na+= 2Ca2+ (3.6.2)

These mechanisms have not been demonstrated experimentally, therefore this study

aims to investigate the addition of the charge compensating species to the CaCO3

melt component on the partitioning of the REE into the apatite. The addition of

H2O will also be investigated as carbonatites are commonly hydrous melts (Keppler,

2003).

3.7 Results

3.7.1 Run products

Successful experimental runs comprised both apatite crystals and quenched car-

bonatite melt (Figure 3.7.1a.). Apatite crystals were typically euhedral and elongate,

ranging from 30-150 µm in width and up to 500 µm in length. No apparent zoning

or inclusions were visible and crystals were restricted to either end of the capsule

(Figure 3.7.1b.) Carbonate melt comprised submicrometer, dendritic intergrowths

of quenched calcite and apatite crystals (Figure 3.7.1c,d.). Melt was the most

abundant phase in all experiments ranging from ~60-100% of the total volume of

the capsule. The large apatite crystals are assumed to be liquidus phases and the

quenched apatite part of the melt. Thus, the quench apatite should be analysed

with the quenched carbonate, by using a large laser spot, to determine the trace

element content of the melt for calculating partition coefficients. No overgrowth

quench crystals were observed indicating a homogeneous quench was achieved.

The bright spots shown in Figure 3.7.1b were not present in all samples. As the

samples were dry polished to avoid exposing the carbonate to H2O which meant

some of the capsules occasionally had platinum smeared from the capsule into the

sample. Further, the samples could not be sonicated in H2O, a typical cleaning
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Figure 3.7.1: BSE images of textures observed in successful run products. (a) ClApCa1

– Large euhedral apatite (Apt) crystals segregated from CaCO3. Note the crystal size of
the quench products is slightly larger proximal to the apatite crystals than further away. (b)
FlApCa3 – Whole view of a platinum capsule (Pt) with F-apatite (~30 vol.%) and CaCO3
melt (~70 vol%). Large dark patch within melt to the left of image is epoxy resin as a
result of plucking during polishing. (c) ClApCa2 – Magnified image of ‘Melt’ showing the
submicrometer dendritic quench intergrowth of apatite (lighter colour) and CaCO3 (dark
grey). (d) FlApCa5 - F-Apatite crystals forming at the base of the capsule with a larger
crystal sized quench of apatite + CaCO3. Note: Observable in all samples are micron scale
2-10 (µm) bright crystals with high trace element contents. They typically occur interstitially
within the melt (d).

step after polishing with diamond paste and so some of the bright spots might be

attributed to residual polishing grit.

3.7.2 Partition coefficients

Apatite/carbonate melt distribution coefficients (Dapatite/carbonate ) were determined for

chlor- and fluorapatite between T = 1150−1350°C and P = 5-20 kbar with the addition

of H2O, SiO2 and Na2CO3, and are presented in Table 3.7.1. Concentrations of

elements within individual phases can be found in appendix 5.2. In total 69 individual

experiments were undertaken but only 20 produced large apatite crystals and are

reported here.
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3.7.2.1 Trace elements

To establish whether the concentration of trace elements could be determined from a

heterogeneous quenched carbonate melt to enable apatite/melt partition coefficients

to be calculated, analysis of Cl and F apatite bearing quenched carbonate melts

experiments at T = 1150−1350°C and P = 10 kbar was undertaken. Calculated

partition coefficients for all trace elements in these experiments are plotted as spider

diagrams in Figure. (3.7.2). The partition coefficients reveal, with the exception of

As, that nearly all the selected trace elements are incompatible in apatite, with Di

<1. The compatibility of As in apatite as AsO4
3 – is expected as it forms a complete

solid solution with PO4
3 – (Pan and Fleet, 2002).

Whilst the partitioning behaviour of most elements is erratic and ‘spiky’ between

experiments, the REE form a broad, smooth upwards convex profile offset from

each another by changes in temperature. In the case of Cl-apatite REE partitioning

increased with increasing T. For the purpose of this study, discussion will focus

on the partitioning of the REE, although the calculated partition coefficients for

all elements are reported. Some broad observations of the partitioning of other

important trace elements in apatite include; DTh is occasionally >1 and is significantly

more compatible than U in all experiments suggesting the possible oxidation of U4+

to U6+. Partition coefficients of all HFSE are of similar magnitude. DNb is slightly

higher than DTa and is greater in F-apatite compared to Cl-apatite. DZr is slightly

higher than DHf.

3.7.2.2 Ce anomaly

Both Cl- and F-apatite display anomalous Ce behaviour. Cl-apatite exhibits a high

DCe value (positive anomaly) at 1150 ◦C, whereas F-apatite displays a negative

anomaly at 1350 ◦C. Ce is a multivalent element and the anomalies could be a

reflection of the temperature and melt composition affecting the partitioning of Ce4+

relative to Ce3+ and the other REE3+. However, fO2 was not controlled during the

experiments which is likely to be responsible for the erratic partitioning behaviour.
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Figure 3.7.2: Experimentally determined partition coefficients for (a) Cl- and (b) F-apatite
and calcium carbonate melt at 1150, 1250 and 1350 ◦C at P = 10 kbar. REE show a
convex-upward pattern and a systematic increase in DREE with increasing temperature.
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3.7.2.3 Behaviour of Y

For all experiments presented in this study DY values are systematically offset below

Ho. Yttrium is a trivalent cation that usually exhibits similar partitioning behaviour to

the REE due to similarities in ionic radii. Y3+ and Ho3+ have ionic radii of 0.900 Å

and 0.901 Å respectively (Shannon, 1976), and are known geochemical twins. Dif-

ferences in the partitioning of these elements indicate that other parameters are

affecting the trace element signature. Ho/Y fractionation is commonly observed in

calcite from marine environments and has been attributed to changes in electron

orbital configurations arising from ligand interactions (possibly CO3
2-) (Tanaka et al.,

2008). The majority of MORBs, OIBs and peridotites display chondritic Y/Ho ratios

(Jochum and Nohl, 2008), whereas granites commonly display Y/Ho fractionation

(Bau, 1996; Irber, 1999). These highly evolved silicate magmas are rich in compon-

ents such as H2O, CO2, P, F and Cl. Many of these components are also present

in high abundance in the simple apatite + CaCO3 system used in this study. Ham-

mouda et al. (2010) observed similar Ho/Y fractionation in apatite suggesting that Y

could be slightly fractionated from the REE during apatite/carbonatite interactions.

The D(Ho/Y) ratios recorded in this study consistently range from 1.12-1.14, reach-

ing maximum values of 1.37 and 1.24 in Cl-apatite at 5 and 10 kbar respectively.

The extent of fractionation is relatively small, which may in part be due to the high

temperature of the experiments.
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Table 3.7.1: Partition coefficients (Di) of trace elements between apatite and CaCO3 melt. Errors are 1 standard deviation (s.d.).

Apatite Cl Cl Cl F F F Cl Cl Cl

T (°C) / P (kbar) 1150 / 5 1250 / 5 1350 / 5 1150 / 5 1250 / 5 1350 / 5 1150 / 10 1250 / 10 1350 / 10
- - - - - - - - -

Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d.

Al 0.03 0.05 0.08 0.01 <0.01 - <0.01 - 0.07 0.22 0.06 0.12 0.07 0.11 0.13 0.19 0.04 0.06
Sc 0.07 0.06 0.08 <0.01 0.06 <0.01 0.08 <0.01 0.15 0.18 0.13 0.04 0.04 0.01 0.16 0.19 0.09 0.02
Ti 0.10 0.05 0.36 0.04 0.06 0.01 bdl - 0.13 0.27 0.06 0.05 0.02 0.01 0.30 0.16 0.08 0.06
V 1.19 0.04 1.05 0.04 0.63 0.03 0.96 0.05 0.85 0.06 0.66 0.06 0.65 0.33 0.62 0.26 0.45 0.25
Cr 0.08 0.06 0.12 0.03 0.08 0.01 0.08 0.02 0.27 0.72 0.11 0.10 0.03 0.01 0.15 0.15 0.22 0.12
Mn 0.38 0.06 0.66 0.03 0.20 0.01 0.17 0.01 0.34 0.15 0.20 0.05 0.16 0.04 0.66 0.08 0.11 0.03
Co 0.04 0.05 0.06 0.01 0.03 0.00 0.02 0.00 0.10 0.24 0.05 0.05 0.02 0.01 0.13 0.20 0.25 0.08
Ni 0.14 0.11 0.06 0.01 bdl - bdl - 0.53 0.63 0.26 n.d. 0.06 0.09 0.15 0.18 2.37 4.00
Cu 0.06 0.06 0.07 0.08 0.03 0.01 0.04 0.01 0.26 0.26 0.18 0.24 0.03 0.05 0.14 0.18 0.23 0.26
Zn 0.06 0.06 0.07 0.06 0.02 0.00 0.02 0.01 0.09 0.16 0.08 0.19 0.03 0.04 0.12 0.21 0.16 0.04
As 2.50 0.10 1.88 0.06 1.47 0.08 2.02 0.12 1.69 0.11 1.35 0.09 2.26 0.23 1.43 0.14 1.19 0.06
Rb 0.26 0.14 0.16 0.20 bdl - bdl - 0.52 0.77 0.68 n.d. 0.02 0.02 0.10 0.14 0.10 0.11
Sr 0.42 0.03 0.53 0.02 0.50 0.01 0.48 0.02 0.53 0.07 0.57 0.03 0.42 0.04 0.54 0.11 0.56 0.03
Y 0.45 0.06 0.58 0.03 0.49 0.06 1.53 0.17 1.19 0.08 1.19 0.09 0.42 0.07 0.57 0.04 0.70 0.17
Zr 0.05 0.07 0.02 0.01 0.01 0.00 0.03 0.01 0.10 0.23 0.04 0.01 0.04 0.01 0.11 0.21 0.06 0.05
Nb 0.05 0.06 0.07 0.01 0.03 0.00 0.01 0.00 0.07 0.18 0.04 0.06 0.01 0.00 0.11 0.20 0.05 0.04
Sb 0.08 0.09 0.10 0.02 0.05 0.01 0.02 0.01 0.09 0.23 0.04 0.02 0.03 0.01 0.11 0.20 0.73 0.42
Ba 0.05 0.09 0.05 0.02 0.03 0.00 0.02 0.00 0.05 0.09 0.05 0.03 0.02 0.01 0.11 0.17 0.09 0.04
La 0.42 0.07 0.64 0.03 0.58 0.04 1.05 0.10 0.92 0.05 0.99 0.07 0.29 0.05 0.45 0.05 0.56 0.15
Ce 0.57 0.07 0.46 0.03 0.47 0.03 0.96 0.08 0.94 0.13 0.83 0.11 0.54 0.07 0.46 0.07 0.69 0.14
Pr 0.62 0.07 0.96 0.04 0.84 0.05 1.54 0.15 1.31 0.08 1.31 0.08 0.45 0.06 0.73 0.05 0.84 0.18
Nd 0.63 0.09 0.91 0.04 0.82 0.05 1.63 0.16 1.33 0.08 1.32 0.08 0.47 0.07 0.72 0.04 0.84 0.17
Sm 0.65 0.09 0.90 0.05 0.85 0.06 1.83 0.19 1.45 0.10 1.40 0.09 0.51 0.07 0.78 0.04 0.92 0.16
Eu 0.67 0.08 0.90 0.04 0.83 0.05 1.85 0.18 1.48 0.10 1.38 0.08 0.53 0.07 0.79 0.03 0.94 0.15
Gd 0.63 0.09 0.80 0.05 0.81 0.06 1.94 0.21 1.50 0.10 1.46 0.10 0.53 0.07 0.73 0.04 0.94 0.17
Tb 0.63 0.09 0.79 0.04 0.80 0.05 1.95 0.20 1.53 0.09 1.49 0.10 0.53 0.07 0.76 0.04 0.96 0.17
Dy 0.55 0.08 0.69 0.04 0.68 0.04 1.71 0.19 1.34 0.09 1.28 0.09 0.48 0.07 0.69 0.04 0.86 0.17
Ho 0.54 0.08 0.65 0.03 0.67 0.04 1.70 0.17 1.35 0.08 1.34 0.10 0.48 0.07 0.67 0.04 0.87 0.17
Er 0.45 0.06 0.55 0.03 0.56 0.04 1.42 0.14 1.14 0.08 1.11 0.09 0.43 0.07 0.60 0.04 0.76 0.14
Tm 0.43 0.06 0.54 0.03 0.54 0.04 1.29 0.11 1.11 0.08 1.10 0.09 0.40 0.07 0.58 0.04 0.74 0.15
Yb 0.37 0.05 0.45 0.03 0.44 0.03 1.01 0.09 0.92 0.07 0.92 0.08 0.35 0.07 0.50 0.04 0.63 0.13
Lu 0.34 0.06 0.42 0.02 0.44 0.03 0.96 0.08 0.91 0.07 0.93 0.09 0.34 0.07 0.48 0.04 0.61 0.12
Hf 0.03 0.06 0.01 0.00 0.01 0.00 0.02 0.00 0.08 0.21 0.03 0.01 0.04 0.04 0.09 0.20 0.05 0.06
Ta 0.04 0.06 0.05 0.01 0.02 0.00 0.01 0.00 0.08 0.24 0.03 0.03 0.01 0.00 0.10 0.21 0.05 0.05
Pb 0.11 0.06 0.17 0.11 0.10 0.01 0.17 0.11 0.20 0.19 0.12 0.08 0.13 0.09 0.28 0.21 0.56 0.16
Th 0.88 0.09 1.03 0.05 0.79 0.06 1.03 0.07 1.40 0.08 1.33 0.12 0.56 0.08 0.86 0.07 1.08 0.29
U 0.010 0.069 0.010 <0.01 bdl - 0.002 0.003 0.072 0.256 0.011 0.036 bdl - bdl - 0.02 0.03

bdl = below detection limit
- = not calculated
n.d. = not determined insufficient n to obtain standard deviation (s.d.)
n.a. = not analysed
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Table 3.7.1 (continued).

Apatite F F F Cl F Cl Cl Cl F Cl Cl

T (°C) / P (kbar) 1150 / 10 1250 / 10 1350 / 10 1250 / 20 1250 / 20 1250 / 5 1250 / 10 1250 / 20 1250 / 10 1150 / 5 1150 / 10
- - - - - +10 wt.% H2O +10 wt.% H2O +10 wt.% H2O +10 wt.% H2O +0.5 wt.% SiO2 +1 wt.% SiO2

Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d. Di s.d.

Al bdl - 0.03 0.04 0.06 0.01 0.06 0.02 bdl - 0.01 - 0.20 0.04 0.01 - - - - - 0.26 0.36
Sc 0.98 0.01 0.06 0.04 0.12 0.01 0.09 0.03 0.06 0.01 0.06 0.01 0.07 0.06 0.06 0.01 0.12 0.02 0.11 0.03 0.16 0.10
Ti 0.07 <0.01 0.04 0.02 0.17 0.02 0.04 - bdl - 0.06 n.d. 0.20 0.11 0.06 0.02 0.10 0.01 0.05 0.03 0.07 0.15
V bdl - 0.52 0.28 0.44 0.18 0.55 0.03 0.72 0.02 0.75 0.02 0.75 0.04 0.91 0.03 0.71 0.03 0.54 0.03 0.90 0.09
Cr 0.72 0.02 0.04 0.02 0.10 0.02 0.05 0.04 0.03 0.01 0.13 0.06 0.09 0.11 0.05 0.02 0.04 0.01 0.09 0.03 0.08 0.10
Mn 0.04 0.01 0.16 0.04 0.37 0.02 0.16 0.02 0.16 0.01 0.10 0.01 0.17 0.06 0.22 0.01 0.43 0.02 0.07 0.03 0.16 0.10
Co 0.04 <0.01 0.04 0.03 0.07 0.01 0.05 0.02 0.04 0.00 0.04 0.02 0.07 0.09 0.04 0.01 0.06 0.00 0.13 0.06 0.06 0.11
Ni 0.08 0.03 0.07 0.05 0.14 0.12 0.09 0.02 0.07 - bdl - 0.14 0.13 0.05 0.01 0.05 0.01 0.64 0.14 0.10 0.16
Cu 0.01 0.01 0.03 0.02 0.06 0.02 0.03 0.04 0.03 0.01 bdl n.d. 0.03 0.04 0.02 0.01 0.03 0.00 0.26 n.d. 0.07 0.16
Zn 0.04 0.01 0.03 0.03 0.06 0.02 0.05 0.05 0.05 0.01 0.05 n.d. 0.09 0.18 0.04 0.01 0.06 0.01 0.36 n.d. 0.06 0.12
As 1.69 0.05 1.58 0.09 1.12 0.06 1.92 0.09 2.37 0.10 1.64 0.13 1.62 0.09 1.98 0.05 1.51 0.07 1.42 0.41 2.36 0.30
Rb bdl - 0.05 0.07 0.02 0.01 0.04 n.d. bdl - bdl - 0.34 0.26 0.04 0.02 0.01 0.00 0.01 0.01 0.17 0.29
Sr 0.54 0.02 0.49 0.03 0.56 0.02 0.45 0.02 0.51 0.01 0.49 0.02 0.53 0.04 0.51 0.02 0.47 0.00 0.48 0.03 0.51 0.09
Y 0.58 0.04 0.46 0.06 0.82 0.05 0.50 0.02 0.31 0.02 0.79 0.07 0.48 0.09 0.39 0.04 0.75 0.04 1.18 0.06 1.42 0.08
Zr 0.04 0.01 0.05 0.04 0.05 0.01 0.05 0.03 0.03 0.01 0.02 0.01 0.06 0.09 0.03 0.01 0.21 0.32 0.06 0.01 0.20 0.08
Nb 0.02 0.00 0.03 0.04 0.05 0.01 0.01 0.02 0.01 0.00 0.02 0.00 0.04 0.07 0.03 0.02 0.03 0.00 0.04 0.03 0.05 0.12
Sb 0.04 0.00 0.05 0.04 0.06 0.01 0.03 0.04 0.02 0.01 0.20 0.06 0.06 0.07 0.05 0.01 0.06 0.03 bdl - 0.07 0.13
Ba 0.03 0.00 0.03 0.02 0.06 0.01 0.03 0.03 0.03 0.01 0.03 0.00 0.06 0.07 0.03 0.01 0.03 0.00 0.04 0.04 0.04 0.11
La 0.47 0.03 0.34 0.09 0.70 0.03 0.31 0.02 0.24 0.01 0.78 0.05 0.43 0.08 0.35 0.03 0.48 0.02 0.96 0.10 1.02 0.03
Ce 0.61 0.03 0.50 0.09 0.52 0.04 0.50 0.02 0.37 0.04 0.82 0.08 0.51 0.09 0.47 0.04 0.80 0.10 1.14 0.08 1.92 0.17
Pr 0.65 0.03 0.51 0.11 1.04 0.04 0.48 0.02 0.35 0.03 1.05 0.07 0.60 0.08 0.51 0.04 0.76 0.03 1.30 0.10 1.49 0.10
Nd 0.63 0.04 0.52 0.11 1.05 0.05 0.48 0.01 0.34 0.03 1.02 0.07 0.57 0.08 0.47 0.04 0.81 0.03 1.39 0.09 1.47 0.10
Sm 0.66 0.03 0.57 0.09 1.09 0.06 0.55 0.02 0.37 0.02 1.04 0.08 0.59 0.07 0.49 0.05 0.90 0.04 1.43 0.08 1.60 0.13
Eu 0.66 0.04 0.58 0.08 1.10 0.06 0.57 0.02 0.37 0.03 1.02 0.07 0.59 0.08 0.49 0.05 0.92 0.03 1.32 0.06 1.56 0.10
Gd 0.67 0.04 0.59 0.08 1.06 0.06 0.60 0.03 0.38 0.03 1.03 0.08 0.59 0.09 0.48 0.05 0.90 0.04 1.48 0.06 1.66 0.12
Tb 0.74 0.04 0.59 0.07 1.06 0.05 0.62 0.02 0.40 0.03 1.04 0.08 0.61 0.09 0.50 0.05 0.89 0.04 1.38 0.06 1.79 0.12
Dy 0.61 0.04 0.53 0.07 0.95 0.06 0.53 0.02 0.35 0.03 0.86 0.07 0.51 0.08 0.42 0.04 0.84 0.04 1.29 0.05 1.53 0.11
Ho 0.66 0.04 0.52 0.06 0.94 0.04 0.57 0.02 0.35 0.03 0.89 0.08 0.53 0.08 0.44 0.05 0.81 0.04 1.22 0.04 1.64 0.10
Er 0.52 0.03 0.46 0.06 0.83 0.05 0.49 0.02 0.29 0.02 0.70 0.06 0.44 0.08 0.36 0.04 0.75 0.04 1.12 0.04 1.35 0.10
Tm 0.55 0.03 0.43 0.06 0.79 0.04 0.50 0.02 0.30 0.03 0.69 0.06 0.43 0.08 0.37 0.04 0.70 0.04 1.05 0.05 1.41 0.09
Yb 0.43 0.03 0.37 0.06 0.68 0.05 0.42 0.02 0.24 0.02 0.55 0.05 0.34 0.08 0.30 0.04 0.64 0.05 0.94 0.04 1.09 0.06
Lu 0.46 0.03 0.36 0.06 0.66 0.03 0.43 0.02 0.25 0.02 0.55 0.06 0.35 0.09 0.31 0.04 0.60 0.05 0.89 0.04 1.14 0.05
Hf 0.03 0.00 0.03 0.04 0.03 0.01 0.04 0.03 0.02 0.00 0.01 0.00 0.05 0.09 0.02 0.01 0.15 0.20 0.04 0.01 0.13 0.10
Ta 0.02 0.00 0.03 0.05 0.05 0.01 0.01 0.02 0.01 0.00 0.02 0.00 0.04 0.08 0.02 0.01 0.02 0.00 0.03 0.02 0.05 0.13
Pb 0.15 0.05 0.13 0.04 0.13 0.03 0.13 0.05 0.24 0.06 0.07 0.01 0.22 0.24 0.13 0.02 0.11 0.01 0.18 0.11 0.14 0.16
Th 0.77 0.05 0.56 0.06 1.10 0.07 0.26 0.02 0.22 0.02 0.96 0.10 0.59 0.07 0.59 0.05 1.46 0.19 1.84 0.13 2.58 0.22
U bdl n.d. 0.02 0.05 0.02 0.01 0.02 0.04 bdl n.d. bdl n.d. 0.03 0.08 bdl n.d. 0.01 0.01 0.04 0.01 0.04 0.12

bdl = below detection limit
- = not calculated
n.d. = not determined insufficient n to obtain standard deviation (s.d.)
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3.7.3 Lattice strain model

3.7.3.1 REE

Average partition coefficients of the trivalent cations (REE and Y3+) between both

Cl- and F-apatite and carbonate melt at T = 1150−1350°C and P = 5-20 kbar

were fit to the lattice strain model (Blundy and Wood, 1994). Whilst this model

has been successfully applied to many crystal-melt partitioning studies, there have

been few applications to apatite. Using the lattice strain model no distinction was

made between the two crystallographic sites and it was assumed that all REE

substitute for Ca. REE were approximated to occupy the crystallographic sites in

sixfold coordination because the AII site, which is coordinated by six oxygens and

one anion, is though to play a dominant role plays a dominant role (Fleet and Pan,

1997; Fleet et al., 2000b,a), while the thress oxygens of greater bond length in the

AI site are assumed to have little influence resulting in pseudo-sixfold coordination.

Furthermore, sixfold coordination was assumed in previous studies (Klemme and

Dalpé, 2003; Hammouda et al., 2010), which enables direct comparison to the

results of this study.

Experimentally determined partition coefficients of REE and Y3+ were fit using

the six-fold coordinated ionic radii of Shannon (1976) and non-linear least square

fitting routines to derive best-fit values for r0, D0 and E (Figure. 3.7.4) which are

presented in Table. (3.7.2).

3.7.3.2 Other cations

Lattice strain modelling of divalent and tetravalent cations was also attempted, how-

ever, due to the small number of analysed elements this was largely unsuccessful.

Whilst any interpretations should be made with caution, regression of the pseudo-

parabola for 4+ cations at 1250 ◦C and 10 kbar yielded the lattice strain parabola

displayed in figure 3.7.3. The ideal radius (0.91 Å and 0.95 Å for Cl- and F-apatite

respectively) is consistent with substitution onto the Ca-site. E values were both

~218.75 GPa. The smaller ionic radii of 4+ cations compared to the larger Ca2+ site

causes an increased contraction of the ionic radius resulting in lower ri values. In the

case of 4+ cations, U did not plot within error of the model, suggesting a mixture of
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Table 3.7.2: Table of all lattice strain parameters derived from nonlinear least-squares fitting
of REE & Y to the lattice strain model (eqn. 4.3.24) to all experimental runs reported in this
study. X = additional components.

T (°C) P (kbar) X r0 (Å) � D0 � E (GPa) �

Cl-Apatite

1150 5 - 0.960 0.002 0.66 0.01 247.9 16.7
1250 5 - 0.961 0.005 0.89 0.04 314.5 59.8
1350 5 - 0.958 0.004 0.84 0.04 324.6 56.6
1150 10 - 0.951 0.005 0.53 0.02 201.4 37.0
1250 10 - 0.947 0.003 0.78 0.02 246.6 29.4
1350 10 - 0.946 0.002 0.94 0.02 252.5 23.8
1250 20 - 0.938 0.004 0.38 0.01 201.8 30.8
1250 5 + 10 wt.% H2O 0.962 0.003 1.06 0.02 251.5 24.6
1250 10 + 10 wt.% H2O 0.959 0.002 0.61 0.01 223.0 20.7
1250 20 + 10 wt.% H2O 0.962 0.003 0.51 0.01 196.4 24.1
1150 5 + 0.5 wt.% SiO2 0.954 0.008 1.68 0.08 155.6 48.5
1150 10 + 1.0 wt.% SiO2 0.953 0.002 1.43 0.02 200.4 13.4

F-Apatite

1150 5 - 0.944 0.002 1.91 0.05 340.6 33.6
1250 5 - 0.946 0.002 1.49 0.03 269.6 24.7
1350 5 - 0.946 0.004 1.43 0.04 257.0 38.9
1150 10 - 0.954 0.004 0.69 0.02 178.8 26.4
1250 10 - 0.950 0.002 0.59 0.01 243.0 20.1
1350 10 - 0.948 0.004 1.09 0.04 300.3 50.5
1250 20 - 0.953 0.004 0.38 0.01 200.2 30.5
1250 10 + 10 wt.% H2O 0.945 0.003 0.91 0.02 228.1 23.5

- = no additional components i.e. (50:50 wt.% Apt:CaCO3)
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Figure 3.7.3: Lattice strain modelling of apatite/carbonate partition coefficients for 4+ cations.
It appears that tetravalent cations are substituting onto the Ca site (ionic radius of Ca =
1.0 Å). Note U is offset from the modelled curve suggesting a different valence state (>4+).
Error bars shown are ±1�, where not visible errors are smaller than the symbol.

valence state (> 4+). The DU value for F-apatite is not plotted as the U concentration

is below the limit of detection. The divalent cations could not be fit to a lattice strain

parabola as most elements have smaller a ionic radius than Ca2+ meaning the right

limb of the parabola is largely unconstrained. This uncertainly was compounded by

the small number of available elements and large differences in partition coefficient

for elements with similarly sized ionic radii.

3.7.4 Effect of temperature

3.7.4.1 10 kbar

DREE display a broad convex-upward profile roughly centred around Eu confirming

that mid-REE cations partition preferentially into apatite compared with LREE and
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HREE. DLa/ DLu values range from 0.86-0.93 in Cl-apatite to 0.96-1.06 in F-apatite.

The proximity of these values to 1 indicates little fractionation of the LREE or HREE,

particularly in F-apatite, with a very minor preference for HREE in Cl-apatite. All DREE

are <1 in Cl-apatite indicating that REE are incompatible in apatite at the conditions

investigated (Figure. 3.7.4). The maximum of the lattice-strain parabola, D0, displays

a systematic increase with increasing temperature, with DREE becoming relatively

more compatible. At 1350 ◦C DTb-Pr are >1 indicating that Tb-Pr are moderately

compatible in F-apatite at these conditions. However, at lower temperatures (1150

and 1250 ◦C) REE are incompatible (DREE < 1) in F-apatite. A systematic increase

in partition coefficients with increasing T is not observed in F-apatite. DREE values

at 1150 ◦C are greater than DREE at 1250 ◦C, which may reflect a failure to reach

equilibrium. The F-apatite experiment at 1150 ◦C was repeated once to ensure

results were not anomalous both times producing the same result (Figure. 3.7.4).

The experimental charge contained large apatite crystals and CaCO3 quenched

melt comparable to other experimental runs. Consequently, there was no reason to

assume the results were erroneous.
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Figure 3.7.4: Lattice strain parabolas of apatite/carbonate REE and Y partition coefficients
for (a) Cl-apatite and (b) F-apatite as a function of T (1150−1350°C) at constant P (10
kbar). Solid lines represent weighted non-linear least square regression to equation 4.3.24.
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3.7.4.2 5 kbar

DREE were also determined as a function of T (1150−1350°C) at 5 kbar for both

Cl and F-apatite the results are displayed in Figure 3.7.5. DREE patterns display

an upwards-convex profile with F-apatite exhibiting a broadly symmetrical parabola

centred around Eu. La/Lu ratios range from 1.0-1.1. In contrast, Cl-apatite exhibits

a slightly inclined DREE parabola with La/Lu values from 1.22 to 1.53 showing a

relative preference for LREE. All REE are incompatible in Cl-apatite (DREE <1). The

REE are most incompatible at 1150 ◦C and become relatively more compatible with

increasing T. At 1250 ◦C and 1350 ◦C DREE remain < 1 but show higher D0 values

with increasing T (Figure. 3.7.6b.).

In contrast, the REE are relatively compatible in F-apatite at 1150−1350°C with

most DREE values >1. REE become less compatible with increasing T. D0values at

1150 ◦C are 1.91 compared with 1.49 and 1.43 at 1250 ◦C and 1350 ◦C respectively

(Figure. 3.7.6b.).

The trend of increased REE compatibility with decreasing T in F-apatite at 5

kbar not only opposes the trend observed for Cl-apatite but it also that recorded at

10 kbar, which indicates that REE partitioning increases with T. These opposing

effects of temperature in Cl- and F apatite and at 10 and 5 kbar are also recorded by

variations in D0 as a function of 1/T (Figure. 3.7.6).

Clearly, temperature variations are associated with variations in DREE, however,

this behaviour is not consistent between Cl and F end-member apatite compos-

itions, or at different pressures. Clearly pressure and other parameters exhibit

strong controls on REE partitioning in apatite that are perhaps more influential than

temperature alone.
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3.7.4.3 Comparison with previous studies

The results of lattice strain modelling for partition coefficients between Cl- and F-

apatite and carbonate melt at 1250 ◦C and 10 kbar can be directly compared with

those of Klemme and Dalpé (2003). A comparison between the lattice strain models

obtained by both studies is given in Figure (3.7.7) and Table (3.7.3).

Both studies determined similar r0 values, 0.952(3) Å in this study and 0.943(4) Å

(Klemme and Dalpé, 2003) for Cl-apatite. The ionic radius of Ca2+ is 1.0 Å (Shannon,

1976), which suggests that REE are substituting for Ca2+. The difference (~0.05 Å)

between the ionic radius of Ca2+ and r0 results from the charge difference between

the substituent (REE3+) and the site (Ca2+). A higher charge of the substituent

creates an increased electrostatic attraction between the cation and surrounding O2-

ions, resulting in a contraction of the site and corresponding decrease in r0. Similar

behaviour has been observed in REE partitioning into clinopyroxene from silicate

melts (Hill et al., 2000).

The strain-free (D0) values obtained in the present study are systematically

higher than those of Klemme and Dalpé (2003). E values obtained for Cl-apatite in

both studies are comparable, however, the difference in the values of E for F-apatite

are large and difficult to explain given both experiments were conducted at identical

PT conditions. Given the similarities in crystal structure between Cl- and F-apatite

the disparity in E value reported by Klemme and Dalpé (2003) are curious. Given

the relatively low number of data points and large experimental uncertainties the

E value obtained in this study could well fit the data of Klemme and Dalpé (2003).

Clearly the large discrepancy observed between E values of Cl- and F-apatite by

Table 3.7.3: Comparison of lattice strain parameters at T = 1250 ◦C and P = 10 kbar
determined in this study with those from Klemme and Dalpé (2003).

Cl-Apatite F-Apatite

ClApCa1 BS19a FlApCa16 BS25a

E (GPa) 247(29) 223(28) 243(20) 405(170)
r0 (Å) 0.952(3) 0.943(4) 0.950(2) 0.940(10)
D0 0.78(2) 0.55(2) 0.59(1) 0.47(5)

Note: Lattice strain parameters derived from non-linear least square fitting
to equation (4.3.24). Numbers in parentheses represent ±1� uncertainties
on fitted parameters.
a BS19 and BS25 taken from Klemme and Dalpé (2003).
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Klemme and Dalpé (2003) is anomalous, however error on this parameter is much

larger (±170 GPa) in Klemme and Dalpé (2003) compared to (±20 GPa) this study.

F-apatite has a slightly larger E value compared to Cl-apatite resulting from the

different anion component.

3.7.5 Effect of pressure

DREE between Cl and F- apatite and carbonate melt were determined as a function

of pressure in experiments conducted at 1250 ◦C and pressures of 5, 10 and 20

kbar. Calculated DREE were fit to lattice strain models, which are displayed in Figure

(3.7.8).

F-apatite exhibits characteristic broad upward-convex REE patterns centred

around Eu. At 5 kbar most DREEvalue are are >1, with the exception of Lu, Yb, Ce

and La. However, with increasing P, partitioning is suppressed such that DREE at 10

and 20 kbar are <1. At 10 kbar D0 = 1.49 and 20 kbar D0 = 0.38 revealing that with

increasing P, DREE become more incompatible in F-apatite (Figure. 3.7.9).

At the same PT conditions in Cl-apatite all DREE <1. DREE values also decrease

with increasing P in Cl-apatite, however, the shape of the lattice strain parabolas

are not uniform at different pressures. Whilst all lattice strain parabolas are upward-

convex, at 5 kbar the parabola is asymmetric displaying a relative preference for

HREE compared to LREE (La/Lu = 1.38). At 10 kbar the lattice strain parabola is

broadly symmetrical with La/Lu = 0.99 whereas at 20 kbar the parabola demonstrates

a relative preference for LREE with La/Lu = 0.79. Clearly, increasing P suppresses

the compatibility of REE within Cl-apatite (Figure. 3.7.9). However, it also causes

a relative preferential uptake of LREE at lower pressures (5 kbar) and a relative

preference for HREE at higher pressure (20 kbar). This may reflect a change in the

preference of REE for the individual Ca(1) or Ca(2) sites as a function of pressure.

3.7.5.1 Comparison with previous studies

The negative correlation between increasing pressure and DREE compatibility can

be compared with the study of Hammouda et al. (2010) which experimentally in-

vestigated REE partitioning between natural F-apatite and calcite experimentally at

1200−1380°C and 40-60 kbar. Due to difficulties in producing suitable proportions
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of calcite melt, DApt/melt could only be established at 1350-1380 ◦C and 60 kbar

(Hammouda et al., 2010). Their were fit to a lattice strain model using identical fitting

routines and compared with the findings of this study (Figure. 3.7.10). The most

striking difference between the two studies is that values of DREE determined in

Hammouda et al. (2010) are all >1, indicating that the REE are more compatible

than found in this study. The temperature of experiments was 1380 ◦C, only 30 ◦C

higher than the maximum investigated in this study (1350 ◦C) . This study indicates

that pressure has a much more effect on REE partitioning than temperature. The

higher D0 values obtained by Hammouda et al. (2010), from 3.17 to 3.29 at 60 kbar,

are inconsistent with the decrease in partitioning with increasing pressure observed

in this study. Further, the study of Hammouda et al. (2010) demonstrates apatite

does not have a phase change at P up to 60 kbar.

The lattice strain parabola for DREE at 60 kbar demonstrates a relative preference

for HREE over LREE with a La/Lu value of 0.49 and r0 = 0.904 Å (Hammouda et al.,

2010). This is markedly different from the broadly symmetrical parabolas obtained

at 1250 ◦C and 5-20 kbar, with corresponding r0 values of 0.95 Å, in this study.

However, the preference for HREE found by (Hammouda et al., 2010) is consistent
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with results for Cl-apatite in this study, which also demonstrated a preferential uptake

of HREE compared to LREE with increasing P. Potentially, this is evidence that the

same effect also occurs in F-apatite, albeit at higher pressures than investigated

here.

The partitioning behaviour observed by Hammouda et al. (2010) in F-apatite

contrasts with that observed in this study. The higher temperatures of their study

would be anticipated to increase DREE but the significantly higher P would be

expected to suppress partitioning more significantly than observed. The apatite

used by Hammouda et al. (2010) contained up to 4.26 wt.% SiO2, a component

which was absent from all experimental compositions used in this study. Given the

hypothesised effects of SiO2 on trace element partitioning in apatite it is perhaps

the melt composition rather than pressure that is responsible for the higher DREE

values determined by Hammouda et al. (2010).

3.7.6 Addition of H2O

Water is an important agent in the formation of carbonatite melts. Firstly, water is able

to depresses the melting point of CaCO3 to geologically reasonable temperatures

(Wyllie and Tuttle, 1960) and secondly, it may be essential for the segregation of

carbonatite magmas from their parental melts. For example, fluid inclusion data

suggests that water saturation is reached during the crystallisation of some intrusive

carbonatite bodies (Rankin, 1977; Bühn and Rankin, 1999; Samson et al., 1995).

Despite the importance of water in carbonatite magmatism, the solubility of water in

carbonate melts is essentially unknown, although preliminary studies indicate that at

1 kbar water solubility is nearly 10 wt.%, which is two to three times greater than

what is observed for most silicate melts under similar conditions Keppler (2003).

The addition of H2O to synthetic apatite/carbonate studies may therefore decrease

liquidus temperatures and promote crystal growth, aiding the determination of

partition coefficients. Consequently, 10 wt.% H2O(aq) was added to the Cl-apatite

and calcite starting mix and run at 1250 ◦C at 5, 10 and 20 kbar. 10 wt.% H2O(aq)

was also added so a single run of F-apatite at 1250 ◦C and 10 kbar.

The addition of 10 wt.% H2O within Cl-apatite experiments promoted crystallisa-

tion of large euhedral apatite crystals (up to 0.5 mm in length). Modal proportions
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of Cl-apatite crystals were highest at 5 kbar and decreased with increasing P. Par-

tition coefficients of REE were determined and fit to a lattice strain model (Figure.

3.7.11). Similarly, to H2O-free Cl-apatite experiments (Figure. 3.7.11), lattice strain

parabolas are upward-convex and display an increased compatibility of LREE over

HREE. La/Lu ratios vary from 1.40 (5 kbar), to 1.23 (10 kbar) and 1.13 (20 kbar)

demonstrating a decrease in the fractionation of LREE with increasing P. As with

the H2O free pressure series, D0 values decrease with increasing P. At 5 kbar the

addition of H2O significantly increases the compatibility of REE in apatite with D0

values increasing from 0.66 to 1.06 . This same behaviour is not observed at higher

pressures where the addition of H2O reduces values of D0 from 0.78 to 0.61 (10

kbar) and 0.58 to 0.51 (20 kbar).

The addition of 10 wt.% H2O to F-apatite and CaCO3 melt at 1250 ◦C and 10

kbar on DREE is displayed in Figure (3.7.11). D0 increases considerably in value

from 0.59 to 0.91 revealing REE in F-apatite are more compatible in H2O-bearing

systems. Furthermore, the addition of H2O decreases r0 values slightly from 0.95 Å

to 0.94 Å.

The anion composition of apatite at the end of the experiment were not analysed.

The anions within apatite form part of a solid solution, the addition of H2O to

the systems is likely to have changed the respective apatite compositions to F-

OH and Cl-OH apatite. The predicted relative dominance of OH-, F- and Cl- in

apatite solid solution are plotted as fields at 4-5 kbar and 800-1000 ◦C. OH is

probably the dominant cation at these conditions and as both temperature and

pressure increase its relative dominance increases (Figure 3.7.12). The conditions

of these experiments were conducted at relatively higher pressure and temperature

suggestive that OH is probably the dominant anion component of the apatite in these

series. However, there is increasing recognition of the importance the carbonate

ion (CO3
2 – ) in apatite, which is thought to have some effect on the physical and

chemical properties, such as solubility (Fleet, 2014), and is discussed in the following

section.
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3.7.7 Melt composition

Studies of apatite crystal chemistry (Ito, 1968; Rakovan and Reeder, 1996; Fleet

et al., 2000a,b; Pan and Fleet, 2002; Hughes and Rakovan, 2015), experimental

investigations of apatite in silicate (Watson and Green, 1981; Green et al., 1992) and

carbonate (Klemme and Dalpé, 2003; Hammouda et al., 2010) systems, and extens-

ive compositional data from natural apatite indicate that REE and Y incorporation into

the Ca(2)-site can be related to SiO2 content. In silicate systems this dependance

of DREE on SiO2 is predominantly attributed to a decrease in the number of melt

sites available for REE3+ as the degree of polymerisation (SiO2 content) increases

(Pan and Fleet, 2002). In carbonatites, where silica activity is inherently low, the

incorporation of REE into apatite is attributed to Si coupled substitution for P, in

order to compensate for the charge excess (equation 3.7.2). Similarly, monovalent

M+ cations, such as Na+, which is a common minor constituent in apatite, have

been proposed as a charge compensating species for REE3+. Possible charge

compensating reactions for the incorporation of REE3+ into apatite include:

REE3+ + Na+ = 2Ca2+ (3.7.1)

REE3+ + SiO4
4− = Ca2+ + PO4

3− (3.7.2)

REE3+ + X2− = Ca2+ + F− (3.7.3)
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2REE3+ +□ = 3Ca2+ (3.7.4)

Whilst substitutions (3.7.1) and (3.7.2) have been invoked on the basis of com-

positional data for natural apatite they have not been demonstrated experimentally.

Therefore, SiO2 and Na2CO3 were added to apatite+CaCO3 at T = 1150 ◦C and P

= 10 kbar in order to systematically examine the addition of charge compensating

species on REE partitioning into apatite. The PT conditions selected were those

that produced the best large and euhedral apatite with abundant well separated

areas of CaCO3 melt in previous experiments.

Despite considerable effort varying the proportions of charge compensating

species in 0.5 wt% increments, SiO2 0.5-2.5 wt.% and Na2CO3 0.5-20.0 wt.%, in

both Cl- and F-apatite over the PT range of 5-10 kbar and 1150−1350°C, partition

coefficients could only be determined for the addition of 1 wt.% SiO2 at 1150 ◦C and

10 kbar and 0.5 wt.% SiO2 at 1150 ◦C and 5 kbar for Cl-apatite (Figure. 3.7.13).

The addition of SiO2 and Na2CO3 in all other experiments depressed the liquidus

temperature such that the products consisted entirely of a quenched liquid of micron-

sized apatite crystals intergrown with carbonate. Reducing the temperature of

experiments was considered, however large apatite had not been produced at lower

temperatures in experiments without these additional melt components. Further,

it was hypothesised the addition of SiO2 was stabilising the melt component, thus

preventing growth of large apatite.

The addition of 0.5 and 1.0 wt.% SiO2 causes a factor of two and three increase,

respectively, in the D0 values obtained from the lattice strain models (Figure. 3.7.13),

which reflects the majority of DREE values >1. The SiO2 content of apatite was

determined to be 1.31 and 1.22 wt.% at 10 and 5 kbar, respectively. Clearly,

increases in SiO2 content increase DREE compatibility in apatite through the coupled

substitution mechanism (equation 3.7.2). However, the addition of Na, as Na2CO3,

inhibits the crystallisation of apatite at the experimental conditions investigated

in this study. The reason for this is unclear because although the end-member

composition Na2REE5(PO4)6F2 is known to be unstable, intermediate compositions

such as Na4REE4Ca2(PO4)6F2 have been synthesised (Mayer et al., 1974). It may

be that with the addition of Na+ there is a concomitant increase in CO3
2 – , which can
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substitute for PO4
3 – , compensated by Ca vacancies, through the mechanism:

2CO3
2− +□ = 2PO4

3− + Ca2+ (3.7.5)

Within biological apatite CO3
2 – has a significant effect on the physical and chemical

behaviour of apatite, including solubility (Hughes and Rakovan, 2015), as the cation

can substitute into two sites each with radically different substitution geometries. In

the A-type substitution, the carbonate ion is located in the anion column (Fleet et al.,

2004). In the B-type substitution the carbonate ion can substitute for the phosphate

ion at the T site (equation 3.7.5) (Fleet, 2014). An increase in solubility would restrict

run products to only quenched liquid.

The crystallisation of synthetic apatite from CaCO3 melt is clearly very sensitive

changes to in pressure, temperature and composition. Minor perturbations in either

of these variables at previously results potentially lowers the melting point of the

system resulting in no crystallisation of large apatite at previously successful condi-

tions. Similar unpredictable crystallisation behaviour of apatite was also reported by

Hammouda et al. (2010). In order to investigate this erratic behaviour the solubility

of P2O5 within the CaCO3 melt should be examined.
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3.8 Discussion

3.8.1 Solubility of P2O5

3.8.1.1 Calculating melt composition

The crystallisation of apatite, is a function of the solubility of P within the carbonate

melt. This has been modelled for apatite in silicate melts, concluding that temperat-

ure and melt silica activity were the controlling parameters. Increasing SiO2 from

30 to 55 wt.% at 1250 ◦C causes a decrease in the amount of dissolved P2O5 from

12 to <4 wt.%. At a lower temperature of 1165 ◦C the P2O5 saturation level is is

36% than at 1250 ◦C (Watson, 1979; Harrison and Watson, 1984). This approach

was also adapted for synthetic carbonate melts (CaCO3), relating the solubility of

P2O5 to the activity of the major melt component, in this case CaO, and reciprocal

temperature (Hammouda et al., 2010).

The Ca content of the melt between individual runs was not qualitatively determ-

ined by an independent analytical technique such as electron microprobe analysis.

44Ca was the internal standard for LA-ICP-MS measurements and therefore the Ca

content of the melt was not determined directly. In the absence of direct analyses of

the melt composition, due to difficulties in overcoming the scale of the heterogeneity

in the quenched melt compared to the diameter of the micron sized beam used in

EPMA, the melt composition was calculated. Counts per second (CPS) data for all

elements in the analytical routine were available, including Ca. Therefore, the Ca/P

ratio (in CPS) of the melt could be related to the concentrations of other elements in

the experimental samples in order to determine the Ca content of the melt.

Whilst the Ca content of the melt is not known, the Ca contents of the major

phases F-apatite, Cl-apatite and CaCO3 are known as they are fixed by stoichiometry.

P could not be used for this calculation as it not present in CaCO3. For each

experimental product the average Ca/P ratio (CPS) of both the apatite and melt

phase were determined from multiple analysis (n > 8). For apatite, the determined

Ca/P ratio (CPS) corresponds to a known stoichiometric Ca/P ratio (in wt.%). Using

the conversion factor from CPS to wt.% in apatite the Ca/P ratio in (in wt.%) of the

melt could also be determined. Melt in the experimental products is a combination
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of both apatite and CaCO3. Thus, the Ca/P (in CPS) of the melt can be expressed

in terms of the fraction of apatite (x), as:

Ca
P melt

=
x ⋅ (%CaApt) + (1 − x) ⋅ (%CaCaCO3

)

x ⋅ (%PApt + (%PCaCO3
)

which can be rearranged to give:

x =
−B

(A − B − CD)

Where, A = %Ca in Apt; B = %Ca in CaCO3; C = %P in Apt and D = Ca/P ratio of

melt in CPS. (Note: %P in CaCO3 = 0).

Consequently, the percentage of melt that is CaCO3 is 1-x. The proportions of

apatite crystals (x′) and CaCO3 in the melt can be related to the bulk composition:

x′ =
(%Cabulk-%Camelt)
(%CaApt-%Camelt)

where the proportion of melt is equal to 1-x′.

Determining the melt composition using this method revealed that in experiments

that did not crystallise large apatite crystals forming only quenched liquid, the

calculated Ca melt contents was less than the Ca content of the bulk composition

(39.89 wt.% Ca). P contents were also higher in the melt than the bulk composition

(9.21 wt%. P). This resulted in estimates of the fraction of apatite in the melt (x′)

in excess of 60%. For this to occur the melt must either be heterogeneous or an

unidentified Ca-rich component must have crystallised. From textural analysis of run

products the quenched melts are not homogenous; in runs that crystallised large

apatite crystals, the crystals are restricted to ends of the capsules. Similar features

were observed in pure quenched melt experiments where the melt is relatively

coarser at either end of the capsule and contain high concentrations of quench

apatite.

To check the robustness of calculating the Ca and P contents of the melt using

the counts per second Ca/P ratio, the calculated P content of melt was compared to

measured values in experiments that had successfully crystallised apatite (Table.

3.8.1). T calculated P contents typically overestimate the P content of the melt. At

10 kbar in H2O-free runs the calculated P contents show good agreement with the
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Table 3.8.1: Comparison of calculated Pmelt content values with measured Pmelt concentra-
tions (LA-ICP-MS).

T (°C) P (kbar) X Measured P (wt.%) Calculated P (wt.%) Difference (%)a

Cl-Apatite

1150 5 - 2.94 3.88 24.13
1250 5 - 5.39 6.91 21.99
1350 5 - 6.40 7.88 18.76
1150 10 - 3.00 3.22 6.94
1250 10 - 5.07 5.00 -1.53
1350 10 - 7.70 8.09 4.79
1250 20 - 3.18 3.94 19.40
1250 5 + 10 wt.% H2O 5.14 5.82 11.60
1250 10 + 10 wt.% H2O 5.32 6.23 14.64
1250 20 + 10 wt.% H2O 4.62 5.4 14.52
1150 5 + 0.5 wt.% SiO2 7.70 7.24 -6.34
1150 10 + 1.0 wt.% SiO2 4.06 3.21 -26.36

F-Apatite

1150 5 - 3.21 4.09 21.41
1250 5 - 4.38 5.59 21.63
1350 5 - 6.43 7.89 18.54
1150 10 - 5.51 6.17 10.63
1250 10 - 5.46 5.27 -3.62
1350 10 - 7.26 7.54 3.66
1250 20 - 3.40 4.14 17.87
1250 10 + 10 wt.% H2O 5.29 5.30 0.15

a % Difference = (Pmeas-Pcalc)/Pcalc

measured values, with estimates <11%. However, at both 5 kbar and 20 kbar the

calculated P contents were overestimated by ~20%. At 1250 ◦C and 10 kbar the

calculated and measured P contents are in excellent agreement, underestimating

the P content by <3.5%. These conditions crystallise the highest modal proportions

of large apatite crystals, which results in a relatively homogenous melt.

3.8.1.2 P content of melt

Measured Pmelt concentrations were plotted as a function of pressure and reciprocal

temperature (Figure. 3.8.1a). Generally for both Cl- and F-apatite, Pmelt contents

increases with increasing temperature, a result of the increased solubility of apatite

with T. However, at 1150 ◦C and 10 kbar the Pmelt content is greater at than at

1250 ◦C and 10 kbar. The lowest Pmelt concentrations correspond with the highest

modal proportions of large apatite crystals. The effect of pressure on Pmelt is less

apparent (Figure. 3.8.1b). Generally, as P increases Pmelt decreases. There also

appears to be a compositional dependance on Pmelt with pressure. F-apatite displays

a marked Pmelt increase from 5 to 10 kbar at 1150 ◦C, however, at 1350 ◦C it displays

a slight decrease in Pmelt content. At identical conditions Cl-apatite displays opposing
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Pmelt values.

The crystallisation behaviour of large apatite crystals in relation to P solubility at

the investigated experimental conditions is difficult to reconcile. These difficulties

predominantly arise from the heterogeneity of the quenched melt. Using LA-ICP-MS,

where the maximum diameter of the spot is ~180 µm, representative analyses of

this melt are difficult to obtain. When experiments fail to crystallise large apatite the

P content of the melt is not homogeneously distributed, instead forming localised

concentrations that are possibly related to thermal gradients. Whether the absence

of apatite crystallisation is related to subtle changes in the apatite solidus or complex

interactions is unclear. Small (up to 0.5 mm) vesicles are commonly observed in

the quenched melts suggesting that CO2 is present. Clearly, further work into the

solubility of apatite in CaCO is desirable.
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3.8.2 Anion composition

The influence of the apatite anion component on REE partitioning is poorly un-

derstood. However, it is evident from this study, as well as the work of Klemme

and Dalpé (2003), that DREE varies as a function of the anion composition. In all

experiments the presence of F in the X -site increases the compatibility of REE

in apatite compared to Cl. The bonding environment of the Ca(2) site in apatite

results in a fairly open site that can readily accommodate substituents (Figure. 3.5.1).

The size of the Ca(2) site is dependant on the anion. In a repeating unit cell the

anion occupies the centre of a triangle formed by three Ca(2) cations. In the case

of fluorapatite the F anion fits easily at the centre of the triangle, coplanar to the

three Ca(2) cations. In contrast, the Cl and OH anions are too large to fit at the

centre of the Ca(2) triangle, forcing them to be displaced above or below the mirror

plane. This displacement results in the differential expansion and distortion of the

Ca(2). The average Ca(2)-anion bond length for -F, -Cl and -OH of each of the anion

components, including OH, are given in Table 3.8.2. The variations in bond length

result in an ~8% increase in unit cell volume of the Ca(2) site in F-apatite relative

to Cl-apatite, compared to a 0.6 vol.% change in the Ca(1) site Fleet et al. (2000a).

Substitution of individual REE onto the Ca(2) site is a function of the change in the

unit cell volume (Fleet et al., 2000a). Strain free substitution, i.e. minimisation of the

change in unit cell volume, is important for favourable substitution. The volumetrically

larger Ca(2) site of Cl-apatite, caused by the displacement of the anion component

creates a greater disparity between the size of the site and the substituent cation,

which reduces the minimisation of the unit cell volume and subsequent uptake of

REE.

Clearly, variations in DREE are related to the different X anion component of

apatite but attributing these effects only to the anion component assumes REE

Table 3.8.2: Ca(2)-X bond lengths of F, Cl and OH apatite end-members. From: (Fleet et al.,
2000a).

Bond Length Å

Ca(2) – F 2.31
Ca(2) – OH 2.39
Ca(2) – Cl 2.81
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only partition onto the Ca(2) site. Despite offering a less favourable stereochemical

environment the Ca(1) site also accepts REE (Fleet and Pan, 1997; Fleet et al.,

2000b,a). (REE-Ca(2))/(REE-Ca(1)) ratios are never <1 (Pan and Fleet, 2002), sug-

gesting Ca(2) is the dominant site involved in partitioning of trace elements. Whether

LREE prefer the Ca(1) site and HREE the Ca(2) site, or vice versa, is unclear.

In spite of systematic analysis of Ca site occupancies and structural changes in

REE-substituted F-, Cl- and OH-apatite, the crystal-chemical factors that control site

preference and uptake of REE in apatite are complex and are largely unresolved.

Mechanisms currently identified include complex coupled substitutions (Mackie et al.,

1972; Pan and Fleet, 2002), spatial accommodation (Fleet et al., 2000a), equalisa-

tion of bond valence (Hughes et al., 1991; Hughes and Rakovan, 2015; Rakovan

and Reeder, 1996) and possible crystal field contributions of individual elements

(Fleet et al., 2000b; Hughes et al., 1991).

3.8.3 Predicting REE partitioning

The observed partitioning behaviour of REE between both Cl- and F-apatite and

carbonate can be described by the lattice strain model. Determining the dependance

of the lattice strain parameters on P and T enables partition coefficients for REE

between apatite and carbonate melt to be modelled and predicted. In order to model

the partitioning behaviour found in this study E was fixed at a constant value of

255.6 GPa and r0 to 0.950 Å. These are the average E and and r0 values in both

F- and Cl-apatite experiments. The elastic behaviour of a site (E) depends on the

charge of the trace ion, rather than that of the major ion it is replacing (Wood and

Blundy, 2003). Given the substituting cations are all trivalent (REE3+) and may not

be substituting onto a single site a assumption of constant E ensures the model

does not overfit. Similarly, the small standard deviation of all r0 values from individual

fits to lattice strain models, ±0.008 Å for Cl-apatite and ±0.004 Å for F-apatite, will

not be overfit. D0 values vary as a function of inverse T (Figure. 3.7.6) and vary with,

P independent of temperature. This behaviour can be modelled using nonlinear

least-squares regression of the function:

lnD0 = a +
b

T
+ c ⋅

P

T
(3.8.1)
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Table 3.8.3: Constants (±1 standard deviation) for lnD0 as a function of P and T determined
by nonlinear least-squares regression of equation (3.8.1).

a � b � c �

Cl-apatite 3.73 ±0.35 -5778.46 ±516.01 -33.91 ±4.78
F-apatite 0.68 ±2.23 287.61 ±3381.71 -151.08 ±34.01

where, lnD0 is the natural logarithm of D0, P is pressure in kbar, T is temperature

in K and a, b and c are constants. Calculated lnD0 values (lnD0 calc) were determ-

ined separately for Cl-apatite and F-apatite. Values, with corresponding errors,

determined for the constants a, b and c are given in Table 3.8.3. The errors on the

constants determined for F-apatite are large, with the exception of c. These large

errors are probably attributed to the values of D0 determined at 5 kbar in F-apatite,

which decrease slightly with increasing T (Figure. 3.7.6). This contrasts with the

relationship observed in all other experiments, including in Cl-apatite. Given that

these constants are determined from seven individual experiments the behaviour of

three experiments has a significant weighting on the overall fit.

The ability of equation (3.8.1), using the constants in displayed in Table 3.8.3,

to model lattice strain lnD0 values as a function of pressure and temperature is

shown in Figure (3.8.2). The proximity of the points to the 1:1 line indicates a good

correlation between modelled and observed values. The errors reported are large,

however, they are likely to be overestimated as they were calculated assuming they

are independent of one another.

Figure 3.8.3 shows the reproducibility of observed lnD0values by equation (3.8.1)

as a function of P and T. Modelled lnD0 values are represented as a coloured

surface. Variations in colour corresponds to variations in the predicted lnD0 values.

Observed lnD0 values are plotted as circles at individual P and T conditions with

the colour of each individual point corresponding to the lnD0 value. Thus, little

contrast between the colour of an individual point and the model surface indicates

good agreement between modelled and observed data. Conversely, high contrast

between the colour of a point and the model surface indicates poor agreement. For

the Cl-apatite model the lnD0 value determined at 5 kbar and 1350 ◦C was excluded

as it displayed a large difference between predicted and modelled values, which

significantly inhibited the reproducibility of the model.
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Figure 3.8.2: lnD0 values from equation (3.8.1) for (a) Cl-apatite and (b) F-apatite between
T = 1150-1350 ◦C and P = 5-20 kbar. Dashed line denotes 1:1 where observed and
predicted value are equal. Error bars denote propagated errors on lnD0 predicted values,
errors on lnD0 are smaller than symbol.
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Figure 3.8.3: Modelled lnD0 values as a function of P and T for (a) Cl-apatite and (b) F-
apatite. Coloured surface represents modelled lnD0 values given by the colour scale on the
right. Markers denote PT conditions at which lnD0 value were determined. The correlation
between the colour of the markers and background surface indicates the agreement between
the modelled and observed values. Square marker in (a) was excluded from the final model
due to poor fit.
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Consequently, the partition coefficient (Di) of any REE between Cl or F-apatite

and calcium carbonate as a function of P (in kbar) and T (in K) can be predicted by

substituting equation (3.8.1) into the lattice strain model:

DREE = D0 ⋅ exp

⎧⎪⎨⎪⎩

−4�ENA

[
r0

2

(
ri − r0

)2
−

1

3

(
ri − r0

)3]

RT

⎫⎪⎬⎪⎭
(3.8.2)

where, D0= exp
(
a +

b

T
+ c ⋅

P

T

)
, E = 255.6 (±48.7) GPa , r0 = 0.950 (±0.008) Å, ri=

ionic radius of the substituting cation in Å, NA= Avogadro’s number and R = universal

gas constant in m3 Pa K−1 mol−1.

This enables the prediction of DREE
(Apt/CaCO3) values within ±0.17 for Cl-apatite

(excluding Ce and Y which are ±0.26 and ±0.20, respectively) and ±0.27 for F-apatite

of all REE determined between T = 1150-1350 ◦C and P = 5-20 kbar. A test of

the robustness of the modelled partition coefficients was performed by subtracting

model DREE values from measured DREE, for both Cl- and F-apatite (Figures 3.8.4

and 3.8.5). Comparison between all REE across the investigated P and T conditions

allows evaluation of the model to see how well it reproduces individual DREE values.

Modelled DREEvalues between Cl-apatite and CaCO3 melt agree within error of

measured DREE values. Calculated Ce and Y values exhibit the largest deviation

from the measured values, which is a reflection of their anomalous behaviour that

has been described previously in this study. The model does not consistently under

or overestimate the partitioning of any individual element although LREE are less

well described. In the case of F-apatite propagating the large errors on the constants

determined in equation (3.8.1) causes the errors of the final model to be sufficiently

large that they obscure plotting of the data. Given the trends in the data, the errors

must be overestimated. Consequently, the data shown in Figure 3.8.4 are displayed

without errors bars.

Modelled DREE values agree poorly to measured values for F-apatite compared

to Cl-apatite. Clearly, T and P are not the only controlling parameters on trace

element partitioning or the variation has an interdependence that is not described

by the model used here. The model was also applied to other studies. The study

of Klemme and Dalpé (2003) was conducted at the same experimental conditions,
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Figure 3.8.4: Residuals of modelled - observed DREE values for each individual REE and
Y between Cl-apatite and CaCO3 melt at T = 1150-1350 ◦C and P = 5-20 kbar. Blue lines
represent errors on modelled values. Pressure displayed in the leftmost panel applies for
each T interval in the same row.
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Figure 3.8.5: Residuals of modelled - observed DREE values for each individual REE and Y
between F-apatite and CaCO3 melt at T = 1150-1350 ◦C and P = 5-20 kbar. Errors are not
plotted as they obscure trend of the data. Pressure displayed in the leftmost panel applies
for each T interval in the same row.
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1250 ◦C and 10 kbar, but with much fewer elements. It was previously noted that

the lattice strain parabola obtained by Klemme and Dalpé (2003) was offset to

lower values than in this study. Inevitably the model reflected this by consistently

overestimating the partition coefficients by around 30% in Cl-apatite. Modelled F-

apatite DREE values were consistently a factor of two higher than those measured by

Klemme and Dalpé (2003). Given the poor fit of the the F-apatite model to measured

values it was not applied to the data of Hammouda et al. (2010) who investigated

DREE at 1250 ◦C and 60 kbar. Extrapolating to pressures so far from the conditions

at which the model was calibrated, would be over extrapolating. Results of the model

are compared with measured DREE values for selected elements (La, Sm, Gd, Ho

and Yb) in both Cl- and F-apatite at 1250 ◦C and 10 kbar. The Cl-apatite model

predicts the temperature dependance of measured partitioning values within error

and the pressure dependance more poorly. The F-apatite model poorly reproduces

the temperature dependance of partitioning and performs only slightly better with

pressure.

3.9 Conclusions

The results of this study found all REE to be largely incompatible (DREE typically

≤1) in apatite equilibrated with a CaCO carbonate melt between 1150-1350 ◦C and

5-20 kbar. Despite variations in pressure, temperature, anion composition (F- and

Cl- end-members), melt chemistry and the addition of charge compensating species

DREE values remained ~1. This implies that the crystallisation of apatite will not

enrich a carbonate melt in REE. This has important implications for petrogenetic

models of carbonatite formation. It has been hypothesised that, based on the high

levels of REE solubility in carbonates (Jones and Wyllie, 1983; Wyllie, 1989), natural

REE-carbonatites should be an expected consequence of extensive fractionation

of a carbonatite melt. Primary REE-carbonatites are extremely rare with only one

deposit, the Sulphide Queen deposit of Mountain Pass, USA, thought to reflect

such processes. One explanation for their scarcity is that the REE partition strongly

into the early crystallising phases, rendering the residual melt barren. The solu-

bility of P2O5 in carbonatite melts at mantle pressures has been determined to be
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Figure 3.8.6: Modelled DREE in Cl-apatite as a function of (a) T at 10 kbar and (b) P at
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3.8.2, circles are measured values with errors ±1�.
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around 10-20 wt.% (Baker and Wyllie, 1992; Hammouda et al., 2010). Therefore

phosphate minerals, like apatite and monazite, were thought to crystallise relatively

early and strongly partition the REE from the melt. This process would prevent

sizeable volumes of late-stage REE carbonatites from forming. In the case of the

Mountain Pass carbonatite complex a paucity of phosphate minerals suggested a

lack of P2O5 in the parental melt, which enabled REE to concentrate in the melt

through fractionation, eventually crystallising as primary REE minerals (Jones and

Wyllie, 1983). The results of this study suggest that, at least in the case of apatite,

crystallisation will have little effect on the REE content of the carbonatite melt.

Currently, no Si-free experimental study of apatite/carbonatite melt REE partition-

ing has produced apatite crystals with REE concentrations comparable to natural

samples. This implies that either Si, or other charge compensating species such

as Na+, are essential to enriching REE in apatite, or if DREE are ~1 that the REE

concentration in primary carbonate melts is significantly higher than the low con-

centrations in experiments. Clearly the fundamental thermodynamic properties and

complex crystal chemical complexities of end-member apatite minerals require fur-

ther investigation in order to understand the behaviour of REE in apatite crystallising

from carbonatite melts.
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Chapter 4

Partitioning and Diffusion of REE

in Magnetite

4.1 Introduction

The low concentrations of REE in magnetite have precluded determinations of DREE

due to analytical difficulties. Consequently, incompatible element magnetite/melt

partition coefficients (Di) have not been reported. Several studies have looked at

compatible trace element partitioning in magnetite as a function of temperature,

pressure, ƒO2 and bulk composition, focusing predominantly on divalent cations,

namely transition metals (Mn2+, Co2+, Ni2+, Zn2+ plus Cu2+/Cu3+ and Mg2+) and high

field strength elements (HFSE; Ti, Zr, Nb, Hf and Ta) (McKay et al., 1986; Nielsen

et al., 1992, 1994; Nielsen and Beard, 2000; Toplis and Corgne, 2002; Righter

et al., 2006; Dare et al., 2012; Nadoll et al., 2014). Consequently, the trace element

geochemistry of magnetite and Fe-Ti oxides has become increasingly recognised

as an important petrogenetic indicators of ore-forming environments (Dupuis and

Beaudoin, 2011; Dare et al., 2014; Nadoll et al., 2014). Despite this, only a limited

number of elements and a narrow range of major-element compositions have been

investigated experimentally. Primarily this comes from difficulties in synthesising

homogenous single crystals >20 µm with analysis volumes sufficient to accurately

measure the low concentrations of incompatible trace elements. Whilst EPMA has

the spatial resolution to perform such analysis, given that the beam diameter and

analysis volume is small (<1 µm), in order to achieve sufficient detection limits in
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magnetite the melt must be doped with excessive concentrations of trace elements

e.g. 10,000 ppm (Nielsen et al., 1994). This raises concerns that such highly doped

systems could overestimate partition coefficients due to non-Henrian behaviour

(Righter et al., 2006). Furthermore, only a limited number of REE can be added

to any one individual experiment due to problems with overlapping X-ray lines and

changes to the bulk chemistry of the system.

Advances in micro-analytical techniques, namely LA-ICP-MS, enables natural

concentrations of previously undeterminable incompatible trace elements in mag-

netite, and other minerals, to be readily quantified (Evans et al., 2008; Nadoll and

Koenig, 2011; Dare et al., 2012; Nadoll et al., 2014). Combining these advance-

ments with the novel experimental approach of Spandler and O’Neill (2010), whereby

melt is placed inside a small crucible manufactured from the mineral of interest,

enables the first experimental determinations of partition coefficients for the highly

incompatible REE to be made between magnetite and silicate melt.

4.2 Experimental and analytical techniques

4.2.1 Evolution of experimental approach

The aim of this study was to investigate trace element partitioning between magnetite

and silicate melt as a function of ƒO2. Typically porphyry deposits are closely related

to magmas formed at ƒO2 greater than QFM+2 (Sun et al., 2013). If magnetite

crystal/melt trace element partitioning can be used to determine ƒO2, it could be a

powerful tool in the prospecting of potential porphyry deposits. Synthesising mag-

netite crystals directly from a silicate melt, under controlled experimental conditions,

enables the distribution of trace elements between magnetite and melt as a function

of intensive parameters, such as ƒO2, to be investigated.

Above 600 ◦C magnetite forms a continuous solid solution between magnetite

(Fe3O4) and ulvöspinel (Fe2TiO4) due to the coupled substitution of Ti4+ for Fe3+ in

the octahedral sites and Fe2+ for Fe3+ in the tetrahedral sites (Nadoll et al., 2014).

Therefore, the original melt composition investigated contained varying amounts

of TiO2 (0, 0.5, 1.0, 2.0 and 5.0 wt.%). However, as early difficulties emerged with

growing crystals of a suitable size this approach was discontinued.
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Subsequent experiments used a melt composition analogous to an icelandite

(Table 4.2.2) for which it was hoped that the high Fe and Al and low viscosity (low

Si) would promote crystal growth and ensure magnetite saturation was maintained

over the investigated ƒO2 range. Attempts to crystallise magnetite from such a melt

composition at constant temperature yielded crystals <20 µm in diameter (Figure.

4.2.1a). When analysing with LA-ICP-MS in order to minimise issues of down-

hole fractionation and insufficient analyte volumes, a spot spot size of 30 µm is

required, rendering the crystals synthesised by this approach inappropriate. It

was hoped that temperature cycling; holding the temperature above the liquids

(1350 ◦C) for 12 h, stepping to 1280 ◦C and cooling at 2 ◦C min−1 to 1250 ◦C, might

stimulate larger crystal sizes. However, crystals grown using this technique were

not appreciably larger in diameter (<25 µm) and commonly displayed embayed

boundaries, suggestive of non-equilibrium conditions.

With crystallising magnetite of sufficient size for analyses by LA-ICP-MS dir-

ectly from the melt proving challenging numerous fluxes were combined with melt

compositions and heated to 1200 ◦C and cooled at 2 ◦C min−1 to 1000 ◦C at an ƒO2

of QFM+2. Sodium borate (Na2B4O7) was unsuccessfully combined with Fe2O3

because its volatility meant most material was lost during the run. The icelandite

composition mix combined with barium borate (BaO – B2O3) produced perfect octa-

hedral crystals >15 µm diameter which could be dissolved out using dilute HCl and

sodium tungstate dihydrate (Na2WO4 ⋅2 H2O) produced euhedral crystals >20 µm

(Figure: 4.2.1b). Since flux growth methods had produced euhedral crystals, but

still of insufficient size, these products were utilised as ‘seed’ crystals in an attempt

to stimulate crystal growth by providing nucleation sites. ‘Seed’ magnetite crystals

>20 µm diameter (3 wt.%) were added to bulk melt compositions and equilibrated

for 48 h at discrete 25 ◦C intervals from 1100-1250 ◦C and ƒO2 = QFM+2. The

recovered crystals were >20 µm in diameter but often exhibited irregular crystal

boundaries suggesting they were not in equilibrium with the melt.

With attempts to grow crystals of sufficient size directly from the melt all unsuc-

cessful a change in approach was adopted. Large magnetite grains (>150 µm) were

emplaced into a Ca-Fe-Si melt composition and allowed to diffusively equilibrate,

hopefully enabling the trace element compositions of both crystal and melt phases
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Figure 4.2.1: SEM back scattered electron images of magnetite crystals from experiments.
(a) Magnetite crystals <20 µm diameter grown from icelandite composition melt at 1250 ◦C,
48 h, ƒO2 = QFM+2. (b) Barium borate flux combined with icelandite mix crystallising
magnetite; 1200 ◦C →1000 ◦C at 2 ◦C min−1; ƒO2 = QFM+2. Note octahedral magnetite
(labelled). (c) Diffusively equilibrated magnetite 175 µm diameter surrounded by cristobalite
(Qtz) and magnetite <20 µm grown from melt 1150 ◦C, 24 h, ƒO2 = QFM+2. (d) Diffusively
equilibrated magnetite, (L)Mag, surrounded by melt that crystallised magnetite, (s)Mag.
Green dots are microprobe spots positioned every 5 µm across the exposed crystal face.
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to be determined. Pure natural magnetite was crushed, sieved and the size fraction

152-194 µm diameter selected. Crushed magnetite (10 wt.%) was equilibrated with

melt for 48 h at 1150 ◦C and ƒO2 = QFM+2. Optical and SEM analysis revealed

that the run products contained magnetite + glass ± cristobalite. Cristobalite (SiO2)

was only present in runs <48 h (Figure: 4.2.1c). Large magnetite (152-194 µm)

displayed irregular boundaries, a result of synneusis with small crystals (<20 µm)

nucleating directly from the melt forming glomerocrysts. These small ‘blebby’ mag-

netites (<20 µm) nucleated from the melt as a consequence of using a Fe saturated

composition (Figure: 4.2.1d).

Traditionally partition coefficients determined by equilibrating large crystals with a

melt require all trace elements to diffusively equilibrate in order to signify equilibrium.

Limited information exists on the diffusion rates of trace elements in magnetite so a

time series was run to establish the minimum run time required to reach diffusive

equilibrium. Run times of 6, 12, 24, 48 and 96 h were investigated.

Trace element concentration profiles across exposed magnetite sections were

obtained by LA-ICP-MS using manually positioned 28 µm spots. Trace element

abundances within the magnetite were low (<60 ppm) apart from V (160 ppm),

Mn (755 ppm) and Ga (165 ppm). In these early experiments, the dwell times

selected for the REE were not sufficient to generate counting statistics appropriate

to measure the concentrations present i.e. below the limit of detection. For those

elements limited elements of sufficient concentration (e.g. V, and Ga), profiles of

trace elements were plotted from rim-core-rim for the five run times to determine

whether diffusive equilibrium had been achieved. Complete diffusive equilibrium was

restricted to the compatible transition metals (V, Cr and Mn) in runs of 6 and 24 h,

whereas more trace elements in runs of 48 and 96 h appeared to reach diffusive

equilibrium (Figure: 4.2.2). HREE displayed the fastest diffusion rates and elements

such as Ga, Hf and Ta the slowest, which most likely reflects the differences in ionic

radii.
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Figure 4.2.2: Concentration of V and Ga (ppm) across exposed magnetite sections determined by LA-ICP-MS. Abscissa denotes approximate position of
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Failure to reach diffusive equilibration precludes the determination of partition

coefficients through traditional trace element concentration ratio’s. Furthermore,

magnetite crystals are randomly orientated within the quenched melt and polishing

of samples undertaken arbitrarily exposing randomly sectioned crystals of magnetite

for analysis. Therefore, although magnetite is cubic, so diffusional anisotropy not

anticipated to be an issue, the fitting of the diffusion equation demands a concentra-

tion profile obtained perpendicular to the section, which cannot be done with any

certainly using this approach.

A summary of the experiments and approaches discussed in this section is

presented in Table 4.2.1.
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Table 4.2.1: Run conditions and outcomes of experimental approaches undertaken to yield magnetite crystals >30 µm in diameter. All experiments at 1 atm.

Run	Number Mount	Name Composition Aim T	(°C) t	(h) fO2 Result

D220513 DMag1 Icelandite	Mix	+	0,0.5,1,2,5	wt.%	TiO2 1250 48 QFM Gas	ran	out	during	run

D060613 DMag2 Icelandite	Mix 1270 48 QFM Magnetite	'blebs'	too	small	-	formed	during	quench(?)

E301013 DMag4 Icelandite	Mix	+	0,0.5,1,2,5	wt.%	TiO2 1250 48 QFM

E251113 DMag5 Icelandite	Mix	+	0,0.5,1,2,5	wt.%	TiO2 1230 120 QFM

D170214 DMag6 Icelandite	Mix	+	0,0.5,1,2,5	wt.%	TiO2 1350;	1280→1250 12;	45 QFM

D080414 JT002 Fe2O3	+	Na2WO4
Flux	grow	magnetite 1200→900 24 QFM+2 Mag	(<~25μm)	in	both	samples

D230414 JT003 Seeded	(Na2WO4);	Icelandite Seed	grow	magnetite 1250;	1250→950 2;	128 QFM+2 Seeded:	Mag	small	<25μm;	frequently	contain	geometric	black	

'specs'→dissolving(?);	Icelandite:	Largest	Mag	~30	μm;	blebby	and	

embayed,	black	specs→dissolving(?)

C170414 JT004 LMag	+	Mix Diffusively	equilibrate	(3	wt.%)	

crushed	mag

1200 144 QFM+2 Formed	amorphous	lump	rather	than	glass;	looks	like	mix	+	seeds

D150414 JT004 Icelendite	+	Na2B4O7;	BaO-B2O3
Grow	large	magnetites 1200 144 QFM+2 Flux1:	Some	large	euhedral	Mag	(≥~100	μm),	some	blebs;	Ba	Flux	

contamination;	Flux2:	Large	euhedral	Mag	+	BaFe	oxide	(~300-500	

μm)

D280414 JT005 Seeded;	diffusion;	melt 1230 72 QFM+2 Seeded:	No	Mag,	only	small	amount	of	material	remained	on	loop

C020514 JT006 Seeded;	diffusion;	melt 1150 48 QFM+2 Diffusion:	Mag	small	<25	μm;	blebs	→	dissolving	larger	'seeds'

D020514 JT007 Seeded;	diffusion;	melt 1175 48 QFM+2 Melt:	very	few	small	>20	μm	Mag

D070514 JT008 Seeded;	diffusion;	melt Re-run	anomalous	results	from	

furnace	C

1150 48 QFM+2 Mag	crystals	remain	<20	μm;	no	SiO2

D170514 JT009 Seeded;	diffusion;	melt 1125 48 QFM+2

D210514 JT010 Seeded;	diffusion;	melt 1175 48 QFM+2

D230514 JT011 Seeded;	diffusion;	melt 1150 48 QFM+2

D270514 JT012 Seeded;	diffusion;	melt 1125 48 QFM+2 CO2	in	furnace	ran	out	so	fO2	changed

D290514 JT013 LMag;	diffusion;	melt 1175 48 QFM+2

D060614 JT015 LMag;	diffusion;	melt 1150 48 QFM+2

D190614 JT016 Lmag	+	icelandite 1150 48 QFM+2 Large	Lmag	+	melt

D300614 - Lmag	+	icelandite 1150 24 QFM+2 Didn't	quench	into	water

D010714 JT017 Lmag	+	icelandite 1150 12 QFM+2

D020714 JT018 Lmag	+	icelandite 1150 24 QFM+2

D040417 JT019 Lmag	+	icelandite 1150 6 QFM+2

D040714b JT020 Lmag	+	icelandite 1150 96 QFM+2

Grow	large	magnetites	and	

diffusively	equilibrate	(10	wt.%)	

Lmag	in	Pt	cages

Mag	crystals	remain	<20	μm	from	seeded	.	Lmag:	Large	(120	μm)	

euhedral	crystals.	Seems	to	have	worked

Time	Series	-	10	wt.%	Lmag	

diffusive	equilibration
Euhedral	Lmag	+	melt.	SiO2	present	in	runs	<48	hrs	

Trace	element	partitioning	

between	magnetite	and	silicate	

melt
Mag	+	glass	±	qtz;	glass	large	enough	for	laser	spot(	~30	μm);	

'blebby'	magnetites	too	small(	<~25	μm)

Grow	large	magnetites

Grow	large	magnetites Base	mix	contained	MgO	so	crystallised	Olivine	+	Cpx	+	Mag
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4.2.2 Experimental technique

The idea was to emulate the novel experimental approach of (Spandler and O’Neill,

2010), which involves placing a trace element doped silicate melt inside a manufac-

tured magnetite crucible, or bucket, to form a diffusion couple between magnetite

and melt enabling the determination of both diffusion and partition coefficients for

numerous trace elements. Euhedral, single crystals of natural magnetite ~6 mm in

diameter with minimal fractures and degradation from the Natural History Museum,

London were used for experimental runs. Energy-dispersive X-ray spectroscopy

(EDS) analysis revealed pure, inclusion free, crystals (Fe = 72.4 wt.%) with minimal

amounts of Fe-Ti exsolution. Single octahedral crystals were fashioned into crucibles

by coring holes ~4 mm deep and with a 2 mm diameter using a diamond-coated drill

bit. The cored crystals, hereafter referred to as magnetite crucibles, were cleaned

with ethanol in an ultrasonic bath to remove any contamination from drilling.

A simple primary melt composition was chosen to achieve major element equilib-

rium with the magnetite crucible whilst excluding Mg and Al in order to minimise the

potential of crystallising any competing phases. The melt was prepared by combining

dried reagent-grade powders of CaCO3, Fe2O3 and SiO2 (hereafter termed CFS)

under acetone and mixing three times whilst evaporating to dryness. The resulting

mix was pressed into pellets and decarbonated by heating slowly to 1000 ◦C in air.

The oxidation state of Fe varies as a function of ƒO2 which, given the high

Fe content of the melt, would promote precipitation or dissolution of magnetite

depending on the ambient ƒO2. It is not a requirement for the melt composition be

in perfect equilibrium with the magnetite crucible, however it is desirable to have

minimal dissolution/precipitation over the duration of an experimental run (Spandler

and O’Neill, 2010). Consequently, as the ƒO2 conditions varied, the melt composition

was adjusted. Each melt composition was determined by equilibrating the initial CFS

mix (Table 4.2.2) with seeds of the magnetite crucible at the relevant ƒO2 for 12 h at

1150 ◦C. These seeds were derived from crushing surplus defective crystals. The

newly equilibrated sample was quenched in water, glass composition analysed by

EDS, and a mix prepared with the same stoichiometry as the measured glass (Table

4.2.2). Multiple analyses of the equilibrated glass indicated that homogeneity was
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Table 4.2.2: Melt compositions equilibrated with magnetite crucibles as a function of ƒO2.
Values (wt.%) determined by EDS.

ΔQFM* log	fO2 t	(h) T	(°C) FeOT CaO SiO2 Al2O3 n

Icelandite 0 -7.84 48,	120 1250 40.00 6.00 11.00 43.00 7

CFS	Mix 25.00 15.00 60.00 -

-1 -10.02 12 1150 61.95	(36) 7.09	(15) 30.95	(29) - 12

0 -9.02 12, 1150 54.51	(37) 8.52	(20) 36.97	(27) - 14

+1 -8.02 12,	72 1150 42.91	(40) 12.60	(14) 44.49	(46) - 13

+2 -7.02 12,	72,	161 1150 47.08	(24) 17.98	(7) 34.94	(16) - 13

+3 -6.02 12 1150 28.92	(64) 21.48	(25) 49.60	(66) - 14

+4.89a -4.13 12 1150 27.91	(31) 22.90	(30) 49.19	(27) - 14

*QFM	(quartz-magnetite-fayalite)	oxygen	buffer	calculated	from	O'Neill	(1987).
a	Pure	CO2

n	=	number	of	analyses

Experimental	

Series

Magnetite	

Crucibles

Melt	Composition		(wt.%)Run	Conditions	

achieved in the experiments, within analytical precision.

Trace elements were added to each melt composition as commercial AAS

standard solutions using a micropipette. Initially, due to the limited knowledge of

REE partitioning in magnetite only Lu-Gd were added at 200 ppm. However, after

some initial investigations and given the excellent detection limits of the LA-ICP-MS,

LREE (La-Nd) were added at 400 ppm in the hope of producing concentrations in

magnetite above the detection limits.

Magnetite crucibles were filled with the melt composition appropriate for the ƒO2

investigated, affixed to an alumina rod by Pt wire and suspended within the hot zone

of a vertical 1-atm gas-mixing furnace. Samples were loaded into the furnace at

600 ◦C and heated at 6 °C/min to 1150 ◦C where they were held for either 12, 24 or

72 h and allowed to equilibrate at the desired ƒO2 (QFM-1 to QFM+4.89) by varying

the proportions of CO:CO2 using Celerity FC2900 mass flow controllers (10 and

200 SCCM (standard cubic centimetres per minute)). Samples were drop-quenched

into water, recovered and mounted in 25 mm diameter epoxy disks. Crucibles were

mounted perpendicular to the long axis of the crystal in order to expose the interface

between cored crystal and melt (Figure: 4.2.3).
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Melt

Magnetite

500 μm

Spot (60 μm) Traverse (100 x 6 μm)

Figure 4.2.3: Schematic diagram of magnetite/melt interface within polished section cut
perpendicular to the long axis of a magnetite crucible. Typical LA-ICP-MS traverses and spot
analyses of the melt reservoir are depicted. Arrows indicate direction of traverse. Cracks
crosscut the magnetite/melt interface suggesting that they formed during the final quench.

4.2.3 Analytical techniques

4.2.3.1 Scanning Electron Microscope (SEM)

Experimental samples were mounted in epoxy, sectioned and polished prior to initial

analyses using the JEOL JSM-6610A at the Research School of Earth Sciences

(RSES), Australian National University (ANU). Back-scattered electron (BSE) images

and semi-quantitative major-element compositions were acquired by EDS using

an accelerating voltage of 15 kV and a beam current of 1 nA using the embedded

InTouchScope™ JEOL software.

4.2.3.2 LA-ICP-MS

Trace element compositions of magnetite and glass were determined using an in-

situ Laser Ablation Inductively Coupled Plasma Mass Spectrometer (LA-ICP-MS)

housed at the Research School of Earth Sciences, Australian National University.

The system comprises a pulsed 193 nm wavelength EXCIMER laser (110 (ArF)
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COMpex, LambdaPhysik) coupled to an Agilent 7700 ICP-MS (RF power = 1300 W;

ablation cell gas flow = 0.3 L min−1 He + 0.02 L min−1 H2; auxiliary gas flow = 1.0

L min−1 Ar) sampling a custom built ANU second-generation dual volume “HelEX”

ablation cell. Replicating the technique of (Spandler and O’Neill, 2010) a 6 x 100

µm slit-shaped laser beam, aligned with the long axis parallel to the magnetite/melt

interface, was traversed from the external margins of the magnetite crucible towards

the magnetite/melt interface, terminating in the central melt pool i.e. from low to high

diffusant concentration. Profiles were obtained radially from the central melt pool.

Where possible traverses were positioned to avoid cracks.

After counting background levels for 30 s, the laser was activated and the sample

traversed beneath the beam at a rate of 1 µm s−1 using an automated mobile stage.

Ablated material was extracted from the cell via He-Ar carrier gas and sampled

continuously, approximately once every second, by the mass spectrometer. This

concordance between sampling period and scan rate enables a resolution of one

‘data point’ per µm to be achieved. In order to maximise the analytical precision

each traverse was limited to 3-7 different atomic masses.57Fe was counted for 0.05

s in all traverses and, depending on the concentration and isotopic abundance, trace

element masses of interest were counted for 0.3-0.8 s.

The primary standard was USGS BCR-2G, with NIST-SRM 610, GSE-1G and

GSD-1G used as secondary standards. Analyses of reference materials were

conducted as traverses and performed before and after, at most, 6 unknown analyses.

Counts were converted to element concentrations using 57Fe as an internal standard

and normalised using GeoReM preferred values (Jochum and Nohl, 2008) for each

trace element. Data was processed using Iolite software (Paton et al., 2011), which

enables polynomial splines to be fit to both baseline and standard values over the

course of an entire analytical session.

4.2.3.3 Determination of diffusion profiles and partition coefficients

Diffusion is the process by which matter is transported from one part of a system to

another as a consequence of random molecular motions. Chemical diffusion occurs

in the presence of a concentration (or chemical potential) gradient and results in

a net transport of mass. It is a non-equilibrium process that increases the entropy
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of a system and brings a system closer to equilibrium. Often a multi-component

process, making it mathematically complex, diffusion can be described algebraically

(Crank, 1975). Solutions to such expressions enable a quantitative determination of

the parameters controlling diffusion.

Diffusion coefficients (DDiff ) are defined as the rate of transfer of the diffusing

species across a unit area of a section, divided by concentration gradient of each

species over the section . The solution to the diffusion equation for a hollow cylinder,

which might appear most relevant to this study, is complex. Fortuitously, the large

diameter of the crucibles used in this study (i.e. ~6 mm) relative to the length of the

diffusion profiles (~50-100 µm) enables a simpler solution to be considered. That is,

diffusion is one-dimensional into a semi-infinite medium from a source of constant

concentration at the melt interface (Spandler and O’Neill, 2010). Diffusion rates

within the melt are assumed to be sufficiently high that a constant concentration

at the crystal-melt interface is maintained, ensuring instantaneous diffusion into

the crystal. Diffusion coefficients (DDiff ) are independent of the concentration of

diffusing species and should not to be confused with diffusive flux, which describes

the total movement of the diffusing species and thus, is concentration dependant.

Diffusion coefficients were determined using equation 1.1 of Crank (1975), which

predicts that the change in concentration of a diffusing species away from the

diffusion interface will have the form of an error function (erfc):

C(x) =
(
Ci − C0

)
erfc

(
x

2
√
(Dt)

)
(4.2.1)

where C(x)is the concentration of the diffusing species at position x in metres, C(i)

is the concentration at the interface (where x = 0) , C(0) the initial (or background)

concentration in the crystal, t is the duration of the experiment in seconds, and

D the diffusion coefficient in m2 s−1. By convention, the base-ten logarithm of the

diffusion coefficient logDDiff is presented. The dependance of t and D on the form

of modelled diffusion profiles is shown in Figure 4.2.4

Measured concentration profiles were fit directly to equation (4.2.1) by least-

squares regression using the solver toolpack in Excel (Microsoft). The fitting was

highly sensitive to outliers, and in profiles where these were prevalent anomalous
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logDDiff = -15 m2s-1 t = 10000 s
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Figure 4.2.4: Diffusion profiles modelled using equation (4.2.1) to display the dependance
of varying (a) time (s) at fixed logDDiff and (b) logDDiff at constant t. After: Jollands
(2015).

data were removed to ensure a good fit to the majority of data. The most common

source of outliers was LA-ICP-MS transect ‘spikes’. These arise from previously

dislodged material being incorporated into later measurements as the extraction of

ablated material from the cell is not perfectly efficient. Occasionally, a minority of

profiles displayed small sections of anomalous data, attributed to cracks or holes

within the crystal, resulting in poor fits. In these cases, either the data was not

used or profiles were adjusted iteratively to ensure a good visual fit exclusive of any

anomalies. An example fit of a diffusion profile to measured data is shown in Figure

(4.2.5).
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Distance (μm)

Figure 4.2.5: Diffusion profile for Lu in magnetite at T = 1150 ◦C, P = 1 atm and ƒO2 =
QFM+2 for 12 h. Blue markers are individual concentrations (Ci) measured at distance x.
Red line denoted fit of equation (4.2.1) to measured data.

Traverses comprise several hundred individual measurements with values for

the parameters Di, Ci and C0 refined together to produce a best-fit profile. The

assumption that Ci and C0 should be consistent between profiles of the same

diffusing species under identical experimental conditions provided an internal check

on the reproducibility and quality of the data. Uncertainties on the parameters used

to define each profile are vulnerable to autocorrelation, making them difficult to

quantify. Consequently, the error in determining a value of DDiff was estimated

empirically from the standard deviation of at least six individual analyses as well as

the error on individual curve fits within 2σv including propagating the 3 µmerror in the

interface position.

Magnetite/melt partition coefficients (Di
Mag/Melt) were calculated using the equa-

tion:

Di =
Ci

Cmelt

(4.2.2)

Where, Cmelt is the concentration of the element in the melt and Ci the concentration

at the interface, as determined from the diffusion equation (4.2.1).
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4.3 Partitioning of REE in Magnetite

4.3.1 Partition coefficients

Partition coefficients (Di) for REE and Y were determined at a range of ƒO2 and are

presented in Table (4.3.1). Di values were derived by averaging best-fit values of Ci

from multiple traverses (n > 3) collected across numerous analytical sessions. The

number of traverses (n) denotes the quantity of accepted analyses used to define the

average Ci of each individual element at the respective ƒO2. See methods section

(4.2.3.3) for further details.

At the experimental conditions investigated (1150 ◦C, 1 atm., QFM-1 ≤ ƒO2

≤ QFM+4.89) REE are incompatible in magnetite DREE <0.01 and DREE values

typically vary by almost two orders of magnitude, preferentially incorporating HREE

(Gd-Lu) over LREE (La-Eu) (Figure. 4.3.1). This increase in compatibility with

decreasing ionic radius demonstrates a preference for smaller sized cations as

the ionic radii converge towards that of the substituent, presumably Fe3+ (0.645 Å)

(Shannon, 1976).

Despite the extremely low concentrations of REE in magnetite the uncertainties

are small (<10% relative standard deviation (RSD)) due to the precision of LA-

ICP-MS. Concentrations of REE in magnetite decrease with increasing ionic radius

such that LREE concentrations approach the limits of detection by LA-ICP-MS

(e.g. La >20 ppb). LREE Ci values and their errors are extremely sensitive to

minor perturbations in concentration, as the detection limit is approached. This

sensitivity accounts for the low number of traverses (n) for which data was obtained

for some elements. Despite collecting more traverses than quoted, at such low

concentrations, any anomalous section of a concentration profile precludes the

accurate fitting of a diffusion profile. Furthermore, as concentrations of LREE

approach the detection limits of LA-ICP-MS the uncertainty in determining partition

coefficients predominately originates from interface concentrations as opposed to

concentrations within the melt. Consequently, a number of traverses were omitted

resulting in a lower n values. This explains why DLREE values display increased

variance between ƒO2 intervals in comparison to mid- and heavy DREE.

DREE display a subtle increase in compatibility with decreasing ƒO2 (Figure.
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4.3.2). With the exception of Ce and Eu, REE are nominally redox-invariant and

would not be expected to show any dependence on ƒO2. Within the logƒO2 range

of QFM -4 to -8 the partition coefficients are broadly constant. However, at more

reducing conditions (logƒO2 -9 to -10) the partition coefficients display a notable

increase in compatibility. At the temperatures of this study (1150 °C) logƒO2 -9

corresponds to the quartz-magnetite-fayalite (QFM) buffer and log ƒO2 -10 the

magnetite-wüstite (MW) buffer. The minimum ƒO2 at any given temperature at which

magnetite is stable is the MW buffer. The QFM buffer marks the limit above which,

Fe is mostly incorporated into magnetite Buddington and Lindsley (1964); Frost

(1991); Nadoll et al. (2014). Under such reducing conditions magnetite becomes

progressively metastable as Fe favours incorporation into silicates. This would

increase the number of Fe3+ vacancies in the magnetite and the number sites

available for REE to partition onto causing the observed increase in compatibility.

However, such an explanation is difficult to reconcile analytically.
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Figure 4.3.1: Experimentally determined magnetite/silicate melt partition coefficients of
REE and Y, measured by LA-ICP-MS, as a function of ƒO2 at T = 1150 ◦C; P = 1 atm. Error
bars are ±1�, where not visible errors are smaller than the symbol.
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Figure 4.3.2: Magnetite/melt partition coefficients of selected REE, determined by LA-ICP-
MS, as a function of ƒO2 at T = 1150 ◦C. Open symbols of Nielsen et al. (1992) represent
average Di values determined by EPMA for a range of magnetite and melt compositions.
Wijbrans et al. (2015) denotes DLu at T = 1220 ◦C determined by LA-ICP-MS. All studies
were conducted at P = 1 atm. Error bars shown are ±1�. Where not visible errors are
smaller than the symbol. Grey line denotes region below magnetite-wüstite buffer (MW).

289



Table 4.3.1: Calculated magnetite/silicate melt partition coefficients (Di) of REE and Y as a function of ƒO2 determined by LA-ICP-MS. Errors are 1�.

Element
QFM-1 QFMb QFM+1 QFM+2 QFM+3 QFM+4.89

Di n Di n Di n Di n Di n Di n

La 1.72(49)x10-4 5 7.5(41)x10-5 4 - 6.1(25)x10-5 7 1.26(43)x10-4 8 3.21(63)x10-5 6
Ce 2.10(24)x10-4 5 1.47(56)x10-4 4 - 1.09(27)x10-4 9 1.24(36)x10-4 8 7.48(82)x10-5 6
Pr 3.04(73)x10-4 5 1.36(15)x10-4 4 - 1.7(11)x10-4 10 1.78(71)x10-4 8 9.84(74)x10-5 6
Nd 5.11(55)x10-4 5 1.50(49)x10-4 4 - 1.93(77)x10-4 14 1.30(47)x10-4 3 1.34(12)x10-4 6
Sm 8.78(46)x10-4 6 6.3(13)x10-4 5 - 4.6(20)x10-4 11 3.5(14)x10-4 3 2.66(58)x10-4 10
Eu 9.9(14)x10-4 6 6.99(87)x10-4 5 - 4.3(14)x10-4 13 3.5(10)x10-4 3 2.83(20)x10-4 9
Gd 1.52(5)x10-3 4 9.3(33)x10-4 5 3.7(11)x10-4 7 3.54(68)x10-4 6 3.73(66)x10-4 3 3.43(52)x10-4 5
Tb 1.85(11)x10-3 4 1.19(15)x10-3 8 5.9(13)x10-4 7 5.75(70)x10-4 4 5.1(12)x10-4 7 4.32(39)x10-4 4
Dy 2.31(13)x10-3 4 1.53(21)x10-3 8 7.67(31)x10-4 7 7.49(83)x10-4 4 6.9(13)x10-4 10 5.32(39)x10-4 4
Ho 2.91(8)x10-3 4 1.78(13)x10-3 8 9.2(11)x10-4 7 9.1(10)x10-4 4 9.9(14)x10-4 10 6.67(54)x10-4 4
Y 2.57(28)x10-3 4 1.28(19)x10-3 11 - 8.4(13)x10-4 9 7.85(71)x10-4 6 -
Er 3.96(12)x10-3 4 2.41(10)x10-3 7 1.15(9)x10-3 7 1.16(19)x10-3 4 1.22(17)x10-3 6 8.84(69)x10-4 4
Tm 5.51(20)x10-3 6 2.98(42)x10-3 7 1.59(9)x10-3 7 1.60(16)x10-3 4 1.61(10)x10-3 6 1.26(9)x10-3 4
Yb 7.10(26)x10-3 6 3.67(33)x10-3 7 1.93(46)x10-3 7 2.00(13)x10-3 4 1.87(27)x10-3 6 1.52(4)x10-3 4
Lu 9.81(46)x10-3 6 4.72(58)x10-3 7 2.39(32)x10-3 7 2.49(24)x10-3 4 2.65(30)x10-3 6 2.07(37)x10-3 4

Melt (# )a 11 12 10 15 10 12

Run Conditions: T = 1150 ◦C; P = 1 atm.

n = number of traverses used to determine Ci value of element.
- = not included in experimental run.

a # = number of analyses used to determine average melt composition.
b QFM (quartz-fayalite-magnetite) oxygen buffer calculated from O’Neill (1987).
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4.3.2 Comparison with previous studies

The Geochemical Earth Reference Model database (GERM) (http://earthref.org/GERM)

contains a large number of empirical and experimentally determined partition coeffi-

cients. Numerous studies report compatible element partitioning between magnetite

and basalt, ferrobasalt, andesite, dacite and granodiorite melt compositions. How-

ever, there is a notable paucity of DREE values to compare with the results of this

study.

Nielsen et al. (1992) determined average partition coefficient values for La,

Sm, Gd, Ho, Lu and Y at comparable conditions of ƒO2 = QFM; T = 1090-1120 ◦C

and P = 1 atm. These average values incorporate a number of different magnetite

compositions, from high-Al (~8 wt.% Al2O3) to titanomagnetite and almost pure (Fe,

Mg) spinel, grown in a variety of melt compositions from Hawaiian tholeiites to arc

andesites. Partition coefficients range from DLa = 0.0029(15) to DLu = 0.023(4). This

order of magnitude increase in compatibility with decreasing ionic radius agrees

well with this study. However, all values are an order of magnitude higher, probably

because the variety of melt compositions used contained significantly lower FeO

and CaO contents. Furthermore, the determination of La, Sm, Gd, Ho, Y and Lu

concentrations using EPMA is suboptimal (Nielsen et al., 1992, 1994; Nielsen and

Beard, 2000). Secondary fluorescence of the surrounding glass, as a result of the

small crystal size (<50 µm), in combination with the low concentration (<500 ppm) of

the trace element of interest in the mineral phase will ensure any analytical error is al-

most certainly larger than any compositional or temperature dependence. Therefore,

as is acknowledged by the authors themselves, the DREE values determined are

perhaps, at best, considered as maximum values. Righter et al. (2006) investigated

the partitioning behaviour of compatible elements V, Co and Ni between spinel

and melt as a function of the spinel major element composition within the system

Ti-Al-Cr-Fe. DCo, Ni displayed little sensitivity to T or ƒO2 but a minor dependance

on the Ni and Cr content of the spinel. In comparison DV is strongly dependant upon

T, ƒO2 and spinel composition, namely Ti and V. However, there was no attempt to

differentiate the stoichiometric influence from that of ƒO2, which also controls the

TiO2 content of spinel.
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A more recent experimental study by Wijbrans et al. (2015) explored variations

between partition coefficients of redox sensitive elements in spinels, namely Mo/Ga

and V/Ni ratios, to infer relative redox conditions. Whilst most of the trace ele-

ments investigated are not relevant to this work, the study affords the opportunity to

compare a single DLu value derived from a sample (sp6_08) equilibrated at condi-

tions of 1220 °C (QFM+2.1 (log ƒO2 = -6.17 (Wijbrans et al., 2015)) with 1150 °C

(QFM+2 (log ƒO2 = -7.02, this study) . The analysed spinel comprises an Fe-rich rim

((Mg0.5Al0.82Ti0.05Fe2+
0.54Fe3+

1.08)3O4) sufficiently large to analyse with LA-ICP-MS

mantling an an Al-rich core. Given the size of the Fe-rich rim, it was assumed to be

in equilibrium with the ultramafic melt. The DLu value = 0.0064(3) of Wijbrans et al.

(2015) is in good agreement with the value obtained in this study DLu = 0.0025(2) at

QFM+2 and 1150 °C. The slightly higher DLu value of Wijbrans et al. (2015) most

likely reflects the higher run temperature, which would be expected to increase

partitioning. Whilst caution must be taken using a single value to substantiate the

validity of an experimental technique, given the differences in approach i.e. diffusive

equilibration vs direct crystallisation, the results are remarkably comparable.

4.3.3 Effect of ƒO2 on DREE

The partitioning of REE between magnetite and silicate provides an excellent op-

portunity to thoroughly interrogate the fundamental controls on REE magnetite/melt

partitioning. Given pressure and temperature were constant across all experiments

variations in DREE must be a consequence of changing ƒO2 or melt composition.

Nominally, ƒO2 has little effect on the partitioning of redox invariant trace elements

with factors such as temperature, pressure, crystal stoichiometry and the activity

of trace- and/or major-element components within the melt considered to be more

important. ƒO2 might be anticipated to influence redox sensitive elements such as

Ce3+/4+ and Eu2+/3+ but not the univalent REE that display a subtle decrease in

the DREE values with increasing ƒO2. Given melt composition varied significantly

with ƒO2, to maintain equilibrium with the magnetite crucible, it is important to fully

evaluate any effect this is likely to have imparted.

The Fe3+/ΣFe ratio of a melt is intrinsically related to ƒO2. Given Fe is a major

component of the melt compositions used, and the only redox-variable element,
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changes in the partitioning behaviour of REE with ƒO2 must be related to changes

in oxidation state of Fe.

The oxidation state of Fe is governed through the equilibrium reaction:

Fe2+O+1
4

O2+Fe3+O1.5 (4.3.1)

This reaction has an equilibrium constant, K, defined as:

K=
aFe3+O1.5

aFe2+O ⋅ (fO2)
0.25

(4.3.2)

Hence,

log

[
Fe3+O1.5

Fe2+O

]
= 0.25 logfO2 −

ΔG

RT ln 10
− log

Fe3+O1.5

Fe2+O
(4.3.3)

Where
[
Fe3+O1.5

Fe2+O

]
is the ratio of the Fe3+/ Fe2+of the melt, ΔG is the standard

state free energy of the substituting reaction, R is the gas constant in kJ/Kmol, T is

temperature (Kelvin) and  is the activity coefficient of the oxide component in the

melt.

For elements with only two oxidation states, like Fe, this can also be written:

Fe3+/ΣFe =
1

1 + 10(−0.25logfO2+C)
(4.3.4)

Where C is constant at fixed temperature but is not independent of composition. This

function has a sigmoidal relationship (Figure. 4.3.3b.) such that the greatest rates

of change occurs when both oxidation states are present in near equal proportions

(Berry et al., 2003b).

It is the intrinsic relationship, between ƒO2 and Fe3+/ΣFe, that necessitates

the recalculation of the melt composition (Table 4.2.2) at each ƒO2 to maintain

equilibrium with the magnetite crucible. Consequently, the Fe3+ content of the

melt can be used as a proxy for ƒO2. However, measuring the Fe3+ of the melt

directly is problematic and requires specialist analytical techniques (e.g. redox

titrations, Mössbauer spectroscopy, XANES spectroscopy). Conveniently, Kress and

Carmichael (1991) determined the theoretical dependence of log(Fe3+/Fe2+) on ƒO2
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Figure 4.3.3: Oxidation state ratios of Fe determined by Mössbauer spectroscopy for
anorthite-diopside eutectic glasses equilibrated at 1400 ◦C and a range of ƒO2. (a) log
[Fe3+/ΣFe] equation (4.3.3) and (b) Fe3+/Fe2+ equation (4.3.4) as a function of logƒO2.
Figure from Berry et al. (2003b).

in synthetic basalts enabling estimates of Fe3+ to be made empirically. However,

it is not without limitations and despite the overwhelming acknowledgement of

the importance of determining the oxidation state of Fe in a wide range of melt

compositions, accurate empirical determinations remain difficult (Jayasuriya et al.,

2003; Evans et al., 2008; Alderman et al., 2017).

4.3.4 Calculating the Fe3+ content of melts

Fe is the most abundant major element to exist in multiple oxidation states in

terrestrial magmas. The ratio of ferrous (Fe2+) to ferric (Fe3+) iron is an indication

of the oxidation state of a magma and reflects the nature of the source and partial

melting conditions experienced (Osborn, 1959; Carmichael, 1991; Berry et al., 2008).

Fe3+/ΣFe influences both the physical properties of a melt (i.e. viscosity and melt

structure) and stability of crystallising phases. The Fe3+/ΣFe ratio to governs the

redox state ƒO2 of the magma and thus the speciation of other multivalent elements.

Being able to deduce the redox conditions recorded by the Fe3+/ΣFe ratio is of

significant geological interest.

A multitude of studies have measured the relative concentrations of Fe2+ and

Fe3+ in both synthetic and natural silicate glasses (Sack et al., 1981; Dingwell

et al., 1988; Kress and Carmichael, 1991; Berry et al., 2003b; Jayasuriya et al.,

2004; Bézos et al., 2005; Wilke et al., 2005; O’Neill et al., 2006; Borisov and
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McCammon, 2010; Cottrell and Kelley, 2011; Zhang et al., 2017). Fe3+/ΣFe was

initially determined by redox titrations (“wet chemistry”) (Schreiber, 1977; Christie

et al., 1986; Bézos et al., 2005) and/or Mössbauer spectroscopy (Jayasuriya et al.,

2004) with technological advances seeing X-ray Absorption Near-edge Structure

(XANES) spectroscopy becoming increasingly popular over the past decade (Cottrell

and Kelley, 2011; Berry et al., 2008, 2003a; Alderman et al., 2017). This proliferation

of data encouraged the development of empirical equations relating Fe3+/ΣFe ratio

to ƒO2 and melt composition. Such equations enable the ƒO2 of a natural magma

to be estimated from Fe3+/ΣFe, or conversely, if the ƒO2 is known or assumed,

Fe3+/ΣFe can be calculated when it has not been measured.

The Fe3+/ΣFe ratio governs the redox state of a melt through the equilibrium

reaction:

Fe2+O+1
4

O2= Fe3+O1.5 (4.3.5)

The stoichiometry of equation 4.3.5 predicts that the Fe3+/ΣFe ratio is propor-

tional to ƒO2
1/4. Whilst this relationship was first substantiated by (Johnston, 1964)

successive investigations of geologically relevant melt compositions have been

unable to reproduce the expected relationship, commonly determining exponent

values of <0.25 (Fudali, 1965; Sack et al., 1981; Kress and Carmichael, 1991;

Jayasuriya et al., 2004). The reasons for the low exponent values are contentious.

Jayasuriya et al. (2004) suggest that the thermodynamic expression formulated by

Sack et al. (1981) is oversimplified and prohibits determination of an informative

exponent. Later studies acknowledged these limitations but neglected to remediate

the fundamental thermodynamic limitations. The most widely employed empirical

calculation of Fe3+/ΣFe is equation A-7 of Kress and Carmichael (1991). This yields

a non-ideal exponent of 0.196, inheriting the same thermodynamic assumptions

as Sack et al. (1981) and invokes notional FeO1+y components to maintain mass

balance Kress and Carmichael (1991, eqn: A-7). Jayasuriya et al. (2004) refute

the thermodynamic logic of such an assumption stating that non-integral valence

states of the resulting Fe species is an empirical fix required to compensate for

oversimplified thermodynamic terms.

Previous studies assume odd numbered cations (Na1+, K1+, Al3+, Fe3+ etc.) form
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oxide components with two cations in silicate melts (i.e. Na2O, K2O, Al2O3 and

Fe2O3). Jayasuriya et al. (2004) caution that such an assumption is imprudent as

it implies odd-numbered cations exist as dimers, whereas even-numbered cations

exist as monomers. No evidence exists in support of such a view and thermody-

namic calculations should instead consider components on a single-cation basis i.e.

Fe3+O1.5 as opposed to Fe2O3.

Jayasuriya et al. (2004) (equation 12.) remodelled the original data of Sack

et al. (1981) employing this single-cation basis. Despite returning a poorer overall

fit than equation A-7 of Kress and Carmichael (1991), it performs significantly

better at compositions <1 wt.% FeOT. Given Fe2+-Fe3+ interactions diminish as

FeOT approaches zero, Jayasuriya et al. (2004) proposed this as evidence that an

empirical ad-hoc fix is deficient. Subsequently, the use of equation 14 in Jayasuriya

et al. (2004) is advocated where the regular solution formulation is carried through

to its logical conclusion and all cations are calculated on a single-cation basis. A

recent XANES study of fayalitic melts (~67-69 wt.% FeOT) by Alderman et al. (2017)

indeed found that the Jayasuriya et al. (2004) model estimated the Fe3+/ΣFe content

significantly better that both the Sack et al. (1981) and Kress and Carmichael (1991)

models.

Given the high FeOT content of melts used in this study the most appropriate

equation for determining the Fe3+ content is equation 14 of Jayasuriya et al. (2004).

This is based on sound thermodynamic principles and gives reasonable estimates

of Fe3+/ΣFe outside the range of ‘normal’ melt compositions, as corroborated by

Alderman et al. (2017). However, it is acknowledged this model is still simplistic.

The Fe3+/ΣFe values calculated for each melt composition used this study are given

in table (4.3.2). The Fe3+/ΣFe ratios determined using equation A-7 of Kress and

Carmichael (1991) are also presented for comparison.

Significant disparity exists between the Fe3+/ΣFe values calculated by the two

models. At the highest FeT melt composition values differ almost one order of mag-

nitude. The difference between the values determined by both models decreases as

the FeT content of the melts decrease. The Jayasuriya et al. (2004) model returns

higher values than Kress and Carmichael (1991) over the FeO range investigated.

Given the Fe3+/ΣFe ratio of a melt theoretically can be used as a proxy for ƒO2,
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Table 4.3.2: Comparison of Fe3+/ΣFe ratios calculated for melt compositions in this study
determined using the empirical calculations of Kress and Carmichael (1991) and Jayasuriya
et al. (2004) (T = 1150 ◦C; P = 1 atm). Mole fraction (X ) of components calculated using the
Fe3+ content determined using Jayasuriya et al. (2004) eqn. 14.

�QFM logfO2
a FeOT (wt.%)

Fe3+/ΣFe calc. Fe3+/ΣFe calc.
XFeOT XSiO2 XCaO

(K&C 1991)b (Jaya. 2004)c

-1 -10.02 61.95 (36) 0.041 0.300 0.573 0.343 0.084
0 -9.02 54.51 (37) 0.074 0.354 0.497 0.403 0.100

+1 -8.02 42.91 (40) 0.158 0.443 0.376 0.471 0.153
+2 -7.02 47.08 (24) 0.281 0.558 0.306 0.493 0.202
+3 -6.02 28.92 (64) 0.424 0.672 0.260 0.507 0.233

+4.89 -4.13 27.91 (31) 0.656 0.829 0.240 0.508 0.252
a Determined by EPMA. Errors are 1� of >12 individual analysis
b Equation 7 - Kress and Carmichael (1991)
c Equation 14 Jayasuriya et al. (2004)

such significant differences in values would have substantial implications for models

utilising this parameter.

4.3.5 Determining the Fe3+ contents of melts

The partitioning of REE3+ into magnetite can be described by the reaction:

REE3+O1.5melt+
1

2
Fe3++Fe2+O4 ⇌

1

2
REE3+

2
Fe2+O4+Fe3+O1.5melt (4.3.6)

Using Le Chatelier’s principle it is possible to infer that as the Fe3+ content of

the melt increases the position of equilibrium for equation 4.3.6 shifts to the left.

Given equilibrium constants, by definition, remain constant at fixed temperature

and pressure, to maintain equilibrium there will be a corresponding decrease in the

partitioning of REE. Put alternatively, less Fe3+ in the melt increases the number of

Fe3+ sites in the magnetite thus increasing the partitioning of REE. Using DLa as an

analogue for the partitioning behaviour of REE, as it is the best analytically resolved

element in this study, and the empirically determined Fe3+/ ΣFe values calculated

in table (4.3.2), this relationship between partitioning and Fe3+/ΣFe is displayed in

figure (4.3.4).

With increasing ƒO2 there is a decrease in ΣFemelt due to the promotion of

magnetite crystallisation. Coupled with a decrease in the Fe2+Omelt and concomitant

increase in Fe3+O1.5, the FeOT content of each melt composition must be varied

to maintain equilibrium with the magnetite crucible. This brings into question the

suitability of Fe3+/ΣFe ratios as a recorder of melt composition. Alternatively, the
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Figure 4.3.4: DLu between magnetite and silicate melt as a function of Fe3+/ΣFe of the melt.
Fe3+/ΣFe values calculated from the empirical models of Jayasuriya et al. (2004) (black
squares) and Kress and Carmichael (1991) (open circles) are shown for comparison. Error
bars are 1σv.
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mole fraction of Fe3+ (XFe3+) will be used. The difference in Fe3+/ ΣFe values

calculated by both models is apparent (Figure. 4.3.4). Due to the non-integral

valence states employed by the Kress and Carmichael (1991) model and the reasons

stated in section 4.3.4, calculations of XFe3+ for melt compositions in this study will

utilise equation 14 of Jayasuriya et al. (2004).

4.3.6 The effect of melt composition on REE partitioning

4.3.6.1 Thermodynamic Explanation

To truly evaluate the influence of ƒO2 on DREE in magnetite, it is necessary to

consider the activity coefficients of each oxide component within the redox couple

(i.e. Fe2+O and Fe3+O1.5).

The partitioning of trivalent REE3+ cations into magnetite is described in equation

4.3.6. The equilibrium constant (K ) of the reaction can be calculated:

K=

(
aFe2+REE3+

2
O4mgt

)
1

2 ×
(
aFe3+O1.5melt

)
(
aFe2+Fe3+

2
O4mgt

)
1

2 ×
(
aREE3+O1.5melt

) (4.3.7)

Magnetite (Fe3O4) is a phase of fixed composition in this system. The activity

of any pure component is ai = 1. Therefore the activity of magnetite, denoted as

aFe2+Fe3+
2

O4mgt in equation 4.3.7, is 1.

Magnetite has the general formula AB2O4 with two sites, A the octahedral site

and B the tetrahedral site. Divalent cations favour the A site, which is randomly

occupied by sub-equal amounts of Fe2+ and Fe3+ cations, whereas the B site is

exclusively occupied by Fe3+ cations. To maintain charge balance in partitioning

equation 4.3.6 it is assumed REE3+ cations are substituting directly for Fe3+ cations

forming a ‘rare earth magnetite’ component (Fe2+Fe3+
2

O4). The activity of this

component can be related to the mole fraction of REE (X REE) in magnetite and the

corresponding activity coefficient (REE) raised to the power two because of the two

sites, A and B.

aFe2+REE3+
2

O4mgt =
(
XREE ⋅ REE

)2
(4.3.8)
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X REE is the amount of constituent (nREE) divided by the total number of constituents:

XREE =
nREE3+(

nREE3++nFe3+

) (4.3.9)

4.3.8 can be redefined in terms of concentrations (CREE) using k, a constant that

converts mole fraction to the more commonly used concentration by weight:

CREE = k ⋅ XREE (4.3.10)

hence,

 ′
REE

=k ⋅REE (4.3.11)

Substituting equation 4.3.10 and 4.3.11 into 4.3.7 gives:

aFe2+REE3+
2

O4mgt =
(
CREE ⋅  ′

REE

)2
(4.3.12)

The activity of the REE component within the melt (aREE3+
O1.5) can be related to

the measured concentration by the activity coefficient:

aREE3+O1.5melt =
(
CREE ⋅  ′

REE

)
(4.3.13)

Substituting equation 4.3.12 and 4.3.13 into 4.3.7 the equilibrium constant can be

defined as:

K=
C
Mgt

REE

Cmelt

REE

⋅ aFe3+O1.5 ⋅
 ′

Mgt

REE

melt
REE

(4.3.14)

where,

C
Mgt

REE

Cmelt

REE

= D
Mgt∕melt

REE
(4.3.15)

defining the standard state of equation 4.3.14 as:

K ’ = K

 ′
Mgt

REE

(4.3.16)

Substituting equation 4.3.15 in to 4.3.14 and rearranging to make the partition

coefficient (DREE) the subject gives:
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DREE =
K′

⋅ melt
REE

aFe3+O1.5melt

(4.3.17)

the natural logarithm of which is:

lnDREE= lnK’+ln melt
REE

-ln
(
aFe3+O1.5melt

)
(4.3.18)

The activity of the melt (aFe3+O1.5melt) cannot easily be determined. However, the

mole fraction of Fe3+ in the melt (XFe3+O1.5) can be related to activity using the

activity coefficient () though the relationship a = X · . Assuming  is constant,

XFe3+O1.5 can be used as a proxy for aFe3+O1.5melt thus, eq. 4.3.18 rearranges to:

ln
(

DREE ⋅ XFe3+O1.5melt

)
= lnK ’+ln melt

REE
(4.3.19)

4.3.6.2 Thermodynamic Discussion

The factors controlling variations in DREE can be evaluated if thermodynamic theory

describing crystal-melt equilibrium is used to provide the conceptual framework. This

requires a balanced chemical reaction describing how trace elements substitute into

the crystal 4.3.6. Exploring the thermodynamics of partitioning enables relationships

between variables to be examined. In this study the relationship between DREE and

Fe3+ content of the melt is of particular important because of the dependency of the

Fe3+/ ΣFe ratio on ƒO2.

Equation (4.3.14) relates the equilibrium constant (K ) to the activity of Fe3+O1.5

in the melt, the partition coefficient (DREE) and the activity of the partitioning cation

in each phase. Assuming the equilibrium constant K =1, and the relative activity of

components in each phase is constant, the partitioning of REE (DREE) is anticipated

to be inversely proportional to the activity of Fe3+O1.5 in the melt:

DREE ∝
1

aFe3+O1.5

(4.3.20)

Considering XFe3+ as an analogue for aFe3+O1.5, the partitioning broadly follows this

relationship with partition coefficient values increasing with decreasing XFe3+. The

idealised relationship, eq. (4.3.20), is plotted for comparison with the measured data
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Figure 4.3.5: Correlation between DLu and XFe3+O1.5 of the melt. Solid line denotes the
anticipated relationship of equation (4.3.20). Error bars represent 1σv.

in Figure (4.3.5). The overall trend of the data is broadly comparable with the model,

however, most points lie outside the margins of error. This suggests that whilst the

activity of Fe3+ in the melt is correlated with partitioning, it is not the singular control.

The most likely explanation for the variation is evident in eq. 4.3.14; the activities of

REE in magnetite are not constant.

Whilst melt
REE

values would be expected to vary between individual cations of the

REE series, the variation in this example is for the same REE cation, e.g. Lu, at

fixed temperature and pressure. As variations in ƒO2 changing the XFe3+ of the

melt affects the composition of the melt. This change in major element composition

will affect melt
REE

a namely SiO2 and CaO.

One major limitation underlying crystal/melt partitioning studies is the difficulty

in varying melt composition, temperature, pressure or ƒO2 so as to isolate the
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individual effect of each variable. This is simply unavoidably because crystals of

fixed composition are only in equilibrium with a restricted range of melt compositions

at any given temperature and pressure. Consequently, isolating the effects of crystal

chemistry (stoichiometric effects) from melt composition becomes unmanageable, if

not impossible, particularly for phases that exhibit solid solutions (O’Neill and Eggins,

2002). In this study all variables can be accounted for permitting a rare opportunity to

differentiate between the stoichiometric controls and activities of oxide components

in the melt.

Equation (4.3.19) is of the form y = −mx + b. Effectively an Arrhenius equation,

this can be rearranged to relate the stoichiometric controls (left hand side - LHS) to

the activities of oxide components in the melt (right hand side - RHS) eq. (4.3.18).

Changes in DREE cannot be accounted for by stoichiometric controls alone thus

assessing the influence of melt composition on the activities of components in the

melt is prudent.

Given temperature is constant and the same REE cation substitutes into a phase

of fixed composition (magnetite) lnK might be imagined to be constant. However,

this requires the value of ΔG0
REE

to be fixed, implying that melting temperatures of

substituents (REE) within the melt are unchanging, regardless of interactions with

other melt components. Given the significant variations in melt composition between

experimental runs ΔG0
REE

values are likely to vary significantly. Indeed Evans et al.

(2008) and Mallmann and O’Neill (2013) demonstrate that the partitioning of Sc,

Y and REE between olivine and silicate melt changes as a function of the mole

fraction of SiO2(melt). D0 is an empirically determined parameter, representing the

strain-compensated partition coefficient for a cation of ideal ionic radius. It accounts

for all the stoichiometric controls on partitioning, excluding any consideration of melt

composition. Evans et al. (2008) revealed a strong correlation between the idealised

partition coefficient (D0) of individual REE and XSiO2, demonstrating an influence

of SiO2 on REE partitioning.

Determining D0 values for REE in magnetite by the lattice strain model is chal-

lenging (see section 4.3.7). However, equation (4.3.18) permits the stoichiometric

controls of partitioning to be differentiated from the activity coefficients of com-

ponents in the melt. Any effect of SiO2(melt) is hypothesised to be on the activity
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coefficients of REE cations (REE
melt

) in the melt:

ln REE
melt

∝XSiO2 (4.3.21)

A strong correlation between ln
(
DREE ⋅ XFe3+O1.5melt

)
and XSiO2 (Figure. 4.3.6)

demonstrates that SiO2 affects the activities of REE components in the melt, ex-

erting a secondary influence on partitioning. The term ln
(
DREE ⋅ XFe3+O1.5melt

)

incorporates all of the stoichiometric controls on partitioning and is analogous to

the D0 term used by Evans et al. (2008). Strikingly, least square regressions of the

parameters from both studies yield extraordinarily comparable gradients:

Evans et al. (2008):

lnD0 = −4.28(±0.31) − 3.34(±0.44) lnXSiO2
(4.3.22)

this study:

ln
(
DREE ⋅ XFe3+O1.5melt

)
= −10.24(±0.36) − 3.53(±0.44) lnXSiO2

(4.3.23)

Given the studies are of different crystal/melt systems (i.e. olivine/CMAS and

magnetite/CFS) conducted at different temperatures; 1400 ◦C Evans et al. (2008),

1150 ◦C (this study), to return values of -3.34(±0.4) and -3.53(±0.44) is remarkable.

The different values of equation (4.3.22) compared to eq. (6) of Evans et al. (2008)

arise because weighted linear regression was used originally; but these weightings

were not published.

Partitioning increases with decreasing XSiO2 content suggesting strong bonding

between REEO1.5 and SiO2 in the melt. The primary influence on DREE is the XFe3+

of the melt. However, SiO2 clearly influences the activity coefficients of REE oxide

components sufficiently to cause deviations from the idealised stoichiometric control

eq. (4.3.20). Variations in SiO2 content are a by-product of thermodynamic necessity

rather than experimental design, reflected by the sparse and uneven distribution of

SiO2(melt) values (Figure (4.3.6)b.). To maintain equilibrium between magnetite and

melt as a function of ƒO2, the FeOtotal content of the melt must be modified. This
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Figure 4.3.6: Least squares regression fits of ‘stoichiometric control’ parameters for crys-
tal/melt partitioning of REE demonstrating dependence on XSiO2 content of the melt. (a)
Eq. (4.3.22); Evans et al. (2008) – lnD0 values for REE & Sc3+ between olivine and varying
compositions of CMAS; error bars are ±2σv. (b) Eq. (4.3.23); This study – values for La
between magnetite and varying CFS compositions; error bars are ±1σv.
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dilutes or concentrates SiO2 resulting in a change of XSiO2. It is hypothesised that

SiO2 and REE react within the melt to form REEO1.5-SiO2 complexes. The number

of complexes formed increases with XSiO2, stabilising more REE cations in the melt

and suppressing partitioning.

Demonstrating the existence of these complexes is analytically difficult. O’Neill

and Eggins (2002) and O’Neill et al. (2008) suggest that CaO forms similar stable

complexes with molybdenum and tungsten oxides in CMAS melts. The formation

of such complexes, combined with a corresponding suppression of partitioning, in

other chemical systems indicates that such components are likely to exist and affect

the activities of the components in the melt (O’Neill and Eggins, 2002). Furthermore,

from variations between individual Dol∕melt

REE
values that cannot be accounted for by

stoichiometric controls, Evans et al. (2008) suggest that the strength of the REEO1.5-

SiO2 bonds is likely to differ with ionic radius. However, this was not investigated here.

Unique to this study is that the host crystal, magnetite, is an oxide. Previous studies

have investigated crystals with SiO2 as a major element (i.e. olivine). Consequently,

any correlation between DREE and SiO2 is unequivocally divorced from influences of

charge-balanced coupled-substitutions.

Clearly, evidence for the formation of REEO1.5-SiO2 complexes in melts is grow-

ing. Indeed, it is well known that divalent cations form M2SiO4 complexes, although

any systematic variations with major element composition are weak (O’Neill and

Eggins, 2002). On the other hand, trivalent oxide components like REE show strong

correlations with SiO2 that clearly influences their partitioning, although how signific-

antly is difficult to quantify. Whilst XSiO2 was used in this study, perhaps the chemical

potential of silica (�SiO2
) may provide a more thermodynamically appropriate variable

for such assessment.

4.3.7 Lattice strain theory

Partition coefficients for trivalent cations (REE and Y3+) were fit to the lattice strain

model (Blundy and Wood, 1994). This relates the partitioning (D) of a trace element

(i) to the ionic radius of the site (ri, Å), the Young’s modulus of the crystal (E, GPa)

and the theoretical partition coefficient (D0) of an element with ideal radius (r0)

through the equation:
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Figure 4.3.7: A schematic representation of the effects of the parameters in equation
(4.3.24) on partition coefficients. The ‘best-fit’ ion has radius r0 and a corresponding partition
coefficient D0 at the peak of the parabola. A positive or negative deviation in ri causes a
decrease in the partition coefficients. The ‘tightness’ of the parabola increases with E (the
young’s modulus of the site). D0 and E vary as a function of pressure and temperature. r0
varies primarily as a function of crystal composition. From: Blundy and Wood (2003).

Di = D0 × exp

⎧⎪⎨⎪⎩

−4�ENA

[
r0

2

(
ri − r0

)2
−

1

3

(
ri − r0

)3]

RT

⎫⎪⎬⎪⎭
(4.3.24)

where NAis Avogadro’s number, R is the gas constant and T temperature (K).

The relationship between D0 , the effective Young’s modulus (E) and the optimum

effective radius of the cation crystallographic site (r0) in the mineral is displayed in

Figure. (4.3.7). The r0 value determined the fit of the model corresponds to the ionic

radius of a cation substituting with minimum strain into the structural site. For most

minerals the r0 is comparable with the ionic radius of the site size. In magnetite

this is more complicated. Magnetite has the form (Fe3+)tet[Fe2+Fe3+]octO4 where

divalent cations reside on the octahedral [B] site along with sub-equal amounts of

Fe3+ cations, and the tetrahedral (A) site is exclusively occupied by Fe3+ cations.

Thus, Fe3+ occupies both crystallographic sites each with a different coordination

environment. In the partitioning reaction eq. (4.3.6) REE substitute for Fe3+, negating
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any requirement for charge compensated coupled substitutions. In order to substitute

for Fe3+ on the B site, the REE would be in four-fold coordination. REE are ordinarily

six- or eight-fold coordinated, indeed Shannon (1976) did not list a value for any REE

cation in tetrahedral coordination. Therefore, it is assumed REE exclusively occupy

the octahedral [B] site in six-fold coordination. The fit of DREE to the lattice strain

model should yield a r0 value close to the ionic radius of VIFe3+; 0.645 Å (Shannon,

1976).

For REE3+ cations substituting into magnetite the anticipated r0 value (0.645

Å) is significantly smaller than the ionic radius of the smallest REE, Lu3+ (0.861

Å). This means one limb of the Onuma parabola is unconstrained during fitting,

and thus values for the lattice strain parameters of REE cations are impossible to

determine without providing constraints. Therefore, partition coefficients for other

3+ cations (Al, Ga and Sc) with ionic radii closer to the anticipated r0 value were

obtained (R. Sievwright (2017), pers.comm.). These were determined in an identical

experimental setup at the same run conditions. The fit of the data to the lattice strain

model is shown in Figure (4.3.8). D3+
i

values determined at ΔQFM-1; 1150 ◦C and

1 atm were selected for fitting as they have the smallest RSD and display a smooth

variation in Di with ionic radius (Figure 4.3.1).

The defined parabola is centred around r3+
0

= 0.632 Å, which is in reasonable

agreement with the anticipated r0 value of 0.645 Å. The fit parameters are given in

Table (4.3.3). The REE correlate poorly with the right-hand limb of this parabola.

Lu, Yb, Tm and Er (HREE) lie within error of the predicted model, however, Ho-

La (MREE-LREE) deviate considerably, the degree of aberration increasing with

ionic radius. The disparity between the optimum ionic radius of the site and the

substituting cation is termed the misfit strain energy. As ionic radii increase so does

the misfit strain energy, making larger cations increasingly incompatible. This is

evident for DREE in magnetite where HREE are relatively more compatible than

LREE and also explains why Al3+, Ga3+ and Sc3+ are much more compatible than

REE.

The apex of the parabola, D0 and r0, is predominately constrained by Al3+, Ga3+

and Sc3+. Indeed, without them it is not possible to constrain a parabola. A r0 value

comparable to the ionic radius of Fe3+ is verification that the model is appropriate.
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Figure 4.3.8: Onuma diagram showing trivalent magnetite/melt partition coefficients, de-
termined by LA-ICP-MS, as a function of ionic radius. REE and Y (circles) – this study;
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To determine if the poor correlation between the trend of the REE and slope of the

limb is an artefact of a poorly constrained model, the validity of the value obtained for

the Young’s modulus (E) value should be assessed. The individual isotropic elastic

modulus of a material can be calculated from the values of any other two moduli. In

particular, the Young’s modulus (E) can be determined using the isotropic bulk (K)

and shear moduli (G) through the relationship:

E =
9KG

3K + G
(4.3.25)

Using this relationship we find, using values of 185.7 GPa for K and 60.3 GPa for

G measured by Reichmann and Jacobsen (2004), the Young’s modulus of magnetite

is calculated to be ~156.8 GPa. The value of E determined by the lattice strain

model is 163.4 GPa in excellent agreement. Given the parameters determined by

the lattice strain model are appropriate for the crystallographic site and all cations in

Figure. (4.3.8) are not subject to crystal field effects, it is curious the REE do not

conform.

One explanation is that the REE are not partitioning exclusively onto the octa-

hedral site. Fe3+ also occupies a proportion of the tetrahedral sites, and if the REE

were substituting onto this site it would influence their fit to the model. Indeed some

studies have, perhaps innovatively, demonstrated the partitioning of elements onto

different crystallographic sites within some minerals (Adam and Green, 2001). Con-

straining the parameters of the lattice strain model so that r0 is approximately equal

to the ionic radius of IVFe3+ (0.49 Å) results in the limb of the parabola correlating

well with the trend of the REE (Figure. 4.3.8). This fit yields an E value of 55.0 GPa.

Such a large difference between two sites in the same mineral is extremely abnormal

for crystallographic materials. Furthermore, the Young’s modulus is a function of

bond stiffness and given there are fewer bonds in the tetrahedral site compared to

the octahedral site it would be anticipated to have a higher Young’s modulus.

The lattice strain model is unable to successfully describe the partitioning of REE

in magnetite. It does, however, appear to describe the partitioning of the trivalent

cations Al3+, Ga3+ and Sc3+ onto the octahedral site. This may indicate that the

lattice strain model is not appropriate for highly incompatible cations, such as REE
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Table 4.3.3: Lattice strain parameters determined for trivalent cation incorporation into
octahedral (VI) and tetrahedral (IV) sites in magnetite. Parameters calculated by least-
square regression to the Brice equation (Wood and Blundy, 2003). Numbers in parentheses
represent 1σv. rFe3+ is the ionic radius of Fe3+ in the respective coordination taken from
Shannon (1976). Errors on r0 and D0 are several times larger than the value of the parameter.

Parameter
Site coordination

IV VI*

E3+(GPa) 163.4(20) 55(17)
r0 (Å) 0.632 0.487
D0 2.84 1.25

rFe3+ (Å) 0.645 0.490

*Al, Ga and Sc exluded from fit

in magnetite. Additionally, the model may not work well for minerals with multiple

sites, indeed most successful applications are for single site partitioning minerals

Wood and Blundy (2003). The lattice strain model is based on the assumption that

partitioning cations are predominately controlled by the physical properties of the

crystal lattice site, excluding any influence of melt composition. However, it has been

demonstrated earlier in this study that melt composition, in particular XSiO2, clearly

influences DREE and this may account for the deviation from the best-fit parabola.

The magnitude of this effect on partition coefficients is, however, not well understood.

When comparing the results of this study and others to natural systems caution

must be applied as the effect of pressure is not known. Finally, the concentrations

of REE within magnetite are extremely low. This challenges the detection limits of

LA-ICP-MS and despite the high precision of the measurements a lack of accuracy

could influence the trend of the REE. However, it is the author’s opinion that the

concentrations measured reflect the true concentrations (see next section).

4.4 Diffusion

4.4.1 Diffusion of REE

Concentration profiles of REE + Y (where included) in magnetite were measured

at 1150 ◦C, 12 h; 1 atm and varying ƒO2. Profiles were fit to the diffusion equation

(4.2.1) by least squares regression to determine diffusion coefficients (DDiff
REE),

and background (c0) and interface concentrations (ci). The ci values were used to
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determine partition coefficients that are comparable with the limited data available

from previous partitioning studies (see section 4.3.2). Calculated c0 values are con-

sistent with natural REE concentrations, typically below LOD (e.g. 175Lu = <0.0004

ppm; using 100 µm spot). These observations corroborate both the validity of the

experimental approach and accuracy of the measurements despite the analytical

difficulties. This study presents the first diffusion data for REE in magnetite (to the

authors knowledge) as a function of ƒO2.

Diffusion coefficients (DDiff
REE) of REE range over two orders of magnitude

from 10-11.96 to 10-14.42 m2/s as a function of ƒO2 (QFM-1.0 ≤ƒO2≤ QFM+4.9). At

constant ƒO2 DDiff
REE values range over almost one order of magnitude, varying as

a function of ionic radius i.e. logDDiff
Lu = -13.61 m2/s compared to logDDiff

La = -14.42

m2/s at ΔQFM. This increase in diffusion rate with decreasing cation size is evident

across all experiments, although the magnitude of this disparity diminishes with

increasing ƒO2 (Figure 4.4.1). logDDiff
REE values determined for individual cations at

each ƒO2 are presented in Table (4.4.1). Yttrium is not presented for all experiments,

as it often displayed significantly different behaviour to its ‘geochemical twin’ Ho.

This anomalous behaviour is possibly the result of the polyatomic interference 57Fe

+ 2(16O) = 89Y. The abundance of Fe relative to Y could produce phantom counts

causing the 89Y concentration to be overestimated. Whilst this might affect the

reliability of calculated diffusion coefficients it would have little impact on partition

coefficients as the melt and magnetite crystal are both so Fe-rich relative to Y, the

effect will be minimal.
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Table 4.4.1: Calculated diffusion coefficients (DDiff ) in m2/s for REE and Y in magnetite.

Element
QFM-1 QFM QFM+1 QFM+2 QFM+3 QFM+4.89 (CO2).

logDDiff Fit (>95%) a n logDDiff Fit (>95%) n logDDiff Fit (>95%) n logDDiff Fit (>95%) n logDDiff Fit (>95%) n logDDiff Fit (>95%) n

La -14.40 (12) 0.04 4 -14.42 (24) 0.40 3 - - - -14.19 (27) 0.24 7 -13.15 (2) 0.20 2 -12.58 (24) 0.47 4
Ce -13.54 (13) 0.07 3 -14.14 (15) 0.19 4 - - - -13.59 (20) 0.25 8 -12.52 (35) 0.55 5 -12.49 (23) 0.37 5
Pr -14.02 (8) 0.05 4 -14.40 (9) 0.20 3 - - - -14.04 (10) 0.37 7 -13.22 (17) 0.24 5 -12.59 (4) 0.35 5
Nd -13.97 (17) 0.04 4 -14.25 (6) 0.72 3 - - - -14.04 (25) 0.67 13 -12.90 (20) 0.28 3 -12.56 (14) 0.82 10
Sm -13.49 (15) 0.03 4 -14.16 (8) 0.23 5 - - - -13.95 (29) 0.73 12 -13.07 (7) 0.12 3 -12.54 (24) 0.35 8
Eu -13.50 (10) 0.06 4 -14.08 (10) 0.10 5 - - - -13.85 (24) 0.28 13 -12.99 (2) 0.21 3 -12.39 (17) 0.50 8
Gd -13.43 (13) 0.05 3 -13.98 (7) 0.26 5 -14.13 (7) 0.23 3 -13.85 (16) 0.37 7 -13.05 (9) 0.21 4 -12.51 (25) 0.88 5
Tb -13.23 (9) 0.06 3 -13.84 (7) 0.11 8 -14.15 (14) 0.22 3 -13.90 (12) 0.18 7 -13.08 (16) 0.23 6 -12.17 (10) 0.17 5
Dy -13.10 (5) 0.09 3 -13.74 (7) 0.14 8 -14.12 (14) 0.53 3 -13.81 (15) 0.18 7 -13.04 (20) 0.24 6 -12.08 (8) 0.29 5
Ho -13.05 (4) 0.15 3 -13.66 (5) 0.08 8 -14.05 (15) 0.13 3 -13.77 (10) 0.07 7 -13.02 (31) 0.68 5 -12.07 (11) 0.75 5
Y -12.97 (16) 0.38 3 -13.59 (10) 0.13 10 - - - -13.56 (10) 0.21 10 -13.29 (15) 0.25 3 -11.99 (14) 0.36 6
Er -13.00 (3) 0.24 5 -13.62 (5) 0.09 7 -14.06 (14) 0.45 3 -13.84 (6) 0.12 7 -13.00 (27) 0.31 5 -12.00 (6) 0.46 5
Tm -12.95 (4) 0.17 4 -13.57 (5) 0.08 8 -14.00 (15) 0.20 3 -13.76 (14) 0.21 7 -12.99 (25) 0.46 6 -11.95 (6) 0.32 4
Yb -12.93 (5) 0.18 4 -13.58 (3) 0.12 8 -14.06 (12) 0.16 3 -13.76(11) 0.12 7 -12.95 (22) 0.34 5 -12.06 (20) 0.41 4
Lu -12.97 (4) 0.28 4 -13.61 (5) 0.06 8 -14.00 (14) 0.14 3 -13.77 (11) 0.10 7 -12.98 (18) 0.37 5 -11.96 (4) 0.20 4

Run Conditions: T = 1150 ◦C, P = 1 atm., t = 12 h.

- = not included in experiment
n = number of individual traverses used to calculate DDiff values
Values in parentheses denote standard deviation (1�) of ‘n’ logDDiff values

a Fit(>95%) - 95% confidence limits of permissible curve fits
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4.4.2 Development of experimental technique

LA-ICP-MS enables the simultaneous acquisition of data multiple elements at varying

low concentrations (sub µg g-1) with high precision. Data acquisition is time effective

making it a highly efficient analytical technique for measuring diffusion profiles.

Incompatible trace elements can be studied at naturally occurring concentrations,

avoiding uncertainties with regards to Henry’s law, in addition to interferences with

substitution mechanisms and diffusion pathways. Experiments must be of sufficient

duration to yield diffusion profiles of suitable lengths. Given the spatial limitations

of traversing with LA-ICP-MS, a profile should ideally be >50 µm. Therefore, the

element(s) of interest must not diffuse too quickly or slowly (diffusion rate typically

within 3 orders of magnitude) at the experimental conditions (Spandler and O’Neill,

2010).

No previous data exists for the diffusion rates of REE in magnetite so it was

necessary to establish a suitable experimental run time. Preliminary experiments

ranging from 12 h to 7 days at 1150 ◦C and ΔQFM+2 established that the diffusion

rates of HREE were sufficient to produce measurable profiles ~60 µm within 12

h. Diffusion coefficients determined at 12 h and 161 h (7 days) for HREE (Lu-

Gd) agreed within error, demonstrating time-independent diffusion (Figure. 4.4.2).

Furthermore, this time-independence alleviates concerns that profiles could be the

result of dissolution/precipitation and migration of the mineral/melt interface.

4.4.3 Theoretical background

Simple oxide spinels have the stoichiometry AB2O4. Assigning the parentheses

( ) and [ ] to each of the sites the general formula can be written (A)[B2]O4. (A)

is the tetrahedral site occupied by divalent cations and [B] is the octahedral site

occupied by two trivalent cations. Barth and Posnjak (1932) observed that for some

spinels this distribution was the inverse (B)[AB]O4 in “normal” spinels. Effectively

forming two end-members, all variations and distributions of cations and sites can

exist between these normal and inverse spinel structures (O’Neill and Navrotsky,

1983). Magnetite exhibits an inverse spinel cation distribution at room temperature,

which changes with increasing temperature, eventually forming the arrangement
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Figure 4.4.1: Diffusion coefficients (DDiff ) calculated for REE and Y as a function of ƒO2 at
1150 ◦C; 1 atm for 12 h using LA-ICP-MS. Errors are standard deviations (1σv) of ‘n’ number
of transects. Where not visible errors are smaller than symbol. La-Eu were not included in
the QFM+1 experiment.
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Figure 4.4.2: Comparison of diffusion coefficients determined for HREE (Lu-Gd) in experi-
mental runs of 161 h (7 days) (abscissa) and 12 h (ordinate). Errors are standard deviations
(1σv) of ≥3 repeat analyses. Run conditions: T = 1150 ◦C, ƒO2 = ΔQFM+2; P = 1 atm.

(A1/3 B2/3)[A2/3 B4/3]O4 at ~1450 ◦C (Wu and Mason, 1981). The degree of inversion,

effectively the fraction of tetrahedral sites occupied by B cations, changes primarily

as a function of temperature and ƒO2. However, measuring this distribution is

difficult and requires in-situ measurement as cation exchanges may only involve

the exchange of an electron between the tetrahedral and octahedral sub-lattice (i.e.

Fe2+ ←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← Fe3+ + e– ).

At the temperature and ƒO2 range appropriate for this study, deviations from

the ideal stoichiometry (�) are small, with � <0.001 in Fe3 – �O4 according to thermo-

gravimetric measurements by Dieckmann (1982). These deviations in the cation

stoichiometry are enabled by changes to the point defect equilibria. Given the

predominant mechanism of diffusion in crystalline phases is the hopping of atoms or

ions to neighbouring vacant sites, the dependence of the point defect structure on

ƒO2 is key to understanding variations in diffusion.

The principle relationships between the point defect structure and cation diffusion

in Fe3O4 and Fe3O4-solid solutions has been extensively researched by Dieckmann

and co-workers (Dieckmann and Schmalzried, 1977a,b; Dieckmann et al., 1978;

Dieckmann, 1982; Dieckmann and Schmalzried, 1986; Dieckmann and Hilton, 1987;
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Figure 4.4.3: Schematic illustration of interstitialcy diffusion mechanism with a solid medium.

Dieckmann, 1998; Aggarwal and Dieckmann, 2002b,a). Cation diffusion is well

understood for Fe and to a lesser extent for O, Ti, Al3+, Mn, Ni and Cr. However,

trace elements, such as the REE, which are pertinent to igneous and metamorphic

studies, have not been investigated.

4.4.4 Point defect model

At ƒO2s approaching the magnetite-wüstite buffer (MW) magnetite exhibits a small

cation excess permitted by Frenkle defects (Dieckmann and Schmalzried, 1977a).

This causes Fe cations to migrate from their normal octahedral or tetrahedral lattice

sites into interstitial sites. In this regime cations diffuse either by hopping along

interstitial sites or by a more complex interstitialcy mechanism of jumping between

cation and interstitial sites. If the distortion becomes too large to make the interstitial

mechanism probable, interstitial atoms can move by an interstitialcy mechanism. An

interstitial atom pushes one of its nearest neighbours on a normal lattice site into

another interstitial position and itself occupies the lattice site of the displaced atom.

This mechanism is illustrated schematically in Figure (4.4.3).
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As ƒO2 increases, Fe interstitials decrease, decreasing the diffusivity of Fe by an

interstitial mechanism. Concomitantly, vacancies form on the cation sublattices and,

with increasingly oxidising conditions, diffusion by vacancies becomes the dominant

mechanism (Van Orman and Crispin). This dependence of point defects on ƒO2 was

first modelled by (Dieckmann and Schmalzried, 1977b,a) by measuring the diffusion

of Fe over a wide range of ƒO2s.

Two assumptions of the model are, firstly it is possible to evaluate the diffusion

of Fe without consideration of its valence. Stoichiometry fixes the Fe3+/Fe2+ ratio at

2, effectively buffering the electron concentration through the exchange reaction:

Fe2+ ←←←←←←←←←←←←←←←←←⇀↽←←←←←←←←←←←←←←←←← Fe
3+ + e− (4.4.1)

Electrons move much faster than cations making it practically impossible to

maintain anything other than a zero charge flux between charged species. Secondly,

vacancies in the oxygen sublattice and oxygen interstitials, which in principle are

present, occur in such small concentrations that they are negligible.

Such assumptions enable the point defect equilibria to be written independently of

the coordination of the two crystallographic sites. The formation of cation vacancies

[VFe] can be described by the reaction:

3Fe2++2
3

O2 ↔2Fe3++[VFe]+
1

3
Fe3O4 (4.4.2)

The formation of Fe2+ or Fe3+ interstitials is described by:

Fen++VI ↔ Fen+
I

+[VFe] (4.4.3)

where, VI represents a vacant interstitial site and VFe a vacant cation site.Applying

the law of mass action to equation (4.4.2) and assuming an ideal solution of the

point defects the concentration of iron vacancies
[
VFe

]
can be expressed as:

[
VFe

]
= KV ⋅

[
Fe2+

]3
[
Fe3+

]2 ⋅

a
2∕3

O2

a
1∕3

Fe3O4

≈
K

4
a
2∕3

O2
= [V]°⋅a2∕3

O2
(4.4.4)

where, Kv is the equilibrium constant for equation (4.4.2). Square brackets denote
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concentrations per lattice forming molecules (interstitial molecules do not contrib-

ute). The right hand side of equation (4.4.4) is an approximation because at high

ƒO2s large vacancy concentrations affect the Fe3+/Fe2+ ratio causing deviations in

stoichiometry. The penultimate equity arises because in pure magnetite aFe3O4
≈ 1,

[Fe2+] ≈ 1 and [Fe3+] ≈ 2. [V ]◦ is the ‘defect constant’ that represents the cation

vacancy concentration normalised to aO2
= 1. For pure magnetite [V ]◦= Kv∕4.

Similar treatment of equation (4.4.3) enables an expression for the concentration

of Fe interstitials to derived

[
Fen+

I

]
= 4KIa

2∕3

O2
= [I]°⋅a2∕3

O2
(4.4.5)

where KI is the equilibrium constant for (4.4.3) and [I]°is the interstitial point defect

concentration normalised to aO2
= 1.

Magnetite has two different cation sublattices, therefore KV comprises two terms

(vacancies on the octahedral and tetrahedral sites) and KI six terms (ions in two

charge states on three different interstitial site points). Formulating these explicitly is

algebraically complex, hence they are be simplified to [V ]°and [I]°. The deviation

from stoichiometry (�) in Fe3 – �O4 can be expressed in terms of point defects as:

� = [V]°⋅a2∕3

O2
-[I]°⋅a2∕3

O2
(4.4.6)

This relationship reveals that the concentrations of Fe vacancies increases and the

concentration of Fe interstitials decreases with increasing ƒO2, with exponents of

2/3 and -2/3, respectively. This dependence was confirmed experimentally through

thermogravimetric measurements (Dieckmann, 1982; Dieckmann and Schmalzried,

1986).

Cation vacancies and cation interstitials are not the only factors contributing to

cation diffusion. Geometric factors (gi), jump length (ai) and effective jump frequency

(Γi), to name a few, are equally important when formulating diffusion coefficients.

However, assuming these terms are independent of � (Dieckmann, 1998) allows

tracer diffusion coefficients to be expressed as:

D◦

Fe = C◦

Fe(V )
⋅a

−2∕3

O2
+C◦

Fe(I) ⋅ a
2∕3

O2
(4.4.7)
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Where, C◦

Fe(V )
and C◦

Fe(I)
are the partial tracer diffusion coefficients of D◦

Fe

diffusing by vacancies and interstitials, respectively, both normalised to aO2
= 1.

The original equation derived by Dieckmann and Schmalzried (1977b) includes an

exponent term e(−E∕RT ) where activation enthalpies (−E) of 140 kJ/mol for vacancy

mediated diffusion and 613 kJ/mol for interstitial mediated diffusion were estimated.

In this study these exponents are incorporated within the terms C◦

Fe(V )
and C◦

Fe(I).

Equation (4.4.7), the point defect model, allows experimentally determined cation

tracer diffusion coefficients for a variety of cationic compositions and temperatures

as a function of ƒO2 to be described by the point defect chemistry, in all cases

revealing a V-shaped curve (Aggarwal and Dieckmann, 2002b). At ƒO2s significantly

greater than that corresponding to the minimum logDFe value, the slope of the logDFe

vs logƒO2 curves is ~2/3, confirming that cation vacancies dominate diffusion in

these regimes. Conversely, at ƒO2s less than that corresponding with the minimum

logDFe value, the slope is -2/3, suggesting that cation interstitials prevail in cation

diffusion.

4.4.5 Diffusion of REE

The point defect model has only been applied to major cation components of

magnetite or magnetite-based spinels of the type (Fe1 – xMex )3 – �O4, where Me

are highly compatible elements e.g. Mn, Co, Ti, Ni. However, advancements in

micro-analytical techniques enable highly incompatible trace elements, which were

previously too difficult to measure, to now be considered. Diffusion coefficients

(logDDiff ) determined for REE at 1150 ◦C, 1 atm and the ƒO2 range QFM-1.0 ≤ ƒO2

≤ QFM+4.9 were fit to equation (4.4.7). Values for normalised partial cation trace

diffusion coefficients C◦

REE(V) and C◦

REE(I) were determined from non-linear least-

squares fits for individual REE and are presented in Table (4.4.2). For convention

and ease of presentation all values are in base-ten logarithms. Displaying fits of all

REE is visually abstruse due to relatively minor differences between the diffusive

behaviour of individual cations. Fits of all the REE are presented in figure (4.4.4).

Individual fits of all REE are presented in Appendix A (5.2).

All fits of the model to experimental REE (&Y) data produce characteristic V-

shaped curves suggesting that the diffusion of REE cations is governed by point
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Figure 4.4.4: Selected REE cation diffusion coefficients in magnetite as a function of ƒO2
at 1150 ◦C and 1 atm. Solid lines are non-linear least-squares regression fits of measured
logDDiff values at each ƒO2 to modelled logD◦

REE values (see eq. (4.4.7) assuming constant
oxygen activity exponents of 2/3 and -2/3. Error bars are standard deviations (1σv) of ≥ 4
repeat analyses. Errors on model fit are not displayed but are reported in Table 4.4.2.

321



Table 4.4.2: Normalised partial tracer diffusion coefficients, as defined in eq. (4.4.7) (in
m2/s), for REE and Y at 1150 ◦C, 1 atm. and 12 h. Errors are 1�.

Element
Model Parameters

log10 C
◦

REE(V )
log10 C

◦

REE(I)
Σres2

La -9.47 ±0.29 -20.83 ±0.47 0.40
Ce -9.06 ±0.50 -20.22 ±0.96 0.79
Pr -9.47 ±0.21 -20.59 ±0.29 0.24
Nd -9.35 ±0.34 -20.491 ±0.52 0.24
Sm -9.38 ±0.23 -20.18 ±0.31 0.28
Eu -9.27 ±0.20 -20.15 ±0.28 0.23
Gd -9.29 ±0.21 -20.01 ±0.27 0.35
Tb -9.23 ±0.08 -19.87 ±0.10 0.07
Dy -9.17 ±0.07 -19.76 ±0.08 0.05
Ho -9.14 ±0.07 -19.69 ±0.09 0.05
Y -9.09 ±0.10 -19.63 ±0.15 0.08
Er -9.08 ±0.05 -19.66 ±0.07 0.05
Tm -9.09 ±0.05 -19.60 ±0.06 0.06
Yb -9.10 ±0.08 -19.601 ±0.10 0.07
Lu -9.04 ±0.05 -19.64 ±0.07 0.04

Σres2 = Sum of squared residuals

defects. The quality of the fit of eq. (4.4.7) to the experimental data is expressed as

the sum of squared residuals (Σres2) listed in Table (4.4.2). Fits to HREE are good,

Σres2 values <0.08, producing curves within error of the measured values. However,

LREE (La-Gd) yield significantly poorer fits, Σres2 >0.23, particularly at logƒO2s >6.

In part this results from an absence of data at logƒO2 -8 (ΔQFM+1) but also reflects

the greater uncertainties in detecting elements at ppb concentrations.

Individual logD◦

REE vs. logƒO2 curve exhibit a minima at which cation vacancies

and cation interstitials contribute equally to the mechanism of diffusion. The ƒO2

corresponding to this minimum, fO∗
2

, can be obtained through the equation:

fO∗
2

=

(
C◦

REE[I]

C◦

REE[V ]

)3∕4

(4.4.8)

Values for the cation trace diffusion coefficient D◦

REE (min)
corresponding to fO∗

2
can

be calculated using the equation:

D◦

REE (min)
= 2

[
C◦

REE[V }
⋅ C◦

REE[I]

]1∕2
(4.4.9)

The fO∗
2

and corresponding D◦

REE (min)
values for each REE as a function of ionic

radius (Å), are shown in Figure 4.4.5.
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Figure 4.4.5: (a) Oxygen fugacity at which the cation tracer diffusion coefficients show a
minimum, fO∗

2
, as a function of ionic radius. (b) Logarithm of the minimum value of cation

tracer diffusion coefficients (D◦

REE (min)
) as a function of ionic radius. Errors are propagated

from uncertainties in C◦

REE(I)
and C◦

REE(V )
. Experimental conditions: 1150 ◦C, 1 atm and 12

h. Yttrium is excluded due to poor fit to the model.

Clearly there is a correlation between the position of the minima and ionic radius.

With increasing cation size values of D◦

REE (min) decrease and shift to lower fO∗
2

values. This is visually evident in figure (4.4.4) where the turning points of fits shift

to lower logD values becoming increasingly offset towards lower ƒO2 values. At

the wüstite-magnetite buffer (ƒO2 = -10), which is relatively reducing, diffusion by

interstitial(cy) mechanisms predominate. A shift of the minima to lower ƒO2s indic-

ates a change in the position of the point defect equilibrium whereby interstitial(cy)

mechanisms are suppressed by an increasing role of vacancy mechanisms. This

suggests that larger REE cations favour vacancy mediated diffusion over intersti-

tial(cy), possibly because the disparity between cation size and interstitial site size

impedes mobility via these pathways. Consequently, the limited number of vacancy

sites at low ƒO2s remains the primary diffusion pathway, shifting the minima of the

curve to lower ƒO2s and impairing diffusion rates.

Ce exhibits a noticeably faster D◦

Ce (min)
value than expected from the trend of

with ionic radius in Figure (4.4.5b). Ce is a redox variable element that could exist

as both Ce3+ and Ce4+ over the experimental conditions investigated. However, a

unique feature of magnetite-melt trace-element partitioning is that whilst oxidation

states of redox variable elements vary with ƒO2 in the melt, they do not within the

magnetite. This is because redox speciation in magnetite is controlled by the electron
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exchange reaction between Fe2+ and Fe3+ eq. 4.4.1. A known example of this is V,

which readily substitutes into Fe3O4 forming a spinel solid solution FeV2O4 – Fe3O4

(O’Neill and Navrotsky, 1984). The oxidation states of V are 3+ and 4+ and the

electron-exchange reaction is:

Fe3+ + V3+ = Fe2+ + V4+ (4.4.10)

This same reaction can be written for Ce and hence the ratio of Ce3+ to Ce4+ in

magnetite is independent of ƒO2 at a given temperature and pressure.

On the basis of geometrical and energetical arguments Peterson et al. (1980)

selected a number of most probable interstitial diffusion mechanisms. These were

tested by Dieckmann and Schmalzried (1986) who concluded that none of the mech-

anisms were appropriate, instead advocating a collinear interstitialcy mechanism

in which octahedrally coordinated interstitials and normal Fe ions in octahedral

coordination are involved. Demonstrating the active mechanism requires in-situ

investigations of cation and defect distributions, as well as the individual mobility of

different species. Tracing of individual cations though crystallographic mediums is

extremely difficult.

Diffusion in the vacancy regime is dominated by octahedrally coordinated vacan-

cies (Dieckmann, 1982). At high ƒO2s, approaching the magnetite/hematite buffer, a

small deviation from the a
2∕3

O2
dependency is observed resulting from a decrease in

the Fe2+/Fe3+ ratio which is a stoichiometric consequence of the increasingly oxid-

ising conditions (Dieckmann, 1982). Therefore, a correction factor can be applied to

the oxygen activity to account for this effect. This was done for the fitting of HREE

(Lu-Gd) in this study. Variation in the exponent value of 2/3 was minimal, ±0.063,

and slightly improved the fit of the right hand limb of the model.

4.4.6 Comparison with literature data

Little data exists on the diffusion rates of trace-element cations in magnetite; indeed

this work presents the very first determinations of REE diffusion rates in magnetite.

Tracer diffusion coefficients have previously been determined for Co, Cr (Dieckmann

et al., 1978), Mn, Ti (Aggarwal and Dieckmann, 2002b) and Al (Dieckmann and
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Schmalzried, 1986). Like the REE all of these cations behave similarly to Fe in their

response to ƒO2, with interstitial and vacancy mediated diffusion dominating under

relatively reducing and oxidising conditions respectively. Under similar experimental

conditions (1200 ◦C; 1 atm) diffusion rates of Dieckmann and Schmalzried (1986)

and Aggarwal and Dieckmann (2002b) are comparable to those determined in this

study. Like REE, both Al and Ti can occur as trivalent cations, however, they have

much smaller ionic radii and are considerably more compatible in magnetite; forming

spinel solid solutions FeAl2O4 and FeTi2O4. Given the analytical difficulties and

contrast in experimental techniques the similarity in diffusion rates authenticates the

approach of this study.

4.5 Conclusions

The novel experimental technique used in study of equilibrating silicate melt with

a magnetite crucible and measuring the resulting concentration profiles using an

orientated laser spot, combined with the low detection limits of LA-ICP-MS, enabled

the concentrations of highly incompatible trace elements in magnetite to be determ-

ined. Concentration profiles were fit to the diffusion equation, which enabled the first

determinations of (1) diffusion coefficients (DDiff ) and (2) partition coefficients (Di)

for all REE and Y, as a function of ƒO2 at 1150 ◦C and 1 atm. REE and Y are highly

incompatible in magnetite with DREE values <0.01 and show little dependence on

ƒO2 . HREE are relatively more compatible than LREE.

Varying the ƒO2 of experiments caused variations in the solubility of magnetite

and the Fe2+/Fe3+ content of the melt. In order to maintain equilibrium between

the magnetite and melt interface the melt composition was varied. The simple stoi-

chiometry of magnetite permitted the thermodynamic investigation of partitioning and

diffusion over a wide range of ƒO2 conditions. DREE exhibit broad correlations with

XFe3+O1.5 of the melt and strong correlations with XSiO2, indicating that REE form

REEO1.5-SiO2 complexes in the melt, which affect the activity, and consequently par-

titioning behaviour of REE. If the strength of these bonds is a function of ionic radius

(Evans et al., 2008) petrogenetically significant trace element ratios in magnetite e.g.

Ni/Cr (Dare et al., 2012) and Ti/V (Nadoll et al., 2014) should be sensitive to melt
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composition as well as the processes which make them of interest.

DDiff of REE range over two orders of magnitude from 10-11.96 to 10-14.42 m2/s

as a function of ƒO2 (QFM-1.0 ≤ƒO2≤ QFM+4.9). Determining logDDiff of REE

as a function of ƒO2 enabled the first experimental confirmation of the ‘V-shaped’

dependance of cation diffusion in magnetite. Diffusion rates increase with ƒO2

indicating that vacancy-mediated dominates over interstitial(cy)-mediated diffusion.

The smooth diffusion profiles determined for the REE in magnetite demonstrate REE

are hosted directly within the crystal structure as opposed to micro-inclusions.

Traditional static analysis of highly incompatible trace elements requires large

spot size of ~50 µm in order to achieve appropriate detection limits. Diffusion is not

reliant upon the sluggish nucleation and crystal growth mechanisms of minerals.

Considering the minimum and maximum diffusion rates determined for REE in

magnetite within these experiments it would take between 1 and 210 years to fully

homogenise a 50 µm diameter magnetite crystal. Conducting experiments over

such timescales is not feasible. However, this cannot be applied ubiquitously to

all slow nucleating minerals, for example, the diffusion rates of trace elements in

zircon are too slow (Cherniak et al., 1997). When fast diffusion rates couple with

slow nucleating minerals, like in magnetite, measuring the diffusion rates of trace

elements is the optimal approach.

This also highlights that the timescales of diffusion even in incompatible elements

can be rapid relative to that of magmatic processes. Slower diffusing elements

will therefore be much more robust petrogenetic indicators. Experiments were

conducted under anhydrous conditions and the trace elements investigated were

strongly incompatible. Consequently, the timescale required to fully homogenise a

compatible trace element in magnetite through interaction with a hydrothermal fluid

could be only days or hours.
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Chapter 5

Conclusions and Future Work

5.1 Conclusions

Carbonatites (sensu lato) are synonymous with enrichments of incompatible trace-

elements, in particular REE. Steep LREE-enriched signatures are typical of many

carbonatite complexes, including Cummins Range, which has been fully charac-

terised as part of this study (Chapter 2). One way to explain the enrichment is to

assume the REE partition strongly into a carbonate melt coexisting wth a silicate

melt and that a relatively small amount of carbonate would sequester all of the

REE from a much larger volume of silicate. However, whole rock REE patterns

of coexisting clinopyroxenite and carbonatite from the CCRC exhibit very similar

ΣREE abundances. This observation is consistent with experimental studies of the

effects of temperature, pressure and composition on partitioning of REE between

carbonate-silicate melts (Wendlandt and Harrison, 1979; Freestone and Hamilton,

1980; Jones et al., 1995; Veksler et al., 1998b; Martin et al., 2012, 2013). All studies

concluded that within geologically appropriate systems, REE have a partition coeffi-

cient of ~1, showing little preference for carbonate over silicate melts. Consequently,

the overall concentration and distribution of the REE in carbonatites with magmatic

mineral assemblages must be controlled by its constituent phases.

Apatite is one of the most common non-carbonate phase in carbonatites and

occurs in reasonable abundance in associated silicate melts. Natural apatite shows

a consistent enrichment in LREE (Chakhmouradian et al., 2017b) regardless of

whether it crystallised from a silicate or carbonate melt, and can host economic
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concentrations of REE e.g. Nolans Bore (Schoneveld et al., 2015). Carbonatites can

derive from “mixed” carbonate-silicate melts either by liquid immiscibility or crystal

fractionation. Experimental studies of element partitioning between immiscible

carbonate/silicate melts observed that phosphorous displayed a preference for

carbonate melt over a conjugate silicate melt DCarb/Sil = 1.1-13.5 (Martin et al.,

2013). Similarly, carbonate globules, interpreted to have evolved from carbonated

nephelinitic magma by immiscibility at Kerimasi and Oldoinyo Lengai (Tanzania),

have a much higher P2O5 contents of (3.2–7.7 wt.%) compared with the associated

silicate melt (P2O5 ≤ 2.3 wt.% ) (Guzmics et al., 2010; Mitchell and Dawson, 2012).

To understand the importance of apatite crystallisation on the REE content

of carbonatites an investigation of trace element partitioning between apatite and

carbonate melt was undertaken (Chapter 3), expanding the limited PT conditions

previously studied and the influence of charge compensating species (Klemme

and Dalpé, 2003; Hammouda et al., 2010). Despite changes to the pressure,

temperature, crystal (F- and Cl- end-members) and melt chemistry DREE values

remained ~1 demonstrating the crystallisation of apatite will not enrich the REE

content of a carbonate melt from which it is crystallising. Conversely, DREE of

apatite/silicate melts range from ~5-10 depending on the aSiO2 of the melt (Watson

and Green, 1981).

In the CRCC the REE patterns of apatite are the same in both the carbonate

and silicate units, despite the difference between the REE partitioning coefficients

of apatite in silicate and carbonate melts. Given REE have a partition coefficient

of ~1 between conjugate carbonate and silicate melts the concentration of REE in

both melts upon segregation would be equal. Estimates of the relative volumes

of carbonatite and silicate melt suggest that carbonatite comprises ~7-16 vol.%

of the complex. The difference in partition coefficients between apatite in silicate

and carbonate melt is approximately a factor of 10. Therefore, the preferential

partitioning of REE into the carbonate diluted the REE by a factor of ten in the

pyroxenite (silicate melt) such that the REE concentrations of apatite in the pyroxenite

and carbonatite are similar. The parallel and subparallel REE distribution patterns

determined between whole rock and apatite, indicate that the distribution of REE is

predominately influenced by apatite. However, distinct variations, particularly the
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relative suppression of LREE are a result of the crystallisation of REE-rich accessory

phases perovskite and zirconolite in pyroxenite, and pyrochlore in carbonatite.

One of the difficulties in studying these unusual deposit types is that most

of the processes involved in their formation straddle the hydrothermal-magmatic

divide. The solubility of H2O in carbonatites is known to be high, so a vapour

phase commonly exsolves at the late stage of carbonatite evolution (Wyllie et al.,

1996). Such processed are extremely difficult to synthesise experimentally and

extrapolation of partition coefficients determined in magmatic domains to lower

temperature hydrothermal domains is unwise as the geochemical processes that

operate are substantially different. Hydrothermal overprinting is a possibility within

the CRCC. The similar REE signatures of the clinopyroxenite and carbonatite could

be a reflection of overprinting by a large single metasomatic event. Fluid inclusions

would have provided a tool to investigate and substitute the role of hydrothermal

processes however none could be identified in the available samples.

The study of REE diffusion in magnetite demonstrates that by measuring dif-

fusion profiles of trace elements in accessory phases, partition coefficients can

be determined accurately, over feasible experimental run times, where traditional

equilibration techniques are limited because nucleation and growth rates are too

slow to produce crystals appropriate for LA-ICPMS spot analysis (>30 µm).

This study enables, for the first time, the concentrations of REE in magnetite

and apatite to be used to reconcile the compositions of the parental magmas. The

Kovdor carbonatite-phoscorite complex contains significant proportions of apatite

and magnetite together in metre scale veins (Ivanyuk et al., 2016). The formation of

these veins is thought to be a result of cooling and rapid degassing of a fluid-rich

magmatic column, appropriate to the low pressures of the partitioning investigated

in this thesis. Variations in REE patterns of minerals are commonly used to invoke

petrographic evolution as they are typically assumed to incompatible and relatively

insensitive to re-equilibration processes. However, the diffusion rates determined in

this study indicate that diffusive re-equilibration timescales in magnetite can be rapid

relative to magmatic processes. Magnetite crystallisation at the CRCC is thought to

have had a strong influence on the formation of the deposit. However, the model is

limited in part by a lack of partitioning data for magnetite particularly for incompatible
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elements like REE, which are common in carbonatites. Whilst this thesis used

diffusion in magnetite from a silicate melt, adaptation of the experimental approach

to minerals and carbonatite melt compositions could provide a significant resource

of data for carbonatite modelling through combining the partition coefficients of REE

determined for apatite and magnetite to enable the cryptic parental melt forming

these deposits could be modelled.

Magnetite from carbonatites is generally poorer in Ti than those of other igneous

origins (Prins, 1972) and partition coefficients of REE between both silicate and/or

carbonatite melt are poorly constrained. In a wider context, segregations of apatite

and magnetite are not uncommon and are often of economic interest due to their

economical amounts of iron oxide (i.e. magnetite) or concentrations of Cu, Au,

REE, P, U, Ag and Co (Foose and McLelland, 1995; Barton, 2013). The two main

magnetite-apatite deposits are Kiruna-type deposits and nelsonites. Nelsonites

are characteristically enriched in Ti, present as Ti-magnetite and/or ilmenite, with

between 30-50% modal apatite, and are associated with anorthosite complexes

and the upper parts of layered mafic intrusions (Tollari et al., 2008). In contrast,

Kiruna-type deposits comprise <1 wt% Ti and have significantly less apatite than

magnetite. The origins of Kiruna-type deposits are argued to be both hydrothermal

and magmatic (Naslund et al., 2000). Nelsonites are generally thought to be mag-

matic, though debate does exist whether they form from immiscible silicate and

Fe-P-rich melts or simply crystallisation and accumulation of ore minerals from an

evolved melt. REE concentrations and patterns of magnetite and apatite from these

deposits could be compared with those determined in the experimental studies in

this thesis and, if the crystallisation were the dominant processes, should show

comparable enrichment. Unfortunately, REE concentrations in magnetite are not

used to fingerprint these deposits so the data is unavailable, however, given the

partition coefficients of REE in magnetite are four orders of magnitude lower than

in apatite, apatite controls the REE budget. Apatite and moreover phosphorous,

is clearly key to the formation of carbonatites and other ‘exotic’ REE-bearing rock

types. The study of phosphorous in silicate rocks suggests a strong complexing

of P and M3+ cations (Ryerson and Hess, 1980; Mysen et al., 1981; Toplis et al.,

1994). Given carbonatites are so effective at dissolving P2O5 (Biggar, 1969; Wallace
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and Green, 1988; Baker and Wyllie, 1992; Ryabchikov et al., 1993; Klemme and

Dalpé, 2003) studies of partitioning between apatite and carbonatite melt, like that

undertaken in this thesis, only serve to further our understanding of these unusual

rock types.

One of the perennial problems in understanding carbonatites is obtaining suffi-

cient petrogenetic information to deconvolve the preserved components and obtain

an idea of the parental melt or melts that formed the now preserved complex. One

significant limitation is that carbonatites comprise of many ‘exotic’ minerals associ-

ated with melts high in Ca and/or P which are experimentally difficult to synthesise.

This thesis has undertaken two of those studies expanding our understanding of

REE partitioning between apatite and carbonatite melt and determining partition

coefficients of REE between magnetite and silicate melt. Both minerals are ubi-

quitous phases within the Cummins Range Carbonatite Complex, which was also

characterised as part of this study. Integrating the geochemical behaviour of REE

within these fundamental constituent minerals and relating these observations to

natural deposits is key to furthering our understanding of these enigmatic complexes.

5.2 Future work

Given, the success of the diffusion technique partition coefficients for trace elements

between magnetite and carbonate melt should be determined. If CaCO3 is used

as the carbonate melt these experiments need to be conducted at pressure to

suppress decarbonation at temperatures appropriate for carbonatites (~800-1200 ◦C.

However, the C-CO2 buffer is extremely sensitive to pressure; at 1000 ◦C and 1 atm

the C-CO2 buffer lies well below the iron-wüstite buffer, however at 10 kbar it is 3

log units higher. Therefore, it may be prudent to determine the effects of pressure

on REE diffusion rates between magnetite and silicate melt first (Mitchell, 2009;

Guzmics et al., 2010).

In the case of Cummins Range the crystallisation of perovskite, zirconolite and

pyrochlore have a signifiant impact on the distribution of the REE. Little experimental

partitioning data exists for these, or other REE minerals such as monazite, xenotime,

bastnäsite and allanite. The diffusion approach adopted for magnetite provides a
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new technique for the determination of partition coefficients in accessory phases

that may be experimentally difficult to synthesise.

Quantification of the volatile component (F, Cl and OH) of both the apatite crystals

and melt would greatly enhance the study and could be determined routinely with

an ion microprobe. The partitioning of DREE in apatite and carbonate melt should

be investigated as a function of melt components such as MgCO3, K2CO3 and

Na2CO3, which have particular relevance to carbonatite compositions. The addition

of these components would enable expansion of the temperature range to lower

values that are more appropriate for carbonatite melts. Characterisation of the anion

component would enable their influence, which was clearly observed in this study,

to be quantified. Further, the carbonate ion (CO3
2-) is of particular interest as the

cation can substitute in two sites with radically different substitution geometries. In

the A-type substitution, the carbonate ion is located in the anion site (Fleet et al.,

2004). In the B-type substitution, the carbonate ion can substitute for the phosphate

ion at the T site.

Further work is also required to determined the REE charge balanced coupled

substitution mechanism e.g:

REE3++ SiO4−
4

= Ca2++ PO3
4

(5.2.1)

REE3++ Na = 2Ca2+ (5.2.2)

Correlations of increasing concentrations of charge compensating species with

REE in experimental studies have not been demonstrated. This study shows that

increasing SiO2 increased DREE, values but due to experimental difficulties SiO2

could not be systematically varied to demonstrate a dependance on REE, nor

could similar behaviour be established for Na+. Given the success of experiments

conducted at 5 to 10 kbar and 1150-1350 ◦C the REE phosphates monazite and

xenotime could be investigated in a similar approach.

A primary control on the geochemical behaviour of REE in carbonate melts,

including how they partition between coexisting melts and crystals, is the speciation

or coordination environment. Of particular importance is how this might change

with temperature, pressure or composition since this will affect the relative stability
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of an element in the melt compared to that in a coexisting crystal. Determining

the coordination of trace elements in carbonate melts is, however, challenging and

very little data are available (Pohlenz et al., 2016). There are abundant data for

the speciation of selected REE (Ponader and Brown Jr, 1989), high field strength

elements (Zr, Hf, Nb and Ta Hess, 1991; Mallmann et al., 2014), Sr (Kohn et al.,

1990), Ti (Farges et al., 1996) and Y (Simon et al., 2013) in silicate melts because

they typically quench to glasses, which are easy to study. Most carbonate melts,

do not form glasses and thus must be studied in situ. In situ experiments at

atmospheric pressure are possible for Na-carbonate melts, however, for most other

compositions high pressure is required to prevent decomposition by loss of CO2.

These experiments must be undertaken at temperatures >800 ◦C and pressures >1

GPa.

X-ray absorption spectroscopy (XAS) at a synchrotron light source allows the

number of coordinating elements about a metal and their distance to be determined.

Using a one-atmosphere XAS furnace originally designed for in-situ studies of silicate

melts (Berry et al., 2003b) molten Na- and Na-K carbonates could easily be studied.

This permits the use of extended x-ray absorption fine structure (EXAFS) because

although thermal damping (of the EXAFS oscillations) at high temperatures hinders

the determination of bond lengths, the low temperatures of carbonate (relative to

silicate) melts reduces the problem. Spectra can be recorded for Nd, Sm, Gd, Dy,

Tm and Lu to explore any systematic changes in coordination with REE size. Further,

oxidation states of multivalent elements such as Eu2+/Eu3+ and Ce3+/Ce4+ can be

determined as a function of ƒO2 imposed by CO/CO2 gas mixtures.
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Appendix A: REE partitioning

between apatite and CaCO3 melt
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Table .0.1: Experimental runs conducted for the study of partitioning of the REE between
Cl- and F-apatite crystals, and carbonate melt.

Run Mount Composition P (kbar) T (◦C) t (h) Result

Cl-Apatite Series

C4349 ClApCa1 Cl-apatite + CaCO3 10 1250 48 Euhedral apatite (≤1 mm) at bottom of capsules + carbonate melt
C4591 ClApCa2 Cl-apatite + CaCO3 10 1350 48 Apatite crystals >200 µm at either end of capsule; melt >90 vol.%
C4593 ClApCa3 Cl-apatite + CaCO3 10 1150 48 Large apatite (>300 µm); ~35 vol.% of capsule; dendritic quench melt slighlty fractured
C4836 ClApCa4 Cl-apatite + CaCO3 30 1250 48 Quench crystals
C4835 ClApCa5 Cl-apatite + CaCO3 20 1250 48 Large Apatite crystals + melt
C4847 ClApCa6 Cl-apatite + CaCO3 + 20 wt.% Na2CO3 10 1250 48 No large crystals - quenched melt
C4857 ClApCa7 Cl-apatite + CaCO3 + 10 wt.% Na2CO3 10 1250 48 No large crystals - quenched melt
C4858 ClApCa8 Cl-apatite + CaCO3 + 5 wt.% Na2CO3 10 1250 48 No large crystals - quenched melt
C4863 ClApCa9 Cl-apatite + CaCO3 10 1250 48 Large Apt crystals + carbonate melt
C4872 ClApCa10 Cl-apatite + CaCO3 + 1.0 wt.% Na2CO3 10 1250 48 Only quenched melt
C4873 ClApCa11 Cl-apatite + CaCO3 + 10 wt.% H2O 10 1250 48 Large Apt crystals + carbonate melt
C4884 ClApCa14 Cl-apatite + CaCO3 5 1150 48 Small Apt (~50-100 µm); >10 vol%. of capsule
C4902 ClApCa15 Cl-apatite + CaCO3 5 1250 48 Large apatite (>300 µm) ~35 vol.% of capsule; quenched melt
C4913 ClApCa16 Cl-apatite + CaCO3 5 1350 48 Small amount of large Apt (~10 vol.%)
C4926 ClApCa18 Cl-apatite + CaCO3 + 2.5 wt% SiO2 10 1250 12 Water tripped - quenched early
C4933 ClApCa19 Cl-apatite + CaCO3 + 2.5 wt.% SiO2 10 1250 48 Quenched Melt
C4998 ClApCa20 Cl-apatite + CaCO3 20 1250 12 Water tripped
C4993 ClApCa21 Cl-apatite + CaCO3 + 10 wt.% H2O 20 1250 48 Large apatite crystals and quenched melt
D1942 ClApCa25 Cl-apatite + CaCO3 + 1wt.% SiO2 10 1150 48 Large apatite and melt
D1956 ClApCa26 Cl-apatite + CaCO3 + 10 wt.% H2O 5 1250 48 Large apatite and melt
D2054 ClApCa27 Cl-apatite + CaCO3 + 0.5 wt.% SiO2 10 1150 48 Quench crystals - apatite concentrated in middle of capsule
D2055 ClApCa28 Cl-apatite + CaCO3 + 0.5 wt.% SiO2 5 1150 48 Large apatite crystals + melt
D2058 ClApCa29 Cl-apatite + CaCO3 + 1.5 wt.% SiO2 5 1150 48 Some apatite crystals + melt
D2059 ClApCa30 Cl-apatite + CaCO3 + 2.5 wt.% SiO2 5 1150 48 Small apatite quench at either end - not crystals
D2060 ClApCa31 Cl-apatite + CaCO3 + 2.5 wt.% SiO2 10 1150 48 Small apatite crystals at end of capsule, clear segregation of P2O5
D2069 ClApCa32 Cl-apatite + CaCO3 + 1.5 wt.% SiO2 10 1150 48 Same as above
D2100 ClApCa33 Cl-apatite + CaCO3 + 0.5 wt.% Na2CO3 5 1150 48 Quenched Melt
D2102 ClApCa34 Cl-apatite + CaCO3 + 1.0 wt.% Na2CO3 5 1150 48 Quenched Melt
D2013 ClApCa35 Cl-apatite + CaCO3 + 0.5 wt.% Na2CO3 10 1150 48 Quenched Melt
D2019 ClApCa36 Cl-apatite + CaCO3 20 1250 48 Large apatite crystals + melt
D2122 ClApCa37 Cl-apatite + CaCO3 + 0.5 wt.% Na2CO3 20 1150 48 Quenched melt
D2125 ClApCa38 (i) Cl-apatite + CaCO3 & (ii) 0.5wt.% SiO2 10 1050 48 Granular; subsolidus - did not melt
D2245 ClApCa39 (0) Cl-apatite + CaCO3; (i) (25:75%) (ii) (75:25%) 10 1250 48 Capsules touched and welded together

F-Apatite Series

U060813 FlApCa1 F-apatite + CaCO3 10 1250 48 Run products ’fell out’ on polishing
V070314 FlApCa2 F-apatite + CaCO3 10 1350 48 Run products ’fell out’ on polishing
C4629 FlApCa3 F-apatite + CaCO3 10 1150 48 Put xenotime in mix instead of apatite
C4637 FlApCa4 F-apatite + CaCO3 10 1250 48 Euhedral apatite (≤1 mm) at bottom of capsules + carbonate melt
C4617 FlApCa5 F-apatite + CaCO3 10 1350 48 Some apatite at ends of capsule (although is very long)
V100514 FlApCa6 F-apatite + CaCO3 10 1150 48 Accicular apatites appears not to have equilibrated
C4840 FlApCa7 F-apatite + CaCO3 30 1250 48 Acicular apatite + quench
C4834 FlApCa8 F-apatite + CaCO3 20 1250 48 All quench - no crystals
D1878 FlApCa9 F-apatite + CaCO3 5 1250 36-45 Run failed early for some reason - water tripped
D1884 FlApCa10 F-apatite + CaCO3 5 1350 48 Large Apt (200 µm)
C4966 FlApCa11 F-apatite + CaCO3 5 1250 48 Sporadic large (~200-300 µm) apatite; ~10% vol. capsule;
C4969 FlApCa12 F-apatite + CaCO3 5 1150 48 Some sporadic Apt laths (150 µm); large portion of melt missing
C4978 FlApCa14 F-apatite + CaCO3 + 10wt.% H2O 10 1250 48 No Apatite Crystals
C4995 FlApCa15 F-apatite + CaCO3 20 1250 48 Small apatite crystals (~30-50 µm) at one end; melt ~85%
C5015 FlApCa16 F-apatite + CaCO3 10 1150 48 Well formed Apt Crystals and melt
D1958 FlApCa17 F-apatite + CaCO3 10 1150 48 Large Apt crystals + carbonate melt
D1964 FlApCa18 F-apatite + CaCO3 10 1150 48 Small quench crystals, apatite at ends of capsule
D1970 FlApCa19 F-apatite + CaCO3 5 1150 48 Quench crystals ~50 µm at either end. Vesicles
D2051 FlApCa20 F-apatite + CaCO3 + 0.5 wt.% SiO2 5 1150 48 Quenched melt
D2050 FlApCa21 F-apatite + CaCO3 + 1.0 wt.% SiO2 5 1150 48 Quenched melt,P2O5 heterogeneous
D2052 FlApCa22 F-apatite + CaCO3 + 1.5 wt.% SiO2 5 1150 48 Quenched Melt
D2053 FlApCa23 F-apatite + CaCO3 + 2.0 wt.% SiO2 5 1150 48 Quench crystals - carbonate-rich at capsule ends (hotter)
D2117 FlApCa24 F-apatite + CaCO3 + 10 wt.% H2O 10 1250 48 Large apatite + quenched melt
D2118 FlApCa25 F-apatite + CaCO3 + 10 wt.% H2O 5 1250 48 Acicular apatite at end of capsule - too small to laser
D2119 FlApCa26 F-apatite + CaCO3 + 10 wt.% H2O 20 1250 48 Acicular apatite at end of capsule - too small to laser
D2251 FlApCa27 F-apatite + CaCO3 (0) 40:60; (i) 50:50; (ii) 75:25 10 1450 48 (0) melt; (i) melt; (ii) crystals
D2255 FlApCa28 F-apatite + CaCO3 (0) 25:75; (i) 75:25; (ii) 35:65 10 1350 48 (0) crystals; (i) crystals; (ii) melt
D2264 FlApCa29 F-apatite + CaCO3 (0) 25:75; (i) 75:25; (ii) 35:66 10 1150 48 (0) melt; (i) melt; (ii) melt
D2267 FlApCa30 F-apatite + CaCO3 (0) 35:65; (i) 50:50; (ii) 60:40 10 1250 48 (0) crystals; (i) crystals; (ii) crystals
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Table .0.2: Trace element concentrations in Cl- and F-apatite crystals and CaCO3 melt (ppm) for individual experimental conditions (1/3).

Apatite Cl Cl Cl Fl Fl Fl
T(°C) / P (kbar) 1150 / 5 1250 / 5 1350 / 5 1150 / 5 1250 / 5 1350 / 5

Phase (n) Apt(13)a ±1� Melt(12) ±1� Apt(12) ±1� Melt(13) ±1� Apt(14) ±1� Melt(14) ±1� Apt(14) ±1� Melt(10) ±1� Apt(14) ±1� Melt(12) ±1� Apt(11) ±1� Melt(13) ±1�

Al 13.19 17.32 383.37 21.54 26.23 2.19 330.25 5.42 1.70 - 273.84 21.02 6.20 - 504.1 23.1 57.9 193.0 871.9 79.0 23.4 49.8 410.1 75.8
Sc 8.24 6.60 111.67 8.01 7.55 0.59 93.58 2.45 5.36 0.27 83.25 4.65 9.09 0.80 107.05 5.40 14.19 17.23 96.82 7.42 8.90 2.64 69.72 9.90
Ti 9.24 4.37 89.69 3.32 25.64 2.43 70.34 3.22 4.40 0.88 70.63 4.36 bdl - 128.76 5.80 15.00 31.52 115.77 6.54 6.17 4.65 101.3 16.0
V 49.57 1.30 41.52 0.70 50.90 1.22 48.38 1.27 29.26 1.14 46.32 1.09 42.36 1.52 44.09 1.61 36.66 2.53 43.29 0.65 26.06 2.37 39.28 1.24
Cr 5.70 4.57 75.96 10.71 6.47 1.37 56.13 9.73 4.18 0.63 55.70 3.59 4.75 0.68 56.83 10.10 18.45 49.11 68.34 8.47 7.20 6.57 66.01 10.41
Mn 56.17 8.93 147.89 3.15 85.95 3.26 130.4 1.0 22.26 1.32 113.68 3.50 26.08 0.91 156.0 4.4 44.53 19.19 132.0 1.9 22.92 5.62 115.9 7.2
Co 5.00 5.58 114.76 6.63 5.42 1.03 90.62 6.44 1.99 0.16 77.40 5.03 1.59 0.21 94.28 6.13 8.05 20.43 84.55 6.95 2.78 3.01 61.75 11.48
Ni 17.00 13.29 122.43 4.92 6.03 0.72 98.16 2.74 bdl - 82.38 5.04 bdl - 79.18 4.33 35.40 41.86 66.88 4.53 15.00 - 57.38 7.44
Cu 2.82 2.92 46.90 6.39 1.14 1.22 16.60 4.90 0.58 0.09 18.67 1.93 1.05 - 28.65 8.61 7.40 7.10 27.97 2.65 2.75 3.64 15.40 3.55
Zn 6.02 5.57 98.72 9.99 5.96 4.79 84.45 11.85 1.57 0.26 70.33 5.37 1.70 0.51 78.46 18.98 7.89 14.69 89.86 8.71 4.88 12.16 64.39 13.23
As 48.10 1.22 19.27 0.61 45.19 1.11 24.05 0.49 34.90 1.53 23.67 0.84 76.82 2.28 38.06 2.02 66.36 3.54 39.25 1.37 47.66 1.76 35.40 2.00
Rb 10.80 3.68 41.78 17.21 9.28 10.60 56.24 21.21 bdl - 41.98 5.44 bdl - 26.55 14.93 17.27 11.57 33.30 44.43 32.50 - 47.83 12.53
Sr 124.4 8.1 296.8 6.2 135.0 3.7 257.2 6.2 127.4 1.1 252.7 4.6 132.0 1.7 276.0 8.9 138.4 19.1 259.7 2.7 130.2 5.7 228.1 8.8
Y 34.65 4.65 75.26 5.72 35.82 0.50 61.93 3.30 40.33 4.28 82.24 3.78 78.53 5.09 51.46 4.61 78.55 2.98 66.21 3.83 105.2 4.0 88.74 6.08
Zr 2.83 3.56 52.78 2.78 0.89 0.33 46.92 0.96 0.71 0.23 51.63 2.27 3.10 0.71 94.02 6.60 8.75 19.09 84.79 5.14 1.63 0.52 45.03 5.80
Nb 4.06 5.03 81.74 3.58 4.12 0.63 61.90 8.44 1.50 0.12 58.30 3.86 1.11 0.21 80.09 4.22 5.05 13.24 72.06 6.59 2.40 3.70 64.89 12.55
Sb 3.94 4.46 48.31 1.97 4.38 0.93 45.83 1.21 1.80 0.22 37.96 1.14 1.29 0.33 59.74 3.85 4.74 11.89 50.80 2.95 1.56 0.87 42.35 5.06
Ba 9.68 17.83 200.96 9.34 6.64 2.42 135.0 31.5 4.75 0.37 148.6 10.7 3.15 0.50 203.1 17.9 8.60 15.20 164.9 12.4 4.17 2.81 90.50 13.84
La 36.60 5.21 87.77 5.80 45.05 0.53 69.86 3.11 42.17 2.22 72.56 3.22 60.05 3.57 57.02 4.12 56.65 1.81 61.54 2.49 52.18 2.01 52.63 3.19
Ce 34.10 3.65 59.57 2.50 26.33 0.60 56.93 3.62 27.70 1.18 59.26 2.41 55.59 3.43 57.90 3.62 52.48 6.44 55.60 2.82 40.20 1.53 48.65 6.03
Pr 39.16 3.66 62.77 4.43 49.56 0.66 51.55 2.09 43.99 1.84 52.27 1.79 64.10 4.06 41.59 2.90 60.56 2.41 46.31 1.94 56.07 1.89 42.90 2.18
Nd 42.04 5.00 66.69 4.86 51.32 1.07 56.21 2.45 47.96 2.69 58.28 2.05 69.60 4.52 42.60 3.18 66.96 3.20 50.34 2.00 61.99 2.30 47.08 2.16
Sm 43.58 4.80 66.84 4.87 51.28 0.96 56.93 2.65 49.08 3.13 57.92 2.08 74.92 5.57 40.93 3.11 71.79 3.76 49.67 2.04 65.37 3.06 46.77 2.22
Eu 44.00 4.17 65.94 4.87 50.41 0.80 56.27 2.41 47.95 2.26 57.63 1.91 73.86 4.56 40.03 3.16 72.31 3.72 48.85 2.09 64.80 2.09 46.88 2.19
Gd 41.78 5.15 66.55 5.15 45.71 1.55 56.87 2.69 46.84 2.58 57.52 2.35 75.75 5.24 39.10 3.38 74.81 3.95 49.87 2.00 66.41 2.82 45.43 2.43
Tb 39.16 4.47 62.56 4.68 41.66 0.61 52.64 2.52 42.12 1.82 52.76 2.18 70.25 4.36 36.08 2.89 69.64 3.07 45.56 1.96 61.64 2.02 41.33 2.30
Dy 34.56 4.09 63.00 4.50 36.50 0.94 52.85 2.49 37.30 1.70 55.20 2.31 64.25 4.89 37.66 3.07 63.45 3.22 47.29 2.20 54.68 2.14 42.88 2.52
Ho 34.87 4.14 64.94 4.80 34.65 0.62 53.26 2.59 36.66 1.56 54.52 2.43 65.53 3.94 38.50 3.00 65.06 2.33 48.18 2.44 56.71 2.03 42.30 2.72
Er 28.58 3.37 63.14 4.56 28.66 0.76 51.66 2.54 30.66 1.63 54.57 2.64 56.35 3.97 39.68 2.89 55.52 2.50 48.69 2.82 47.45 1.69 42.61 2.90
Tm 30.00 3.74 69.72 4.60 29.79 0.54 55.45 2.88 31.45 1.35 58.09 2.90 59.64 3.70 46.19 2.81 59.54 2.25 53.81 3.38 49.73 1.60 45.05 3.45
Yb 25.41 3.34 69.43 4.48 24.51 0.94 54.70 2.82 26.20 1.16 58.99 3.05 51.54 3.68 50.90 2.84 51.54 1.99 55.98 3.94 42.68 1.43 46.50 3.89
Lu 23.70 3.47 69.21 4.57 22.31 0.43 53.05 2.73 24.78 1.26 56.68 3.14 50.98 3.11 53.19 2.81 51.26 1.68 56.10 4.01 41.83 1.69 44.89 4.01
Hf 2.26 3.96 66.88 3.50 0.78 0.19 55.76 1.18 0.69 0.10 66.15 2.86 1.92 0.35 98.90 6.88 7.41 18.89 91.48 5.78 1.74 0.42 67.32 7.28
Ta 0.60 0.85 13.90 0.61 0.59 0.10 11.13 1.27 0.21 0.04 9.92 0.60 0.27 0.10 26.57 1.68 2.05 5.98 25.06 1.90 1.30 1.61 46.75 8.39
Pb 6.13 3.05 57.69 10.97 8.91 4.33 52.37 21.21 4.47 0.13 45.07 3.21 4.09 0.96 23.85 13.90 8.41 7.57 41.10 5.38 5.46 3.41 45.02 7.03
Th 9.33 0.82 10.59 0.51 8.85 0.28 8.59 0.34 9.25 0.58 11.77 0.45 12.29 0.52 11.92 0.60 15.70 0.58 11.20 0.49 13.04 0.54 9.83 0.83
U 8.83 20.42 293.96 14.64 1.32 3.09 217.81 32.26 0.09 0.02 214.8 13.2 0.52 0.82 282.6 18.7 17.94 63.67 249.2 25.7 1.77 6.04 166.6 40.0

a Number in parentheses represents number of analyses (n)
bdl = below detection limit; n.d. not determined; - = not calculated
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Table .0.3: Trace element concentrations in Cl- and F-apatite crystals and CaCO3 melt (ppm) for individual experimental conditions (2/3).

Apatite Cl Cl Cl Fl Fl Fl
T (°C) / P (kbar) 1150 / 10 1250 / 10 1350 / 10 1150 / 10 1250 / 10 1350 / 10

Phase (n) Apt(13)a ±1� Melt(12) ±1� Apt(12) ±1� Melt(13) ±1� Apt(14) ±1� Melt(14) ±1� Apt(14) ±1� Melt(10) ±1� Apt(14) ±1� Melt(12) ±1� Apt(11) ±1� Melt(13) ±1�

Al 36.10 52.63 492.52 54.20 36.30 51.60 269.20 39.77 11.08 16.37 285.88 32.39 n.a. - 378.43 11.45 11.86 21.61 377.08 60.15 377.08 60.15 275.45 20.14
Sc 3.58 0.58 93.96 17.17 5.38 6.28 33.75 4.57 6.27 1.58 69.87 8.04 n.a. - n.a - 5.32 3.17 92.14 14.49 92.14 14.49 70.75 5.22
Ti 2.38 0.66 127.66 12.01 39.18 20.15 132.24 13.74 8.22 5.77 103.46 7.00 7.24 0.41 100.20 3.34 3.93 4.24 87.60 15.26 87.60 15.26 121.13 8.74
V 48.82 21.14 75.12 20.28 41.50 9.25 67.32 24.02 74.07 35.87 164.17 41.29 n.a. - 86.59 2.58 38.66 19.13 73.69 13.37 73.69 13.37 65.28 16.65
Cr 2.98 0.78 93.01 27.54 11.36 11.07 76.87 13.43 14.17 7.71 64.66 2.48 33.45 0.64 46.30 1.17 3.88 1.89 88.92 20.12 88.92 20.12 65.58 10.24
Mn 26.53 6.83 168.84 10.77 64.74 7.34 98.77 5.02 21.10 4.45 197.76 48.48 3.19 0.50 72.49 3.43 26.80 4.75 169.11 25.03 169.11 25.03 117.38 3.37
Co 2.68 0.61 112.40 21.40 8.36 13.14 66.38 11.34 1.05 0.29 4.19 0.54 2.70 0.18 73.59 2.78 4.24 3.47 116.22 18.40 116.22 18.40 68.70 5.94
Ni 6.76 9.80 109.33 14.30 18.25 22.65 123.35 17.71 11.29 7.36 4.77 7.43 5.10 1.70 66.37 1.88 6.03 6.37 88.55 13.64 88.55 13.64 61.69 5.43
Cu 1.24 2.21 46.44 20.72 4.81 6.44 35.39 5.28 0.16 0.10 0.67 0.62 0.68 0.09 45.99 17.61 1.56 2.66 51.21 12.45 51.21 12.45 12.33 1.62
Zn 2.90 3.40 87.49 47.36 12.01 20.59 97.40 12.44 1.60 0.42 10.29 1.06 2.65 0.45 66.56 13.75 3.80 3.88 114.79 22.62 114.79 22.62 83.56 7.40
As 50.22 3.97 22.24 1.46 52.13 3.93 36.57 2.17 37.32 1.21 31.35 1.20 73.46 1.59 43.57 0.92 46.71 1.94 29.59 1.23 29.59 1.23 42.14 1.29
Rb 1.01 1.48 63.01 18.87 3.98 5.08 38.34 12.99 1.06 1.12 10.72 3.55 n.a. - 76.86 34.83 2.09 3.10 46.20 9.49 46.20 9.49 87.10 46.86
Sr 119.52 9.45 285.13 9.52 135.95 26.20 253.00 14.81 148.33 7.09 263.89 6.39 130.65 1.81 239.80 8.65 133.00 6.36 270.10 9.45 270.10 9.45 240.43 6.29
Y 29.15 3.31 69.72 8.11 24.55 1.09 42.83 2.30 58.07 13.63 82.40 6.62 37.87 1.91 65.39 2.39 32.09 3.12 69.56 6.64 69.56 6.64 57.85 3.18
Zr 1.01 0.28 22.47 1.93 0.76 1.46 6.86 0.84 5.10 4.17 89.14 11.11 2.81 0.49 66.28 1.97 2.85 2.49 57.47 11.35 57.47 11.35 44.84 3.15
Nb 1.52 0.40 105.01 10.37 10.48 19.81 98.15 14.98 2.91 2.28 60.47 8.12 0.99 0.11 60.24 2.11 2.45 3.26 77.83 13.81 77.83 13.81 85.13 15.11
Sb 1.23 0.40 36.71 2.93 4.62 8.08 41.18 5.16 1.23 0.70 1.69 0.20 2.03 0.26 53.47 0.89 2.78 2.30 59.85 10.77 59.85 10.77 49.01 5.28
Ba 4.34 1.63 244.66 95.26 9.20 14.36 87.61 32.78 7.89 2.98 88.09 27.19 5.65 0.63 196.23 7.52 6.20 4.06 178.30 33.81 178.30 33.81 110.10 14.10
La 29.24 4.00 100.48 11.33 30.51 2.20 67.77 5.86 51.65 10.10 92.23 16.47 33.14 1.41 69.96 2.81 31.83 2.72 92.97 23.88 92.97 23.88 60.35 2.66
Ce 25.88 2.88 47.78 3.31 7.20 0.99 15.66 1.11 44.28 8.62 63.86 3.51 37.88 1.73 61.63 1.45 34.85 3.41 69.88 10.42 69.88 10.42 57.05 4.29
Pr 31.19 2.87 69.20 7.14 35.56 1.58 48.74 2.52 44.90 7.54 53.23 7.15 35.71 1.36 54.57 1.90 33.72 2.40 66.07 13.74 66.07 13.74 46.70 1.54
Nd 34.05 3.10 72.15 8.38 37.59 1.67 52.14 1.95 51.23 9.35 61.11 5.50 39.50 1.81 62.56 2.51 36.50 2.91 70.03 13.64 70.03 13.64 50.50 2.18
Sm 35.97 3.29 70.05 7.78 36.62 1.52 47.19 1.30 49.99 8.03 54.25 3.74 42.24 1.25 63.76 2.26 38.75 3.18 68.13 9.61 68.13 9.61 50.88 2.07
Eu 35.69 3.23 67.47 7.23 34.78 1.21 44.09 1.03 48.65 7.29 51.74 3.11 41.95 2.08 63.25 2.23 38.25 2.92 65.74 7.24 65.74 7.24 49.92 2.27
Gd 34.74 3.18 64.95 6.80 30.88 1.33 42.08 1.33 48.27 8.31 51.62 2.87 42.24 2.02 62.62 2.55 37.55 3.22 63.97 6.09 63.97 6.09 49.55 2.33
Tb 32.14 3.15 60.21 5.66 26.26 1.08 34.69 1.25 44.25 7.26 46.17 3.39 40.06 1.75 54.10 1.98 35.10 3.11 59.28 4.99 59.28 4.99 46.72 1.45
Dy 28.15 2.84 58.40 6.13 21.90 0.82 31.97 1.12 40.53 7.22 47.04 3.57 36.29 1.77 59.87 2.15 31.58 2.68 59.37 5.44 59.37 5.44 46.46 2.37
Ho 27.97 2.88 58.20 5.73 19.90 0.80 29.72 1.15 39.69 6.86 45.49 3.75 36.61 1.54 55.62 1.84 31.41 2.84 60.25 5.08 60.25 5.08 47.22 1.73
Er 23.43 2.55 54.94 6.35 15.48 0.77 25.92 1.28 33.81 5.79 44.22 3.60 31.15 1.74 59.93 1.95 26.57 2.63 58.18 5.59 58.18 5.59 45.41 2.51
Tm 23.92 2.78 59.57 7.16 15.08 0.81 26.13 1.21 34.76 6.14 47.09 4.52 32.87 1.50 60.01 1.90 27.70 2.63 64.89 6.52 64.89 6.52 50.31 1.82
Yb 20.43 2.49 58.15 8.40 12.11 0.66 24.08 1.36 30.17 5.26 47.73 4.57 28.35 1.70 65.68 1.86 24.09 2.59 64.81 7.39 64.81 7.39 50.27 3.01
Lu 18.97 2.44 55.91 8.43 10.71 0.64 22.37 1.39 28.18 5.07 46.55 4.31 27.34 1.41 59.29 1.77 22.39 2.58 63.08 6.87 63.08 6.87 49.35 1.91
Hf 0.97 1.15 25.96 2.14 0.63 1.40 7.09 0.86 2.79 3.15 56.94 7.25 2.17 0.19 80.61 2.73 2.45 3.14 77.77 15.90 77.77 15.90 64.05 4.29
Ta 0.18 0.05 15.19 1.38 8.17 16.90 81.92 10.47 0.45 0.46 8.95 1.00 0.13 0.03 8.40 0.28 0.38 0.59 11.65 2.12 11.65 2.12 53.20 7.55
Pb 5.01 1.29 37.11 21.43 11.70 8.91 41.90 4.38 5.85 1.15 10.39 2.13 6.02 0.39 40.03 11.77 6.52 1.63 50.06 9.86 50.06 9.86 48.53 9.24
Th 5.54 0.69 9.92 0.77 1.37 0.09 1.60 0.07 11.83 2.88 10.96 1.20 9.26 0.53 12.01 0.37 7.78 0.57 13.90 1.16 13.90 1.16 11.19 0.58
U 1.21 1.77 417.42 52.17 18.99 54.83 255.85 36.05 4.70 7.65 239.91 39.21 0.35 0.05 280.17 11.86 5.20 14.96 320.03 59.82 320.03 59.82 243.31 43.67

a Number in parentheses represents number of analyses (n)
bdl = below detection limit; n.d. not determined; - = not calculated
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Table .0.4: Trace element concentrations in Cl- and F-apatite crystals and CaCO3 melt (ppm) for individual experimental conditions (3/3).

Apatite Cl F Cl Cl Cl Fl Cl Cl
T (°C) / P (kbar) 1250 / 20 1250 / 20 1250 / 5 1250 / 10 1250 / 20 1250 / 10 1150 / 5 1150 / 10

- - +10 wt.% H2O +10 wt.% H2O +10 wt.% H2O +10 wt.% H2O +0.5 wt.% SiO2 +1.0 wt.% SiO2

Phase (n) Apt(13)a ±1� Melt(12) ±1� Apt(12) ±1� Melt(13) ±1� Apt(14) ±1� Melt(14) ±1� Apt(14) ±1� Melt(10) ±1� Apt(14) ±1� Melt(12) ±1� Apt(11) ±1� Melt(13) ±1� Apt(11) ±1� Melt(13) ±1� Apt(11) ±1� Melt(13) ±1�

Al 25.30 9.48 453.97 31.88 n.a. - 329.67 15.97 2.40 - 339.37 38.05 59.00 7.07 302.30 42.21 4.43 - 360.70 31.04 10.09 2.01 87.55 3.68 n.d - n.d. - 178.61 246.62 683.13 58.37
Sc 9.42 3.06 110.54 5.28 5.89 0.47 97.70 3.82 5.32 0.30 91.87 10.35 7.94 6.48 109.70 28.98 6.45 0.73 104.87 7.26 17.17 2.06 169.21 8.13 9.67 2.42 87.81 8.17 18.63 11.84 118.10 6.13
Ti 4.10 - 100.98 5.54 n.a. - 87.28 6.65 5.00 - 79.82 8.32 16.05 8.41 79.39 3.19 5.29 1.41 88.51 3.65 179.47 4.76 251.52 9.18 5.36 3.85 111.73 6.56 8.67 18.36 119.24 6.98
V 28.16 1.05 51.04 1.52 33.30 0.72 46.42 0.98 31.28 0.68 41.87 1.06 33.30 1.48 44.52 1.73 40.13 1.40 44.06 0.43 4.40 0.49 98.78 13.27 37.64 1.22 69.19 2.84 47.46 4.48 52.94 1.19
Cr 3.77 2.99 68.56 8.32 2.41 0.31 69.65 5.82 8.13 3.70 61.30 5.86 6.11 6.90 65.11 13.83 3.16 1.40 70.01 3.67 53.23 2.76 124.77 2.34 8.42 1.41 92.14 28.48 7.74 9.66 99.35 5.28
Mn 24.24 2.74 148.04 7.25 18.32 0.71 115.41 5.60 11.30 0.60 108.61 13.10 24.97 8.96 147.82 5.98 30.96 1.10 140.18 3.17 5.84 0.38 102.68 5.18 14.36 3.27 214.32 79.04 27.68 18.42 178.57 14.44
Co 4.35 1.73 96.48 5.55 3.83 0.33 87.57 4.01 1.15 0.24 25.87 12.19 6.74 8.60 100.45 11.42 4.50 0.52 103.99 4.03 4.07 0.49 75.08 2.75 0.15 0.07 1.17 0.27 8.51 14.76 137.35 14.55
Ni 6.43 1.74 74.18 4.48 7.10 - 94.71 4.48 bdl - 4.34 0.77 16.50 14.94 118.27 15.59 5.30 0.99 112.55 5.15 1.21 0.15 43.91 5.66 0.29 0.04 0.45 0.08 11.66 18.30 118.05 20.06
Cu 2.36 2.78 79.28 17.06 1.25 0.31 43.50 5.08 bdl - 0.59 0.29 1.85 2.62 64.56 24.25 1.53 0.98 75.27 18.46 6.84 0.79 122.91 7.08 0.07 - 0.26 0.09 4.83 11.79 72.59 11.95
Zn 5.31 5.04 108.83 14.45 4.26 0.62 77.72 9.74 1.71 n.d. 37.09 4.86 8.61 16.22 98.07 85.16 4.00 1.14 102.52 17.13 84.97 3.52 56.17 1.49 1.40 - 3.84 1.07 10.83 21.62 183.30 96.13
As 75.64 2.85 39.41 1.25 48.30 1.45 20.38 0.58 57.84 1.85 35.36 2.51 41.20 1.83 25.38 0.92 44.72 0.99 22.54 0.36 0.57 0.24 98.95 13.20 82.05 23.25 57.91 3.10 84.93 10.53 35.97 0.92
Rb 4.20 - 98.00 24.66 bdl - 38.85 20.31 bdl - 39.19 11.87 14.18 9.94 41.58 12.53 4.30 2.18 115.69 51.08 139.91 0.82 298.62 2.24 0.69 1.12 123.34 52.54 12.42 20.42 71.67 20.05
Sr 123.62 5.31 271.78 4.30 134.69 1.83 262.49 4.31 120.29 1.14 244.50 9.36 121.85 9.16 230.50 5.79 131.63 2.82 257.15 10.43 43.08 2.00 57.60 1.57 131.78 4.84 273.90 13.30 132.59 21.61 260.07 9.30
Y 39.53 1.51 78.67 1.14 23.90 1.78 76.71 1.89 47.39 1.25 60.12 5.20 30.89 4.16 64.63 8.17 27.60 1.83 70.72 6.63 3.23 4.97 15.45 0.46 70.38 1.25 59.43 2.70 78.42 4.20 55.04 1.01
Zr 5.12 2.45 94.37 4.48 1.66 0.35 64.02 7.20 1.22 0.30 60.04 7.58 3.36 5.26 58.99 3.07 2.15 0.72 64.71 3.02 2.38 0.24 91.80 6.71 4.26 0.86 70.17 4.90 24.64 10.06 121.03 7.39
Nb 1.01 1.76 71.07 3.47 0.60 0.21 75.46 6.41 1.12 0.20 56.99 7.03 2.92 4.59 65.12 3.26 2.03 1.13 74.07 2.88 2.94 1.64 52.00 1.45 2.88 2.62 81.86 4.70 3.81 9.90 79.45 4.75
Sb 1.77 2.23 57.66 3.07 1.11 0.25 51.05 5.43 1.30 0.28 6.40 1.46 3.04 3.40 51.42 2.61 2.75 0.26 51.44 1.96 6.57 0.81 226.39 16.90 bdl - 0.34 0.16 4.61 9.22 70.88 3.67
Ba 6.19 6.11 192.46 28.13 5.09 1.32 178.25 15.16 3.92 0.42 148.54 19.22 6.29 7.83 114.25 10.90 5.25 0.97 181.78 18.59 37.03 1.13 77.70 1.30 9.33 8.50 220.80 76.10 10.61 25.85 242.40 19.78
La 28.22 1.56 90.47 1.29 20.74 1.14 85.61 2.11 47.96 1.13 61.66 3.72 30.95 4.71 71.29 6.99 26.25 1.60 74.47 3.19 23.06 2.59 28.86 1.18 64.65 1.13 67.50 7.29 65.21 1.69 63.95 0.95
Ce 33.94 1.10 67.34 1.76 25.69 1.97 69.89 4.44 44.59 3.05 54.21 4.01 31.82 5.50 62.88 3.24 30.32 1.99 63.99 2.63 46.70 1.48 61.76 0.66 75.00 0.96 65.58 4.76 85.07 7.15 44.34 1.24
Pr 30.45 0.89 63.54 0.72 22.37 1.54 64.71 1.52 51.07 1.24 48.56 2.97 32.50 3.18 54.59 4.59 28.65 1.54 56.48 2.83 50.14 1.60 61.62 0.73 71.98 0.89 55.52 4.18 67.60 4.54 45.38 0.56
Nd 33.42 0.84 69.16 0.87 24.22 2.17 71.67 1.38 55.24 1.65 54.40 3.55 34.97 3.47 60.87 5.47 30.66 2.29 65.07 3.73 52.83 2.01 58.78 0.88 77.91 0.95 56.16 3.48 73.73 4.91 50.26 0.68
Sm 38.22 1.33 69.78 0.77 26.73 1.59 72.48 1.69 57.54 1.85 55.51 3.89 36.20 2.34 61.86 6.18 33.07 2.58 66.95 4.55 48.08 1.46 52.14 0.55 80.74 1.26 56.39 2.86 77.92 5.96 48.73 0.78
Eu 38.76 1.52 68.23 0.89 26.51 1.91 71.69 1.52 56.50 1.26 55.42 3.78 36.42 3.01 61.49 6.20 32.45 1.95 66.17 4.84 47.73 1.91 53.01 0.86 69.52 0.77 52.81 2.19 76.13 4.79 48.65 0.78
Gd 41.20 1.66 68.92 0.91 27.10 2.31 71.12 1.66 56.37 2.01 54.68 4.06 35.43 3.79 60.34 6.48 32.00 1.96 66.92 5.32 42.70 1.59 48.08 0.84 78.93 1.18 53.24 2.09 78.34 5.74 47.34 0.87
Tb 37.75 1.32 60.88 0.66 25.58 1.75 63.91 1.56 51.10 1.34 48.98 3.77 33.02 3.38 53.84 5.64 29.89 1.95 59.21 4.51 39.05 1.71 46.52 0.85 71.71 1.22 51.98 2.00 74.93 4.62 41.81 0.75
Dy 34.11 1.34 63.84 0.98 23.21 1.98 67.19 1.68 45.30 1.05 52.95 4.04 29.89 3.29 58.25 6.26 26.61 1.55 63.68 5.03 37.22 1.68 46.07 0.89 68.21 1.18 52.81 1.66 70.82 4.76 46.42 0.79
Ho 35.96 1.12 62.70 0.95 23.24 1.84 65.94 1.68 45.65 1.23 51.24 4.14 30.02 3.30 56.22 6.24 27.04 1.96 61.42 5.03 31.40 1.76 41.85 0.87 67.14 1.06 55.24 1.73 72.44 4.38 44.11 0.76
Er 31.64 1.04 64.19 0.92 19.68 1.40 66.81 1.91 37.40 1.12 53.42 4.64 25.54 3.61 58.63 6.77 23.03 1.50 63.54 5.27 32.36 1.82 46.08 1.08 59.35 0.99 52.80 1.73 65.48 4.56 48.36 1.02
Tm 33.87 1.29 67.50 1.21 20.90 1.71 70.46 2.04 38.67 0.83 56.25 4.96 26.34 3.65 61.95 7.05 23.93 1.65 65.10 5.41 25.78 1.72 40.25 1.06 63.95 1.08 60.96 2.44 71.16 4.41 50.38 0.93
Yb 29.55 1.21 70.82 1.43 17.81 1.25 73.41 2.68 32.85 0.92 59.72 5.70 23.03 4.24 67.11 8.22 20.80 1.71 69.02 5.94 23.66 1.96 39.40 1.14 52.45 1.11 55.54 2.30 61.84 3.32 56.97 1.16
Lu 29.81 1.22 68.60 1.42 17.25 1.37 69.25 2.86 30.95 0.82 55.83 5.42 22.17 4.35 62.92 8.92 19.81 1.55 63.48 5.71 1.71 2.32 11.56 0.23 49.72 1.10 56.08 2.55 60.20 2.18 52.76 1.21
Hf 3.65 2.73 98.69 4.68 1.28 0.25 83.26 9.18 1.00 0.20 74.53 9.59 3.70 7.15 78.37 4.14 1.92 0.89 86.42 3.89 0.27 0.05 11.23 0.50 3.18 0.83 79.86 5.21 13.12 10.16 99.74 6.10
Ta 0.11 0.19 9.49 0.49 0.08 0.03 12.81 1.22 0.14 0.04 8.42 1.03 0.48 0.83 11.09 0.51 0.28 0.09 12.31 0.58 8.90 0.29 77.72 6.04 0.30 0.21 10.56 0.58 0.51 1.41 11.03 0.69
Pb 7.01 1.78 53.80 14.73 7.92 0.24 32.54 7.33 2.87 0.23 40.66 7.95 8.77 8.59 40.41 20.98 7.78 0.44 57.82 8.41 5.35 0.66 3.66 0.11 2.43 1.32 13.50 4.37 10.74 12.12 78.79 14.33
Th 4.37 0.23 16.56 0.66 3.36 0.29 15.14 0.77 10.68 0.49 11.14 1.02 7.00 0.74 11.81 0.42 7.45 0.53 12.71 0.53 1.88 1.81 349.60 32.58 22.13 0.74 12.03 0.76 19.82 1.59 7.67 0.20
U 5.65 13.54 303.24 14.34 0.89 1.02 289.72 23.59 0.44 0.69 236.02 34.59 7.66 19.69 246.79 14.59 1.23 2.76 279.15 12.60 320.03 59.82 243.31 43.67 13.36 4.72 341.78 19.63 14.37 45.81 395.66 19.74

a Number in parentheses represents number of analyses (n)
bdl = below detection limit; n.d. not determined; - = not calculated
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Reflected light images of Cl-apatite run products

1350 °C, 10 kbar 1150 °C, 10 kbar

1150 °C, 5 kbar1250 °C, 10 kbar

1250 °C, 20 kbar 1350 °C, 5 kbar

1250 °C, 10 kbar + 10 wt.% H
2
O

1350 °C, 10 kbar + 10 wt.% H
2
O

Figure .0.1: Reflected light images of Cl-apatite run products. Pressure and temperature of
individual experiments are displayed in the top left corner. Bright white margins are platinum
capsules. Inner material comprises large apatite and quenched melt. Laser pits are regular
holes <0.2 cm on material surface. Large diameter circles frequently within the middle of
capsules are vesicles now filled wth epoxy.
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Reflected light images of F-apatite run products

1250 °C, 10 kbar 1350 °C, 10 kbar

1250 °C, 5 kbar 1350 °C, 5 kbar

1250 °C, 20 kbar
1150 °C, 10 kbar

Figure .0.2: Reflected light images of F-apatite run products. Pressure and temperature of
individual experiments are displayed in the top left corner. Bright white margins are platinum
capsules. Inner material comprises large apatite and quenched melt. Laser pits are regular
holes <0.2 cm on material surface. Large diameter circles frequently within the middle of
capsules are vesicles now filled wth epoxy.
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Appendix A: Diffusion

coefficients of REE in magnetite

Cation diffusion coefficient for individual REE in magnetite as a function of ƒO2 at

T = 1150 ◦C and P = 1 atm. Solid lines are non-linear least-squares regression

fits of measured logDDiff values at each ƒO2 to calculated logD◦

REE
value using eq.

(4.4.7) assuming constant oxygen activity exponents of 2/3 and -2/3. Error bars are

standard deviations (1σv) of ≥ 4 repeat analyses. Corresponding log10 C
◦

REE(V )
and

log10 C
◦

REE(I)
partial trace diffusion coefficient values are presented in Table 4.4.2.
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